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ABSTRACT 

   

The hydrous alteration of ultramafic rocks, known as serpentinization, produces 

some of the most reduced (H2 >1 mmolal) and alkaline (pH >11) fluids on Earth. 

Serpentinization can proceed even at the low-temperature conditions (<50°C) 

characteristic of most of Earth’s continental aquifers, raising questions on the limits of 

life deep in the subsurface and the magnitude in the flux of reduced volatiles to the 

surface. In this work, I explored the compositions and consequences of fluids and 

volatiles found in three low-temperature serpentinizing environments: (1) active 

hyperalkaline springs in ophiolites, (2) modern shallow and deep peridotite aquifers, and 

(3) komatiitic aquifers during the Archean.  

Around 140 fluids were sampled from the Oman ophiolite and analyzed for their 

compositions. Fluid compositions can be accounted for by thermodynamic simulations of 

reactions accompanying incipient to advanced stages of serpentinization, as well as by 

simulations of mass transport processes such as fluid mixing and mineral leaching. 

Thermodynamic calculations were also used to predict compositions of end-member 

fluids representative of the shallow and deep peridotite aquifers that were ultimately used 

to quantify energy available to various subsurface chemolithotrophs. Calculations showed 

that sufficient energy and power supply can be available to support deep-seated 

methanogens. An additional and a more diverse energy supply can be available when 

surfacing deep-seated fluids mix with shallow groundwater in discharge zones of the 

subsurface fluid pathway. Finally, the consequence of the evolving continental 

composition during the Archean for the global supply of H2 generated through komatiite 

serpentinization was quantified. Results show that the flux of serpentinization-generated 
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H2 could have been a significant sink for O2 during most of the Archean. This O2 sink 

diminished greatly towards the end of the Archean as komatiites became less common 

and helped set the stage for the Great Oxidation Event. Overall, this study provides a 

framework for exploring the origins of fluid and volatile compositions, including their 

redox state, that can result from various low-temperature serpentinizing environments in 

the present and past Earth and in other rocky bodies in the solar system. 
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CHAPTER 1 

INTRODUCTION 

Most rocks on Earth originally form at high temperatures during the cooling of 

magma. At lower temperatures and in the presence of water, the magmatic minerals that 

originally composed the rocks are not stable and will subsequently alter into another 

mineral assemblage. Mineral alteration is a major geological process as it changes the 

physical properties of rocks, converts rocks into soils, facilitates the chemical exchanges 

between rock and water that result in the mobilization of elements and nutrients, and 

consequently supports all life on our planet. Different rocks on Earth alter differently, 

given the temperature and pressure conditions, resulting in diverse compositions of 

alteration minerals, fluids, and volatiles. Of all rock alteration process on Earth, perhaps 

one of the most profound is the serpentinization of ultramafic rocks as it produces some 

of the most reduced and alkaline fluids on the planet. These unique fluids have important 

consequences on the habitability of rock-hosted environments and the flux of reduced 

volatiles to the surface, which is discussed in this work. 

The overall composition of ultramafic rocks is key to the unique chemistry of 

fluids generated through serpentinization. Ultramafic rocks are composed of Mg-silicate 

minerals, mostly olivine and some pyroxene. Olivine-rich ultramafic rocks, i.e. 

peridotites, comprise the majority of the Earth's upper mantle and through tectonic events 

these mantle rocks can be emplaced onto the Earth’s surface – in the seafloor and in 

continents. Moreover, unlike in the modern Earth where the hottest volcanism leads to 

the formation of mafic rocks, volcanism occurring in the hotter early Earth transported 

ultramafic magmas to the surface where they solidified as komatiite rocks. At surface and 
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hydrous conditions, the original minerals that compose peridotites and komatiites readily 

alter into hydrous minerals, mostly into serpentine, hence the term serpentinization, and 

other minerals such as brucite and magnetite. Aside from Mg and Si, olivine and 

pyroxene contain significant amounts of ferrous iron (~7-10% Fe) that can be oxidized to 

ferric iron during alteration and eventually incorporated into the precipitating serpentine 

and magnetite minerals. During advanced stages of serpentinization in deep aquifers, the 

oxidation of ferrous iron from the original magmatic minerals into ferric iron in the 

precipitating alteration assemblages is coupled to the reduction of H2O into H2, 

generating some of the most reduced fluids on Earth (McCollom and Bach, 2009; Klein 

et al., 2013; Humphris and Klein, 2018; Klein et al., 2020). Reduced fluids produced 

through serpentinization provide energy for many metabolic processes (McCollom, 2007; 

Amend et al., 2011; Nakamura and Takai, 2014; Canovas et al., 2017), favor the 

synthesis of simple organic compounds (McCollom and Seewald, 2007; Lang et al., 

2010; Shock and Canovas, 2010) and could have facilitated the emergence of life on 

Earth (Sleep et al., 2004; 2011; Holm et al., 2006; Martin and Russel, 2007; Martin et al., 

2008). In addition to Mg that comprises most of the olivine and pyroxene minerals in 

ultramafic rocks, some of the pyroxene minerals, specifically those that are diopsidic in 

composition, contain Ca. As these minerals dissolved in the presence of water, both Mg 

and Ca are mobilized into the fluid phase leading to increasingly alkaline fluids as the 

rock alteration process progresses. At alkaline conditions, some of the Mg and Ca 

dissolved in the fluids combine with dissolved inorganic carbon (DIC) to precipitate 

carbonate minerals such as magnesite and calcite. Carbonate mineralization arising from 

the alteration of ultramafic rocks is believed to be an important component of the global 
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carbon cycle (Kelemen and Manning, 2015) and deep ultramafic aquifers are seen as 

ideal settings for the permanent storage of atmospheric CO2 into minerals as an approach 

to curb the increasing levels of anthropogenic CO2 in the atmosphere (Kelemen and 

Matter, 2008; Kelemen et al., 2011; National Academies, 2019).  

Serpentinization processes can be pervasive and can proceed even at ambient, 

low-temperature conditions present in most of Earth’s aquifers. Reduced and 

hyperalkaline (pH >11) fluids seeping at temperatures <50°C are documented in 

continental ultramafic bodies in ~20 countries by more than a hundred studies (see Leong 

and Shock, 2020). Such a common occurrence of these fluids in almost all continental 

settings where ultramafic rocks and water can interact illustrates that serpentinization can 

actively proceed even at ambient conditions. Overall, serpentinization is an attractive 

model for facilitating the transfer of nutrients, volatiles, and chemical energy from the 

lithosphere to the hydro-atmo-biosphere as it can proceed spontaneously with only two 

requirements, i.e., liquid water and ultramafic rocks, at temperature conditions ranging 

from hydrothermal to ambient. Serpentinization-generated fluids enable habitable 

environments (e.g., Schrenk et al., 2013), and this process has profound implications on 

the habitability and redox state of Earth’s early environments, its deep subsurface, and 

perhaps even in rocky bodies beyond our planet where ultramafic minerals are present in 

contact with water (e.g., Vance et al., 2007). 

The consequences of serpentinization on the habitability and redox state of a 

given environment can be best studied through investigations of serpentinization-

generated fluids and volatiles. While serpentinization-generated fluids and volatiles 

seeping out from outcropping rocks in continents, as well as those venting out in the 
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seafloor (e.g., Lost City, Kelley et al., 2001), are accessible and well-documented, those 

sampled from the deep subsurface are less well known. In addition, the compositions of 

serpentinization-generated fluids believed to be forming in ice covered ocean worlds in 

the outer solar system such as Europa and Enceladus (e.g., Glein et al., 2015; Waite et al., 

2017) are also largely unknown and sampling will not happen in the near term. 

Ultramafic rocks are also believed to have been much more widespread on the hotter 

Early Earth and could have dictated the redox state of the Earth’s atmosphere during the 

Archean (Smit and Metzger, 2017). However, we have yet to fully understand 

compositions of low-temperature serpentinization-generated fluids occurring in the Early 

Earth as experiments simulating early Earth conditions are focused at hydrothermal 

temperatures (e.g., 120°C, White et al., 2020; 300°C, Lazar et al., 2012; Shibuya et al., 

2015). At present, information about the compositions and implications of 

serpentinization-generated fluids and volatiles in inaccessible and long-gone settings can 

be best supplied by thermodynamic models. 

In Chapter 2, thermodynamic calculations are used to investigate various 

reactions that facilitate the transformation of oxic, slightly acidic rainwater into reduced, 

hyperalkaline fluids during low-temperature serpentinization in the continents. These 

simulations explore a suite of factors (variabilities in temperature, host-rock 

compositions, fluid salinity, and the buffering capacity of various serpentinization-

relevant minerals) that offer broad insights into the chemical environments formed 

through low-temperature serpentinization. Results of calculations show that alteration of 

olivine-rich lithologies will lead to fluids constrained by the serpentine-brucite-diopside 

equilibrium assemblage, close in pH to those measured from the most alkaline fluids 
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hosted in ultramafic rocks. Variabilities in the compositions of fluids hosted by 

continental serpentinizing systems can be attributed to the shift from being in equilibrium 

with diopside to calcite, among other reactions. Models also account for Fe incorporation 

into solid solutions of serpentine and brucite and show that the global H2 flux from 

continental serpentinization could be considerably lower than estimates based on iron 

oxidation to magnetite only. 

Observations from natural systems can deviate from thermodynamic predictions, 

especially those occurring at low temperatures where the approach to equilibrium can be 

sluggish. To test thermodynamic predictions described in Chapter 2 with environmental 

observations, more than 100 low-temperature (<40°C) fluids from the Oman ophiolite 

were sampled and analyzed, as described in Chapter 3. Additional simulations (e.g., fluid 

mixing, mineral leaching) were also conducted to account for deviations from 

equilibrium predictions. Coupled calculations and fluid analyses identify the reactions 

and fluid transport processes that lead to the contrasting compositions and redox 

potentials of end-member fluid types generated during incipient to advanced stages of 

serpentinization, as well as during the mixing of these end-member fluid types in 

discharge zones of the subsurface fluid pathway. Overall, this work demonstrates that 

predicted and measured compositions of low-temperature, serpentinization-derived fluids 

can be successfully reconciled using a combination of equilibrium and fluid-transport 

simulations. By demonstrating that simulations of low-temperature serpentinization can 

be successfully applied to analogous processes on the modern Earth, this work 

substantiates these calculations as useful tools in exploring serpentinization reactions in 

the Earth’s past as well as those occurring beyond our own planet. 
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Thermodynamic models outlined in Chapter 2 and aqueous geochemical trends 

from environmental samples described in Chapter 3 were both used to predict 

compositions of end-member fluids representative of the shallow and deep peridotite 

aquifers, as discussed in Chapter 4. Using these predicted compositions, the potential 

habitability of subsurface peridotite aquifers was assessed by quantifying energy supplies 

from 17 chemolithotrophic reactions. Calculations reveal hotspots where certain 

microbial communities may bloom – one in the deeply serpentinizing subsurface and the 

other in discharge zones of fluid pathways where reduced deep-seated fluids encounter 

oxidized shallow-aquifer fluids. In the deep subsurface, available energy can be exploited 

by methanogens, permitting the possibility of deep communities in serpentinizing 

aquifers. Dissolved inorganic carbon available to methanogens can be supplied from 

carbonate minerals and by incorporating constraints from existing laboratory experiments 

simulating mineral dissolution, the rate at which this energy is supplied was quantified. 

Despite the low solubility and slow rate of dissolution of carbonates at alkaline pH, 

energy is available to sustain populations of methanogens as long as carbonate minerals, 

particularly calcite, are sufficiently present to supply inorganic carbon. More energy is 

available for methanogens and other chemolithotrophs when upwelling deep-seated fluids 

mix with shallow groundwater. Mixing calculations show where in the mixing pathway 

certain chemotrophic reactions are favored more than others. Methanogenesis and other 

anaerobic reactions are favored in fluids characterized by no to low extents of mixing of 

shallow groundwater into deep-seated fluids, while the Knallgas and other aerobic 

reactions are favored in systems characterized by greater extent of mixing. This 
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framework presents opportunities for exploration, and ultimately developing strategies 

that can target certain microbial communities in the deep serpentinizing subsurface. 

In the modern Earth, serpentinization is mostly limited to a few environments 

such as those near slow-spreading ridges where peridotites are emplaced to the seafloor 

(Cannat et al., 2010) and in ophiolite complexes in continents where peridotite rocks are 

exposed to the atmosphere (Etiope and Whiticar, 2019; Leong and Shock, 2020). In 

contrast, serpentinization could have been much more widespread early in Earth’s history 

during the Archean where the mantle was hotter, resulting in the volcanism of komatiitic 

magmas (Herzberg et al., 2007). In Chapter 5, thermodynamic simulations were used to 

quantify the consequences of the evolving continental composition during the Archean 

for the global supply of H2 generated through the serpentinization of komatiites. 

Simulations of komatiite serpentinization given variabilities in the compositions of the 

reacting rocks and fluids, rates and extents of rock alteration, and the abundance of 

komatiites in the continents during the past 3.5 Ga allow robust estimates of past global 

H2 flux. Moreover, the likelihood of estimated past H2 flux that can offset the net O2 

produced through photosynthesis was quantified. Results of calculations show that the 

flux of serpentinization-generated H2 could have been a significant sink for O2 during 

most of the Archean. This O2 sink diminished greatly towards the end of the Archean as 

komatiite volcanism became less pervasive and helped set the stage for the Great 

Oxidation Event. 

In summary, thermodynamic models predictive of low-temperature 

serpentinization environments were generated. These models were successfully tested, 

along with simulations of mass transport processes, with a comprehensive number of 
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fluids sampled from peridotite bodies in the Oman ophiolite. Thermodynamic models 

were also applied to predict geochemical energy available to subsurface microorganisms 

living in peridotite aquifers, as well as to assess the consequences of the decreasing 

extents of komatiite volcanism towards the end of the Archean in facilitating the first 

oxygenation of the Earth’s atmosphere. While focused on continental systems, this study 

ultimately provides a framework for exploring the origins, compositions, and redox states 

of fluids and volatiles that can result from various low-temperature serpentinizing 

environments in the present and past Earth and in other rocky bodies beyond our own 

planet. 
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CHAPTER 2 

THERMODYNAMIC CONSTRAINTS ON THE GEOCHEMISTRY OF LOW-

TEMPERATURE, CONTINENTAL, SERPENTINIZATION-GENERATED FLUIDS 

This chapter is published as: Leong, J. A. M., & Shock, E. L. (2020). Thermodynamic 

constraints on the geochemistry of low-temperature, continental, serpentinization-

generated fluids. American Journal of Science, 320(3), 185–235. 

https://doi.org/10.2475/03.2020.01 

2.1 Introduction 

Environments where water meets ultramafic rocks enable serpentinization, one of 

the most profound geochemical processes on Earth. During serpentinization, minerals 

that compose ultramafic rocks (olivine and pyroxene), are replaced mainly by serpentine 

upon interaction with water. Serpentinization drives the transformation of near-neutral 

and oxic surface fluids like rain or seawater into alkaline, reduced fluids rich in H2 and 

CH4. These reduced fluids provide energy and nutrients for chemosynthetic communities 

(see review by Schrenk et al., 2013), abiotically synthesize organic compounds (see 

review by McCollom and Seewald, 2007), and potentially facilitate the emergence of life 

on Earth (Sleep et al., 2004, 2011; Holm et al., 2006; Martin and Russel, 2007; Martin et 

al., 2008; 2014; Russel et al., 2010; Lane and Martin, 2012). Serpentinization extends 

beyond Earth, as ultramafic rocks are present in a number of terrestrial bodies in the Solar 

System (Schulte et al., 2006; Vance et al., 2007; Ehlmann et al., 2010; Holm et al., 2015, 

Glein et al., 2015), raising possibilities of life powered by water-rock interactions beyond 

our own planet. 

https://doi.org/10.2475/03.2020.01
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On Earth, serpentinization occurs wherever ultramafic rocks meet water, which is 

inevitable at the seafloor. Chimneys venting H2- and CH4-rich fluids at temperatures 

exceeding 100oC, including those at the Rainbow (Charlou et al., 2002; Douville et al., 

2002), Logatchev (Schmidt et al., 2007), Kairei (Gallant and Von Damm, 2006; Kumagai 

et al., 2008), Von Damm (McDermott et al., 2015), and Lost City (Kelley et al., 2001, 

2005; Lang et al., 2010; Seyfried et al., 2015) vent fields, are well known consequences 

of hydrothermal interactions between ultramafic rocks and seawater. Less dramatic but 

likely more widespread outcomes of serpentinization are low-temperature (<100oC) H2- 

and CH4-rich hyperalkaline fluids seeping diffusely from ultramafic rocks exposed near 

spreading ridges (Früh-Green et al., 2003; 2018), serpentinite mud volcanoes near 

subduction zones (Mottl et al., 2003, 2004; Wheat et al., 2008; Mottl, 2009), and exposed 

ultramafic outcrops in continents such as in ophiolites, ultramafic massifs, metamorphic 

belts and kimberlite deposits (see Table 2.1).  

Serpentinizing systems hosted on the continents provide accessible opportunities 

to sample deep-seated fluids. These low-temperature systems also provide examples to 

test predictions about the consequences of water and rock interactions without the added 

complexity of magmatic input like those in seafloor hydrothermal systems. Recent 

undertakings to drill into and sample deep aquifers, and subsequently establish a borehole 

observatory on the Samail Ophiolite in Oman (Kelemen et al., 2013; 

https://www.omandrilling.ac.uk/) will advance knowledge of the subsurface reactions 

driving fluid transformation during the serpentinization process. In preparation, insights 

into these subsurface reactions can be provided by thermodynamic predictions.  
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Several theoretical investigations have focused on seawater-ultramafic 

interactions at hydrothermal conditions (Janecky and Seyfried, 1986; Wetzel and Shock, 

2000; Alt and Shanks, 2003; Allen and Seyfried, 2004; Palandri and Reed, 2004; Frost 

and Beard, 2007; Seyfried et al., 2007; 2015; Foustoukos et al., 2008; McCollom and 

Bach, 2009; Klein et al., 2009; 2013; Evans et al., 2013; Bach et al., 2013). The existing 

theoretical studies for low-temperature continental serpentinizing settings (Pfeifer, 1977; 

Bruni et al., 2002; Palandri and Reed, 2004; Cipolli et al., 2004; Boschetti and Toscani, 

2008; Marques et al., 2008; Okland et al., 2012; Paukert et al., 2012) tend to focus on the 

consequence of altering a specific composition of ultramafic rock under conditions for a 

given study site. Here we examine low-temperature continental serpentinization 

independent of conditions dictated by a specific locality. Our initial focus is on 

generalized reactions that drive the serpentinization process. We examine the 

consequences brought about by variabilities in temperatures (0-100°C), fluid salinity, and 

host rock compositions. Other factors such as varying dissolved inorganic carbon (DIC) 

input, and the buffering capacity of various Ca-bearing minerals are considered. 

Exploration of this suite of factors offers broad insights into the chemical environments 

formed through low-temperature serpentinization. In the latter part of this paper, we 

describe model outcomes for the amounts of H2 generated, and offer a reevaluation of 

existing estimates for the global H2 flux from continental serpentinization. Lastly, we 

present the energetic landscape available to subsurface microorganisms by focusing on 

two microbial process: methanogenesis and hydrogen oxidation. 
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Table 2.1 

List of Continental Locations with Documented Fluid and Gas Compositions Attributed 

to Serpentinization 

Location Study1 

U.S.A. (Coast Range 

ophiolites, the Cedars, 

Del Puerto ophiolite, 

California and Oregon) 

Barnes et al., 1967; Barnes and O'Neil, 1969; Blank et al., 

2009*; Cardace et al., 2013; Crespo-Medina et al., 2014*; 

Morrill et al., 2013; Suzuki et al., 2013*; 2014*; 2017*, 

Kohl et al., 2016*; Twing et al., 2017*; Meyer-Dombard et 

al., 2018 

Switzerland (Engadine 

Valley) 
Pfeiffer, 1977 

Italy (Voltri, Taro-

Cenno, Elba) 

Pfeiffer, 1977; Bruni et al., 2002; Cipolli et al., 2004; 

Boschetti and Toscani, 2008; Chavagnac et al., 2013a; 

2013b; Boulart et al., 2013**; Schwarzenbach et al., 2013; 

Boschetti et al., 2013; Quéméneur et al., 2015*; Segadelli et 

al., 2017; Brazelton et al., 2017*; Sciarra et al., 2019**; 

Etiope and Whiticar, 2019** 

Greece (Othrys and 

Argolida ophiolites) 

Papastamaki, 1977; Etiope et al., 2013a**; D’Alessandro et 

al., 2018; Daskalopoulou et al., 2018** 

Oman (Samail ophiolite) 

Barnes et al., 1978; Neal and Stanger, 1983**; 1984; 1985; 

Bath et al., 1987*; Taylor et al., 1991; Sano et al., 1993**; 

Dewandel et al., 2005; Matter et al., 2006; Paukert 

Vankeuren et al., 2012; 2019; Chavagnac et al., 2013a; 

2013b; Boulart et al., 2013**; Ollson et al., 2014; Miller et 

al., 2016*; Rempfert et al., 2017*; Canovas et al., 2017; 

Vacquand et al., 2018**; Zgonnik et al., 2019**; Fones et 

al., 2019*; Giampouras et al., 2020 

New Caledonia (Prony 

Bay) 

Barnes et al., 1978; Monnin et al., 2014; Quéméneur et al., 

2014*; Postec et al., 2015*; Vacquand et al., 2018** 

Bosnia and Herzegovina 

(Dinaride ophiolite) 
Barnes et al., 1978; Etiope et al., 2017** 

Philippines (Zambales 

and Palawan ophiolites) 

Abrajano et al., 1988**, 1990**; Fujii et al., 2010; Cardace 

et al., 2015; Woycheese et al., 2015*; Baculi et al., 2015*; 

Shimbashi et al., 2018; Vacquand et al., 2018**; Meyer-

Dombard et al., 2018*; 2019* 

New Zealand (Poison 

Bay, Dun Mountain) 
Giggenbach et al., 1993**; Pawson et al., 2014** 

Cyprus (Trodos massif) Neal and Shand, 2002; Rizoulis et al., 2016* 

Mexico (Socorro 

Island)2 
Taran et al., 2002; 2010** 
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Canada (Kirkland Lake 

and Lake Timiskiming 

kimberlite fields, 

Canadian Shield, and 

Tablelands massif) 

Sader et al., 2007; Sherwood-Lollar et al., 2007**; Szponar 

et al., 2013; Brazelton et al., 2012*; 2013*; Morrill et al., 

2014*; Cumming et al., 2019 

Portugal (Iberian 

Hercynian Belt) 

Tiago et al., 2004*; Marques et al., 2008; 2018; Etiope et 

al., 2013b**; Tiago and Veríssimo, 2013* 

Finland (Outokumpu 

deep drill hole, 

Fennoscandian Shield)3 

Sherwood-Lollar et al., 2007**; Itävaara et al., 2011*; 

Nyyssönen et al., 2014*  

Turkey (Chimaera seep 

and Tekirova ophiolites) 

Hosgormez et al., 2008**; Etiope et al., 2011**; Meyer-

Dombard et al., 2015*; Neubeck et al., 2017* 

Japan (Hakuba Happo 

springs, Hida belt) 
Homma and Tsukahara, 2008; Suda et al., 2014**; 2017** 

Norway (Leka ophiolite) Okland et al., 2012; Daae et al., 2013* 

Costa Rica (Santa Elena 

ophiolite) 
Sanchez-Murillo et al., 2014; Crespo-Medina et al., 2017* 

U.A.E. (Samail 

ophiolite) 
Etiope et al., 2015** 

Spain (Ronda massif) Etiope et al., 2016**; Giampouras et al., 2019 
1Those indicated by * are microbiological studies or geochemical studies that include 

microbiological data. Those indicated with ** are studies focused on gas compositions. 

All the rest are focused on the aqueous compositions and/or hydrogeology of 

serpentinizing systems. 
2Acidic hotsprings that likely have input from volcanic gas. 
3Borehole lithology is dominated by metasedimentary rocks with some ultramafic 

sequence. 

 

2.2. Overview of Low-Temperature Continental Serpentinization 

Since the reports in the 1960’s by Barnes et al. (1967; 1972; 1978) and Barnes 

and O’Neil (1969), studies on the chemistry of continental hyperalkaline fluids have 

grown to encompass a number of settings in ~ 20 countries shown in Table 2.1. A 

number of these studies (Neal and Stanger, 1985; Bruni et al., 2002; Cipolli et al., 2004; 

Dewandel et al., 2005; Marques et al., 2008; Paukert et al., 2012; Okland et al., 2012) 

proposed models for the overall evolution of fluids that infiltrate into aquifers composed 

of ultramafic rocks. These models, together with observations from natural systems 
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permit the following generalizations. Initially, rainwater infiltrates into the shallow 

aquifer and reacts with the rocks in a system open to atmospheric exchange. These 

reactions generate slightly basic (pH 7-9) fluids rich in Mg+2 and HCO3
- that are often 

referred to as Type 1 fluids. It has been documented that Type 1 fluids occur in highly 

fractured zones of shallow ophiolite aquifers (<50 m, Dewandel et al., 2005), as well as 

in surface streams. Some fluids infiltrate into the deep subsurface and interact 

progressively with more and more ultramafic rocks in a system that is ultimately closed 

from atmospheric influence. The greater degrees of interactions between water and rock 

facilitate the transformation of meteoric and Type 1 fluids into reduced, hyperalkaline 

fluids that are enriched in Ca+2 and OH-, often referred to as Type 2. It is estimated that 

these fluids originate at depths of at least 500 m (Dewandel et al., 2005). Through deep-

seated structures such as faults and lithological contacts, these fluids can eventually 

discharge back onto the surface as hyperalkaline seeps, and precipitate travertine deposits 

upon interaction with atmospheric CO2(g) or mixing with HCO3
--rich Type 1 fluids. 

2.3. Computational Model  

Reaction path calculations simulate processes occurring during rock alteration by 

quantifying changes in the aqueous and mineral compositions arising from irreversible 

mass transfer reactions as specified quantities of water and rock progressively react. An 

increase in reaction progress is akin to an increase in the rock-to-water ratio, as the 

reacting water encounters more rock while infiltrating into the subsurface. These 

equilibrium calculations, although idealized, allow us to adequately track changes in fluid 

chemistry during rock alteration as demonstrated by the above-mentioned studies on 

various sites of active serpentinization. The reaction path code EQ6 (Wolery and Jarek, 
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2003) was used for calculations in this study, together with a customized thermodynamic 

database (see below). A global average modern rainwater composition compiled by Hao 

et al. (2017) from Berner and Berner (2012) was used as the starting reacting fluid. We 

modified the pH and DIC from this compilation slightly to be in equilibrium with modern 

atmospheric CO2(g) levels. Details about the composition of this starting rainwater can be 

found in Table A1 (Appendix A). As illustrated in Figure 2.1, our calculations include 

both open and closed systems, related to those simulated by Cipolli et al. (2004) and 

Paukert et al. (2012). Water-rock interactions first proceed in a system open to 

atmospheric exchange, simulating conditions when fluids are in the shallow subsurface or 

close to the surface. At some point in the reaction progress, fluids infiltrate deeper into 

the subsurface where conditions are closed to atmospheric influence and input from 

atmosphere-derived volatiles such as CO2(g) and O2(g) ceases. Temperature and pressure 

conditions remain near ambient (25°C, 1 bar) in our initial models of low-temperature 

continental serpentinizing systems. 

As in the case of kinetically enabled models by Paukert et al. (2012), simulations 

were run using a fluid-centered, flow-through system where compositions are tracked as 

reactive fluid moves through an aquifer. However, instead of using experimentally-

derived dissolution rates, in this study inputs from primary minerals are controlled by 

relative dissolution rates to explore effects of variable contributions of primary minerals 

to changes in fluid composition. Compositions of reacting rocks used in our simulations 

are listed in Table 2.2. We first simulate rainwater interactions with an idealized 

ultramafic rock (Model A) with a composition typical of an ophiolitic harzburgite 

(Hanghoj et al., 2010) with 85 mol% olivine (XMg = Mg/(Mg+Fe) = 0.9, Forsterite90 or  



  16 

 

Figure 2.1. Schematic of a fluid-centered flow-through model, as modified from Paukert 

et al. (2012), showing transition from a system open to the atmosphere to one closed to 

atmosphere-derived volatiles as the overall serpentinization reaction progresses.  

 

Fo90), 14 mol% orthopyroxene (XMg = 0.9, Enstatite90 or En90), and 1 mol% 

clinopyroxene (XMg = 0.95, Diopside95 or Di95). The resulting reaction paths are divided 

into various stages to explore, step by step, the reactions that drive the transformation of 

rainwater to hyperalkaline fluids. We then explore further the consequences of reactions 

with rocks composed of variable amounts of primary minerals (Models B1-B5 and C1-

C5) as well as with previously altered ultramafic rocks (serpentinites, Models D1-D4). To 

facilitate discussions in terms of idealized reactions using end-member phases, we first 

report results of simulations without considering the precipitation of secondary minerals 
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as solid solutions. Later in the discussion, we report the consequences of incorporating 

solid solutions into our models. Effects of variable temperature and salinity were also 

explored, as well as the precipitation of various Ca-bearing phases, as discussed below. 

Table 2.2 

Compositions of Reacting Rocks Used in This Study and Figures Where Results of Each 

Model Appear 

Model Rock Name Composition1 

Model A: Generalized Model 

(Figures 2.2-2.3, 2.7f, 2.8-2.11) 

A Harzburgite 85% Olivine-14% Orthopyroxene-1% Clinopyroxene 
   

Model B: Alteration of olivine- and orthopyroxene-bearing rocks 

(Figures 2.7a-2.7e) 

B1 Dunite 100% Olivine 

B2 Harzburgite 75% Olivine-25% Orthopyroxene 

B3 Harzburgite 50% Olivine-50% Orthopyroxene 

B4 Orthopyroxenite 25% Olivine-75% Orthopyroxene 

B5 Orthopyroxenite 100% Orthopyroxene 
   

Model C: Alteration in the presence of clinopyroxene 

(Figures 2.8-2.9, 2.12) 

C1 Harzburgite 85% Olivine-10% Orthopyroxene-5% Clinopyroxene 

C2 Harzburgite 75% Olivine-20% Orthopyroxene-5% Clinopyroxene 

C3 Harzburgite 65% Olivine-30% Orthopyroxene-5% Clinopyroxene 

C4 Harzburgite 45% Olivine-50% Orthopyroxene-5% Clinopyroxene 

C5 Orthopyroxenite 35% Olivine-60% Orthopyroxene-5% Clinopyroxene 
   

Model D: Alteration of serpentinites 

(Figure 2.9b) 

D1 Serpentinite 95% Serpentine-5% Clinopyroxene 

D2 Serpentinite 75% Serpentine-20% Brucite-5% Clinopyroxene 

D3 Serpentinite 65% Serpentine-30% Brucite-5% Clinopyroxene 

D4 Serpentinite 55% Serpentine-40% Brucite-5% Clinopyroxene 
1Compositions of reacting minerals are in solid solutions. XMg: olivine - 0.90; 

orthopyroxene - 0.90; clinopyroxene - 0.95, serpentine - 0.95; brucite - 0.90 
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Thermodynamic data used in the calculations were calculated with the SUPCRT 

code (Johnson et al., 1992) using standard state thermodynamic data for aqueous species 

taken from Shock and Helgeson (1988), Shock et al. (1989, 1992, 1997), Sverjensky et al. 

(1997), together with the revised Helgeson-Kirkham-Flowers equations of state (Shock et 

al., 1992) and data for minerals taken from Helgeson et al. (1978) and Wolery and Jove-

Colon (2004). In addition, data for several minerals were added, while maintaining 

internal thermodynamic consistency, to explore solid solution behavior during 

serpentinization. New data are summarized in Table A2 in Appendix A, which also 

includes a discussion of data sources. In models where the precipitation of secondary 

phases in solid solutions are allowed, the calculations account for ideal solid solution 

substitution of the iron endmembers with their Mg endmember counterparts. Serpentine 

usually occurs as lizardite or chrysotile at low-temperature environments. Because 

differences in the thermodynamic properties between these two serpentine polymorphs 

are minor (Evans, 2004; Frost and Beard, 2007) we used chrysotile to represent the Mg-

end member of serpentine. In some of our calculations, we suppressed the precipitation of 

certain minerals. These suppressed minerals and the reasons for suppression are 

explained in the discussions of model results. Primary and secondary minerals, including 

solid solutions modeled in this study, are listed in Table 2.3. 
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Table 2.3 

List of Minerals Included in this Study 

Mineral1 Abbreviation2 Formula 

Primary Minerals 

Forsterite (Olivine) Fo Mg2SiO4 

Fayalite (Olivine) Fa Fe2SiO4 

Enstatite (Orthopyroxene) En MgSiO3 

Ferrosilite (Orthopyroxene) Fs FeSiO3 

Diopside (Clinopyroxene) Di CaMgSi2O6 

Hedenbergite (Clinopyroxene) Hd CaFeSi2O6 

Secondary Minerals 

Chrysotile (Serpentine) Ctl Mg3Si2O5(OH)4 

Greenalite (Serpentine) Gre Fe3Si2O5(OH)4 

Mg-Cronstedtite (Serpentine) Mg-Cro Mg2Fe(FeSiO5)(OH)4 

Hisingerite (Serpentine)3 His Fe2Si2O5(OH)4 

Talc (Talc) Tlc Mg3Si4O10(OH)2 

Minnesotaite (Talc) Mns Fe3Si4O10(OH)2 

Brucite (Brucite) Brc Mg(OH)2 

Ferroan Brucite (Brucite) Fe-Brc Fe(OH)2 

Tremolite (Amphibole) Tr Ca2Mg5Si8O22(OH)2 

Ferrotremolite (Amphibole) Fe-Tr Ca2Fe5Si8O22(OH)2 

Goethite Gth FeO(OH) 

Magnetite Mag Fe3O4 

Dolomite Dol CaMg(CO3)2 

Magnesite Mgs MgCO3 

Calcite Cal CaCO3 

Andradite Adr Ca3Fe2Si3O12 

Portlandite Por Ca(OH)2 
1If shown, minerals in italics indicate name of solid solution. All reacting 

primary minerals used in our models are in solid solutions. For 

compositions of primary phases, see Table 2.2.  
2Mineral abbreviations follow recommendations by Whitney and Evans 

(2010). Minerals not included in Whitney and Evans (2010) are abbreviated 

using the first three letters of the minerals. 
3The dehydrated version of hisingerite (Fe2Si2O5(OH)4·nH2O, n=0) was 

used in this study. 
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2.4. Thermodynamic Constraints on the Evolution of Fluids during Low-

Temperature Serpentinization 

Results of calculations simulating the serpentinization of the model ultramafic 

rock introduced above (Model A, 85% olivine, 14% orthopyroxene, 1% clinopyroxene) 

are shown in Figures 2.2 and 2.3, and provide a framework for depicting the predicted  

consequences. The resulting reaction paths are divided into six stages to explore, step by 

step, the reactions that drive the transformation of acidic rainwater to hyperalkaline 

fluids. The numbers in circles in Figures 2.2 and 2.3 indicate the starting points of various 

stages of the overall reaction progress. Figure 2.2a depicts these six stages in a 

generalized schematic diagram for a subsurface flowpath in an ultramafic aquifer. Note 

that the transition from shallow to deep subsurface settings described in Figure 2.1 occurs 

in stage 3. Calculated changes in pH with reaction progress are shown in Figure 2.2b. 

Precipitating minerals and compositions of fluids at each stage of the overall reaction 

progress are summarized in Figure 2.2c and are described in detail in the following 

discussion. Changes in the total concentrations of Ca, Mg, Si, Fe and dissolved inorganic 

carbon (DIC), as well as the number of moles of secondary minerals produced or 

consumed are shown in Figure 2.3. Also shown in Figure 2.3 are activity diagrams that 

depict the stabilities of minerals relative to the activities of aqueous solutes, together with 

the reaction paths. Unless otherwise stated, compositions of fluids (including pH) and 

solid precipitates are results of calculations simulating ambient conditions (25 °C, 1 bar). 
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Figure 2.2. The progress of the overall serpentinization reaction is divided into six stages 

that depict conversion of meteoric water into evolved fluids (Types 1 and 2). The 

numbers in circles indicate the starting points of these stages. (a) depicts these stages in 

the generalized subsurface reaction scheme shown in Figure 2.1. (b) shows the evolution 

of pH during the overall reaction progress at 25°C and 1 bar. (c) summarizes precipitating 

minerals and fluid compositions at each stage of the overall serpentinization reaction 

progress. Note that stage 3 marks the transition from shallow to deep subsurface 

environments. 

 

2.4.1. Stages in Reaction Progress 

Stage 1, dissolution of primary minerals into rainwater. The first stage of 

reaction progress begins when rainwater interacts with the rocks. At initial stages of  

reaction progress, the model system is open to the atmosphere, simulating rainwater 

interacting with rocks in the surface or shallow subsurface. The primary minerals that 

compose ultramafic rocks, formed at mantle temperatures and pressures, are unstable at 

the surface in the presence of rain and the atmosphere and consequently alter into  
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Figure 2.3. Evolution of (a) aqueous compositions and (b) secondary precipitation as pH 

increases with overall reaction progress at 25°C and 1 bar. Fluid evolution is also 

depicted on activity diagrams for the (c) MgO-SiO2-H2O and (d) CaO-MgO-SiO2-H2O 

systems. The numbers in circles indicate the starting points of various stages of overall 

reaction progress as in Figure 2.2c. Note that mineral saturation is indicated by dashed 

lines in (c) and (d), while solid lines in (d) represent boundaries for the stability fields of 

minerals. 

 

secondary phases. Rainwater is slightly acidic (pH ~ 5.6) and contains H+ derived from 

atmospheric CO2(g) via 

 CO2(g) + H2O → HCO3
− + H+ (2.1) 

which drives the dissolution of primary minerals present in ultramafic rocks as described 

by the reactions 
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 Mg2SiO4(forsterite) + 4H+ → 2Mg+2 + SiO2(aq) + 2H2O, (2.2) 

 MgSiO3(enstatite) + 2H+ → Mg+2 + SiO2(aq) + H2O, and (2.3) 

 CaMgSi2O6(diopside) + 4H+ → Ca+2 +Mg+2 + 2SiO2(aq) + 2H2O. (2.4) 

As shown in Figure 2.2b, progress of these reactions drives pH to higher values owing to 

the continuous consumption of H+ during mineral hydrolysis. The dissolution of the 

primary minerals also releases solutes into the fluid, which increases their total 

concentrations relative to rainwater as illustrated in Figure 2.3a. At conditions open to the 

atmosphere, the concentration of dissolved inorganic carbon (DIC) is controlled by 

atmospheric CO2(g) levels. At a constant atmospheric fugacity, fCO2(g), HCO3
- and DIC 

must increase with pH (decrease in H+) for reaction (2.1) to proceed. This increase in 

DIC early in the reaction progress is shown in Figure 2.3a. Ultimately, reactions (1 – 4) 

facilitate the transformation of dilute, acidic rainwater into a circumneutral fluid mostly 

enriched in Mg and DIC. 

Reactions (2 – 4) refer to the Mg endmembers of natural mineral compositions 

that are solid solutions. The Mg endmembers provide a framework for illustrating the 

reactions discussed throughout this section. It should be kept in mind that dissolution of 

natural ultramafic minerals will also release Fe+2, which often substitutes for Mg+2 in 

minerals. As shown in Figure 2.3b, Fe+2 released to the fluid can be oxidized by O2 to 

form an oxyhydroxide such as goethite (FeOOH), through 

  4Fe+2 + O2(g) + 6H2O → 4FeO(OH)(goethite) + 8H+. (2.5) 

As goethite precipitates, total Fe concentrations stay at low values that plot below the 

concentration range of most of Figure 2.3a. Throughout the overall reaction progress, O2 

consumption and oxidative weathering proceed through reaction (2.5) only. Ferric iron-



  24 

bearing phases like hematite and other ferric oxyhydroxides are also known to occur in 

serpentinizing systems (Alt and Shanks, 2003; Mayhew et al., 2018). Precipitation of 

these phases would result in similarly low values of dissolved Fe as those shown in 

Figure 2.3a owing to their low solubilities. The fluid accumulates other major solutes 

(Mg, Ca, Si) from mineral dissolution, until they are concentrated enough for minerals to 

saturate. Increases in total dissolved concentrations of the above solutes are accompanied 

by increases in the activity ratios of Mg+2 and Ca+2 to H+ [αMg+2/(αH+)2 and 

αCa+2/(αH+)2, respectively], as well as the activity of SiO2(aq) [αSiO2(aq)] as illustrated by 

reaction paths on activity diagrams shown in Figures 2.3c, for the MgO-SiO2-H2O 

system, and 3D for the CaO-MgO-SiO2-H2O system. Note that mineral saturation is 

indicated by dashed lines in Figures 2.3c and 2.3d, while solid lines in Figure 2.3d 

represent boundaries for the stability fields of minerals. At a point during Stage 1 of 

reaction progress, as shown by the reactions paths in Figures 2.3c and 2.3d, αSiO2(aq) is 

high enough to saturate quartz and talc. These minerals, however, are rarely encountered 

in low-temperature serpentinites and were suppressed in the model to evaluate the 

maximum concentrations that Mg and Si can attain before the fluid reaches chrysotile 

saturation. 

Stage 2, the onset of serpentinization. The maximum values of αSiO2(aq) and 

total dissolved Si are reached at Stage 2 where the reaction path encounters the chrysotile 

saturation line, at which point chrysotile begins to precipitate in the model via 

 3Mg+2 + 2SiO2(aq) + 5H2O → Mg3Si2O5(OH)4(chrysotile) + 6H+. (2.6) 

In response to the precipitation of chrysotile, the total dissolved Si decreases as shown in 

Figure 2.3a. Correspondingly, as illustrated in Figure 2.3c, when chrysotile saturation is 
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attained, the reaction path turns and αSiO2(aq) decreases along the chrysotile saturation 

line. Despite the consumption of Mg in reaction (2.6), continued dissolution of ultramafic 

phases means that the total dissolved Mg continues to increase in concentration. As an 

example, dissolution of olivine-dominated lithologies results in a surplus of Mg with 

respect to Si taken up during serpentinization as depicted by 

 2Mg2SiO4(forsterite) + 2H+ + H2O → Mg3Si2O5(OH)4(chrysotile) +

Mg+2. 

(2.7) 

Trends in pH result from reactions consuming and releasing H+ into the fluid. In 

Stage 1 of reaction progress, dissolution of primary minerals consumes H+ (reactions 2.2 

– 2.4), and reactions that release H+ include precipitation of secondary goethite (reaction 

2.5), as well as the continuing dissolution of atmospheric CO2(g) (reaction 2.1) into the 

fluid. Released H+, in turn, drives the dissolution of primary minerals (reactions 2.2 – 

2.4) allowing reaction progress to proceed. As shown in Figures 2.2 and 2.3, the 

increasing trends in pH means that dissolution reactions prevail over reactions that 

release H+. The precipitation of chrysotile (reaction 2.6) at the start of Stage 2 provides 

another source for H+, which dampens the increasing pH trend observed since the start of 

Stage 1 (see Figure 2.2b). However, pH continues to increase, as production of H+ 

through reaction (2.6) is not enough to balance its consumption through reactions (2 – 4). 

The overall process is exemplified by reaction (2.7), which depicts the overall process of 

forsterite dissolution and chrysotile precipitation (sum of reactions 2.2 and 2.6) and 

results in a net consumption of protons. 

Stage 3, atmosphere out, carbonates in. As the fluid infiltrates deeper into the 

aquifer, it loses contact with the atmosphere as it continues to react with the rock. At the 
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start of Stage 3, our calculations simulate a transition from an open shallow subsurface 

setting to a deep subsurface environment closed to atmospheric input. As shown in Figure 

2.3a, DIC stops increasing without the atmosphere supplying CO2(g). Consequently, as 

illustrated in Figure 2.2b, pH increases dramatically without additional H+ provided by 

reaction (2.1). Increasing pH and concentrations of divalent cations (Mg+2 and Ca+2) will 

saturate carbonate minerals. As shown in Figures 2.3 and 2.3, the first carbonate 

predicted to precipitate is dolomite via the reaction 

 Mg+2 + Ca+2 + 2HCO3
− → (CaMg)(CO3)2(dolomite) + 2H+ (2.8) 

which causes DIC and total dissolved Ca to decrease in response to dolomite 

precipitation. The next carbonate predicted to saturate, and in greater quantity than 

dolomite, is magnesite via the reaction 

 Mg+2 + HCO3
− → MgCO3(magnesite) + H+ (2.9) 

which causes a slight decrease in the total dissolved Mg concentration. 

 During Stage 3, as shown in the reaction paths depicted in the activity diagrams 

shown in Figures 2.3c and 2.3d, the decrease in αSiO2(aq) that started when chrysotile first 

precipitated at the beginning of Stage 2 continues. Despite the overall decrease in total 

Mg owing to dolomite, magnesite and chrysotile precipitation, the increase in pH is 

abrupt enough to cause the αMg+2/(αH+)2 to increase gently along the chrysotile 

saturation line (Figure 2.3c). The abrupt increase in pH also causes the αCa+2/(αH+)2 to 

increase slightly as the αSiO2(aq) decreases (Figure 2.3d). 

Stage 4, brucite in, magnesite and dolomite out. At Stage 4 of the overall 

reaction progress, pH is high enough to saturate brucite via 
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 Mg+2 + 2H2O → Mg(OH)2(brucite) + 2H+. (2.10) 

Reaction (2.10) provides a new source for protons ending the dramatic increase in pH 

observed since the start of Stage 3 (Figure 2.2b). However, the dissolution reactions 

(reactions 2.2 – 2.4) that consume H+ continue, allowing pH to increase more gradually 

than during Stage 3. As shown in Figures 2.3a and 2.3b, total dissolved Mg decreases 

abruptly in response to brucite precipitation. The continuous decreases in total Mg and 

DIC cause magnesite and eventually dolomite to become unstable and neither precipitates 

henceforth. Additionally, as depicted in Figure 2.3c, the trend of decreasing αSiO2(aq) 

observed since the onset of serpentinization at Stage 2 stops when the reaction path 

attains brucite saturation at the point where the brucite and chrysotile saturation lines 

intersect. A major implication is that a fluid in equilibrium with both chrysotile and 

brucite will always remain undersaturated with respect to forsterite and enstatite, 

ultimately driving the total dissolution of these primary minerals. Totally serpentinized 

ultramafic rocks, where no relict olivine and orthopyroxene survive, are not uncommon 

in ultramafic settings (for example, see Oufi et al., 2002, Klein et al., 2014). Forsterite 

only becomes stable relative to chrysotile and brucite at temperatures > 350°C (see Klein 

et al., 2013). 

As depicted in Figure 2.3c, the αMg+2/(αH+)2 becomes constant when the reaction 

path reaches the horizontal brucite saturation line corresponding to reaction (2.10). 

Moreover, the equilibrium assemblage of brucite and chrysotile will also set the αSiO2(aq) 

as defined by the reaction 

 3Mg(OH)2(brucite) + 2SiO2(aq) → Mg3Si2O5(OH)4(chrysotile) + H2O, (2.11) 
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which is the sum of reactions (2.6) and (2.10). At 25oC and 1 bar, reaction (2.11) will 

yield a low αSiO2(aq) of 10-8.9. Despite the αSiO2(aq) being fixed by reaction (2.11), the 

speciation of Si allows an increase in total dissolved Si, as depicted in Figure 2.3a, 

because the abundance of HSiO3
- increases with increasing pH via the reaction 

 SiO2(aq) + H2O →  HSiO3
− + H+. (2.12) 

Reaction (2.12) allows total dissolved Si to increase with increasing pH while 

maintaining the fixed αSiO2(aq) imposed by reaction (2.11). 

Along the reaction path depicted in the activity diagram shown in Figure 2.3d, 

Stage 4 starts at the boundary between the brucite and chrysotile stability fields. The 

reaction path follows this boundary as the αCa+2/(αH+)2 continues to increase with 

reaction progress owing to increases in both pH, shown in Figure 2.2b, and total 

dissolved Ca concentration shown in Figure 2.3a. This point marks the transition from a 

Type 1 fluid dominated by Mg and HCO3
- to a Type 2 fluid dominated by Ca+2 and OH-, 

which are the characteristic fluids found in serpentinizing systems. 

Stage 5, rise of a reduced fluid. As fluid moves deeper into the subsurface, 

atmosphere-derived volatiles such as O2(g) and CO2(g) are exhausted, demarcating the start 

of Stage 5 of the overall reaction progress. At this point, H2O becomes the main oxidant, 

generating H2 through the oxidation of ferrous iron in primary minerals to ferric iron in 

secondary minerals via 

 2Fe+2O(primary minerals) + H2O → Fe+3
2O3(secondary minerals) + H2(aq). (2.13) 

Progress of reaction (2.13) causes the fluid to become more reduced with the continuous 

addition of H2. This destabilizes goethite which is replaced by magnetite as the only Fe-

bearing precipitate in this initial round of modeling because solid solution models of 
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serpentine and brucite were not included. The consequences of allowing solid solutions to 

form is explored below. Moreover, as shown in Figure 2.3a, continuous addition of H2 

will generate a concentration of dissolved H2 close to 100 millimolal by the end of Stage 

5. This is 100 times as much dissolved H2 as would be in equilibrium with 1 atmosphere 

of H2(g) at ambient conditions (~1 millimolal dissolved H2), suggesting an 

overpressurized system capable of generating a free H2(g) phase. Further calculations 

incorporating constraints on confining pressures in deep subsurface aquifers can quantify 

the proportion of H2 present as a free gas. This evaluation can provide insights into the 

habitability of serpentinizing subsurface as free H2 is believed to promote formation of 

CH4 (McCollom, 2016; Etiope and Whiticar, 2019). 

As conditions become increasingly reduced, CH4 formation is thermodynamically 

favorable and the concentration of DIC (represented by the species CO3
-2 at this pH 

condition) will decrease if the reaction 

 CO3
−2 + 4H2(aq) + 2H+ → CH4(aq) + 3H2O (2.14) 

is not kinetically inhibited. Such a scenario is depicted as a downward dashed arrow from 

the DIC curve in Figure 2.3a. This downward trend for DIC does not occur if kinetic 

barriers for reaction (2.14) exist and DIC will remain in solution, albeit at low 

concentrations. DIC can then precipitate to yield calcite via  

 Ca+2 + CO3
−2 → CaCO3(calcite) (2.15) 

when pH and the total dissolved Ca are high enough, as shown in Figures 2.3a and 2.3b. 

A kinetic inhibition to abiotic methane generation opens the possibility for microbial 

methanogenesis, as discussed below. 
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Stage 6, Chrysotile-Brucite-Diopside Equilibria. Since the beginning of Stage 1 

through the end of Stage 5, pH continues to increase transforming slightly acidic 

rainwater into an increasingly alkaline fluid. The increase in pH is driven by the 

consumption of H+ through the dissolution of primary minerals (reactions 2.2 – 2.4). 

Precipitation of secondary minerals releases H+, and, in turn, increases the extent of the 

dissolution reactions. So far, the release of H+ from precipitation reactions is not enough 

to counter its consumption during dissolution reactions resulting in an overall net 

consumption of H+ that drives the increasing pH trend shown in Figure 2.2b. Note that as 

the fluid becomes more alkaline, reactions depicted in this paper could be written using 

the species OH- instead of H+. Nonetheless, rewriting the above reactions into those that 

release and consume OH- for dissolution and precipitation reactions, respectively, would 

still result in the same trends in the pH and concentrations of aqueous species shown in 

Figures 2.2 and 2.3. 

In a system involving only forsterite as the dissolving primary mineral, the 

increase in pH stops when the overall reaction progress precipitates both chrysotile and 

brucite as depicted by the reaction 

 2Mg2SiO4(forsterite) + 3H2O → Mg3Si2O5(OH)4(chrysotile) +

Mg(OH)2(brucite). 

(2.16) 

Reaction (2.16) describes the overall reaction for the dissolution of forsterite (reaction 

2.2), and the precipitation of chrysotile (reaction 2.6) and brucite (reaction 2.10). As 

Reaction (2.16) does not result in a net consumption or production of H+, pH will remain 

constant once chrysotile and brucite are both precipitating. The maximum pH this system 

can attain is that reached at the start of stage 4 (pH ~ 10) where brucite joins chrysotile in 



  31 

the secondary assemblage. Addition of enstatite will favor the formation of chrysotile 

over that of brucite, as exemplified by the reaction 

 3Mg2SiO4(forsterite) + MgSiO3(enstatite) + 5H2O →

2Mg3Si2O5(OH)4(chrysotile) + Mg(OH)2(brucite). 

(2.17) 

However, as both chrysotile and brucite are still precipitating, the pH would still be 

constrained by the chrysotile-brucite equilibria and would still end up like that predicted 

for reaction (2.16). 

It is the dissolution of diopside (reaction 2.4) that further drives the pH into 

hyperalkaline conditions (pH > 11). Mg+2 and SiO2(aq) released through the dissolution of 

diopside can be consumed through the precipitation of Mg- and Si-bearing minerals such 

as chrysotile, dolomite, magnesite, and brucite. Ca+2 released by the dissolution of 

diopside (reaction 2.4) can be potentially balanced by the precipitation of Ca-bearing 

phases such as dolomite (reaction 2.8) or calcite (reaction 2.15), but the minimal and 

continuously decreasing amount of DIC is not enough for reactions (2.8) and (2.15) to 

consume all of the Ca+2 released through reaction (2.4). Unbalanced Ca+2 will be 

accommodated by the consumption of H+ (or, conversely, release of OH-), and thus pH 

continues to increase.  

At some point in the overall reaction progress, the increase in pH will stop. This 

occurs when the fluid approaches equilibrium with diopside, which means that reaction 

(2.4) stops going forward. As depicted in Figure 2.3d, this occurs when the reaction path 

reaches the invariant point defined by the equilibrium assemblage of chrysotile, brucite, 

and diopside (Ctl-Brc-Di), as described by the reaction 
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 CaMgSi2O6(diopside) + 2Mg(OH)2(brucite) + 2H+ ↔ Ca+2 +

Mg3Si2O5(OH)4(chrysotile) + H2O. 

(2.18) 

As this is an invariant point in the CaO-MgO-SiO2-H2O system, not only the pH (Figure 

2.2b) but also the total dissolved Ca, Mg, and Si (Figure 2.3a) will remain unchanged 

despite continuous reaction progress, until diopside is completely reacted. As fluids attain 

compositions dictated by this triple point, they are as close as possible to being in 

equilibrium with the host aquifer rocks, and defining the final stage, Stage 6, of overall 

reaction progress. 

Fluid composition attained at Stage 6 of overall reaction progress is shown in 

Figure 2.3a and corresponds to reduced, Ca-OH fluid with hyperalkaline pH (pH ~12), 

elevated levels of total dissolved Ca (~10 millimolal), and dilute concentrations of total 

dissolved Si (~1 µmolal) and Mg (<1 µmolal). As an example, the pH can be derived 

using reaction (2.18), which, at 25°C and 1 bar, has an equilibrium constant of 1022.4. An 

equilibrium constant expression for reaction (2.18), assuming activities of pure solids and 

water at unity, is given by 

 K18 =
αCa+2

(αH+)2 = 1022.4   , (2.19) 

and, incorporating an ionic balancing constraint 

 αCa+2 = 0.5αOH− = 0.5
10−14

αH+    , (2.20) 

will yield a pH of ~12 at 25°C and 1 bar. Equation (2.20) is a simplified illustration 

compared with our calculations that account for full aqueous speciation and ionic 

balance. Further constraints via reaction (15, calcite precipitation) will allow the 

prediction of DIC concentrations. As shown in Figure 2.3a, an equilibrium assemblage of 
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Ctl-Brc-Di and calcite results in a predicted fluid with very low concentrations of DIC 

(<10 µmolal). 

In summary, Stage 6 of the overall reaction progress corresponds to the final step 

in which the infiltrating fluid attains its maximum pH. Fluid composition imposed by the 

above assemblage of minerals results in an hyperalkaline fluid with elevated total 

concentrations of Ca, and dilute levels of total Mg, Si and DIC (see Figure 2.3a). Such 

equilibria also impose limits on the maximum pH that can be attained by a serpentinizing 

system. At ambient conditions (25°C, 1 bar) this yields a pH close to 12. This and other 

results discussed in this section have strong or subtle temperature dependencies as 

discussed next. 

2.4.2. Variations in Temperature 

The models described above simulate water-rock interactions at ambient 

conditions (25°C, 1 bar). Continental serpentinizing fluids reported in the literature range 

in temperature up to ~50°C. Although yet to be sampled, serpentinizing fluids at higher 

temperatures up to ~100°C could exist deep in an ophiolite aquifer, assuming ophiolite 

thickness of 3-4 km and a geotherm of 30°C km-1. To explore the chemistry of 

serpentinization-generated fluids that can form at various low temperatures, fluid 

compositions constrained by Ctl-Brc-Di plus calcite were calculated at temperatures 

ranging from 0°C to 100°C. Results are shown in Figure 2.4, including trends in pH, total 

dissolved Ca, Si, Mg, and DIC, and their speciated components over this temperature 

range. In the following discussion, note that the temperatures for calculated or measured 

pH values are indicated in subscripts. 
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Figure 2.4. (a) Trends of pH and total dissolved solute concentrations, as constrained by 

equilibrium with Ctl-Brc-Di (reaction 2.18) and Cal (reaction 2.15) at temperatures 

ranging from 0°C to 100°C (see Table 2.3 for abbreviations of minerals). Also shown are 

the calculated speciations of (b) ΣCa, (c) ΣSi, (d) ΣMg, and (e) DIC. Plotted in (a) are 

some of the highest pH measured in serpentinizing systems (black squares): South 

Chamorro Seamount (SCS, Mottl, 2009); Coast Range Ophiolites, California (CROMO, 

Crespo-Medina et al., 2014); Voltri Massif, Italy (VM, Schwarzenbach et al., 2013); 

Oman Ophiolite (OO, Chavagnac et al., 2013b); Dinaride Ophiolite, Bosnia and 

Herzegovina (DO, Etiope et al., 2017); Tablelands Ophiolite, Canada (TO, Szponar et al., 

2013); Hakuba Happo Springs, Japan (HS, Homma and Tsukahara, 2008); and Lost City 

Hydrothermal Field, Mid-Atlantic Ridge (LC, Seyfried et al., 2015). pH values for SCS 

and LC were measured at 25°C and were recalculated to in situ temperatures by Mottl 

(2009) for SCS and by this work using data from Seyfried et al. (2015) for LC. 

 

The pH of a fluid in equilibrium with chrysotile, brucite, diopside, and calcite will 

decrease as temperature increases, as shown in Figure 2.4a. The calculated pH at 100°C 

(pH100°C = 10.1) is more than 3 pH units lower than that calculated at 0°C (pH0°C = 13.4). 

The latter is close to the pH2.4°C (13.1) calculated at in situ temperatures at South 
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Chamorro Seamount (Mottl, 2009). Mottl (2009) argued that this extremely high pH is 

attained through the release of OH- (or conversely, consumption of H+) during the 

reduction of DIC to generate CH4 (see reaction 2.14). Alternatively, this high pH could 

result from fluid-mineral equilibria as it is close to that predicted for equilibrium with 

Ctl-Brc-Di (Figure 2.4a). On the continents, high pH values were measured in fluids 

hosted in Canadian kimberlite deposits (12.46, Sader et al., 2007), the Tablelands 

Ophiolite in Canada (12.2, Szponar et al., 2013), Coast Range Ophiolites Microbial 

Observatory (CROMO) in California, USA (12.4, Crespo-Medina et al., 2014), Voltri 

Massif in Italy (12.3, Schwarzenbach et al., 2013), Samail Ophiolite in Oman (12, 

Chavagnac et al., 2013b), and the Dinaride Ophiolite in Bosnia and Herzogovina (12.8, 

Etiope et al., 2017).  Measured pH of 12 (Oman), 12.2 (Tablelands), 12.3 (Voltri), 12.4 

(CROMO) and 12.8 (Dinaride) at temperatures of 34.9°C, 21.3-24.3°C, 19°C, 16.2°C, 

and 13.1°C, respectively, are close to those predicted for the Ctl-Brc-Di equilibria (Figure 

2.4a). A pH30.5°C measurement of 12.8 at Dinaride, which is 0.7 pH units above that 

imposed by Ctl-Brc-Di equilibria could have been produced through reduction reactions 

that generate CH4, as Mottl (2009) postulated for the South Chamorro Seamount fluid. 

The CH4 concentration (2706 µM) associated with this sample is the highest recorded so 

far in ultramafic-hosted hyperalkaline fluids (Etiope et al., 2017). Alternatively, this high 

pH could be a result of mineral buffering reactions other than the Ctl-Brc-Di equilibria. 

High pH values (~12.5) were measured from slag-filled aquifer fluids in Lake Calumet, 

Chicago, Illinois (Roadcap et al., 2005; 2006; Ohlsson et al., 2019) and even more basic 

pH values were observed in Maqarin, Jordan (Barnes et al., 1982; Khourey et al., 1985, 

1992; Alexander et al., 1992; Pederson et al., 2004). These sites are not hosted in 
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ultramafic rocks and the high pH is likely a result of mineral equilibria akin to that 

resulting from concrete-water interactions rather than by the Ctl-Brc-Di equilibria 

attained during the serpentinization of ultramafic rocks. As an example, the αCa+2/(αH+)2 

of a fluid constrained by portlandite and high Ca/Si hydrate (CSH) phases is higher than 

typically seen in serpentinizing fluids, owing to both higher pH and total dissolved Ca 

(Blanc et al., 2010). In addition to portlandite and CSH phases, fluid in equilibrium with 

calcite at extremely DIC-limited environments would require very high pH, as expounded 

upon below. These examples underscore the fact that hyperalkaline fluids are not unique 

to serpentinization-related environments and other fluid-rock processes that buffer pH to 

high values also exist. 

Temperatures slightly exceeding 50°C, perhaps the highest measured in 

continental serpentinizing systems, were recorded by Homma and Tsukahara (2008) and 

Suda et al. (2014) in Hakuba Happo Hot Springs, Japan. The highest reported pH52°C for 

this area is 11.1 (Homma and Tsukahara, 2008) which is also close to that constrained by 

the Ctl-Brc-Di equilibrium. Taran and othes (2002, 2010) documented acidic (pH25°C = 

2.58-2.93) hot springs (42-99°C) in Socorro Island, Mexico enriched in H2 and CH4 

attributed to serpentinization. As it is located in an active magma-driven hydrothermal 

system, further work can decouple how much the compositions of these fluids were 

influenced by volcanic input or by serpentinization. Otherwise, temperatures higher than 

those recorded in Hakuba Happo for continental serpentinizing fluids have yet to be 

measured, but higher temperatures are observed in submarine hydrothermal fields. 

Calculated pH values at in situ temperatures (ranging from 75-116°C) for end-member 

fluids venting at the Lost City hydrothermal field are lower than those predicted for Ctl-
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Brc-Di equilibria (Seyfried et al., 2015). For instance, at an in situ temperature of 90°C 

(Beehive Structure, Lost City hydrothermal field; Seyfried et al., 2015), the calculated 

pH90°C of 8.9 is 1.5 pH units below that predicted for a fluid in equilibrium with Ctl-Brc-

Di (pH90°C = 10.4). Seyfried et al. (2015) attributed this lower pH to the chrysotile-

tremolite-diopside (Ctl-Tr-Di) equilibria, which compared to the Ctl-Brc-Di equilibria, 

will yield lower αCa+2/(αH+)2 (and hence lower pH) and higher αSiO2(aq). The shift from 

the Ctl-Brc-Di to the Ctl-Tr-Di equilibria results from subsurface transport in which 

fluids react with the intermingling peridotite and the relatively more silica-rich gabbroic 

bodies beneath the Lost City hydrothermal field (Seyfried et al., 2015). 

Compared to pH, total dissolved Ca, Si, Mg and DIC do not vary as much with 

temperature (Figure 2.4a). At most, the total Mg concentration is greater by an order of 

magnitude at 100°C compared with 0°C, while changes in total Ca, Si, and DIC are less 

conspicuous. As shown in Figure 2.4b, the most abundant species contributing to the total 

Ca in the fluid is Ca+2, although with an increasing contribution from Ca(OH)+ as 

temperature increases. Total Si is dominantly made up of the anion HSiO3
-, which can 

form aqueous complexes with cations like Na+, Ca+2 and Mg+2 (Figure 2.4c). The low 

concentration of Mg+2 means that the abundance of the Mg-silicate complex is predicted 

to be lower than the concentration range shown in Figures 2.4c and 2.4d. Total dissolved 

Mg is mostly made up of Mg(OH)+ at these alkaline conditions (Figure 2.4d). Most of the 

dissolved inorganic carbon exists as the neutral complex, CaCO3(aq), in these Ca-enriched 

fluids followed by CO3
-2 (Figure 2.4e). 
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2.4.3. Variations in Fluid Salinity 

Results described above are for calculations with 1 millimolal NaCl solutions. In 

additional models we examined the effects of varying salinity from dilute (0.1 millimolal 

NaCl) to that equivalent to seawater (0.5 molal NaCl). Results of calculations for 

conditions at 25°C and 1 bar depicted in Figure 2.5, show that pH and the concentrations 

of most dissolved species (DIC, total dissolved Mg and Ca) in equilibrium with the Ctl-

Brc-Di plus calcite assemblage change only slightly, increasing with fluid salinity. In 

contrast, total dissolved Si increases by more than an order of magnitude (Figure 2.5a). 

This change is attributed to a shift in the dominant aqueous species that comprises the 

total dissolved Si pool (Figure 2.5c). In dilute highly basic solutions, most of the 

dissolved Si exists as the anion HSiO3
-, but shifts to the sodium silicate complex, 

NaHSiO3(aq) as salinity rises. Because the activity of SiO2(aq) remains constant as dictated 

by the Ctl-Brc equilibrium (reaction 2.11), and pH increases only slightly, the 

concentration of HSiO3
- also remains relatively constant (see reaction 2.12) with salinity. 

Simultaneously, the concentration of NaHSiO3(aq) increases even at constant HSiO3
- as 

the reaction 

 Na+ + HSiO3
− →  NaHSiO3(aq)  (2.21) 

proceeds with increasing salinity. The overall consequence is an increase in the total 

dissolved Si. This increase in dissolved Si aligns with observations of the enhanced 

solubility of a number of silicates with increasing salinity (see Newton and Manning, 

2010) that may be attributed to changes in the speciation of dissolved silica species. 

However, existing stability constants for the NaHSiO3(aq) complex (Seward 1974;  
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Figure 2.5. (a) Trends of pH and total dissolved solute concentrations constrained by Ctl-

Brc-Di equilibrium (reaction 2.18) at 25°C and 1 bar, as functions of increasing fluid 

salinity. Also plotted are the calculated speciations of (b) ΣCa, (c) ΣSi, (d) ΣMg, and (e) 

DIC. Dotted line for ΣSi in (a) depicts results of simulations where the NaHSiO3(aq) 

complex is suppressed. 

 

Sverjensky et al., 1997) used in this work are questioned by some studies (Busey and 

Mesmer, 1977; Tutolo and Tosca, 2018; Huang and Sverjensky, 2019). For example, the 

solubilities of certain silicates (amorphous silica; Marshall and Warakomski, 1980; 

Zarubin and Nemkina, 1990) decrease with increasing salinity indicating a much weaker 

drive to form this complex than depicted in our models. Suppressing this complex results 

in a dissolved Si trend, shown by the dotted line in Figure 2.5a, that is independent of 

fluid salinity. Future studies that can constrain solubilities of serpentinization-relevant 

minerals at highly saline environments will permit predictions of fluid compositions in 
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other rocky bodies in our solar system where saline fluids are known to predominate 

(Glein et al., 2015). Nonetheless, the lowest Si concentrations measured from non-saline, 

continental serpentinizing fluids (1 μmolal Si, Chavagnac et al., 2013b) are consistent 

with our predictions. The speciation of other solutes are depicted in Figures 2.5b, 2.5d, 

and 2.5e for total dissolved Ca, Mg and inorganic carbon, respectively, and change 

minimally with variable salinity. Chloride complexes of Ca+2 and Mg+2 occur only in 

minor amounts that remain below most of the concentration range in Figure 2.5 (note 

how MgCl+ appears only at the highest salinity) and would not affect the speciation of 

these cations as much as Na affects the total dissolved Si. 

2.4.4. Precipitation of Ca-bearing Phases 

The dissolution of diopside and the lack of a precipitating Ca-bearing phase to 

counter reaction (2.4) requires the consumption of H+ (or production of OH-) to 

accommodate the otherwise unbalanced Ca+2. During the overall serpentinization 

progress, this increase in pH is accommodated until the fluid attains equilibrium with 

diopside. As shown in Figure 2.4a, equilibria involving diopside can account for some of 

the highest pH values observed in serpentinizing environments. Most studies on 

continental serpentinizing sites report the pH of hyperalkaline fluids to be between 11-12, 

somewhat lower than the theoretical maxima. As an example, as shown in Figure 2.6a, 

most hyperalkaline fluids sampled in Oman (filled grey circles, Paukert et al., 2012; 

Chavagnac et al., 2013b; Canovas et al., 2017) have measured pH values lower than those 

set by equilibrium with diopside (solid black line in Figure 2.6a) given the measured fluid 

temperature. The precipitation of Ca-bearing phases can cause fluids to shift from being 

in equilibrium with diopside and can likely draw pH to lower values. In this section, we 
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explore the effects of various Ca-bearing phases (portlandite, andradite, and calcite) on 

fluid compositions. Results of calculations are shown in the temperature vs. pH plot and 

the CaO-MgO-SiO2-H2O activity diagram depicted in Figures 2.6a and 2.6b, respectively. 

 

Figure 2.6. (a) pH and temperature of hyperalkaline fluids (pH >11) sampled from Oman 

(filled grey circles, data from Paukert et al., 2012, Chavagnac et al., 2013b, and Canovas 

et al., 2017) and other <60°C sites listed in Figure 2.4a (filled black squares). Most 

samples from Oman plot below the pH dictated by Ctl-Brc-Di equilibrium (solid black 

curve). (b) Activity diagram for the CaO-MgO-SiO2-H2O system. Stability fields and 

saturation lines of minerals are similar to Figure 2.3d, with the addition of saturation lines 

for calcite (dashed grey) at variable DIC concentrations indicated above or below the 

line, portlandite (dashed blue), and andradite (dashed red). Upper and lower lines for 

portlandite represent ranges in solubility data from the literature (see text). Upper line for 

andradite depicts redox conditions constrained by the iron-magnetite equilibrium, lower 

line is constrained by the goethite-magnetite equilibrium. Points a1 and a2 depict 

equilibrium with andradite with both chrysotile and brucite (Ctl-Brc-Adr) at redox 

conditions mentioned above. Point b1 depicts the Ctl-Brc-Di equilibrium triple point. 

Points b2, b3, and b4 depict equilibrium with Ctl-Brc-Cal at DIC concentrations of 10, 20, 

and 50 μmolal, respectively. The lines in (a) represent pH values calculated by the 

equilibria noted by these points in (b) -- dashed red lines (a1 and a2) and dashed grey lines 

(b1, b2, b3, and b4) -- as well as pH values derived from the lower portlandite line (dashed 

blue line) and additional Ctl-Brc-Cal equilibrium points at limited DIC (<8.5 μmolal) 

concentrations (dashed grey lines). Equilibria without brucite are represented by points b5 

and b6, which depict equilibrium with Ctl-Di-Cal at DIC concentrations of 10 and 20 

μmolal, respectively. See Table 2.3 for abbreviations of minerals. 
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Portlandite. Albeit rarely, portlandite can occur in serpentinizing environments 

(Neal and Stanger, 1984; Chavagnac et al., 2013a). The αCa+2/(αH+)2 needed to saturate 

portlandite can be derived using the equilibrium constant expression for the reaction 

 Ca+2 + 2H2O → Ca(OH)2(portlandite) + 2H+. (2.22) 

At ambient conditions (25°C, 1 bar), αCa+2/(αH+)2 = 1022.5 to 1022.8 (Reardon, 1990; 

Wolery and Jove-Colon, 2004; Blanc et al., 2010, dashed blue lines in Figure 2.6b) where 

the lower value is close to that derived for Ctl-Brc-Di equilibrium (1022.4, see point b1 in 

Figure 2.6b). Temperature-dependent thermodynamic data for portlandite exist (Wolery 

and Jove-Colon, 2004) and allow us to calculate pH constrained by portlandite solubility 

from 0°C to 60°C. The dashed blue line plotted in Figure 2.6a depicts calculated pH 

values that closely align with pH values dictated by the Ctl-Brc-Di equilibrium. It follows 

that fluids produced through serpentinization, at the maximum pH and Ca concentration 

attainable through Ctl-Brc-Di- equilibrium, can potentially precipitate portlandite. 

However, it is only at this specific stage of the overall serpentinization progress that 

portlandite saturation can be attained, which is consistent with its rare occurrence in 

hyperalkaline pools and serpentinite outcrops. 

Andradite. Anhydrous and hydrous andraditic garnets are known to occur in a 

number of serpentinites (Beard and Hopkinson, 2000; Menez et al., 2012, 2018; Plümper 

et al., 2014), where they are found to be intimately associated with organic matter 

(Menez et al., 2012, 2018). The uptake of Ca+2 into garnet as shown by the reaction 

 3Ca+2 + 2Fe+3 + 3SiO2(aq) + 6H2O

→ Ca3Fe2Si3O12(andradite) + 12H+ 

(2.23) 
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can draw pH away from equilibrium with diopside. The αCa+2/(αH+)2 of fluids in 

equilibrium with andradite was calculated using reaction (2.23) over ranges of αSiO2(aq) 

from 10-10 to 10-2, and αFe+3/(αH+)3 constrained by redox states buffered by either 

goethite-magnetite or magnetite-iron equilibria. Results of calculations are plotted as 

dashed red lines in Figure 2.6b and show that equilibrium with andradite requires that the 

fluid has lower values of αCa+2/(αH+)2 than set by equilibrium with diopside. A more 

reduced environment constrained by the magnetite-iron equilibrium (top dashed red line 

in Figure 2.6b) results in slightly higher αCa+2/(αH+)2 values than those set by the 

goethite-magnetite (lower dashed red line in Figure 2.6b).  We calculated pH constrained 

by an equilibrium assemblage of chrysotile, brucite, and andradite (Ctl-Brc-Adr, points a1 

and a2 in Figure 2.6b) at temperatures ranging from 0°C to 60°C and results of 

calculations are overlain in Figure 2.6a as dashed red lines. pH constrained by the above 

equilibrium at the range of temperature depicted in Figure 2.6a can account for many but 

not all environmental observations offset from Ctl-Brc-Di equilibria. In the calculation 

above, we substituted thermodynamic data for andradite in place of missing data for 

hydrous andraditic garnets. Further calculations incorporating thermodynamic data on 

hydrous andraditic garnets, and field studies documenting their occurrence in ophiolitic 

aquifers, would allow assessments on the role of garnets during low-temperature 

serpentinization. Like magnetite, andraditic garnets can potentially host ferric iron among 

secondary precipitates during serpentinization, which can further the potential to generate 

H2 via reaction (2.13). For example, Plümper et al. (2014) estimated massive amounts of 

H2 generated through andradite formation that would be enough to stabilize Fe-Ni alloys 



  44 

based on observations of garnet-bearing serpentinites in the Feragen ultramafic body in 

Norway. 

Calcite. As discussed above, results shown in Figure 2.3a demonstrate that limits 

on the amount of DIC late in the overall serpentinization progress mean that calcite 

precipitation (reaction 2.15) will not be able to balance Ca+2 released through diopside 

dissolution (reaction 2.4). However, if there is a supply of DIC from another source it 

may be possible for fluids to be in equilibrium with calcite instead of diopside. This may 

occur where deep-seated fluids devoid of atmospheric input discharge back to the surface 

where infiltration of CO2(g), interaction with near-surface carbonate veins, or mixing with 

DIC-rich shallow groundwater can supply DIC. The consequences are illustrated by the 

dashed grey lines in Figure 2.6b, which show calculated values of αCa+2/(αH+)2 in 

equilibrium with calcite at the indicated concentrations of DIC. At DIC concentration of 

~8 µmolal, a 25°C, 1 bar fluid can be in equilibrium with both diopside and calcite (point 

b1 in Figure 2.6b). At higher DIC concentrations, the presence of calcite can draw 

αCa+2/(αH+)2 to values lower than those constrained by diopside. If calcite precipitation is 

faster than diopside dissolution, fluid composition can shift from that dictated by Ctl-Brc-

Di equilibrium to that constrained by chrysotile-brucite-calcite (Ctl-Brc-Cal) equilibrium 

such as those depicted by points b2, b3, and b4 in Figure 2.6b for DIC concentrations of 

10, 20, and 50 μmolal, respectively. The consequences for pH of this shift in controlling 

mineral assemblages at temperatures ranging from 0°C to 60°C are shown as dashed grey 

lines in Figure 2.6a, and show that equilibrium with calcite in extremely DIC limited 

environments (< 8 μmolal) may require pH higher that can be attained through 

equilibrium with diopside. This could account for the extremely high pH recorded by 



  45 

Etiope et al. (2017) at one site in the Dinaride Ophiolite discussed above. Otherwise, at 

DIC concentrations > 8 µmolal, calcite will draw pH to lower values than equilibrium 

with diopside. With increasing DIC concentration the equilibrium pH constrained by Ctl-

Brc-Cal will be lower. As shown in Figure 2.6a, a shift from equilibrium with diopside to 

calcite can account for most environmental pH observations. As an example, most 

hyperalkaline fluids sampled in Oman have pH values that lie between ranges possible 

for calcite at low DIC concentrations (8-20 µmolal) and andradite at variable redox 

conditions (goethite-magnetite to magnetite-iron equilibria). So far, no study has 

surveyed the abundance of andradite or hydrogarnets in ophiolitic aquifers. Calcite, on 

the other hand, is common as near-surface veins and surface travertine deposits (Kelemen 

and Matter, 2008; Mervine et al., 2014). It is likely that this shift to calcite equilibria 

occurs in the near subsurface or at the surface where deep-seated fluids encounter DIC-

rich shallow groundwater or the atmosphere. It can also be seen in Figure 2.6a that a few 

Oman samples plot at pH values higher than that set by calcite equilibrium at 10 µmolal 

DIC and are close to equilibrium with diopside or with calcite at extremely DIC-limited 

conditions (<10 µmolal). This suggests that these fluids were less influenced by surficial 

or shallow subsurficial processes and remain close to equilibrium with the altered host 

rocks (Ctl-Brc-Di equilibrium). 

Higher concentration of DIC will draw the fluid to lower pH as shown in Figure 

2.6a. Pfeiffer (1977) and Bruni et al. (2002) argued that the high pH of serpentinizing 

springs is mainly attributed to extremely low DIC characteristic of systems closed to 

atmospheric influence. Our calculations agree with this statement, as very low DIC 

concentrations are needed for pH to remain > 11 as shown by the calcite trends in Figure 
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2.6a. However, reaction path calculations underscore that the path to hyperalkaline pH is 

facilitated by primary mineral dissolution reactions, especially diopside, and a low DIC 

concentration is only needed to preserve hyperalkaline conditions generated by water-

rock reactions. Nevertheless, the calculations shown above underline that variabilities in 

pH recorded in serpentinizing systems may be attributed to variations in DIC input in 

addition to variations in temperature and buffering reactions involving other minerals. 

In the discussions above, brucite is assumed to be present in the equilibrium 

mineral assemblage. Fluid pathways may encounter environments where brucite is 

unstable such as in the shallow subsurface where the aquifer can be composed of brucite-

free serpentinites (Miller et al., 2016). Interaction with these rocks will draw fluids away 

from the brucite stability field depicted in Figure 2.6b and toward assemblages stable at 

higher αSiO2(aq). As an example, fluids in equilibrium with chrysotile, diopside, and 

calcite at DIC concentrations of 10 μmolal and 20 μmolal, respectively depicted by points 

b5 and b6 in Figure 2.6b, will result in fluids with lower αCa+2/(αH+)2 and higher αSiO2(aq) 

and will ultimately generate fluids with lower pH and higher Si concentrations than 

values constrained by the Ctl-Brc-Di equilibrium. Note that points b5 and b6 (Ctl-Di-Cal), 

respectively, share similar αCa+2/(αH+)2 with points b2 and b3 (Ctl-Brc-Cal equilibrium) 

and would result in fluids with similar pH with the former distinguished from the latter 

only by their higher dissolved Si concentrations. As such, most of the environmental pH 

values shown in Figure 2.6a can also be accommodated by this shift to the Ctl-Di-Cal 

equilibrium. In addition to the consequences of a brucite-free serpentinite aquifer, mixing 

with Si-rich shallow groundwater can also draw fluids to higher αSiO2(aq). Assessment of 

the silica concentrations of serpentinization-generated hyperalkaline fluids is one of the 
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most powerful ways to discriminate among various fluid pathways possible in ultramafic 

aquifers, as well as the consequence of fluid mixing at and below the surface. 

2.4.5. Variations in Contributions from Primary Minerals 

The preceding discussion refers to a model of rainwater reacting with a single 

generalized composition of ultramafic rock (85% Fo90-olivine, 14% En90-orthopyroxene, 

and 1% Di95-clinopyroxene). This composition is characteristic of harzburgites that are 

common in ophiolites.  However, modal compositions of primary minerals that compose 

harzburgites vary in ophiolites and in exhumed ultramafic rocks in the seafloor (see: 

Warren (2016) for a compilation of seafloor ultramafic rock mineralogy and 

geochemistry). Consequently, fluids will likely encounter rocks with variable 

composition during subsurface transport. Moreover, primary minerals can dissolve at 

differing rates resulting in variable contributions of aqueous solutes from primary 

minerals that may differ from the modal composition of the host rock. Therefore, in this 

section we discuss the consequence of variable contributions of primary minerals on the 

compositions of aqueous fluids. Details on the composition of the reacting rocks used in 

our simulations can be found in Table 2.2. This work focuses on alteration at ambient 

conditions and is complementary to results by Klein et al. (2013) on the variabilities in 

secondary mineralization and fluid and gas chemistry resulting from the alteration of 

ultramafic rocks of variable modal compositions at temperatures up to 400°C. In 

addition, this work expands the compositional variabilities explored by seminal 

calculations on low-temperature serpentinization by Pfeifer (1977) and Palandri and Reed 

(2004). 
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Results for 25°C and 1 bar are shown in Figures 2.7 to 2.9. We start with 

rainwater interactions with rocks composed only of olivine (Forsterite90) and 

orthopyroxene (Enstatite90) (Models B1-B5, MgO-FeO-SiO2-H2O system), and then 

discuss the effects of involving clinopyroxene (Diopside95) (Models C1-C5, CaO-MgO-

FeO-SiO2-H2O system) on the resulting fluid compositions. Lastly, instead of a fresh 

ultramafic rock, we model fluids reacting with a serpentinite (Models D1-D4). This 

model shares features with those conducted by Cipolli et al. (2004) and Bruni et al. 

(2002) who simulated rainwater-serpentinite interactions to account for the origins of 

hyperalkaline fluids seeping out from metaophiolitic lithologies in the Voltri Group of the 

Ligurian Ophiolite in Italy. However, instead of bulk serpentinite chemistry, here we use 

variable molal contributions of serpentine and brucite to investigate the effects of variable 

serpentinite compositions on the evolution of fluids. In these serpentinite models, the 

source of Ca is minor relict clinopyroxene. 

Olivine and Orthopyroxene alteration (MgO-FeO-SiO2-H2O system). As 

shown in Figure 2.7a, at late stages of reaction progress almost equal amounts of 

chrysotile and brucite (in moles) will precipitate if the only dissolving mineral is olivine 

(Model B1). This is exemplified by reaction (2.16), which depicts the sum of the 

reactions involving the dissolution of forsterite (reaction 2.2), and the precipitation of 

chrysotile (reaction 2.6) and brucite (reaction 2.10). The reason that there is slightly less 

brucite forming relative to chrysotile in Figure 2.7a is that iron released from olivine 

precipitates as goethite and magnetite during alteration. If the reacting mineral is pure 

forsterite, equal amounts of chrysotile and brucite (in moles) will precipitate as depicted 

by reaction (2.16). Note that reaction (2.16) results in neither a net consumption or  
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Figure 2.7. (a-e) Results of simulations at 25°C and 1 bar for host rocks of the MgO-

FeO-SiO2-H2O system (Models B1-B5) where reacting rocks contain olivine (OL) or 

orthopyroxene (OPX) or combinations of both. (f) Results of simulation illustrated in 

Figure 2.3 (Model A) for comparison. Contributions from the primary phases are 

indicated above each plot. 

 

production of H+ and pH will remain constant once chrysotile and brucite are both 

precipitating. The activity of SiO2(aq) will be set by Ctl-Brc equilibrium defined by 

reaction (2.11). The consequences of reactions (2.11) and (2.16) are shown in Figure 
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2.7a, including the constant pH (-log αH+) and αSiO2(aq) trends once brucite joins 

chrysotile in the secondary assemblage. The predicted pH arising from these equilibria is 

near 10 which is close to the maximum pH of 9.5 measured by Okland et al. (2012) in 

groundwaters seeping from olivine-rich (dunite) outcrops of the Leka Ophiolite.  

In contrast to dunites which are mostly composed of olivine, harzburgites have 

considerable abundances of orthopyroxene in addition to olivine. The involvement of 

orthopyroxene during alteration will decrease the amount of brucite precipitated in favor 

of chrysotile as shown in Figure 2.7b, which illustrates a model where rainwater interacts 

with a hypothetical rock composed of 75 mole % olivine and 25 mole % orthopyroxene 

(see reaction 2.17, Model B2). As in Figure 2.7a, both chrysotile and brucite are present, 

which means that fluid compositions will be controlled by the same Ctl-Brc equilibrium 

(reaction 2.11). As a consequence, this scenario will yield similar pH and total dissolved 

Si values to the results shown in Figure 2.7a for olivine-only dissolution. This pattern 

continues until we consider equal mole % contributions of olivine and orthopyroxene 

(Model B3), as depicted in Figure 2.7c, which will only produce serpentine via 

 Mg2SiO4(forsterite) + MgSiO3(enstatite) + 2H2O →

Mg3Si2O5(OH)4(chrysotile). 

(2.24) 

In cases where the abundance of orthopyroxene exceeds that of olivine, talc is 

favored instead of brucite, as shown in Figure 2.7d (Model B4). In these models for 

orthopyroxene-rich systems, the precipitation of talc is allowed. As the abundance of 

primary orthopyroxene increases, talc will precipitate at the expense of chrysotile. This 

pattern continues for alteration of rocks composed of increasing abundances of 

orthopyroxene, and culminates in the results shown in Figure 2.7e for orthopyroxene-



  51 

only dissolution (Model B5), which results in equal moles of precipitating chrysotile and 

talc, corresponding to the reaction 

 6MgSiO3(enstatite) + 3H2O → Mg3Si2O5(OH)4(chrysotile) +

Mg3Si4O10(OH)2(talc). 

(2.25) 

Note that most of the plots in Figure 2.7 reveal that extensive reaction progress 

results in constant pH values as H+ is neither consumed and produced, consistent with 

reactions (2.16), (2.17), (2.24) and (2.25) depending on the rock composition. In the 

model depicted in Figure 2.7c, pH approaches 8.5 once chrysotile starts to precipitate. In 

the orthopyroxene-dominated models shown in Figures 2.7d and 2.7e, constant pH is 

maintained once talc and chrysotile are both precipitating. At these conditions, the 

αSiO2(aq) will be set by the chrysotile-talc (Ctl-Tlc) equilibria as defined by  

 Mg3Si2O5(OH)4(chrysotile) + 2SiO2(aq) → Mg3Si4O10(OH)2(talc) +

H2O  , 

(2.26) 

and is higher than values set by Clt-Brc equilibrium (reaction 2.11), which is revealed by 

comparing Figures 2.7e and 2.7e with Figures 2.7a and 2.7b. 

Alteration in the presence of clinopyroxene (CaO-MgO-FeO-SiO2-H2O 

system). As shown in Figures 2.7a to 2.7e, hyperalkaline pH (>11) can not be attained 

from the dissolution of any combination of olivine and orthopyroxene alone. It is the 

presence of diopside that drives pH to increase further with reaction progress. The 

precipitation of dolomite (reaction 2.8) calcite (reaction 2.15) will not be enough to 

counterbalance the  

pH increase driven by the overall reaction among diopside, chrysotile and brucite 

(reaction 2.18) owing to DIC limitation at late stages of reaction progress. Thus, pH will 
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continue to increase and the fluid will accumulate Ca until it maximizes as the fluid 

attains equilibrium with diopside. Results from the initial model described above (85% 

olivine, 14% orthopyroxene, 1% clinopyroxene) are shown again in Figure 2.7f for 

comparison with the other scenarios that do not involve the dissolution of diopside. It can 

be seen that including diopside in the model will yield pH values >12, which are higher 

than those attained in scenarios without it (pH ≤ 10).  

The dramatic effect on pH of the single example of a diopside-bearing alteration 

model in Figure 2.7 raises questions about the consequences for other ultramafic 

assemblages. Results of simulations depicting effects of modal variations in the CaO-

MgO-FeO-SiO2-H2O system, summarized in Table 2.2, are shown in Figures 2.8 and 2.9. 

In both figures, reaction path A (Model A) reflects results discussed above as depicted in 

Figures 2.3 and 2.7f for 85% Ol-14% Opx-1% Cpx. Simulations that generally 

encompass variabilities in harzburgite compositions, having five times as much 

clinopyroxene and variable contributions from olivine and orthopyroxene, are depicted 

by reaction paths C1, C2, and C3, which refer to 85% Ol-10% Opx-5% Cpx, 75% Ol-

20% Opx-5% Cpx, and 65% Ol-30% Opx-5% Cpx scenarios, respectively. As shown in 

Figure 2.8a trends in total dissolved Ca are similar among the four models tested. Note 

however that models with 5% clinopyroxene can attain higher Ca concentrations in fluids 

at pH~9 and can precipitate calcite at lower extents of reaction progress than the model 

with 1% clinopyroxene (reaction path A). 
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Figure 2.8. Trends in (a) ΣCa, (b) ΣSi and αSiO2(aq), and (c) ΣMg during reactions with 

variable harzburgitic compositions in the CaO-MgO-FeO-SiO2-H2O system at 25°C and 

1 bar. Black and grey lines refer to results of simulations using Model A and C rock 

compositions, respectively. Note that 1 and 6 refer to the beginning and end of the 

reaction path depicted in Figures 2.2 and 2.3. Letters indicate reaction paths summarized 

in Table 2.2. Abbreviations of minerals are listed in Table 2.3. The word “in” (for 

example, Mgs in) refers to the point in the reaction progress where a given mineral starts 

to precipitate. Note that SiO2(aq) in (b) is one of the various species that compose ΣSi 

shown in Figure 2.4c. 
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Trends in total dissolved Si concentration (solid lines), as well as trends in the 

SiO2(aq) activity (dotted lines) are shown in Figure 2.8b. Reaction paths A and C1 follow 

similar patterns, characterized by dramatic decreases in the total Si concentration and 

SiO2(aq) activity once chrysotile joins the secondary assemblage (see Stage 2 of the 

overall reaction progress). Likewise, these reaction paths also attain αSiO2(aq) values 

constrained by Ctl-Brc equilibria starting at pH~10, yet have increasing total Si 

concentrations until the maximum pH values are attained. In contrast, the models with 

greater contribution from orthopyroxene (Reaction paths C2 and C3) yield different 

pathways with no abrupt drop in total Si concentration once chrysotile starts 

precipitating. The reaction of enstatite into chrysotile involves a release in SiO2(aq) as 

depicted by the reaction 

 3MgSiO3(enstatite) + 2H2O → Mg3Si2O5(OH)4(chrysotile) + SiO2(aq), (2.27) 

which is in contrast to alteration of relatively more forsterite-rich systems (reaction paths 

A and C1) that involve release of Mg+2 during chrysotile precipitation (see reaction 2.7). 

SiO2(aq) released through reaction (2.27) can react with forsterite to form additional 

chrysotile via 

 3Mg2SiO4(forsterite) + SiO2(aq) + 4H2O → 2Mg3Si2O5(OH)4(chrysotile). (2.28) 

Consequently, as forsterite is reacting with excess silica from orthopyroxene to form 

chrysotile, the precipitation of brucite occurs much further in reaction progress in the 

orthopyroxene-rich model. These differences are depicted in Figure 2.8c, which 

illustrates trends in the total dissolved Mg concentration of the four reaction paths. Also 

depicted in Figure 2.8c is the saturation curve for brucite (dashed grey line), showing that 

brucite precipitates when the reaction paths intersect the saturation line. Reaction paths 
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C2 and C3 attain brucite saturation much further along the alteration process than do the 

other reaction paths. Moreover, and in contrast to reaction paths A and C1, magnesite 

precipitation does not occur along Reaction paths C2 and C3, due to interactions with 

rocks that are relatively less Mg-rich and more Si-rich.  

These various pathways are depicted on an activity diagram for the CaO-MgO-

SiO2-H2O system in Figure 2.9a. Note that reaction paths C2 and C3 first attain 

equilibrium with both chrysotile and diopside and only attain brucite saturation at the end 

of the reaction path at the Ctl-Brc-Di equilibrium point. This is in contrast with models 

depicting interactions with more Mg-rich or forsterite-rich rocks where chrysotile and 

brucite equilibrium is attained first before reaching the Ctl-Brc-Di equilibrium point, as 

shown by reaction paths A and C1. In addition to the four reaction paths shown in Figure 

2.8, results of additional calculations modelling orthopyroxene-dominated systems, 45% 

Ol-50% Opx-5% Cpx (reaction path C4) and 35% Ol-60% Opx-5% Cpx (reaction path 

C5), are also shown in Figure 2.9a. When contributions from orthopyroxene exceed those 

of olivine, reaction paths will not attain silica activities lower than that constrained by 

equilibrium with tremolite. Reaction path C4, which models system with still significant 

contribution from olivine but not greater than pyroxene minerals, will ultimately end at 

the chrysotile-tremolite-diopside (Ctl-Tr-Di) invariant point shown in Figure 2.9a. 

Reaction path C5 exemplifies systems with even greater orthopyroxene contributions and 

will end at the chrysotile-talc-tremolite (Ctl-Tlc-Tr) equilibrium triple point without 

proceeding to compositions with lower αSiO2(aq). Equilibria with Ctl-Tr-Di or Ctl-Tlc-Tr 

results in lower αCa+2/(αH+)2 and higher αSiO2(aq) than those in equilibrium with Ctl-Brc-

Di. As a consequence, water-rock interactions hosted in orthopyroxene-dominated 
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lithologies will result in fluids with lower pH and dissolved Ca values but higher Si 

concentration. Further discussion of the consequences for fluid compositions arising from 

variabilities in primary minerals follows discussion of model results below that allow iron 

incorporation into solid solutions of precipitating phases.  

Alteration of serpentinites. In addition to alteration of fresh ultramafic rocks, 

groundwater can interact with partially or completely serpentinized rocks. Results of four 

reaction paths that model alteration of serpentinites (composed mostly of serpentine and 

brucite) are shown in Figure 2.9b where they can be compared to the alteration of fresh 

ultramafic rocks discussed above (see Table 2.2). In these calculations, the source for Ca 

is relict clinopyroxene (5 mole % Di95). Reaction path D1 (dashed blue line) shows the 

changing calculated composition of a fluid interacting with a rock whose secondary 

assemblage is completely composed of serpentine and relict clinopyroxene, and reaction 

paths D2 (dashed yellow), D3 (dashed red) and D4 (dashed orange) follow fluid 

compositions where the aquifer rock is composed of different proportions of serpentine 

and brucite with 5% clinopyroxene (see Table 2.2). Overall, these reaction paths are 

similar to others shown in Figures 2.8 to 2.9A, but contributions from the dissolving rock 

are described by the reverse of reactions (2.6) and (2.10) for chrysotile and brucite 

dissolution, respectively. Alteration of a serpentinite without relict clinopyroxene leads to 

results similar to those shown in Figure 2.7c for reaction of 50 mole % olivine and 

orthopyroxene. After all, a mole of serpentine (chrysotile) is the hydrated equivalent of 

one mole each of olivine (forsterite) and orthopyroxene (enstatite) as indicated by 

reaction (2.24).  
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Figure 2.9. CaO-MgO-SiO2-H2O activity diagram for 25°C and 1 bar depicting various 

reaction pathways summarized in table 2: (A) models A and C1-C5, (B) models D1-D4. 

Reaction paths A and C1-C5 depict interaction of water with fresh ultramafic rocks with 

variable primary mineral compositions, while reaction paths D1-D4 depict water 

interacting with serpentinites of variable compositions (see table 2). Stability fields 

bounded by dotted lines in grey are for minerals (talc and tremolite) suppressed in some 

calculations. Note that reaction paths D1-D4 overlap with most of reaction paths A and 

C1-C5, and that 1 and 6 refer to the beginning and end of the reaction path depicted in 

figures 2 and 3. 
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Reaction path D1 generates a fluid with αSiO2(aq) controlled by Ctl-Tlc 

equilibrium as a fully serpentinized ultramafic rock is too silica-rich to attain the Ctl-Brc 

equilibria. Additionally, as depicted by the CaO-MgO-SiO2-H2O activity diagram shown 

in Figure 2.9b, path D1 ends up at the Ctl-Tlc-Tr equilibrium triple point similar to that of 

reaction path C5 described above. Compared with the Ctl-Brc-Di and the Ctl-Tr-Di 

equilibrium triple points, fluids constrained by Ctl-Tlc-Tr equilibrium have lower 

αCa+2/(αH+)2 and higher αSiO2(aq). The pH of the fluid controlled by these equilibria can 

be derived and results of calculations yield pH (~10 at 25°C, 1 bar) lower than that 

attained by a fluid controlled by the Ctl-Brc-Di (pH ~ 12) or the Ctl-Tr-Di (pH ~ 11) 

equilibria. If the host serpentinite contains some amount of brucite, fluids can attain 

equilibrium with the Ctl-Tr-Di or the Ctl-Brc-Di assemblage. Models depicting 

serpentinites composed of 75 mol% serpentine, 20 mol% brucite, and 5 mol% 

clinopyroxene, represented by reaction path D2 in Figure 2.9b, ultimately result in fluids 

in equilibrium with Ctl-Tr-Di similar to systems modelled by reaction path C4. A greater 

contribution from brucite will result in reaction paths that end up at the Ctl-Brc-Di 

equilibrium triple point. This is shown by reaction path D3 in Figure 2.9b, which depicts 

results for a model fluid reacting with host rocks composed of 65 mol% serpentine, 30 

mol% brucite, and 5 mol% clinopyroxene. This model follows a path that is similar to 

that of reaction paths C2 and C3 described above, and would even follow a similar path 

at earlier stages of the reaction progress if talc precipitation was suppressed. The trace of 

reaction path D4 in Figure 2.9b depicts interactions with rocks containing even more 

brucite (40 mol%) and follows a path similar to those from alteration of olivine-rich rocks 

(reaction paths A and C1). Specifically, if talc is suppressed in a model related to that 
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depicted by reaction path D4, the results will follow a path close to that shown by 

reaction path C1.  

Further discussion on the consequences of lithological variations. Many 

reaction paths for low-temperature alteration of olivine-rich rocks are similar to the 

overall serpentinization of a rock with the generalized composition shown in Figures 2.2 

and 3 and summarized as reaction path A in Figures 2.7, 2.8, and 2.9. Examination of 

these figures shows that this pathway closely resembles those resulting from simulations 

of other olivine-rich rocks (reaction path C1) and consequently, despite these lithological 

variations, a useful starting assumption is that low-temperature alteration of olivine-rich 

rocks would follow similar stages in the overall reaction progress as that of reaction path 

A. It is only in models that include greater contributions from orthopyroxene (for 

example, reaction paths C2 and C3 starting with 25 mol% orthopyroxene) that the overall 

reaction progress takes a different pathway. Nevertheless, these models still attain 

equilibrium with chrysotile, brucite, and diopside (Stage 6) but along a different path than 

that followed by more olivine-rich systems. Specifically, this pathway attains equilibrium 

with brucite only at the last stage of the overall reaction progress. Results of further 

simulations involving greater orthopyroxene contributions (>50 mol%) yield pathways 

resulting in fluids in equilibrium with Ctl-Tr-Di or Ctl-Tlc-Tr. 

The system CaO-MgO-SiO2-H2O, as represented by the activity diagrams shown 

in Figures 2.6b and 2.9, has three equilibrium triple points: (1) Ctl-Brc-Di, (2) Ctl-Tr-Di, 

and (3) Ctl-Tlc-Tr. It follows that fluid-rock interactions involving ultramafic rocks will 

ultimately lead to fluids with three distinct composition as dictated by these assemblages, 

despite variabilities in the compositions of the reacting rocks. Variabilities in the 



  60 

dissolved inorganic carbon levels, however, draw fluids away from these equilibrium 

triple points to equilibrate with calcite and greatly diversify the compositions of fluids 

approaching equilibrium with the host aquifer rocks. As shown in Figure 2.6b, greater 

amounts of DIC, however, would be needed to draw fluids away from being in 

equilibrium with Ctl-Tr-Di or Ctl-Tlc-Tr than that if the fluid composition is dictated by 

the Ctl-Brc-Di equilibrium.  

Results of calculations involving secondary minerals (serpentine and brucite, with 

relict clinopyroxene) as the dissolving phases, will yield a range of fluid compositions 

similar to those generated when primary minerals are dissolving, as depicted in the CaO-

MgO-SiO2-H2O activity diagram shown in Figure 2.9b. It follows that it would be 

difficult to distinguish fluids reacting with either fresh or altered ultramafic rocks based 

solely on their pH, and total Ca, Mg and Si content. Perhaps this explains why when 

Chavagnac et al. (2013b) sampled fluids from both the Voltri group of the Ligurian 

Ophiolite in Italy and the Samail Ophiolite in Oman, where aquifer rocks are variably 

serpentinized, they found that fluids from both localities have overlapping pH and total 

Ca, Mg, and Si content.  Rather than major solutes, other species should be considered to 

further evaluate how the degree of alteration of the aquifer host rock affects the resulting 

fluid chemistry. Serpentine and carbonate minerals can sequester certain trace elements 

(for example, B, U, Sr, Cl; Kodolanyi et al., 2012) during serpentinization and it follows 

that remobilization of these elements during further alteration of serpentinites could result 

in fluids with trace element compositions different from those where the host aquifer 

rocks are less altered. In addition to trace elements, data on timescales of reactions could 

be diagnostic as serpentinites would be less reactive than fresh harzburgites. Experiments 
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show that olivine usually dissolves at a much faster rate than various polymorphs of 

serpentine (for example, see Pokrovsky and Schott (2000) and Oelkers (2001) for olivine, 

and Bales and Morgan (1985), Thom et al. (2013), and Daval et al., (2013) for 

serpentine). Attaining hyperalkaline conditions would likely take a greater length of time 

when serpentinizing serpentinites rather than fresh ultramafic rocks.  

2.4.6. Effects of Incorporating Mineral Solid Solutions 

In the reaction paths discussed above we allow the dissolving primary minerals to 

be in solid solutions, but so far have discussed results of models where the precipitation 

of secondary minerals only as endmember compositions were considered. Studies of 

natural serpentines, however, show that both serpentine and brucite can incorporate Fe 

into their structures (O’Hanley and Dyar, 1993; 1998; Evans, 2008; Evans et al., 2012). 

In brucite the iron is present as Fe+2, but in serpentine minerals iron can be both Fe+2 and 

Fe+3. Therefore, additional calculations were conducted to compare results incorporating 

solid solutions in product phases, as shown in Figure 2.10, with results shown in Figure 

2.3 where alteration product solid-solutions were not considered. These calculations share 

features with those of McCollom and Shock (1998), McCollom and Bach (2009) and 

Klein et al. (2009, 2013) where ideal site mixing was assumed for most solid solutions. 

The serpentine structure incorporates Fe+3 either through ferri-Tschermack’s substitution 

in octahedral and tetrahedral sites (towards the Mg-cronstedtite  

((Mg2Fe+3)(Fe+3Si)O5(OH)4) endmember) or through an octahedral vacancy model 

(towards the hisingerite (([]Fe+3)2Si2O5(OH)4) endmember) as shown by O’Hanley and 

Dyar (1993, 1998), Evans (2008), Andreani et al. (2013), and Tutolo et al. (2019). To 

accommodate Fe+3 incorporation in both octahedral and tetrahedral sites in serpentine, a 
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four member (chrysotile, greenalite, Mg-cronstedtite, hisingerite) ideal mixing model was 

used in our calculations. 

Trends are plotted against overall reaction progress showing the number of moles 

of precipitated Mg-, Fe-, and Si-bearing minerals in Figure 2.10a, and concentrations of 

aqueous H2, and total dissolved Si, Mg, and Fe in Figure 2.10b. Total dissolved Ca, DIC, 

and other minerals that do not differ meaningfully from results in Figure 2.3 are not 

included. Earlier stages (1 – 3) of reaction progress are also not shown as the models give 

nearly identical results. 

Overall mineralogical trends.  If solid solutions are not considered, the only 

secondary minerals that can host Fe throughout the overall serpentinization progress are 

goethite and magnetite, as depicted as the solid black curves in Figure 2.10a. If solid 

solutions are allowed, at later stages of the reaction progress most of the Fe will be 

incorporated into brucite and serpentine instead of magnetite, as shown by the dashed 

grey lines in Figure 2.10a. This is consistent with observations showing brucite and 

serpentine as the major iron-hosting precipitates in low-temperature serpentinites rather 

than magnetite, which forms more readily during high-temperature (>250°C) 

serpentinization (Klein et al., 2014). In all other cases iron released during alteration goes 

into either serpentine or brucite. As they first form, serpentine and brucite are Mg-rich, 

and increasingly incorporate Fe as reactions progress toward higher rock:water ratios. 

Despite incorporating some Fe, serpentine remains Mg-rich (XMg = Mg/(Mg+Fe) = 0.94) 

at latter stages of reaction progress, and a significant amount of the iron is incorporated 

into brucite (XMg = 0.83). These predictions are consistent with observations from 

serpentine (XMg = 0.92-0.94) and brucite (XMg = 0.82-0.84) veins cutting olivine in  
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Figure 2.10. Reaction path differences at 25°C and 1 bar in models where precipitation of 

secondary phases in solid solutions were (dashed grey) and were not (solid black) 

considered. Trends in secondary precipitation (moles precipitated) and aqueous 

concentration (pH and molal concentration) are depicted in (a) and (b), respectively. Also 

plotted in (a) as dotted grey lines (values on right y-axis) are the mole fraction of Mg 

(XMg = Mg/(Mg + Fe)) in precipitating serpentine and brucite, and the Fe+3/ΣFe of 

precipitating serpentine in models allowing solid solutions. The vertical black dashed 

lines indicate the start and end of stages 4-6 of the serpentinization process summarized 

in figure 2C. 
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partially serpentinized dunites from New Caledonia (Frost et al., 2013).  At low 

rock:water ratios Fe+3/ΣFe in precipitating serpentine is elevated, and decreases as the 

system becomes more rock dominated and reduced. This is consistent with low Fe+3/ΣFe 

(<0.50) of serpentine determined by Mayhew et al. (2018) and Andreani et al. (2013) in 

the least serpentinized samples, and high values (>0.70) in highly altered samples that 

formed in fluid-dominated environments. As shown in Figure 2.10a, serpentine with 

Fe+3/ΣFe > 0.70 would only occur in fluid-dominated systems characterized by relatively 

low rock:water ratios < 10-1.5 and relatively oxidized fluids. 

The αSiO2(aq) of a fluid in equilibrium with the Fe+2 endmembers of serpentine 

and brucite, as depicted by the reaction 

 3Fe(OH)2(Fe−brucite) + 2SiO2(aq) → Fe3Si2O5(OH)4(greenalite) + H2O, (2.29) 

is slightly higher at 25°C and 1 bar (10-7.9) than that constrained by the Mg+2-end 

members (10-8.9, see reaction 2.11). The incorporation of Fe into both serpentine and 

brucite shifts the αSiO2(aq) to slightly higher values and the αMg+2/(H+)2 to lower values, 

consistent with the minor differences in pH, and total Mg and Si concentrations between 

the two models (Figure 2.10b). In contrast, a major difference between the two models is 

the resulting total dissolved Fe concentration depicted in Figure 2.10b. In the model 

where Fe incorporation into serpentine and brucite is prohibited, the total dissolved Fe 

will be controlled by magnetite solubility. If solid solutions are allowed, the resulting 

total dissolved Fe will be a response to the precipitation of both Fe-bearing serpentine 

and brucite, yielding lower concentrations of total dissolved Fe. 

Implications for H2 generation.  In addition to differences in dissolved Fe, 

models that do or do not include serpentine and brucite solid solutions result in differing 
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amounts of H2 generated, which is tied to the amount of ferrous iron from the primary 

minerals that was oxidized and hosted as ferric iron in the secondary phases (see reaction 

2.13). Bach (2016) demonstrated differing trends of H2 generation applied to low-

temperature serpentinization of the seafloor depending on the model used. In this work, 

we discuss implications of using models with and without solid solutions for continental 

serpentinization. As shown in Figure 2.10b, the model allowing only magnetite formation 

will generate more than ~2 times as much H2 as the model that allows Fe incorporation 

into serpentine and brucite. These differences, weighted per kg of reacting rock, are 

depicted in Figure 2.11 as functions of rock:water ratio. Before Stage 5 of overall 

reaction progress, neither model produces H2 as O2 from the atmosphere is still present 

and available to oxidize iron. Once O2 is consumed, H2O will start to oxidize Fe and will, 

in turn, be reduced to H2. Allowing the formation of ferric iron-hosting serpentine 

(Fe+3/ΣFe <0.67 for most of Stages 5 and 6, Figure 2.10a) will generate H2, but not as 

much as models in which magnetite (Fe+3/ΣFe = 0.67) is the only Fe-bearing phase 

allowed to precipitate. Both models predict similar potentials to generate H2 only over a 

small interval of reaction progress right after the beginning of stage 5, as shown in 

Figures 2.10 and 11, when the Fe+3/ΣFe of serpentine remained > 0.67. As shown in 

Figure 2.11, at rock:water ratio = 1, the amount of H2 generated through serpentine 

formation (0.18 mole H2 (kg harzburgite)-1) is less than half as much as can be generated 

when magnetite is assumed to be the only Fe-bearing alteration product (0.43 mole H2 

(kg harzburgite)-1). 
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Figure 2.11. Predicted amount of H2 generated per kg of rock at rock:water ratios ranging 

from 10-3 to 100 in models assuming only magnetite as the Fe-hosting phase (solid black) 

and those where Fe is allowed to be incorporated into serpentine and brucite (dashed 

black). 

 

It can be anticipated that variations in the composition of the reacting rock will 

affect the amount of H2 generated. Results as functions of the ratio of primary olivine to 

orthopyroxene, all with minor clinopyroxene, are depicted in Figure 2.12. The pH, 

secondary assemblages (dashed grey lines), and XMg of the secondary phases (dotted grey 

lines) are shown in Figure 2.12a for a rock:water ratio of 1. As discussed above, 

alteration of olivine-rich lithologies (left side of Figure 2.12a) results in assemblages 

comprised of serpentine + brucite and the high pH (>12) of the fluid will be dictated by  
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Figure 2.12. (a) Trends in secondary assemblages and pH values of fluids resulting from 

the alteration of ultramafic rocks with variable contributions from olivine and 

orthopyroxene (clinopyroxene constant at 5 mol% contribution). Dashed grey curves 

depict the mole fraction of the mineral indicated in the total secondary assemblage. 

Dotted grey curves show the XMg of each mineral. (b) shows how iron is hosted in the 

secondary assemblages. Solid black curve in (b) indicates the Fe+3/ΣFe of the 

precipitating serpentine. (c) indicates the predicted amount of H2 generated per kg of 

rock. Values shown in this figure are from results of simulations of alteration of rock with 

composition depicted by Model A at rock:water = 1, 25°C, and 1 bar. 
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Ctl-Brc-Di equilibrium. Compositions of fluids shift from that constrained by the Ctl-

Brc-Di equilibrium to that of Ctl-Tr-Di (pH ~11) as the primary mineral assemblage 

being altered shifts to one dominated by orthopyroxene. Alteration of systems containing 

even more orthopyroxene (right side of Figure 2.12a) yields serpentine + talc 

assemblages and lower pH (~10) set by the Ctl-Tlc-Tr equilibrium.  

How iron is hosted in the secondary assemblage is shown in Figure 2.12b. Most 

of the iron is incorporated into serpentine despite variabilities in rock compositions. 

Some amount of iron is hosted in brucite in olivine-dominated systems but shifts to talc 

as orthopyroxene becomes more dominant. Changes in the Fe+3/ΣFe ratio of the 

precipitating serpentine are also shown in Figure 2.12b. The ratio remains relatively 

constant in either olivine- and orthopyroxene-dominated lithologies, but at starkly 

contrasting values. As shown in Figure 2.12b, a shift to orthopyroxene-dominated 

lithologies will cause an abrupt drop (~6) in the Fe+3/ΣFe ratio of the precipitating 

serpentine. This shift can be represented by the reaction 

 3Fe+2
2Fe+3

2SiO5(OH)4(cronstedtite) + 5SiO2(aq) + 3H2 →

4Fe+2
3Si2O5(OH)4(greenalite) + H2O , 

(2.30) 

which favors the more Si-rich ferrous-iron bearing serpentine component (greenalite) 

relative to the dominant ferric-iron bearing serpentine component (cronstedtite) as the 

bulk composition shifts toward the more Si-rich orthopyroxene-dominated lithologies. 

Reaction (2.30) is a simplified illustration compared with our calculations that account 

for ideal solid solution mixing among end-member components (chrysotile, greenalite, 

Mg-cronstedtite, and hisingerite) of serpentine. 
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The distribution of iron into alteration phases causes variations in the amount of 

H2 generated per kg of reacting rock as shown in Figure 2.12c. As the reacting rocks 

become less olivine-rich the calculated abundance of H2 increases owing to the increased 

proportion of iron being incorporated into serpentine, which hosts both ferrous and ferric 

iron, relative to that going to form brucite, which only hosts ferrous iron. The shift from 

cronstedtite to greenalite in the alteration assemblage means that the amount of H2 

generated during the alteration of orthopyroxene-dominated lithologies is less than that 

from alteration of olivine-dominated systems. The results summarized in Figure 2.12 

have similarities to those of Klein et al. (2013), who showed that the amount of H2 

generated through seawater-ultramafic interaction depends on the composition of the 

reacting rocks. The maximum H2 generated (0.2 moles H2 kg-1 rock) shown in Figure 

2.12c is two times less than that attained by only allowing iron incorporation into 

magnetite. Sherwood-Lollar et al. (2014) estimated the global flux of H2 (0.2-1.8 x 1011 

mole H2 year-1) from continental serpentinization using reactions to magnetite. If 

considering Fe incorporation into serpentine and brucite during low-temperature 

serpentinization, reevaluation of this flux would amount to 0.1-0.9 x 1011 mole H2 year-1. 

2.5. Bioenergetic Landscapes 

Results of numerical models by McCollom (2007), Amend et al. (2011), and 

Nakamura and Takai (2014) show that deep-sea ultramafic-hosted hydrothermal systems 

can supply more energy to chemolithotrophs than analogous hydrothermal systems 

generated through basalt-seawater interactions. Moreover, these calculations show that 

the predominant sources of energy are from reactions that involve H2 and CH4. Similar 

findings were observed for analogous serpentinization-generated fluids in continental 
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settings (Cardace et al., 2015; Canovas et al., 2017; Crespo-Medina et al., 2017). Though 

Canovas et al. (2017) inferred the likelihood of several metabolic reactions in the 

subsurface, available energy supplies for subsurface microorganisms in serpentinizing 

environments have yet to be quantified. The framework presented above allows us to 

calculate energy supplies available in the deep subsurface using predicted compositions 

of fluids close to equilibrium with the host rock, as well as the energy available as these 

reduced rock-equilibrated fluids mix with oxic groundwater. Details on calculations of 

instantaneous energetic returns for a metabolic reaction can be found in McCollom and 

Shock (1997), McCollom (2007), Shock et al. (2010), Amend et al. (2011) and Canovas 

et al. (2017).  

Here, we focus on two microbial metabolisms: hydrogen oxidation, and 

methanogenesis as described, respectively, by 

 2H2(aq) + O2(aq) → 2H2O,  (2.31) 

and   

 CO2(aq) + 4H2(g) → CH4(aq) + 2H2O. (2.32) 

Methanogens may also use CO3
-2 and HCO3

- as inorganic carbon sources especially at 

hyperalkaline conditions typical of serpentinizing environments. Methanogenesis from 

CO3
-2 is depicted in reaction (2.14) while that for HCO3

- can be described by 

 HCO3
− + 4H2(aq) + H+ → CH4(aq) + 3H2O. (2.33) 

As shown in Figure 2.4e, most of the dissolved inorganic carbon in Ca-rich, 

hyperalkaline fluids generated through serpentinization exist as the neutral complex 

CaCO3(aq) and would comprise the major dissolved source of inorganic carbon available 

for methanogens via 
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 CaCO3(aq) + 4H2(aq) + 2H+ → Ca+2 + CH4(aq) + 3H2O. (2.34) 

We chose hydrogen oxidation and methanogenesis because they are known 

metabolisms from serpentinizing environments, and because the subsurface concentration 

of the various aqueous species involved in the reactions can be constrained through 

mineral-fluid equilibria. Hydrogen oxidizers growing with calcite as their carbon source 

and belonging to the proposed genera Serpentinomonas were isolated by Suzuki et al. 

(2014) from hyperalkaline springs in the Cedars, Coast Range, California. Experiments 

using isotopically labeled carbon (13C) by Brazelton et al. (2011) and Kohl et al. (2016) at 

Lost City and the Cedars, respectively, show evidence for microbial methane generation 

from various inorganic and organic substrates. Lipid biomarker analysis also provides 

evidence for microbial methanogenesis at Lost City on the mid-Atlantic ridge (Bradley et 

al., 2009a; 2009b). Further evidence for microbial H2 oxidation and methanogenesis in 

both submarine and continental serpentinizing sites is provided by metagenomic, 16S 

rRNA, and 16S rDNA analyses by Schrenk et al. (2004), Brazelton et al. (2006, 2012, 

2013, 2017), Blank et al. (2009), Tiago and Veríssimo (2013), Suzuki et al. (2013), 

Sánchez-Murillo et al. (2014), Quéméneur et al. (2014, 2015), Crespo-Medina et al. 

(2014; 2017); Postec et al. (2015), Woycheese et al. (2015), Baculi et al. (2015), Miller et 

al. (2016), Twing et al. (2017), Rempfert et al. (2017), and Fones et al. (2019). 

We calculated the energetic returns for microbial H2 oxidation (reaction 2.31) and 

microbial methanogenesis (reactions 2.14, 2.32, 2.33 and 2.34) in fluids close to 

equilibrium with ultramafic rocks as constrained through fluid-mineral equilibria 

calculations discussed above. Dissolved H2 concentrations of deep-seated reduced fluids 

were assumed to be in equilibrium with one bar of H2(g), which can be considered as a 
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minimum for a deeply serpentinizing aquifer. Discussion of Figure 2.3a above shows that 

an H2 overpressurized system can occur at advanced stages of reaction progress. Higher 

dissolved H2 would potentially increase energetic returns for both microbial 

methanogenesis and H2 oxidation. There will be no energy available from reactions 

(2.14), (2.32), (2.33) and (2.34) if abiotic CH4 generation is allowed to proceed and 

equilibrate. However, if abiotic CH4 generation is kinetically inhibited during low-

temperature serpentinization, conditions favorable for microbial methanogenesis will 

develop. As discussed above (see Stage 5), sluggish abiotic methane generation can result 

in DIC remaining in solution late in the overall serpentinization reaction progress and that 

DIC will be out of equilibrium with high concentrations of dissolved H2. At the pH 

dictated by the Ctl-Brc-Di equilibria (pH = 12.3; at 25°C and 1 bar), the calculated DIC 

concentration is ~8 µmolal if it is in equilibrium with calcite. Assuming minimal 

background methane  (<10-12 molal) and H2 concentrations implied above (in equilibrium 

with 1 bar of H2(g)), calculations of energetic returns for microbial methanogenesis with 

inorganic carbon (reactions 2.14, 2.32, 2.33, and 2.34) will yield ~ 0.2 calories kg-1 (0.9 

joules kg-1) of fluid. An increase in DIC concentration would draw fluids away from 

being in equilibrium with diopside (Ctl-Brc-Di) to calcite (Ctl-Brc-Cal) and shift the fluid 

composition to lower pH. The resulting change in the energy available for methanogens 

as DIC concentrations increase is shown in Figure 2.13. An increase in DIC and a 

decrease in pH will drive reactions (2.14), (2.32), (2.33), and (2.34) forward, ultimately 

increasing the energy that can be available for methanogens to exploit. As an example, a 

fluid in equilibrium with calcite at higher DIC (50 µmole kg-1) and lower pH (~10.5) will 

yield energy amounting to 1.7 calories kg-1 (7 joules kg-1) of fluid, which is close to 10  
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Figure 2.13. Predicted energy (calories/kg fluid) available for hydrogenotrophic 

methanogenesis in deep-seated fluids close to equilibrium with the rocks at 25°C and 1 

bar. Fluid compositions were derived from Figure 2.6b, which shows that deep-seated 

fluids are likely close to Ctl-Brc-Di (pH ~12 at 25°C). At higher DIC concentrations, 

fluid can saturate with calcite and pH will be dictated by the Ctl-Brc-Cal equilibrium with 

higher DIC concentrations resulting in lower pH (dashed line). The solid grey area 

indicates ranges in the energy yield assuming variable background methane 

concentrations ranging from 10-12 to 10-3 molal.  

 

times higher than that calculated above for a fluid in equilibrium with diopside. 

Calculations at higher background methane (10-3 mole kg-1) yield less energy as there is a 

lower drive for reactions (2.14), (2.32), (2.33), and (2.34) to proceed. However, despite 

the 9 orders of magnitude change in abundance of dissolved CH4 this will reduce the 
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energy yield at most by half. We allow up to 50 μmolal of DIC despite predicted DIC 

concentrations of deep-seated hyperalkaline of < 20 μmolal (Figure 2.6a) to 

accommodate minor input from infiltrating atmosphere-derived volatiles during fluid 

discharge. Another process that can bring additional inorganic carbon sources to deep-

seated fluids is mixing with DIC-rich shallow groundwater. Consequences of mixing are 

discussed below.  

There is no energy available for H2 oxidation at deep subsurface environments 

owing to the predicted absence of O2(aq) at advanced stages of serpentinization. However, 

hydrogen oxidizing bacteria in the genus Hydrogenophaga were detected from high pH 

subsurface fluids in Oman (Miller et al., 2016; Rempfert et al., 2017) implying that O2 

could have been available in the subsurface through atmospheric infiltration or mixing 

with oxic groundwater. Subsurface methanogens were also detected in the same studies. 

We demonstrate above that energy can be available for microbial methanogenesis, but 

not for H2 oxidation, for a deep-seated fluid without atmospheric and shallow 

groundwater input. Delivery of additional DIC through atmospheric and shallow 

groundwater mixing, however, can potentially increase energetic returns. These processes 

may occur in discharge zones where surfacing deep-seated hyperalkaline fluids can 

encounter shallow groundwater.  

In our mixing calculations we used predicted compositions of deep-seated rock-

equilibrated fluids and oxic shallow groundwaters in equilibrium with the atmosphere 

and altered rocks (serpentinites, carbonates) common in the shallow subsurface, and 

chose 25°C and 1 bar for both types of fluid. For the shallow groundwater, we set the pH 

= 8 based on measurements from well samples (7 < pH < 9, Paukert et al., 2012; 2019; 
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Rempfert et al., 2017). This choice of pH is also supported by mineral saturation 

calculations by Paukert et al. (2012) on groundwater fluids from the Oman Ophiolite 

showing that equilibrium with serpentine, magnesite, and calcite at pH = 8 will yield a 

Mg-HCO3 type fluid close in composition to that observed in the field. For the deep-

seated, rock-equilibrated fluid we used four different compositions to represent end-

member possibilities, all at 25 °C and 1 bar including a fluid in equilibrium with Ctl-Brc-

Di plus calcite, and fluids in equilibrium with Ctl-Brc-Cal at DIC concentrations of 10, 

20, and 50 µmolal. We assumed minimal background methane (10-12 molal) to quantify 

maximum energy yields for methanogenesis. Further compositional details of end-

member fluids used in our mixing calculations can be found in Table A1 (Appendix A).  

The calculated energies available for hydrogen oxidation and methanogenesis during the 

subsurface mixing process are shown in Figure 2.14. Trends in pH during the mixing 

process are shown in Figure 2.14a. Note that the deep-seated fluid in equilibrium with 

diopside (pH = 12.3) and that in equilibrium with calcite at 10 µmolal DIC (pH = 11.7) 

are strong bases. As a consequence, it would take more than 80% or 50% mixing with 

shallow groundwater, respectively, for the pH of the mixed fluid to be <11. Energetic 

returns for hydrogen oxidation and methanogenesis are shown in Figure 2.14b. The curve 

for methanogenesis (thick grey curve in Figure 2.14b) represents mixing trends for the 

four deep-seated endmember fluids. These fluids have different starting pH and DIC 

concentrations contributing to differences in energetic yields (see Figure 2.13). The 

thickness of the curve represents this variation. In contrast, the energy yield for H2 

oxidation does not vary among these four endmember fluids resulting in the thin curve 

shown. As discussed above, energy is available for methanogens even without mixing 
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with shallow groundwater. Fluids that started with more DIC, such as those in 

equilibrium with calcite, yield more energy throughout the mixing process than those 

starting with less DIC in equilibrium with diopside. The difference, however, becomes 

less apparent (thinner grey curve) as the mixed fluid is increasingly dominated by 

shallow groundwater. Maximum energy availabilities for methanogenesis (6 calories kg-1 

or 25 joules kg-1 of fluid) are attained at mixing extents of < 30% and the amounts of 

energy available decrease with increasing progress of mixing. In contrast, no energy is 

available for H2 oxidation before mixing occurs, but becomes available at the first 

instance of mixing. Compared to methanogenesis, energetic returns for H2 oxidation 

maximize at greater extents of mixing (~60%) yielding energy of 17 calories kg-1 (72 

joules kg-1) of fluid. Changes in the direction of the energetic trends for both 

methanogenesis and hydrogen oxidation indicate a transition depending on which of the 

reactants is limiting (DIC or H2 for methanogenesis, O2 or H2 for hydrogen oxidation). 

Trends shown in Figure 2.14b hint that methanogens could be favored in fluids 

characterized by no to low extents of mixing, while H2 oxidizers would prefer systems 

characterized by higher extents of mixing. 

Energetic returns inferred for the continental serpentinizing subsurface are far less 

than what has been calculated for analogous mixing process accompanying fluid venting 

in deep sea hydrothermal environments. As an example, McCollom (2007) calculated 

maximums of ~100 and ~900 calories kg-1 for methanogenesis and hydrogen oxidation, 

respectively, during vent fluid-seawater mixing. Nevertheless, despite being limited, 

available subsurface energy that can be exploited by microorganisms permits the 

possibility of deep communities in serpentinizing aquifers. Moreover, the above 
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calculations also highlight discharge zones of fluid pathways as hotspots where 

subsurface life may bloom as reduced deep-seated fluids encounter oxidized shallow-

aquifer fluids. 

 

Figure 2.14. (a) pH and (b) energy yields for H2 oxidation and methanogenesis during 

mixing between fluids that equilibrated with deep-seated rocks (Ctl-Brc-Di and Ctl-Brc-

Cal, bottom of (b)) and those that equilibrated with the highly altered shallow aquifer 

host rocks (top of (b)) at 25°C and 1 bar. The four curves in (a) depict trends for pH 

during mixing for four deep-seated end-member fluids with variable starting DIC 

following Figure 2.6b: fluid in equilibrium with Ctl-Brc-Di and fluids in equilibrium with 

Ctl-Brc-Cal at DIC concentrations of 10, 20, and 50 µmolal. These four starting end-

member fluids result in little differences in energy yield for methanogenesis as the 

mixing process progresses and are therefore depicted as one thick grey curve in (b). The 

thickness of the curve represents variations in energy bounded by that yielded by a fluid 

in equilibrium with Ctl-Brc-Di as the minimum and a fluid in equilibrium with Ctl-Brc-

Cal at DIC concentrations of 50 μmolal as the maximum. Trends for H2 oxidation are 

similar for these different starting fluids and are shown as one black curve in (b). Thin 

dashed lines in (b) indicate transition points for the limiting reactant. 
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Communities observed in serpentinizing systems are not limited to H2 oxidation 

and methanogenesis (Schrenk et al., 2013; Canovas et al., 2017). A more comprehensive 

theoretical evaluation of subsurface energy available for various metabolic process is 

possible once concentrations of relevant aqueous and gaseous species are constrained. In 

addition, constraints on organic compounds, such as formate and acetate, can provide 

insights into the likelihood of deep subsurface methanogens using substrates other than 

inorganic carbon. As shown in Figure 2.13, simulations starting with various background 

concentrations of dissolved CH4 do not dramatically change the calculated energy yields 

for methanogenesis. These yields would, however, influence the energy available for 

aerobic and anaerobic methanotrophs. Constraints on deep subsurface CH4 concentrations 

will help assess the likelihood of subsurface methanotrophy, as well as refine the 

energetic returns for methanogens calculated above. Calculations of fluid-mineral 

equilibria constraining the dissolved sulfide and sulfate concentrations of deep-seated 

fluids will help quantify energy available for various sulfur-based metabolic processes. 

Similarly, constraints on dissolved nitrogen species such as ammonia, nitrite and nitrate 

will allow predictions of energy available for nitrogen-based metabolic reactions. We 

have inferred the dissolved ferrous iron concentrations of the deep subsurface through 

fluid-mineral equilibria with magnetite and iron-bearing brucite and serpentine, which 

can be used to assess energy available for iron oxidizers once more is known about iron 

oxidizing metabolisms in hyperalkaline systems. Constraints on the available ferric-iron 

hosting phases (magnetite, Fe+3-bearing serpentine) can also help in quantifying energy 

available for iron reducing microbes. 
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2.6. Conclusions 

Our goals in conducting this evaluation of environments generated by low-

temperature serpentinization of ultramafic rocks in continental settings are to explore 

various reactions that drive the serpentinization process and their consequences for the 

concentrations of various aqueous species. By accounting for variable temperatures, 

salinities, host-rock compositions, and degree of alteration (fresh ultramafic rock vs 

serpentinites) we demonstrate that equilibrium thermodynamic calculations account for 

the highly alkaline fluids recorded in serpentinizing environments. In light of the sluggish 

approach to equilibrium at low temperatures, these calculations provide robust tools for 

exploring the consequence of mass-transfer processes at ambient conditions. An example 

is the apparent mismatch between measured pH values of serpentinized fluids and 

calculations that assume equilibrium with idealized mineral assemblages.  As described 

above, pH and composition will shift as a fluid moves from being in equilibrium with 

diopside to being in equilibrium with calcite as it encounters more DIC through transport 

processes like fluid mixing and atmospheric input. We have shown that these processes 

can account for most pH values measured in hyperalkaline fluids in Oman. Nevertheless, 

variabilities in the chemistry of serpentinization-generated fluids can also be 

consequences of reactive-transport processes where reactions are kinetically controlled 

(Tutolo et al., 2018). Calling upon kinetic constraints is warranted after exhausting 

equilibrium arguments. 

Our calculations also extend the findings of previous work by Klein et al. (2009; 

2013; 2014) who showed that Fe is favorably incorporated into serpentine and brucite, 

instead of magnetite, during low-temperature serpentinization. When Fe transport occurs 
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without oxidation there is a diminished potential for H2 generation. Results of our work 

show that the modern H2 flux could be two times lower (0.1-0.9 x 1011 mole H2 year-1) 

than recent estimates (Sherwood-Lollar et al., 2014) that assume iron oxidation to 

magnetite. Thermodynamic properties of Mg-cronstedtite and hisingerite components of 

serpentine were estimated and incorporated in our model to account for observations in 

serpentinites (O’Hanley and Dyar, 1993; 1998; Tutolo et al., 2019). Refinement of the 

thermodynamic properties of Fe end-members and solid solution models of 

serpentinization-relevant secondary phases such as serpentine and brucite can help 

improve our models, especially for calculations on the amount of H2 generated during 

low-temperature serpentinization. In addition, by evaluating energy supplies we show 

how potentials for microbial methanogenesis and hydrogen oxidation can be predicted in 

the deep serpentinizing subsurface. Energy is available for methanogens in the deep 

subsurface so long as DIC can be provided through calcite dissolution. Mixing of 

reduced, deep-seated, rock-equilibrated hyperalkaline fluids with shallow groundwater 

permits hydrogen oxidation, and can provide additional sources of energy that can be 

exploited by microbes. Further constraints on the chemistry of subsurface fluids, which 

will soon be available through the Oman Drilling Project will allow a comprehensive 

evaluation on the habitability of the deep serpentinizing subsurface. Finally, the 

predictions set forth in this study provide a rigorous framework for testing ideas that can 

explain the compositions and microbial communities of fluids sampled at the surface in 

hyperalkaline spring and seeps. 
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CHAPTER 3 

THERMODYNAMIC PREDICTIONS VS ENVIRONMENTAL OBSERVATIONS OF 

SERPENTINIZATION-GENERATED FLUIDS: LESSONS FROM THE SAMAIL 

OPHIOLITE IN OMAN 

This chapter is close to submission to a journal and is based on a recent draft primarily 

made by the author with contributions from Alta H. Howells, Kirtland J. Robinson, 

Alysia Cox, Randall Vincent Debes II, Kristopher Fecteau, Panjai Prapaipong, and 

Everett L. Shock. 

3.1. Introduction 

When surface water meets ultramafic rocks, reactions occur that ultimately 

generate some of the most alkaline and reduced fluids on Earth. This process, known as 

serpentinization, involves the hydrous mineral serpentine mainly replacing the anhydrous 

minerals olivine and pyroxene that originally composed ultramafic rocks. During 

serpentinization, fluids become H2-rich through the coupled oxidation of ferrous iron to 

ferric iron in minerals and reduction of water to hydrogen. Ultimately, the enormous 

redox disequilibria generated when these reduced fluids mix with oxic surface fluids 

provide energy to drive many metabolic reactions (McCollom, 2007; Amend et al., 2011; 

Schrenk et al., 2013; Canovas et al., 2017) and the synthesis of organic compounds 

(Shock and Canovas, 2010; Lang et al., 2010). Geochemical energy supplies for 

microbial life make serpentinizing systems attractive model ecosystems for assessing the 

link between the geosphere and the biosphere, including those occurring in the Earth’s 

subsurface ( Schrenk et al., 2013; Klein et al., 2015; Rempfert et al., 2017; Fones et al., 

2019) and possibly, in other rocky bodies in our solar system (Schulte et al., 2006; Vance 
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et al., 2007; Holms et al., 2015; Glein et al., 2015). The alkaline and reduced 

environments resulting from serpentinization are also proposed to have facilitated the 

emergence of life on Earth (Sleep et al., 2004; 2011; Holm et al., 2006; Martin and 

Russel, 2007; Martin et al., 2008). 

Submarine vents releasing >100°C fluids to the ocean such as those in the Lost 

City (~120°C, Seyfried et al., 2015) and Rainbow vent fields (~360°C, Charlou et al., 

2002) are famous examples of serpentinizing environments, known for their towering 

chimneys and vigorous vents surrounded by diverse deep-sea biological communities. 

Less conspicuous, but likely far more widespread, are fluids seeping diffusively from 

ultramafic rocks at temperatures <100°C, such as those found near spreading ridges 

(Früh-Green et al., 2018), serpentine mud volcanoes near subduction zones (Mottl et al., 

2003, 2004; Wheat et al., 2008; 2020; Mottl, 2009), and ultramafic bodies in continents. 

In continents, serpentinization-generated fluids are documented in ophiolites, ultramafic 

massifs, metamorphic belts, and kimberlite fields in ~20 countries by >100 studies (for a 

list of these studies, see Etiope and Whiticar (2019) and Leong and Shock (2020)). The 

common occurrence of serpentinized fluids in almost all continental settings where 

ultramafic rocks and water can interact illustrates that serpentinization can actively 

proceed even at ambient conditions (25°C, 1 bar).  

Mass-transfer calculations based on thermodynamic equilibrium provide insights 

into reactions that can drive the transformation of surface fluids such as rain and seawater 

into reduced, high-pH fluids. When applied, past studies (Pfeifer, 1977; Bruni et al., 

2002; Palandri and Reed, 2004; Cipolli et al., 2004; Sader et al., 2007; Boschetti and 

Toscani, 2008; Marques et al., 2008; Okland et al., 2012; Paukert et al., 2012) show that 
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mass-transfer calculations can account for the overall compositional trends of ultramafic-

hosted fluids even at low-temperature conditions. However, at low temperatures where 

equilibrium is slow to be reached, deviations from predictions can occur. Fluid 

compositions that deviate from equilibrium expectations have not been a focus of 

previous theoretical studies but can inform us of the various fluid transport processes that 

may be important in assessing the habitability of the serpentinizing subsurface. 

Serpentinization is not unique to Earth and can occur in other rocky bodies in the solar 

system such as Mars (Schulte et al., 2006; Ehlmann et al., 2010) and ice-covered ocean 

worlds in the outer solar system like Europa and Enceladus (Vance et al., 2007; Glein et 

al., 2015; Waite et al., 2017). With limited existing data and in preparation for future 

sampling, expectations on the compositional variabilities of fluids and microbial 

communities possible in these less accessible environments can be informed by 

thermodynamic simulations. It is thus imperative that we test thermodynamic simulations 

in accessible and analogous low-temperature serpentinizing systems here on Earth to 

assess their utility in predicting consequences of serpentinization in other planetary 

bodies. In this study, we test predictions on fluid compositions by recent calculations 

described in Chapter 2 of this work (Leong and Shock, 2020) with fluids sampled from 

the Samail ophiolite in the Sultanate of Oman.  

The Samail ophiolite hosts some of the largest and best preserved continental 

exposures of ultramafic rocks (Nicolas et al., 2000) as well as several low-temperature (< 

40°C), hyperalkaline fluids that were documented by numerous studies in the past 

(Barnes et al., 1978; Neal and Stanger, 1983; 1984; 1985; Bath et al., 1987; Taylor et al., 

1991; Sano et al., 1993; Dewandel et al., 2005; Matter et al., 2006; Paukert et al., 2012; 
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2019; Chavagnac et al., 2013a; 2013b; Boulart et al., 2013; Ollson et al., 2014; Miller et 

al., 2016; Rempfert et al., 2017; Canovas et al., 2017; Vacquand et al., 2018; Zgonnik et 

al., 2019; Fones et al., 2019; Giampouras et al., 2020; Boyd et al., 2020). To test 

thermodynamic predictions, we sampled and analyzed 140 compositionally diverse fluids 

from 17 locations in the ophiolite with pH values ranging from near-neutral to 

hyperalkaline.  

We investigated reactions that account for fluids with end-member compositions: 

(1) near-neutral and (2) hyperalkaline pH. The former have pH values ranging from 7 to 

9, are enriched in Mg+2 and HCO3
-, and typically occur in shallow aquifers and surface 

streams. In contrast, the latter are highly alkaline (pH >11) and enriched in Ca+2, OH- and 

gases such as H2 and/or CH4. Hyperalkaline fluids occur mainly in deeper aquifers (>500 

m) and manifest at the surface when deep-seated fluids discharge as springs (Dewandel et 

al., 2005). We also examined fluids with intermediate pH (9 to 11), which have been less 

of a focus in previous studies, to assess if they are consequences of the serpentinization 

pathway where meteoric water is transformed into hyperalkaline fluids, or if they result 

from mixing between the end-member fluids. A field-based method to identify these fluid 

types is also proposed that can help inform decisions involving exploration, sampling, 

and experiments while in the field. Ultimately, through the aid of predictions, we can 

quantify the contributions of various stages of serpentinization to observed fluid 

compositions. Eventually, these calculations, tested with analogous processes here on 

Earth, can provide constraints for the exploration of low-temperature serpentinizing 

environments such as those construed for the deep and early Earth, as well as in other 

rocky bodies in our Solar System. 
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3.2. Methods 

3.2.1. Computational Model 

Thermodynamic reaction-path calculations simulate reactions of minerals with a 

fluid and determine the compositions of coexisting solid phases and fluid constituents 

attained at equilibrium at various extents of the overall reaction progress. Details on the 

model setup are described in Leong and Shock (2020) and are summarized in Appendix 

B. In addition to reaction-path calculations, dissolved concentrations of solutes as 

constrained by mineral solubilities were also predicted, as described in detail in Appendix 

B. 

3.2.2. Field and Analytical Methods 

Field Sites. A total of 140 fluid samples were taken from nine surface (springs) 

and eight subsurface (wells) sites in the Samail ophiolite in 2009, 2010, 2012, and 2014. 

Locations of these sampling sites in the Samail ophiolite are shown in Figure 3.1. All 

sites are hosted in ultramafic rocks except for WDA-16 and Masibt which are located 

within a gabbroic body. The occurrence of hyperalkaline fluids at most sites can be 

associated with geologic structures (basal thrust and lithological boundaries) that can 

promote flow of deep-seated fluids to the surface through fractures. Three sites (Al 

Hilayw, Falaij, and Al Bana) are in outcrops close to the base of the ophiolite (basal 

thrust) corresponding to where the ophiolite is thrust over the Arabian Peninsula. The 

other sites are located within the ophiolite and many are hosted in ultramafic rocks near 

the ultramafic-gabbro transition. The 16 sites are distributed across several of the massifs 

that comprise the Samail ophiolite. Sites at Dima, Qafifah, and Falaij, together with the 

wells NSHQ-04 and NSHQ-14, are in the Wadi Tayin Massif. Masibt and wells SJA-03,  
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Figure 3.1. Locations of sample sites overlain on a lithological map of the Oman 

ophiolite modified from Nicolas et al. (2001). Filled black circles represent sites where 

fluids were sampled from the surface (springs, streams) while open circles represent sites 

where fluids were sampled from wells. Names of the various massifs that comprise the 

ophiolite are indicated in grey. 

 

SJA-04A, and SJA-04B are in the northern part of the Samail Massif, while Al Hilayw is 

further south in the same massif. All of the above locations are in the southern portion of 

the Samail ophiolite, while wells WDA-05, WDA-16, and WDA-17 (Bahla Massif), sites 
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Shumayt and Al Bana (Miskin Massif), Uqaybah (Wuqbah Massif), and Sudari (Hilti 

Massif) are in the central part of the Samail ophiolite. Hyperalkaline springs in Masibt, 

Dima, Qafifah, Uqaybah, Sudari, and Shumayt are seeping at or close to stream beds 

(Figure 3.2), while those located near the basal thrust seep from the flanks of ultramafic 

outcrops with no apparent associated surface stream flows in the vicinity. Where 

possible, at each surface site and well, three fluid types were sampled: (1) circumneutral 

to slightly alkaline fluids (pH 7-9), (2) hyperalkaline fluids (pH >11), and (3) fluids with 

intermediate pH (pH 9-11). 

 

Figure 3.2. Hyperalkaline pools covered in white calcite films flowing into surface 

streams at (a) Qafifah and (b) Dima. 

 

Field and Analytical Methods. Portable electrodes and meters were used for in 

situ measurements of pH, temperature, and conductivity. pH electrodes (WTWTM 

SenTixTM gel electrode) attached to meters (WTWTM 3300i and 3110) were calibrated 

daily using 7.0, 10.01 and 12.46 pH buffers. Temperature and conductivity were 

measured using a YSI 30 handheld meter. Measurements of redox-sensitive species 

(dissolved ferrous iron, O2, and sulfide) were performed on-site using field 

spectrophotometers (Hach® 2400 and 2800). Dissolved ferrous iron concentrations were 
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measured in filtered water samples using the 1,10 phenanthroline method. Dissolved O2 

or DO values were determined using Hach® AcuVac Ampuls® with the indigo carmine 

method while dissolved sulfide values were measured using the methylene blue method. 

Samples were filtered in the field (Pall Acrodisc® 32 mm PF syringe filter with 1.2 and 

0.8/0.2 μm Supor® membrane) and stored in containers for further laboratory analyses.  

For samples taken in 2014, concentrations of major anions (F-, Cl-, SO4
-2, NO3

-, 

NO2
-) and major cations (Li+, Na+, K+, Ca+2, Mg+2, NH4

+) were determined on separate 

Dionex DX-600 ion chromatography (IC) systems using suppressed conductivity 

detection and operated by Chromeleon software (version 6.8). The anion system 

employed a potassium hydroxide eluent generator, a carbonate removal device, and 

AS11-HC/AG11-HC columns. Samples for cations were acidified with 6 N MSA in the 

field to approximately 19 mM final concentration to suppress carbonate precipitation and 

ammonia degassing. The cation system was equipped with CS-16 and CG-16 columns 

and cations were eluted isocratically with 19 mM methanesulfonic acid (MSA) at 0.5 

mL/minute. Both systems were plumbed with an external source of deionized water for 

suppressor regeneration to improve the signal-to-noise ratio of the analyses. Further 

details on the above method can be found in Fecteau (2016) and Robinson (2018). For 

2012 samples, anions and cations was measured using similar methods described in 

Lindsay et al. (2018). For fluids sampled in 2009 and 2010, anion and cation 

concentrations were determined using methods described in Canovas et al. (2017). On 

average, analytical precision for cation and anion analysis was better than 2% and 5% 

relative standard deviation (RSD), respectively.  
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An inductively coupled plasma-mass spectrometer (ICP-MS, Thermo Finnigan 

Element 2™ High Resolution ICP-MS) was used to determine dissolved Al 

concentrations and for samples taken in 2014, dissolved Si values, both at precision 

mostly within 5% RSD. For samples taken in 2009, 2010, and 2012, dissolved Ca values 

were determined using both the IC and the ICP-MS (precision mostly within 5% RSD). 

Generally, both instruments yield similar values (see Figure B1a) except for a few 

samples where the IC returns lower concentrations than the ICP-MS. These discrepancies 

are mostly attributed to fluids sampled during the 2009, 2010, and 2012 fieldwork where 

cation samples were not acidified. Hence, Ca values for all fluids sampled before 2014 

are reported using the ICP-MS results. For fluids sampled in 2009, 2010, and 2012, 

dissolved Si and Mg concentrations were measured using an inductively coupled plasma-

optical emission spectrometer (ICP-OES, Thermo iCAP™ 6300). Analytical precision 

for analysis of Si and Mg was better than 3% and 1% RSD at 1σ, respectively. The Mg 

concentrations of a subset of samples from 2012 and 2014 were determined using both 

the IC and the ICP-OES. Both instruments yield consistent results (see Figure B1b). 

Reported Mg values for the 2014 samples came from the IC while the rest came from the 

ICP-OES. For both the ICP-MS and ICP-OES, samples were acidified to pH <2 with 

trace metal grade HNO3 in the field. Samples were measured either undiluted or diluted 

with the ICP-MS and ICP-OES. For calibration, a multi-element standard (HPS 68 

component standard) was used for the ICP-MS while single element standards for Mg 

and Si was used for the ICP-OES.  

Measurements of dissolved inorganic carbon (DIC) concentrations were 

performed using a wet oxidation total carbon analyzer (OI Analytical 1010 TOC 
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Analyzer). Samples were stored in VWR CS24 amber glass vials with butyl rubber septa, 

which has low permeability to gases. The sample was heated followed by acidification 

with H3PO4 o drive off the DIC as CO2 to the analyzer. Further details of the method can 

be found in Gilles St-Jean (2003) and Robinson (2018). Stable isotope (δ2H and δ18O) 

values were determined using an Off Axis - Integrated Cavity Output Spectrometer (OA-

ICOS, LGR DLT-100) using methods similar to that reported in Meyer-Dombard et al. 

(2015). Accounting for instrument drift and normalization from the Vienna Standard 

Mean Ocean Water (VSMOW) was done following van Geldern and Barth (2012). 

Precision was usually within ±0.5‰ and ±0.1‰ for δ2H and δ18O, respectively. Water 

isotope analysis was conducted at the Sabo Laboratory at ASU School of Life Sciences. 

IC and ICP-MS analyses were conducted at the ASU GEOPIG Laboratory while ICP-

OES and total carbon analyses where performed at Metals, Environmental and Terrestrial 

Analytical Laboratory (METAL) at ASU (formerly, ASU Goldwater Environmental 

Laboratory and ASU W. M. Keck Foundation Laboratory for Environmental 

Biogeochemistry). Results of field and laboratory measurements are compiled in Table 

3.1. 

Results from instrumental analysis were further processed to calculate charge 

balance, ionic strength, mineral saturation indices, and aqueous speciation with the EQ3/6 

program using the thermodynamic dataset described in Appendix B. Charge balance and 

ionic strength of fluids are documented in Table 3.1, while saturation indices for some 

minerals are reported in Table B1 (Appendix B). Results of calculations of aqueous 

speciation are depicted in Figure B2 (Appendix B). Analytical results for circumneutral 

to slightly alkaline fluids are mostly within 5% of electroneutrality. Results for a few pH 
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<11 well samples have high positive charge imbalance due to unmeasured DIC or, if 

measured, have unusually low values for this pH range. Unexpectedly low DIC values 

could be attributed to carbonate precipitation during well sampling or sample storage. 

Analytical results for hyperalkaline fluids are mostly within 5% of electroneutrality, with 

some near 20%. At extremes in pH, poor charge balance can be attributed to small 

uncertainties in pH measurements as OH- and H+ are major components of basic and 

acidic solutions, respectively (e.g., see Nordstrom et al., 2009 for charge imbalance in 

acidic examples). Shifting field-measured pH values by about 0.1 to 0.2 units, which is 

within the range of observed fluctuations in the field, results in close to complete charge 

balance. 

Analytical data, except for isotopic and dissolved Mg and Si values, of most of 

samples from 2010 were previously reported in the work of Canovas et al. (2017) that 

focus on quantifying energy supplies available to chemotrophic microorganisms in 

serpentinizing fluids. Some fluids from the 2009, 2010, and 2012 fieldwork were also 

concomitantly sampled by collaborators (Paukert et al., 2012; 2019). DIC and dissolved 

Al values determined above are reported in Paukert et al. (2012; 2019) while 

concentrations of all other solutes were determined independently. This work expands 

analytical data previously reported by the above studies by supplying additional data 

from 80 fluid samples. 

3.3. Results 

3.3.1. Model Results 

Model results are described in Chapter 3 of this work (Leong and Shock, 2020) 

and a worked example is provided in Appendix B and illustrated in Figure B3. 
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Specifically, reaction paths depicting various stages of the serpentinization process – 

primary mineral dissolution (Stage 1), incipient serpentinization (Stage 2), mineral 

carbonation (Stage 3), brucite formation (Stage 4), H2 formation (Stage 5), and 

equilibrium with diopside (Stage 6) – are summarized in Appendix B. 

3.3.2. Analytical Results 

Results of field and laboratory analyses are summarized in Figure 3.3 where 

samples are classified based on their pH: circumneutral (pH 7 – 9), intermediate (pH 9 – 

11), and hyperalkaline (pH >11). Fluids sampled from wells are indicated by the solid 

black squares regardless of their pH. Samples from Masibt, WDA-16, as well as fluids 

from previous studies associated with gabbroic rocks, were not included in Figure 3.3 as 

simulations on gabbro-water interactions were not conducted in this study. Data from 

gabbro-hosted fluids are plotted in Figures B4 and B5 and preliminary discussions on 

their similarities and differences with ultramafic-hosted fluids can be found in Appendix 

B. 

Ultramafic-hosted fluids sampled during this study have pH values ranging from 

7.2 to 11.9 and conductivities from 450 to 4050 μS/cm. Circumneutral to slightly alkaline 

fluids are enriched in dissolved O2 and DIC (Figures 3.3a and 3.3b). The DO 

concentration measured from surface and mixed fluids is constrained by the solubility of 

atmospheric O2(g), which at ambient conditions (25°C) is close to 275 µmolal (dashed 

grey line in Figure 3.3a). On the other hand, dissolved O2 concentrations of hyperalkaline 

fluids vary from low concentrations (~10 µmolal) to values close to those measured from 

circumneutral fluids. This suggests that some of the deep-seated hyperalkaline fluids 

interact with the atmosphere either during ascent or upon sampling. Hyperalkaline fluids 
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are generally more conductive (Figure 3.3c) due to elevated total concentrations of Na, 

Cl, K, and Ca (Figures 3.3d – 3.3g). Aside from these species, OH- also contributes to the 

high conductivities measured in basic solutions. On the other hand, these high-pH fluids 

are strongly depleted in total dissolved Mg (Figure 3.3h) and Si (Figure 3.3i) by 

approximately 2-3 orders of magnitude relative to circumneutral fluids. Speciation of 

dissolved solutes are depicted in Figure B2. As shown in Figure B2a, the most common 

solutes in circumneutral fluids are Mg+2 and HCO3
-. Hyperalkaline fluids are mostly 

composed of Na+ and Cl-, followed by OH- and Ca+2. As depicted in Figure B2b, most of 

the dissolved Si in circumneutral fluids exist as SiO2(aq) while the anion HSiO3
- tends to 

dominate in hyperalkaline solutions followed by the neutral complex, NaHSiO3(aq). The 

dominant Mg and Ca species at all pH range of investigated fluids are Mg+2 (Figure B2c) 

and Ca+2 (Figure B2d), respectively. Following Mg+2, the MgOH+ complex can comprise 

a third of the total dissolved Mg in hyperalkaline solutions. The dominant DIC 

component in circumneutral solutions is HCO3
- while both CO3

-2 and the neutral complex 

CaCO3(aq) are predominant in hyperalkaline fluids (Figure B2e). 

Hyperalkaline fluids sampled from sites close the basal thrust of the ophiolite 

(Falaij, Al Banah, Al Hilayw) have higher concentrations, by at most a factor of two, of 

total dissolved Na, K, and Cl than fluids sampled from other sites. We offer possible 

origins for these elevated concentrations in the discussion below. On the other hand, pH 

and total dissolved Mg, Si, Ca, and inorganic carbon are similar among samples retrieved 

from all ultramafic-hosted sites despite their variable geological settings (basal thrust, 

near or far from the ultramafic-gabbro contact). This suggests similar underlying 
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reactions that constrain these concentrations. We expound further on these reactions in 

the following section. 

 

Figure 3.3. Measured dissolved O2 (a) and conductivity (b), as well as concentrations of 

total dissolved inorganic carbon or DIC (c), Na (d), K (e), Cl (f), Ca (g), Mg (h), and Si 

(i) plotted against pH. Green and blue squares indicate stream and hyperalkaline spring 

fluids, respectively. Orange squares indicate where fluids resulting from significant 

mixing between these end-member fluids was physically observed. Black squares show 

fluids sampled from wells regardless of their pH. Various symbols in grey are values 

reported in the literature. Dashed grey line in (a) depicts the solubility of O2 at current 

atmospheric compositions. 
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Stable isotopic data, δ18O vs δ2H, of H2O for fluids sampled in this study are 

shown in Figure 3.4, together with relevant local meteoric water lines determined by 

Weyhenmeyer et al. (2002) for moisture sources coming from the north (Mediterranean, 

LMWL-N) and the south (Indian Ocean, LMWL-S). Note that fluids hosted in the Samail 

ophiolite plot between the two meteoric water lines. The Mediterranean Sea is the 

dominant source of precipitation in modern Oman while the southern moisture source is 

much rarer and comprised of cyclones and depressions generated in the Indian Ocean that 

only occasionally reach the northern parts of Oman where the ophiolite is located 

(Weyhenmeyer et al., 2002). However, Paukert et al. (2019) showed that fluids sampled 

from the Samail ophiolite are too enriched in 18O and/or depleted in 2H relative to 

calculated Raleigh distillation curves that model evaporation from the northern 

Mediterranean source. Our dataset extends that shown by Paukert et al. (2019) and 

further supports conclusions by previous investigators that fluids hosted in the Samail 

ophiolite are likely recharged by a combination of northern and southern sources 

(Weyhenmeyer et al., 2002; Matter et al., 2006; Paukert et al., 2019). Through noble gas 

geothermometry, Paukert et al. (2019) also showed that some hyperalkaline fluids in 

Oman were derived from fluids recharged at low temperatures during the last glacial age 

where the dominant moisture source was likely coming from the south. 

Isotopic data from circumneutral to slightly alkaline fluids and hyperalkaline 

fluids overlap, though some of the latter samples are more depleted in 18O and 2H. In 

addition, the 18O and 2H compositions of hyperalkaline fluids seem to exhibit 

geographical trends, that is, fluids from the Miskin Massif (Shumayt and Al Banah) 

located in the central part of the Samail ophiolite are more depleted in both 2H and 18O 
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relative to those sampled at the Bahla (Wells WDA-05, 16 and 17) and Wadi Tayin 

(Falaij, Dima, and Qafifah) Massifs, which is further south. Fluids from the northern 

massifs Wuqbah (Uqaybah) and Hilti (Sudari) and fluids sampled from the northern 

portions of the Samail Massif (Masibt, Al Khoud, and wells SJA-03 and 04) are depleted 

in 2H relative to the other samples. Fluids sampled from Al Hilayw, located in the 

southern portion of the Samail Massif, have isotopic values that plot closely with those 

from a nearby site from the Wadi Tayin Massif (Falaij). Future isotopic and hydrologic 

investigations can further inform us on the processes behind these geographic 

distinctions. 

 

Figure 3.4. δ18O vs δ2H crossplot. Filled circles and squares represent well fluids and 

hyperalkaline spring fluids, respectively. Colors indicate sample sites of hyperalkaline 

and well sites (sites in legend are arranged from southeast to northwest in location). 

Samples in open green squares represents stream samples regardless of location. Local 

meteoric water lines are plotted based on the southern (LMWL-S) and northern (LMWL-

N) moisture sources for Oman (Weyhenmeyer et al., 2002). 
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3.4. Reconciling Predictions with Reality 

In the following section, compositions measured from environmental samples are 

compared with those predicted from equilibrium calculations as discussed above. 

Deviations from predictions may occur and are likely to be consequences of slower 

approaches to equilibrium due to kinetic inhibition at low temperatures. Furthermore, 

several transport processes such as leaching from minerals, the input of infiltrating 

atmospheric CO2(g), and shallow groundwater mixing with surfacing deep-seated fluids 

can shift compositions away from those predicted by equilibrium models. We simulate 

these transport processes, investigate their effect on fluid compositions, and test if these 

processes can account for natural observations that deviate from equilibrium predictions. 

We first discuss trends involving pH and dissolved Si, Mg, Ca, and inorganic carbon and 

then proceed to discuss those for dissolved Na and Cl. 

3.4.1. pH and Dissolved Si, Mg, Ca, and Inorganic Carbon 

Thermodynamic simulations, depicted in Figure B3, predict trends in the 

dissolved concentrations of Si, Mg, Ca, and inorganic carbon as an outcome in the 

progress of the subsurface serpentinization reactions. Comparison of predictions with 

analytical measurements for Si, Mg, Ca, and DIC are shown in pH vs. concentration plots 

in Figures 3.5a – 3.5d and on activity diagrams representing the MgO-SiO2-H2O (Figure 

3.5e) and MgO-CaO-SiO2-H2O (Figure 3.5f) systems. Overall, compositions of fluids 

measured from environmental samples are generally inconsistent with model results, as 

most fluid samples do not coincide with predicted reaction paths (solid dark blue curves 

in Figure 3.5). Trends from natural samples show that fluids evolve from relatively dilute 
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rainwater into fluids more concentrated in Si, Mg, and DIC (mainly speciated as HCO3
-) 

at pH 7 to 9. Compositions of fluids then evolve into hyperalkaline fluids (pH >11) with 

low concentrations of Si (Figure 3.5a) and Mg (Figure 3.5b). At these highly basic pH 

values, sampled fluids have high Ca (Figure 3.5c) and low DIC (Figure 3.5d) 

concentrations. The reaction paths generally follow similar trajectories but at different 

solute concentrations than those measured from the natural samples. A few natural 

samples are consistent with equilibrium predictions. As an example, measured 

compositions of hyperalkaline fluids seem to be bounded by equilibrium constraints as 

shown by the end of reaction paths depicted in Figure 3.5. Specifically, the most depleted 

Si (Figure 3.5a) and Mg (Figure 3.5b) values measured from end-member hyperalkaline 

fluids in Oman seem to be constrained by equilibrium fluid-mineral reactions (end of the 

dark blue curves in Figures 3.5a and 3.5b), as we will discuss below. Except for these few 

cases, most natural samples cannot be accounted for by equilibrium calculations alone. 

Hence, we discuss fluid mixing (dashed yellow lines) as a process to account for 

variations in samples. Compositions of end-member fluids used in our mixing 

calculations can be found in Table B2 and details of the calculations are expounded 

below. In addition, we also discuss dissolution of other minerals (e.g., brucite, 

carbonates) aside from those modeled above (olivine and pyroxene) that can account for 

some compositional trends observed in natural samples. In the following discussions we 

first examine pH 7 to 9 fluids enriched in Mg and DIC (green squares) and then proceed 

to discuss fluids with hyperalkaline (pH >11, blue squares) and intermediate (pH 9 to 11, 

orange squares) pH. Ultimately, these discussions lead to a classification scheme for 

these fluid types guided by a combination of constraints from fluid-mineral equilibria and 
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relevant transport processes. 
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Figure 3.5. Comparison of results from reaction path and mineral solubility calculations 

with total dissolved concentrations of Si (a), Mg (b), Ca (c), and inorganic carbon or DIC 

(d) of samples as well as calculated activities from environmental measurements plotted 

in activity diagrams for the MgO-SiO2-H2O (e) and CaO-MgO-SiO2-H2O (f) systems at 

ambient conditions (25°C, 1 bar). Symbols for environmental samples are similar to those 

in Figure 3, with the addition of rainwater data from Oman and surrounding areas (yellow 

cross symbols, Ahmed et al., 2000; Matter et al., 2006). Solid dark blue curves represent 

reaction paths. Dashed grey lines in (a) to (f) show calculated saturation conditions for 

indicated minerals or mineral assemblages while the solid black lines in (f) depict phase 

boundaries between minerals. Dashed red lines in (d) depict calculated DIC at indicated 

CO2(g) fugacity values. Dashed grey line lines in (f) represent calcite saturation at 

indicated DIC concentrations. Circles with text represent fluids used in the calculations: 

rainwater (r), representative surface circumneutral fluid (s), representative deep-seated 

fluids in equilibrium with Ctl-Brc-Di (d1), Ctl-Brc-Cal at 10 μmolal DIC (d2), and 20 

μmolal DIC (d3). The latter four compositions (s, d1, d2, and d3) were used as end-

member fluids in mixing calculations. Dashed yellow lines represent three mixing paths 

between these end-member fluids (s and three deep endmembers: d1, d2, and d3) while 

filled yellow circles along these mixing lines in (a), (e), and (f) represent various mixing 

extents in %. Upper, middle, and lower dashed yellow curves in (e) indicate mixing 

between fluid s and fluids d1, d2, and d3, respectively. All three calculated deep-seated 

fluids (d1, d2, and d3) are coincident in the MgO-SiO2-H2O activity diagram and are hence 

just labelled as d in (e). Acronyms for minerals are based on the recommendations of 

Whitney and Evans (2010): Fo- forsterite, En- enstatite, Ctl- chrysotile, Brc- brucite, Tlc- 

talc, Qz- quartz, Di- diopside, Cal- calcite. 

 

pH 7-9, Mg+2-HCO3
- Type 1 Fluids. Fluids of this type, referred to as Type 1, 

mainly occur in streams (green squares in Figure 3.5) and shallow groundwater (some 

black squares in Figure 3.5). These fluids are characterized by neutral to slightly alkaline 

pH (pH 7-9) and elevated concentrations of DIC, Mg, and Si relative to rainwater and 

hyperalkaline fluids. As shown in Figure B2a, these the most common solutes in these 

fluids are Mg+2 and HCO3
-, and hence are also referred as Mg+2-HCO3

- type fluid. In the 

model, Type 1 compositions are attained at early stages of the overall reaction progress 

where solutes accumulate in the fluid through initial dissolution of primary minerals but 

before Si, Mg, and DIC are consumed to form serpentine, carbonates, and brucite. 

Concentrations of Si in these fluids are consistent with the maximum Si concentrations 
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(Figure 3.5a) and aSiO2 (Figure 3.5e) predicted by the reaction path calculations (black 

solid curves) when fluids attain equilibrium with serpentine during the start of Stage 2 

(see Figure B3d) of the overall reaction progress. As depicted in Figure 3.5e, 

environmental samples rarely plot below the chrysotile saturation line, implying 

constraints on the Si concentrations of ultramafic-hosted fluids by serpentine 

precipitation. Most of the samples, however, are oversaturated with respect to chrysotile 

(see Table B1), which implies a kinetic inhibition to serpentine precipitation. 

Furthermore, most circumneutral to slightly alkaline fluids plot above quartz and talc 

saturation (see Figure 3.5e), which suggests kinetic inhibition may apply to most 

silicates. 

While there is close agreement between the equilibrium predictions and the 

measured Si of Type 1fluids, the agreement does not hold true for Mg, Ca and DIC.  The 

modeled concentrations, while showing an increase in these constituents (solid dark blue 

curves in Figures 3.5b to 3.5d), do not increase enough to meet measured concentrations 

of Mg, Ca and DIC. Cipolli et al. (2004) showed that these elevated concentrations can be 

attained during reactions at higher fCO2, up to two orders of magnitude higher (fCO2 up 

to 10-1.5) than that imposed by the present atmosphere. Results constrained by elevated 

fCO2(g) levels are indicated by the reaction paths depicted in Figure 3.5d as dashed red 

curves that depicts more dissolved CO2 at higher fCO2(g) values at a given pH. 

Alternatively, instead of being the result of elevated fCO2(g), high concentrations of Ca, 

Mg, and DIC observed in natural samples in this pH range can also be attained through 

interactions with minerals that are abundant in serpentinites or highly altered ultramafic 

rocks that comprise the shallow aquifer. As shown by the dashed grey curves in Figures 
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3.5b and 3.5d, respectively, the lower bounds in the Mg and DIC concentrations of 

natural fluids with pH values between 7 and 9 are close to those dictated by the solubility 

of magnesite. In addition, Mg concentrations of Type 1 fluids are between values 

predicted for fluids in equilibrium with magnesite or brucite (Figure 3.5b), while the 

trend Ca concentrations of the natural samples follows the V-shape trend of fluids in 

equilibrium with calcite (Figure 3.5c). Overall, it can be seen that the compositions of 

these circumneutral to slightly alkaline fluids are more consistent with the dissolution and 

precipitation of minerals (serpentine, brucite, magnesite, and calcite) common in the 

highly altered rocks that compose the shallow aquifer than they are with initial stages of 

the dissolution of primary minerals in aquifers composed of fresh or relatively less 

altered ultramafic rocks. This observation is consistent with Neal and Stanger (1986) and 

Marques et al. (2008), who argued that Mg- and HCO3
--rich (Type 1) fluids could have 

been generated in shallow aquifers consisting of highly altered ultramafic rocks. Fluids 

that plot between the brucite and magnesite solubility curves in Figure 3.5b can be 

described by a process involving the dissolution of brucite and subsequent precipitation 

of magnesite given by, 

 Mg(OH)2(brucite) + Mg+2 + 2HCO3
− → 2MgCO3(magnesite) + 2H2O. (3.1) 

It is possible for reaction (3.1) to proceed readily at shallow aquifer settings, as brucite is 

highly soluble at circumneutral pH (see dashed grey curve for brucite in Figure 3.5b) and 

is experimentally known to dissolve rapidly at these pH conditions (Prokovsky and 

Schott, 2004). Dissolution of brucite likely accounts for the depleted Mg/Si ratios 

observed from highly altered ultramafic rocks relative to those that are more unaltered 

(Malvoism, 2015; de Obeso and Kelemen, 2018; 2020), though these observations can 
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likewise be accounted for by enrichment in silica (de Obeso and Kelemen, 2018). It is of 

note that natural brucite commonly exists in solid solutions of Mg+2 and Fe+2, and the 

dissolution, mobilization, and eventual oxidation of Fe+2-bearing brucite could supply H2 

independent of the H2 generated during the serpentinization of fresher ultramafic rocks 

(Frost et al., 2013; Miller et al., 2016; Mayhew et al., 2018; Templeton and Ellison, 

2020). However, the production of H2 from the alteration of brucite-bearing serpentinites 

can only proceed at O2-free regions in the aquifer, as Fe+2 released from brucite 

dissolution will be otherwise oxidized by O2 to form ferric oxyhydroxides.  

Hyperalkaline (pH >11) Ca+2-OH- Type 2 Fluids. Hyperalkaline fluids were 

sampled from discharging springs (blue squares in Figure 3.5) and one well (NSHQ-14). 

These are classified as Type 2 fluids and are characterized by their hyperalkaline pH, 

elevated Ca concentrations, and extremely low Si and Mg concentrations. As shown in 

Figure B2a, the most common solutes in these fluids, after Na+ and Cl-, are Ca+2 and OH-, 

and hence are also referred as Ca+2-OH- fluids. Despite Na+ and Cl- comprising most of 

the total dissolved solutes, these fluids are far less saline than seawater and hence are not 

often classified as Na+-Cl- fluids. Compositions of Type 2 fluids are characteristic of 

fluids constrained by the Ctl-Brc-Di assemblage (see end of reaction path in Figure B3e 

or reaction B7) predicted by equilibrium calculations. However, upon closer examination, 

Clt-Brc-Di equilibrium (point d1 in Figure 3.5) yields lower Si (Figure 3.5a) and Mg 

(Figure 3.5b) and higher Ca (Figure 3.5c) concentrations than those measured from 

environmental samples. Analogous comparisons can be made with the activity diagrams 

shown in Figures 3.5e and 3.5f, where the aSiO2(aq) values of hyperalkaline samples 

approach that dictated by Ctl-Brc equilibrium but plot below the Ctl-Brc-Di equilibrium 
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value. We have yet to sample fluids with Si concentrations or aSiO2(aq) lower than values 

dictated by Ctl-Brc equilibrium, implying constraints by this mineral assemblage on the 

silica content of serpentinization-generated fluids. Despite being close to or approaching 

predicted compositions, the variabilities in pH and concentrations of dissolved Si and Mg 

observed for hyperalkaline fluids cannot be fully accounted for by equilibrium 

predictions. Specifically, pH values of hyperalkaline fluids range from 11 to 12, and at 

these pH values, Si and Mg concentrations can vary by up to three orders of magnitude. 

Trends resulting from variabilities in host rock compositions shown by Leong and Shock 

(2020) cannot account for such wide variations within this small range of pH.  

Accounting for mineral solid solutions predicts slightly higher Si concentrations (Leong 

and Shock, 2020) but does not fully reconcile models with actual measurements. 

Reaction paths and solubility curves depicted in Figures B3 and 3.5 simulate 

rainwater-ultramafic rock interactions at 25°C. However, temperatures of fluids during 

sampling varied   from 15° to 40°C. We calculated the pH constrained by the Ctl-Brc-Di 

equilibrium at temperatures ranging from 0-60°C and results are plotted in Figure 3.6 

(solid black curve). Most environmental samples from Oman, however, have pH values 

below those predicted by the Ctl-Brc-Di equilibrium. Only a few samples from Oman 

(grey triangles and x-marks from Chavagnac et al., 2013b and Giampouras et al., 2020, 

respectively) and a few from other low-temperature serpentinizing environments on Earth 

(filled black circles in Figure 3.6) plot near this predicted trend. However, it is of note 

that pH values higher than those predicted by Ctl-Brc-Di equilibrium are rare, implying 

that upper limits on the pH of serpentinization-generated fluids are constrained by 

diopside dissolution. Extremely high pH values (12.5 to >13) were observed in a few  
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Figure 3.6. Calculated pH in equilibrium with the Ctl-Brc-Di (solid black curve, reaction 

7) and Ctl-Brc-Cal (solid grey curves, reactions 4 and 9) mineral assemblages at 

temperatures ranging from 0-60°C. For the Ctl-Brc-Cal equilibrium assemblages, the 

DIC concentrations in μmolal are indicated above the solid grey curves. Black circles 

represent the highest pH values measured in low-temperature serpentinizing systems: 

SCS- South Chamorro Seamount in the Izu-Bonin-Mariana arc (Mottl, 2009); BA- 

Dinaride ophiolite in Bosnia and Herzegovina (Etiope et al., 2017);  US – Coast Range 

ophiolites microbial observatory or CROMO, California, USA (Crespo-Medina et al., 

2014); CA – Tableland ophiolite, Canada (Szponar et al., 2013); IT – Voltri Massif, Italy 

(Schwarzenbach et al., 2013); TU – Amik Basin, Turkey (Yuce et al., 2014); and JP – 

Hakuba Happo spring, Japan (Homma and Tsukahara, 2008; Suda et al., 2014). The pH 

of these fluids trend closely with and rarely exceed the pH predicted by the Ctl-Brc-Di 

equilibrium, suggesting that upper limits on the pH of serpentinizing fluids are 

constrained by diopside dissolution. In contrast, most hyperalkaline (pH > 11) fluids from 

Oman, represented by the various grey symbols, plot below these theoretical maxima but 

above those predicted for by Ctl-Brc-Cal equilibrium with DIC concentrations of 20 

μmolal. Grey square symbols depict data resulting from this work, while those in 

triangles, diamonds, and crosses represent data reported in Chavagnac et al. (2013b), 

Rempfert et al. (2017), and Giampouras et al. (2020), respectively. 
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continental sites such as in Maqarin, Jordan (Khourey et al., 1985, 1992; Alexander et al., 

1992; Pederson et al., 2004) and Lake Calumet, Chicago (Roadcap et al., 2005; Ohlsson 

et al., 2019). These localities, however, are not hosted by ultramafic lithologies and the 

extremely alkaline pH values are likely results of reactions akin to that of groundwater-

concrete interactions (Gaucher and Blanc, 2006). 

Leong and Shock (2020) discuss various mineral-fluid reactions that can shift 

fluid compositions in equilibrium with Ctl-Brc-Di to lower aCa+2/(aH+)2 and hence to 

lower pH and Ca concentrations. One such process is the introduction of DIC along the 

fluid pathway, such as when ascending deep-seated hyperalkaline fluids are modified by 

infiltrating atmospheric CO2(g), mix with DIC-rich shallow groundwaters, and/or come in 

contact with carbonate veins in the shallow subsurface. Magnesite and dolomite are 

highly and slightly undersaturated, respectively, in these Mg-poor fluids (see Table B1) 

and will dissolve upon interaction with surfacing deep-seated fluids. With these 

additional DIC inputs, Ca-rich hyperalkaline fluids can precipitate calcite, driving fluid 

compositions away from Ctl-Brc-Di equilibrium to conditions set by chrysotile-brucite-

calcite (Ctl-Brc-Cal) equilibrium. The pH values and Ca concentrations constrained by 

Ctl-Brc-Cal equilibrium vary depending on the amount of DIC supplied by the transport 

processes mentioned above. Equilibrium with calcite, as shown through the reaction 

 Ca+2 + HCO3
−  ⇔ CaCO3(calcite) + H+, (3.2) 

dictates that a higher amount of DIC will result in lower aCa+2/(aH+)2. Calculated 

aCa+2/(aH+)2 values at variable DIC concentrations up to 50 μmolal are plotted in the 

activity diagram shown in Figure 3.5f. At 25°C and 1 bar, DIC concentrations exceeding 

8 μmolal result in aCa+2/(aH+)2 values lower than those constrained by Ctl-Brc-Di 
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equilibrium. DIC concentrations of < 20 μmolal can account for the aCa+2/(aH+)2 of most 

hyperalkaline samples. Results of calculations of pH constrained by the Ctl-Brc-Cal 

equilibrium accounting for both variable temperatures (0-60°C) and DIC concentrations 

(10-50 µmolal) are plotted in Figure 3.6 (solid grey curves). Most hyperalkaline fluids in 

Oman have pH values close to those predicted by equilibrium with calcite at DIC 

concentrations close to 10 μmolal and not more than 20 μmolal, suggesting a DIC-limited 

environment in the deep subsurface. Minor DIC input from the atmosphere or through 

mixing with DIC-rich shallow groundwater can easily saturate calcite and consequently 

shift the pH of surfacing deep-seated hyperalkaline fluids. Calcite and dolomite were 

observed to comprise near-surface veins in Oman (Kelemen and Matter, 2008) and are 

evidence that this shift could be actively occurring in the shallow subsurface. Moreover, 

the extremely low DIC (< 20 μmolal) predicted for the subsurface can inform 

biogeochemical studies on the amount of inorganic carbon available for subsurface 

microbes. In these carbon-limited environments, dissolution of carbonates can be a robust 

inorganic carbon source for deep-seated microbes (Miller et al., 2018), and investigations 

into the subsurface occurrence of these minerals provide insights into how deep the 

biosphere extends into ultramafic aquifers. 

Mixed Fluids. The Si and Mg concentrations of hyperalkaline fluids vary by 

nearly three orders of magnitude and cannot be fully accounted for by a shift toward Ctl-

Brc-Cal equilibrium or by variabilities in temperature. At temperatures between 0 – 100 

°C, total dissolved Si only varies by an order of magnitude and Mg varies even less 

(Leong and Shock, 2020). Leong and Shock (2020) showed that reaction with more 

orthopyroxene-rich or more serpentinized ultramafic rocks can lead to higher Si 
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concentrations. However, the same models also predict lower trends in Mg 

concentrations. Instead, variabilities observed in almost all sampled fluids can be 

accounted for by mixing (dashed yellow lines in Figure 3.5) between deep-seated fluids 

close to equilibrium with the rock as represented by Ctl-Brc-Di (d1) or Ctl-Brc-Cal (d2 

and d3) equilibria and a representative surface fluid (s, Sample 140116B). Further details 

on the composition of end-member fluids used in our mixing calculations can be found in 

Table B2. Deep-seated hyperalkaline springs often discharge where neutral to slightly 

alkaline shallow aquifer fluids discharge as well. Thus, mixing between these two fluid 

types at discharge zones is likely to occur. As surficial and shallow subsurficial fluids 

have Si and Mg concentrations that are several orders of magnitude elevated relative to 

deep-seated hyperalkaline fluids, even minor amounts of mixing can lead to large 

variabilities in the Si and Mg concentrations. Mixing calculations reveal that a majority 

of the deep-seated hyperalkaline fluids samples were modified slightly by an input of < 

10% of surficial and/or shallow surficial fluids (see Figure 3.5a). Some samples have less 

influence (< 1%) and can be interpreted as the most pristine representatives of the deep 

subsurface. We use Si concentrations to quantify mixing extents (Figure 3.5a) because we 

have constraints on the Si concentration of at least one of the end-member fluids, and it 

allows us to take advantage of the highly contrasting Si concentrations of end-member 

fluid types and the generally conservative nature of Si during mixing. In studies involving 

submarine hydrothermal fluids, the extent of seawater input to venting fluids can be 

quantified using Na, Cl, and Mg owing to known constraints on end-member 

concentrations. However, unlike seawater where Na and Cl concentrations are known, 

end-member Na and Cl concentrations are more variable in continental serpentinizing 
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environments. In the Samail ophiolite, end-member hyperalkaline fluids have Na and Cl 

concentrations that vary among sample sites, with elevated concentrations observed at 

sites closest to the basal thrust of the ophiolite. Si behaves more conservatively than Mg, 

as Mg-bearing minerals such as brucite and layered doubled hydroxides are commonly 

observed in hyperalkaline pools (Neal and Stanger, 1984; Paukert et al., 2012; Chavagnac 

et al., 2013a; Giampouras et al., 2020) and in shallow aquifers (Taylor et al., 1991). Most 

Type 2 hyperalkaline fluids have aMg+2/(aH+)2 values that lie above the brucite solubility 

line, and few cross below it toward the chrysotile saturation line, as shown in Figure 3.5e. 

Despite thermodynamic drive to precipitate, most fluids remain oversaturated with 

respect to chrysotile. Tutolo et al. (2018) postulated kinetic inhibition for serpentine 

precipitation (see reaction B2) or the brucite silicification reaction (see reaction B4), 

resulting in Si concentrations that are persistently above those dictated by chrysotile 

solubility (dashed grey lines in Figures 5a-5e). Mixing can transport Si into a Si-poor 

deep-seated fluid, and the sluggish rate of serpentine formation makes Si a reliable 

mixing indicator in comparison to other aqueous species. Though rare, secondary silicate 

minerals such as suolunite (Ca2Si2O5(OH)2:H2O) are known to precipitate in outcrops 

(Stanger and Neal, 1984) and hyperalkaline pools (Chavagnac et al., 2013b) in Oman, 

and determining the rate of Si incorporation into solids at low-temperature conditions will 

help improve its use as a tracer for mixing in serpentinizing systems. Another advantage 

of using Si is the ease of measurement of even dilute concentrations (< 1 ppm SiO2(aq)) in 

the field using a colorimetric spectrometer. Field measurements can quantify mixing 

extents during sampling and exploration. Mixing calculations and field measurements of 

Si concentrations provide a rapid and robust method to quantify how much the deep-



  111 

seated signature of serpentinization-generated fluids is affected by shallow subsurface 

processes. 

As a result of mixing, most fluids with pH values greater than 9 have DIC 

concentrations that imply supersaturation with respect to magnesite and calcite (Figure 

3.5d) and precipitation of these minerals can be favorable. However, at pH >11 calculated 

DIC levels in equilibrium with magnesite (dashed grey line in Figure 3.5d) would require 

Mg values (dashed grey line in Figure 3.5b) that exceed those measured in our samples, 

resulting in conditions that are not favorable for precipitation of magnesite (see Table 

B1). Thus, only calcite (or aragonite, see Table B1) is favored to precipitate in 

hyperalkaline environments, consistent with studies on travertine and other precipitates 

associated with hyperalkaline seeps (e.g., Kelemen and Matter, 2008; Chavagnac et al., 

2013a; Mervine et al., 2014; Giampouras et al., 2020). At pH values between 9 and 11, 

Mg (Figure 3.5b) and DIC (Figure 3.5d) concentrations of sampled fluids plot above 

those dictated by magnesite solubility, indicating the fluids are supersaturated with 

respect to magnesite and suggesting that there are kinetic inhibitions to precipitate 

magnesite in surficial mixing environments. This kinetic inhibition could lead to the 

precipitation of hydrated magnesium carbonates (e.g., hydromagnesite, dypingite, 

nesquehonite) that are known to occur in hyperalkaline and mixed fluids in Oman 

(Giampouras et al., 2020) instead of magnesite. Our mixing calculations also highlight 

the strong buffering capacity of hyperalkaline fluids resulting from mineral-fluid 

reactions that generate Ca-OH solutions (Ctl-Brc-Di equilibrium, or Ctl-Brc-Cal 

equilibrium at low DIC concentrations of <20 μmolal). A significant amount of mixing is 

required to lower the pH below 11, amounting to 40% surface/shallow water input if pH 



  112 

is constrained by Ctl-Brc-Cal equilibrium at 10 µmolal DIC or up to 80% if constrained 

to higher pH by Ctl-Brc-Di equilibrium.  

In addition to fluid mixing, the elevated Si and Mg concentrations relative to 

those predicted by equilibrium calculations could also result from olivine and pyroxene 

dissolving faster than serpentine precipitates, as argued by Nesbitt and Bricker (1978). As 

shown in Figure 3.5e, most hyperalkaline fluids are undersaturated with respect to 

forsterite and plot between the forsterite and brucite saturation lines. Observations from 

environmental samples likely reflect complementary primary mineral dissolution and 

secondary mineral precipitation processes. Quantifying how much the elevated Si and Mg 

concentrations of hyperalkaline fluids can be attributed to either or both dissolution and 

mixing processes remains to be solved. Using tritium isotopes, Paukert et al. (2019) 

suggested that hyperalkaline spring fluids in Oman are influenced by up to 6% modern 

groundwater. This is consistent with our calculated mixing extents for most hyperalkaline 

fluids (< 10%, see Figure 3.5a) and implies that subsurface mixing is occurring. 

pH 9-11, low Si fluids. Most samples with pH ranging from 9 to 11 can be 

attributed to mixing of end-member fluids with the exception of a few samples with 

dilute Si concentrations (< 10 μmolal) that are comparable to those measured in 

hyperalkaline fluids. These unusually low concentrations of Si at these intermediate pH 

ranges can be attributed to various processes discuss below.  

As depicted in Figure 3.5a, fluids with pH values from 9.0 to 9.5 plot close to the 

predicted reaction path controlled by equilibria with both chrysotile and magnesite, which 

signifies fluid compositions indicative of incipient serpentinization (Stage 2) and mineral 

carbonation (Stage 3) stages of the overall alteration progress. Most fluids of this type 
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were sampled in wells, depicted in Figure 3.5a as solid black squares (this study) and 

grey diamonds (Rempfert et al., 2017), suggesting that these fluids could be 

representative of intermediate stages of the overall serpentinization progress where 

shallow aquifer fluids are infiltrating into the deep subsurface in the recharge zone. 

Actual Si concentrations of sampled well fluids could be lower and plot closer to values 

predicted by equilibrium calculations if upper aquifer fluids, which are Si-rich, 

contaminate deep-seated samples during sampling of wells.  

 Alternatively, these fluid compositions could indicate an alteration process 

involving gabbroic rocks, as many of these fluids were sampled in wells located close to 

the ultramafic-gabbro contact in the Samail ophiolite. Models simulating water 

interacting with gabbro or a mixture of gabbroic and ultramafic rocks at low temperatures 

could assess if these fluids correspond closely with predictions. However, many of the 

hyperalkaline spring fluids depicted in Figure 3.5a are also located close to the 

ultramafic-gabbro transition and do not exhibit any compositional differences from fluids 

located far from this transition. Like the springs, the composition of these well fluids may 

be more strongly influenced by fluid-mineral processes associated with ultramafic rocks 

than with gabbroic rocks. 

Classification of ultramafic-hosted fluids. The discussions above provide a 

framework for classifying low-temperature, ultramafic-hosted fluids as constrained by 

predictions of the serpentinization reaction path, the solubility of serpentinization-

relevant minerals, and the subsequent mixing process that occurs as fluids are discharged 

back to the surface. Specifically, by drawing on trends in pH and total dissolved Si, as 

shown in Figure 3.7, we can classify these fluids into four types: 
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Type 1 Mg+2-HCO3
- – As first proposed by Barnes and O’Neill (1969), these 

fluids have compositions that are enriched in Mg and bicarbonate, and could be products 

of the first stage of the alteration progress that leads to enrichment of solutes in fluids 

through the dissolution of primary minerals in systems open to atmospheric influences 

(Leong and Shock, 2020). However, as discussed above, these fluids are likely to result 

from interactions of rain with serpentinites or highly altered ultramafic rocks that are 

common in the shallow aquifer. Equilibria with serpentine, brucite, and magnesite in the 

presence of the atmosphere results in fluids with pH values between 7 and 9 that are 

enriched in Si (~100-500 μmolal, mostly speciated as SiO2(aq)), as depicted in Figure 3.7. 

Furthermore, as shown in Figures 5b and 5d, these fluids are enriched in Mg (~1000-

10,000 μmolal, mostly speciated as Mg+2) and DIC (2,000-5,000 μmolal, almost entirely 

speciated as HCO3
-), respectively, relative to other fluid types. 

Type 2 Ca+2-OH- – This fluid type, also first proposed by Barnes and O’Neill 

(1969), is hyperalkaline and otherwise known as Ca+2-OH--type fluids. Type 2 fluids are 

characterized by their high pH (>11), elevated concentrations of Ca (>1,000 μmolal, 

mostly speciated as Ca+2), and very low concentrations of Mg and Si (< 1 μmolal), which 

are consequences of equilibria with Ctl-Brc-Di or with Ctl-Brc-Cal at limited DIC 

concentrations (< 20 μmolal) during advanced stages of serpentinization (Stages 4 to 6). 

As shown in Figure 3.7, a few hyperalkaline samples have Si concentrations that are < 1 

μmolal (< 60 ppb SiO2) and can be interpreted to be close to end-member Type 2 

compositions. Most hyperalkaline fluids, however, have higher Si concentrations and can 

be accounted for by fluid mixing. 
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Figure 3.7. Key serpentinization reactions and resulting fluid types summarized in a plot 

of Si concentration vs pH. Fluid samples from the Oman ophiolite are plotted relative to 

the reaction and mixing paths. Grey circles show surface samples (streams and springs) 

while filled black circles indicate subsurface samples (wells). Fluid compositional data 

were taken from the analytical results of this work and other past studies in Oman shown 

in Figure 3. Overall, fluids can be accounted for by four processes: (1) mineral 

dissolution into rain which leads to Type 1 fluids (see Stage 1), (2) incipient 

serpentinization and mineral carbonation (see Stages 2-3) which leads to intermediate 

(Int) fluid types, (3) advanced stages of serpentinization (see Stages 4-6) which lead to 

Type 2 fluids, and (4) mixing (Mix) between deep-seated Type 2 and surficial or near-

surficial Type 1 fluids. 

 

Mixed Fluids – In this classification scheme, this fluid type encompasses fluids 

with pH >9 that are too alkaline to be in equilibrium with serpentine, brucite, and 

carbonates in the presence of the atmosphere. Note that fluids with pH < 9 can also be 
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influenced by mixing, as most fluids sampled in this study plot along the mixing trend 

shown in Figure 3.7. At higher pH, this fluid type also includes hyperalkaline fluids that 

are Si-enriched compared with serpentine + brucite equilibrium. Mixing between 

circumneutral stream fluids and hyperalkaline springs is commonly observed at the 

surface, as they often occur together. On the other hand, it is likely that subsurface 

mixing between end-member Type 1 and 2 fluids in discharge zones accounts for the 

large variabilities in Si concentration observed in hyperalkaline fluids.   

Intermediate Fluids – These fluids, also with pH values ranging from 9 to 11, 

share similar characteristics with mixed fluids. However, unlike mixed fluids, these fluids 

have low Si concentrations (< 10 μmolal) that are comparable to most hyperalkaline 

fluids. As discussed above, fluids of this composition may indicate incipient 

serpentinization (Stage 2) and mineral carbonation (Stage 3) during intermediate stages 

of the alteration progress. 

Note that trends shown in Figure 3.7 can allow immediate and robust 

classification of fluids while in the field using a pH meter and a portable spectrometer for 

colorimetric measurements of dissolved SiO2(aq). These data provide real-time 

information on the extent of the serpentinization and mixing progress and can 

concurrently feed into decisions involving exploration, sampling, and experiments while 

in the field. 

3.4.2. Dissolved Na and Cl 

Petrological studies of serpentinized ultramafic rocks reveal that fluid-mobile 

elements can be sequestered during serpentinization in submarine and subduction 

environments (e.g., Deschamps et al., 2013). The behavior of these elements during 
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serpentinization in continents, where water-rock interactions are facilitated by meteoric 

fluids instead of seawater, is less well known. Trends in the Na and Cl concentrations of 

fluids from Oman were investigated to provide insights into their behavior during 

continental serpentinization. 

 Hyperalkaline fluids are at least twice as enriched in Na (Figure 3.8a) and Cl 

(Figure 3.8b) relative to circumneutral to slightly alkaline fluids and are orders of 

magnitude enriched relative to rainwater. Similar trends can be observed for K (Figure 

3.3e). The relative enrichment in the Na, K, and Cl content of hyperalkaline fluids can 

result from two processes: (1) enrichment due to loss of H2O during the hydration of 

ultramafic rocks, and/or (2) leaching from host rocks during water-rock interactions. Both 

can occur concomitantly, as hyperalkaline fluids are products of large extents of water-

rock interactions that lead to both water loss and possibly substantial inputs from the 

reacting rocks. Moreover, the fluids most enriched in Na, K, and Cl are hyperalkaline  

fluids sampled close to the basal thrust of the Samail ophiolite. These sample locations 

are typically located at topographic lows which implies longer fluid pathways that lead to 

more hydration and leaching. Simulations of H2O loss and leaching were performed to 

evaluate the influence of hydration and leaching processes in accounting for natural 

concentrations. The amount of H2O lost during the overall reaction progress is shown in 

Figure 3.8c. At log rock-to-water ratio ~0 (i.e., reaction of 1 kg of rock in 1 kg of water), 

usually inferred as the maximum extent of reactions from deep-sea hydrothermal vent 

fluids (Taylor, 1974; Edmond et al., 1979; Foustoukos et al., 2008), the loss of H2O due 

to hydration is ~15%. Mineral hydration cannot solely account for the enrichment of Na 

and Cl observed in sampled fluids. Accounting for an enrichment of at least a factor of 
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two observed from hyperalkaline fluids relative to lower-pH samples requires H2O loss of 

>50%, which can only be attained at extremely high rock-to-water ratios (log rock-to-

water ratio of >0.5, or reaction of >3 kg of rock in 1 kg of water). Similarly high extents 

of water-rock interactions are needed regardless of compositional variabilities of the 

reacting rock (grey curves in Figure 3.8c). Serpentinization of olivine-rich rocks tend to 

consume more H2O as it precipitates more brucite, which contains ~30 wt.% H2O as 

hydroxide in its structure. Increased contributions from orthopyroxene favors the 

formation of serpentine (~13 wt.% H2O) and talc (~5 wt.% H2O) which are less hydrous 

than brucite and would require higher degrees of interaction to result in similar amounts 

of H2O loss. 

In addition to increases in concentrations due to H2O loss, Na, K, and Cl can be 

leached from host rocks during water-rock interactions. Using chemical data from 

Hanghoj et al. (2010) on the Na content of partially serpentinized Oman harzburgites 

(~0.03 mole Na+/kg rock or 0.1 wt.% Na2O; Cl was calculated to balance Na+ by charge), 

we can simulate leaching of Na and Cl during serpentinization. Results of this simulation, 

depicted as solid dark blue curves in Figures 3.8a and 3.8b, show that if Na and Cl were 

leached from the host rocks during water-rock interactions, it would entail rock-to-water 

ratios of between 0.2 and 0.5 (i.e., reaction of 0.2 to 0.5 kg of rock in 1 kg of water) to 

account for environmental measurements. The above range in rock-to-water ratios depicts 

lower and more plausible extents of water-rock reactions than that required if Na and Cl 

enrichment is accounted for by mineral hydration only. Neal and Stanger (1985) also 

postulated in favor of a leaching origin of chloride in hyperalkaline fluids in Oman, as  
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large amounts of H2O incorporated into serpentine and brucite would result in fluids that 

are extremely 2H-rich and 18O-depleted. In contrast, as shown in Figure 3.4, about half of 

the hyperalkaline fluid analyses (all filled colored symbols in Figure 3.4), which are 

indicative of large extents of water-rock interactions, are 2H-depleted relative to 

circumneutral fluids (open green squares in Figure 3.4). As for the source of these 

solutes, Neal and Stanger (1985) indicated that chloride could be leached from mineral 

surfaces and secondary precipitates such as salts and metal hydroxychlorides. Boschetti 

and Toscani (2008) also discussed leaching from saline fluid inclusions to account for the 

elevated concentrations of Na and Cl in hyperalkaline fluids seeping from serpentinite 

outcrops in Northern Italy. All the above suggests that the host rocks in these continental 

aquifers interacted previously with saline fluids, likely during seawater-driven 

serpentinization before the ophiolite was emplaced onto the continent.  

Sodium and chloride concentrations of circumneutral (Type 1) fluids, on the other 

hand, cannot be accounted for by leaching from rocks with concentrations typical of 

those from unaltered or partially serpentinized Oman harzburgite, as shown by the solid 

dark blue curves in Figures 3.8a and 3.8b. Since many circumneutral fluids were sampled 

in surface stream runoffs, evaporation could contribute to enrichment of Na and Cl. 

However, extreme evaporation of >50% water loss to account for enrichment from 

typical rainwater concentrations would result in fluids highly enriched in 2H and 18O, 

which was not observed. Additional input of Na and Cl could have come from 

interactions with rocks that are more enriched in these elements than typical partially 

altered ultramafic rocks. The shallow aquifers where these fluids occur are composed of 

highly altered rocks, which may be more enriched in Na and Cl. We simulated leaching  
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Figure 3.8. Reaction paths (dark blue curves) depicting predicted trends in the 

concentration of dissolved Na (a) and Cl (b) due to mineral leaching and amount of H2O 

loss (c) as serpentinization progresses. Measured dissolved Na (a) and Cl (b) from 

environmental samples are plotted for comparison. Symbols in (a) and (b) are the same as 

those in Figure 5. Reaction paths start from rainwater (r) and ends at fluids in equilibrium 

with either the Ctl-Brc-Di eq (d1), or the Ctl-Brc-Cal at 10 μmolal DIC (d2) assemblages. 

Solid white squares (with bold black outline) indicate extents of water-rock interactions 

with values of rock-to-water ratios given at the right. The dashed red curve in (b) depicts 

results of simulations with a serpentinite (100% chrysotile or serpentine). Solid red 

squares in (b) indicate extents of reactions with values of rock-to-water ratios given at the 

left. Dark blue curve in (c) represent reaction path for model ultramafic rock with 

composition 85% olivine-14% orthopyroxene-1% clinopyroxene. Grey curves in (c) 

represent trends for olivine-only or orthopyroxene-only scenarios. Dashed red lines in (c) 

show extent of reactions required to remove 15% and 50% of the starting reacting fluid. 

 

of Cl from serpentinites using the average Cl content (~3000 ppm Cl or 80 millimole 

Cl/kg rock) of serpentinites or completely serpentinized ultramafic rocks compiled by 

Deschamp et al. (2013). Results of these calculations, depicted in Figure 3.8b as the 

reaction path in dashed red lines, show that only ~7 to 20 grams of serpentinite would 

need to react with a kilogram of water (log water-to-rock ratio ~-2 to -1.5) to account for 

the Cl content (0.8-2 millimolal) of most Type 1 fluids. Note that the reaction path shown 

in Figure 3.8b depicts reaction of rainwater with a serpentinite and hence the maximum 

pH at ~8.2 is attained when the rainwater approaches equilibrium with serpentine. 

Further evidence that supports leaching during the evolution of rainwater into Type 

1 circumneutral fluids and eventually into Type 2 hyperalkaline fluids is shown in Figure 

3.9a. There is a general increase in the Na/K ratio of fluids as pH increases. The Na/K 

ratios of all fluid types would remain constant if hydration and evaporation were the only 

processes accounting for the increasing Na, K, and Cl content. The increasing Na/K ratio 

with pH could be attributed to leaching from precipitates that formed during previous 

seawater-rock interactions, as seawater is enriched in Na relative to K. 
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Figure 3.9. Trends in the total (a) Na/K and (b) Na/Cl ratios of fluids sampled from 

Oman. Symbols are the same as those in Figure 5. The increasing Na/K ratio in (a) 

suggests leaching from host rocks that were altered by seawater-rock interaction. Modern 

seawater has an average Na/K ratio of ~46 (dashed grey line, Millero et al., 2008). The 

increasing Na/Cl ratio in (b) suggests additional sources of Na or sinks for Cl. Type 2 

fluids have Na/Cl ratios that are above unity (dashed black line) and that typical of 

seawater (0.86: dashed grey line, Millero et al., 2008). 

 

As shown in Figure 3.9b, the trend in the Na/Cl ratio, like the trend in the Na/K 

ratio, is not constant with pH. Type 1 fluids (pH < 9) are depleted in Na relative to Cl, 

while Type 2 fluids (pH >11) have Na/Cl ratios above unity or those typical of seawater 

(0.8). The relative enrichment of Na with reaction progress could be due to the release of 

sodium from Na-bearing minerals such as plagioclase and alkali-bearing phyllosilicates 

(Boschetti and Toscani, 2008; Chavagnac et al., 2013a). Another source could be Na-

bearing clinopyroxene, though Chavagnac et al. (2013a) argued that this contribution is 

likely minor, as these minerals are typically not abundant in harzburgites from Oman. 

Conversely, another process that could account for the trends shown in Figure 3.9b is the 

removal of Cl through incorporation into minerals where structural substitutions for 

hydroxide are possible, such as in apatite and some phyllosilicates. Layered doubled 

hydroxides (LDHs) can also attract anions into their positively charged interlayers and 
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are known to occur in hyperalkaline pools and in mixing zones between Type 1 and Type 

2 fluids (Paukert et al., 2012; Chavagnac et al., 2013b), as well as in ultramafic-hosted 

aquifers in Oman (Taylor et al., 1991). Taylor et al. (1991) characterized pyroaurite 

[Mg6Fe+3
2(CO3)(OH)16:4H2O], the ferric iron end-member of hydrotalcite, from aquifer 

rocks in Oman that mainly hosts CO3
-2 but also contains minor amounts of Cl- and SO4

-2. 

These authors proposed that the pyroaurite was generated when Fe+2 mobilized during 

silicate dissolution was partially oxidized during mixing with oxic, shallow fluid sources. 

Alternatively, Fe-bearing brucite in altered ultramafic rocks could be partially oxidized to 

form a LDH, as exemplified by the reaction 

 8Mg0.75Fe(II)0.25(OH)2(brucite) + 0.5O2(aq) + 2Cl− + 3H2O + 2H+  

→ Mg6Fe(III)2Cl2(OH)16: 4H2O(iowaite) 

(3.3) 

for iowaite, the Cl- end-member of pyroaurite. Analogous reactions can also be written 

for other LDHs such as green rust or fougerite, the former of which has numerous 

properties that are invoked as ideal for the emergence of life on Earth (Russell, 2018). 

Note that most water samples retrieved from wells remain chloride-rich (black squares in 

Figure 3.9b), implying that alteration processes involving LDHs may be limited to deep-

seated fluids surfacing as hyperalkaline seeps. 

3.5. Timescales of Reactions 

In the preceding discussions, the extents of water-rock reactions are depicted in 

terms of rock-to-water ratios that are independent of time. To gain insights into the 

timescales required to reach the various stages of serpentinization, we conducted reaction 

path calculations that incorporate dissolution rates of primary minerals at ambient 

conditions (~25 °C). Rates for forsterite, enstatite, and diopside dissolution are based on 
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experiments of Pokrovsky and Schott (2000), Oelkers and Schott (2001), and Golubev et 

al. (2005), respectively, which include the pH-dependence of the dissolution rates of the 

reacting minerals. Calculations were done assuming constant surface area (1 m2) of fresh 

ultramafic rock interacting with 1 kg of fluid. Results are shown in Figure 3.10a, which 

depicts both the timescales and the degree of water-rock interactions required to attain the 

various stages of the overall serpentinization process. Fluids with circumneutral pH (7 to 

9) are attained with minimal reaction progress at timescales from a few months to at most 

a decade. Attaining serpentine saturation (pH ~8, Stage 2) is quick (a few months) while 

attaining carbonate saturation (Stage 3) entails a few years. However, as discussed above, 

these circumneutral Type 1 fluids are likely to result from fluid interacting with the 

highly altered host rocks of shallow aquifers composed mostly of serpentine, brucite, and 

carbonates. Calculations simulating the dissolution of these secondary phases at ambient 

conditions were conducted using data from Thom et al. (2013), Pokrovsky and Schott 

(2004), and Pokrovsky and Schott (1999) for chrysotile, brucite, and magnesite, 

respectively. The pH-dependences of the dissolution rates were also taken into 

consideration. Calculations for each of these minerals were done separately and were 

terminated when fluids reached saturation with the mineral involved. As with the reaction 

path involving unaltered ultramafic rocks, it is assumed that each kg of water reacts with 

1 m2 surface area of the involved mineral. Although shallow aquifer rocks could be made 

up of variable proportions of these secondary phases, this idealized assumption allows us 

to evaluate how rapidly each of these minerals can attain saturation. Results are depicted 

in Figure 3.10b, which shows that brucite saturation can be attained relatively quickly 

owing to its rapid dissolution rates (2 orders of magnitude faster than forsterite 
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dissolution). Fluids would require a few months to attain equilibrium with magnesite. 

Serpentine saturation can be attained either through the dissolution of primary minerals in 

ultramafic rocks (Figure 3.10a, Stage 2) or serpentinites (Figure 3.10b). Both reach 

similar fluid chemistry (pH ~ 8) but the latter would require almost a decade, two orders 

of magnitude slower than the former due to the sluggish dissolution rate of chrysotile 

relative to those of the primary minerals. 

 

Figure 3.10. (a) Timescales (in log years) required to attain the various pH and stages of 

serpentinization. (b) Timescales (in log years) required to attain saturation of three 

secondary phases common in the altered ultramafic rocks in the shallow subsurface. 

Numbers inside circles in (a) indicate the starting points of the six stages of 

serpentinization. Black filled circles in (b) depict end of reaction path depicting 

dissolution of indicated mineral. Vertical dashed lines indicate various timepoints (1 day, 

month, and year) as a reference. 

 

Compositions characteristic of Type 2 hyperalkaline fluids (Figure 3.10a) require 

much longer durations to attain. As shown in Figure B3, a rock-to-water ratio of at least 

0.1 is needed to attain the maximum pH via Ctl-Brc-Di equilibrium (Stage 6), and this 

requires timescales close to 10,000 years. About 100,000 years would be needed to attain 

higher extents of reaction at a rock-to-water ratio of 1. Calculated timescales between 
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10,000-100,000 years correspond to the last glacial age, which is consistent with the 

hypothesis of Paukert et al. (2019) that some hyperalkaline fluids in Oman were 

recharged during this period. Our kinetic results also complement the experimental 

results of McCollom and Donaldson (2016) that show very slow rates of H2 and CH4 

generation during low-temperature (<100 °C) serpentinization. 

Inferred timescales for various stages of serpentinization, however, should be taken 

cautiously as discrepancies between laboratory-determined dissolution rates and those 

determined through field studies are well known. Field-determined rates are far slower 

than those measured in the laboratory, often entailing differences of several orders of 

magnitude (White and Brantley, 2003). For example, field-determined weathering rates 

of ultramafic rocks in the Amazon are at least two orders of magnitude more sluggish 

than laboratory-determined rates (Freyssinet and Farah, 2000). Studies of other 

lithological settings also report discrepancies between field and laboratory-determined 

rates (Velbel, 1993; White and Brantley, 2003; Maher, 2010), with the latter yielding 

rates at most four orders of magnitude faster than the former. These studies attribute the 

observed differences to numerous factors such as estimations of reacting surface areas 

and their evolution during the weathering process, fluid residence times, and the age of 

the rock. Taking the discrepancies into account, extrapolated timescales from our 

calculations to natural systems lead to much longer estimates, perhaps even requiring 

millions of years to attain hyperalkaline conditions if the deviation is at least 2 orders of 

magnitude. Better constraints on the natural rate at which low-temperature 

serpentinization occurs would provide powerful insights into the flux of reduced volatiles 
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as well as the rate of energy transfer between the lithosphere and the biosphere in deep 

ultramafic aquifers here on Earth and other rock bodies in our solar system.  

3.6. Conclusions 

Overall, calculations identify the reactions that lead to the contrasting pH, fluid 

compositions, and redox potentials of end-member Type 1 circumneutral (pH 7 to 9) and 

Type 2 hyperalkaline (pH >11) fluids. The former are outcomes of mineral dissolution 

reactions and fluid interactions with highly altered rocks that are common in shallow 

ultramafic aquifers, while the latter approach equilibrium with serpentine and brucite, 

which actively form during advanced stages of serpentinization. The most alkaline fluids 

documented in low-temperature serpentinizing systems follow constraints dictated by 

diopside dissolution and some fluids in Oman approach this upper limit. The pH values 

of most hyperalkaline fluids in Oman, however, are lower than this constraint and can be 

attributed to a shift from diopside dissolution to calcite precipitation driven by the 

addition of dissolved inorganic carbon (DIC) as surfacing deep-seated hyperalkaline 

fluids encounter the atmosphere. 

Most fluids with pH values between those of Type 1 and Type 2 can be attributed 

to mixing of these end-member fluids. Our calculations highlight potential imprints of 

shallow subsurficial processes on the deep-seated signatures of discharging hyperalkaline 

fluids through mixing. Shallow portions of the discharge zone could be hotspots for 

subsurface life that may bloom where reduced deep-seated fluids encounter oxidized 

shallow aquifer fluids. As systems with contrasting oxidation-reduction potentials meet, 

habitability is defined by the extent to which such systems fail to equilibrate abiotically, 

leaving opportunities for microbial communities to exploit. 
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In contrast, some fluids with pH values between 9 and 11 do not correspond to 

mixing trends between end-member fluids. Rather than forming through mixing, these 

fluids may be indicative of intermediate stages of serpentinization. As this stage of 

reaction progress corresponds to incipient serpentinization and the carbonation of 

ultramafic rocks, further focus on this fluid type could help inform potential studies 

targeting ultramafic aquifers as hosts for deep storage of sequestered atmospheric CO2 

(Kelemen and Matter, 2008; Matter and Kelemen, 2009; Kelemen et al., 2011; National 

Academies, 2019). In addition, targeting fluids with these compositions will also reveal 

information on reactions that facilitate the transformation of oxic surface fluids into 

reduced, deep-seated, hyperalkaline fluids as they infiltrate deeper into the aquifer. 

Conditions for habitable environments may exist through this fluid transformation and 

future exploration of this fluid type will provide insights into the habitability of recharge 

zones of the fluid pathway and how they differ from discharge zones and their surface 

expressions. The Oman Drilling Project (omandrilling.ac.uk, Kelemen et al., 2013) 

recently drilled several wells that tap into fluids indicative of various stages of 

serpentinization and is poised to reveal a comprehensive assessment of microbial 

communities powered by rock and fluid interactions in the ultramafic subsurface. Models 

from this work can be used to assess these samples. We also propose the practicality of 

measuring both pH and Si concentrations with field-portable equipment, allowing rapid 

assessment of fluid type and extents of mixing while in the field, which can augment 

exploration with real-time information. 

We demonstrated that the compositions of serpentinization-generated fluids can 

be partly accounted for by predictions of fluid-mineral equilibria and showed how 
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processes such as leaching and fluid mixing can account for compositions that deviate 

from equilibrium expectations. Both water and ultramafic rocks are believed to abound in 

ice-covered ocean worlds in our Solar System such as Europa and Enceladus, and 

serpentinization is thought to enable habitable environments in these terrestrial bodies as 

it does on Earth (Vance et al., 2007; Holms et al., 2015; Glein et al., 2015; Waite et al., 

2017). By demonstrating that simulations of low-temperature serpentinization can be 

successfully applied at analogous processes here on Earth, this work substantiates these 

calculations as useful tools in exploring serpentinization reactions beyond our own 

planet. 

 Finally, further work on the kinetics of low-temperature serpentinization, whether 

determined through laboratory experiments or in the field, will ultimately provide 

stronger constraints on the rate of energy transfer between the lithosphere and the 

subsurface biosphere. Rates will also feed into reactive transport simulations that could 

improve upon the calculations described here and reveal how various transport processes 

contribute to the overall compositions of serpentinization-generated fluids. 
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Table 3.1 

Field and Laboratory Measurements For Samples Collected in This Study 

Sample 

Number 
Site pH T Cond δ18O δ2H DO Fe+2 S-2 DIC F- Cl- Br- 

      °C μS/cm 
(‰ 

VSMOW) 
(‰ 

VSMOW) 
µmolal µmolal µmolal mmolal µmolal mmolal µmolal 

              
Fluids with pH between 7 to 9 

100112AI Al Bana 8.5 29 467 3.97 15.35 n.m. n.m. 0.33 2.62 1.05 1.16 b.d.l. 

140110B Dima 8.4 23.5 568 1.49 6.99 244 0.36 0.34 3.63 b.d.l. 1.58 1.10 

090118P Dima 8.8 20.2 973 2.58 13.43 n.m. n.m. n.m. 3.68 2.11 5.54 3.63 
140114S Falaij 7.7 21 787 -0.28 3.63 172 0.36 b.d.l. 4.39 b.d.l. 3.19 1.80 

100107C Masibt 9.3 25.4 778 -0.86 -0.59 250 n.m. 6.89 1.93 1.74 3.71 b.d.l. 
100107D Masibt 8.6 25.6 809 -0.81 -1.16 n.m. n.m. n.m. 3.08 3.14 2.98 b.d.l. 

090120W Masibt 8.7 24.2 811 -0.70 -3.00 n.m. n.m. n.m. 2.83 3.05 3.41 1.86 
140111G Qafifah 8.9 22.6 586 0.25 4.94 222 0.36 0.09 4.11 b.d.l. 1.53 1.04 

120114O Qafifah 8.7 23 454.4 0.62 3.91 381 n.m. b.d.l. 2.82 0.46 1.30 2.23 
100109X Qafifah 8.9 23.3 664 -0.34 3.39 197 n.m. 0.39 4.49 0.94 1.71 b.d.l. 

090119S Qafifah 9.0 21.6 493.3 1.43 7.80 238 n.m. n.m. 2.05 b.d.l. 2.08 1.30 
090119T Qafifah 8.6 24.8 527 1.37 6.31 213 n.m. n.m. 2.78 b.d.l. 1.94 1.25 

140116B Shumayt 7.9 26.5 760 0.33 0.39 125 0.90 0.25 5.13 b.d.l. 1.28 0.82 
140116C Shumayt 8.7 27.3 777 0.07 0.35 228 0.36 0.63 4.75 b.d.l. 1.54 0.93 

120116Q Shumayt 7.7 25 744 1.07 7.47 288 n.m. 0.33 5.22 0.43 1.28 0.24 

100113AP Shumayt 7.9 27 723 0.94 4.91 100 n.m. b.d.l. 5.17 1.58 1.43 b.d.l. 
090123E Shumayt 8.2 23.9 700 0.93 5.38 n.m. n.m. n.m. 4.96 b.d.l. 1.37 0.84 

100114AR Sudari 8.8 21.5 923 0.14 3.00 284 n.m. 0.27 3.04 b.d.l. 5.19 b.d.l. 
090122B Sudari 8.8 17.1 1440 0.05 1.54 n.m. n.m. n.m. 3.25 b.d.l. 9.36 3.43 

100115AW Uqaybah 8.5 17.5 911 0.26 -1.26 n.m. n.m. n.m. n.m. b.d.l. 7.36 b.d.l.               
Fluids with pH between 9 and 11 

140110D Dima 10.4 21.8 778 0.69 3.73 203 0.18 1.31 0.81 0.31 4.79 4.70 

140112L Dima 9.8 21.3 659 1.06 6.17 253 0.72 0.22 1.88 0.88 3.75 3.48 
090118N Dima 9.7 17.5 864 1.15 8.10 n.m. n.m. n.m. 2.32 b.d.l. 6.63 4.68 

100107E Masibt 10.1 26.9 910 -1.75 -4.63 n.m. n.m. n.m. 0.68 1.05 4.86 b.d.l. 
090120X Masibt 10.6 27.7 962 -0.98 -4.45 n.m. n.m. n.m. 0.15 11.2 5.41 2.45 

140111H Qafifah 10.2 20.2 597 0.20 4.46 278 0.18 1.22 1.80 2.55 3.08 1.89 
140111I Qafifah 10.9 18.8 683 0.61 6.36 231 b.d.l. 2.03 0.85 0.17 3.69 2.36 

120114N Qafifah 9.8 21.8 667 -0.32 0.65 463 n.m. 0.64 2.24 0.36 3.17 0.89 

100109T Qafifah 9.6 23.7 685 -0.19 3.04 219 n.m. 0.54 3.56 0.50 2.38 b.d.l. 
100109W Qafifah 10.3 20.8 696 0.24 5.83 n.m. n.m. n.m. 1.93 0.86 3.35 b.d.l. 

090117J Qafifah 10.6 18.8 823 -0.75 2.41 31.9 n.m. n.m. 1.78 26.4 4.44 2.52 
140116D Shumayt 9.1 27.1 777 -0.02 0.40 216 0.18 0.66 3.98 b.d.l. 1.92 1.13 

120116R Shumayt 10.6 25.8 767 -0.72 1.89 350 n.m. 0.97 0.76 0.04 3.51 0.83 
100113AN Shumayt 10.2 28.6 720 -0.27 1.53 191 n.m. 1.36 1.66 0.60 3.32 b.d.l. 

100113AO Shumayt 10.4 27.4 734 -0.01 2.31 169 n.m. 0.76 1.40 0.46 3.56 b.d.l. 
090123G Shumayt 10.6 27.6 712 -0.45 1.17 n.m. n.m. n.m. 0.59 9.95 3.55 1.73 

090122A Sudari 10.9 17.4 1215 -0.72 -2.38 n.m. n.m. n.m. 0.46 6.16 7.83 2.97 
090122C Sudari 10.8 18.5 1154 -1.10 -3.04 n.m. n.m. n.m. 0.35 b.d.l. 7.97 3.22 
              

Hyperalkaline Spring Fluids (pH > 11) 

140115X Al Bana 11.4 29.5 2949 -0.95 -2.31 43.8 13.30 6.97 0.03 b.d.l. 11.4 5.36 

140115Y Al Bana 11.6 24.5 2778 -0.83 -1.55 141 20.10 3.59 0.11 b.d.l. 11.8 5.49 
140115Z Al Bana 11.3 32.2 4050 -0.10 -2.08 34.4 12.40 6.25 0.03 b.d.l. 12.6 9.19 

120118Y Al Bana 11.5 32.5 3343 0.04 -2.47 35.4 n.m. 5.44 0.12 b.d.l. 6.80 1.27 
120118Z Al Bana 11.4 30.6 2140 -0.75 -0.70 81.3 n.m. 7.56 0.12 b.d.l. 9.85 1.44 

120129G Al Bana 11.0 37.3 1455 -1.50 -4.77 n.m. n.m. n.m. 0.05 0.01 5.11 1.04 
120129H Al Bana 11.4 38.2 1616 -1.60 -5.61 n.m. n.m. n.m. 0.04 0.01 3.41 0.27 

100111AA Al Bana 11.7 28.5 3400 -0.94 -2.33 59.4 n.m. 7.80 0.04 b.d.l. 12.0 b.d.l. 
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100111AB Al Bana 11.7 25.4 2770 -1.02 -1.94 188 n.m. 2.78 0.13 1.01 12.3 b.d.l. 

100111AC Al Bana 11.6 16.5 1873 0.20 3.18 272 n.m. 0.24 0.69 0.75 11.6 2.52 
100111AD Al Bana 11.6 32.4 3235 -0.29 -2.64 31.3 n.m. 5.41 0.05 b.d.l. 13.0 b.d.l. 

100111AE Al Bana 11.9 18.9 2468 0.03 -0.68 250 n.m. 0.24 0.07 b.d.l. 13.4 5.49 

100111AF Al Bana 11.9 24.2 2850 -0.74 -1.98 n.m. n.m. n.m. 0.10 b.d.l. 11.0 b.d.l. 
100112AG Al Bana 11.1 37.7 1421 -1.24 -3.38 9.75 n.m. 3.21 0.04 8.06 5.73 b.d.l. 

100112AH Al Bana 11.2 38.4 1537 -1.72 -4.16 50.0 n.m. 3.48 0.05 1.13 5.77 1.31 
090116F Al Hilayw 11.8 26.3 2250 0.14 4.93 43.8 n.m. n.m. 0.11 24.9 9.37 3.64 

090116G Al Hilayw 11.8 27.1 2230 0.17 3.77 31.3 n.m. n.m. 2.80 14.1 9.11 3.84 
090116H Al Hilayw 11.5 24.5 1890 1.26 9.70 253 n.m. n.m. 0.57 b.d.l. 10.6 4.43 

090116I Al Hilayw 11.9 20.7 2200 0.29 6.34 n.m. n.m. n.m. 0.18 15.5 9.36 2.79 
100121BB Al Khoud 10.9 39 2630 -1.30 -8.48 n.m. n.m. n.m. n.m. b.d.l. 16.7 4.67 

140110C Dima 11.4 27 2011 -0.10 -0.07 17.9 13.1 13.7 0.05 b.d.l. 7.45 7.84 
140112K Dima 11.4 26.9 1870 -0.77 -2.10 8.63 12.2 16.7 0.04 b.d.l. 7.16 7.83 

140112M Dima 11.4 28.2 2058 -0.64 -0.45 15.8 8.77 16.1 0.05 b.d.l. 7.36 7.91 
090118O Dima 11.5 30.3 1905 -0.60 -0.42 n.m. n.m. n.m. 0.13 5.53 7.56 6.57 

140113O Falaij 11.4 28.4 2329 -0.52 0.83 59.4 10.6 5.84 0.06 b.d.l. 7.92 5.94 

140113P Falaij 11.5 25.9 2224 -0.54 0.98 50.0 15.6 1.97 0.05 b.d.l. 7.90 5.68 
140114R Falaij 11.6 21.1 1844 -0.72 0.62 34.4 11.3 1.87 0.04 b.d.l. 7.10 4.55 

140114T Falaij 11.4 27.2 2061 -0.71 1.58 16.3 13.1 17.7 0.04 b.d.l. 6.89 4.43 
140114U Falaij 11.4 21.7 1479 0.24 4.27 219 0.18 3.41 0.17 1.17 4.72 4.58 

140114V Falaij 11.4 24.4 1803 -0.21 2.90 191 15.6 8.31 0.23 0.40 6.98 4.65 
120111A Falaij 11.6 22.3 1737 -0.07 2.02 463 n.m. 0.85 0.09 0.06 4.62 1.34 

120111B Falaij 11.4 29.4 1912 -0.41 1.46 369 n.m. 5.41 0.09 0.04 6.39 2.12 
120111C Falaij 11.3 31.9 1889 -0.45 0.81 93.8 n.m. 13.7 0.07 0.04 4.94 1.67 

120113I Falaij 11.4 30 2276 -0.30 0.70 68.8 n.m. 8.07 0.14 0.02 7.24 2.46 
120113J Falaij 11.6 25.8 2343 -0.21 1.87 275 n.m. 0.85 0.09 0.02 3.56 0.92 

120113K Falaij 11.4 30.9 2364 0.72 4.97 356 n.m. 0.15 0.12 0.06 6.10 2.07 
120113L Falaij 11.3 28.4 2297 1.66 9.71 744 n.m. b.d.l. 0.16 0.08 10.3 4.14 

100108J Falaij 11.7 23.9 2214 -0.33 1.91 188 n.m. 5.65 0.05 b.d.l. 8.58 b.d.l. 

100108K Falaij 11.7 24.7 2266 -0.47 2.00 172 n.m. 5.02 0.07 b.d.l. 8.35 b.d.l. 
100108L Falaij 11.6 29.2 2442 0.49 4.01 10.2 n.m. 5.96 0.07 b.d.l. 8.44 b.d.l. 

100108M Falaij 11.7 26 n.m. 0.27 3.55 163 n.m. n.m. 0.08 b.d.l. 9.99 2.04 
100108N Falaij 11.6 27.6 2380 -0.05 1.83 n.m. n.m. n.m. 0.04 b.d.l. 8.28 b.d.l. 

100108O Falaij 11.8 22 2179 0.16 2.33 n.m. n.m. n.m. 0.07 0.73 8.70 b.d.l. 
100108P Falaij 11.5 23.3 1507 0.67 5.48 n.m. n.m. n.m. 0.06 0.48 7.92 b.d.l. 

100108Q Falaij 11.6 22.9 1752 0.18 4.44 n.m. n.m. n.m. 0.08 b.d.l. 7.59 b.d.l. 
100108R Falaij 11.6 27.9 1967 0.99 3.57 n.m. n.m. n.m. 0.06 b.d.l. 7.28 b.d.l. 

090115A Falaij 11.5 29.1 2251 -0.42 0.16 n.m. n.m. n.m. 0.10 25.2 8.27 4.42 
090115B Falaij 11.7 24.1 2154 -0.40 0.97 n.m. n.m. n.m. 0.12 44.8 8.45 3.05 

090115C Falaij 11.7 25.1 2280 -0.73 0.89 n.m. n.m. n.m. 0.06 b.d.l. 8.21 4.19 
090115D Falaij 11.8 20.7 2270 -0.09 2.14 n.m. n.m. n.m. 0.16 9.32 8.45 4.58 

090115E Falaij 11.8 18 2240 -0.36 1.00 n.m. n.m. n.m. 0.12 72.9 8.53 3.83 

100107A Masibt 11.3 32.4 1900 -2.19 -8.41 2.78 n.m. 117 0.11 b.d.l. 7.25 b.d.l. 
100107B Masibt 11.3 30.3 1848 -0.92 -5.13 46.9 n.m. 83.3 0.11 0.56 7.31 b.d.l. 

090120U Masibt 11.4 31.4 1676 -1.74 -7.86 9.38 n.m. n.m. 0.11 9.26 7.10 3.10 
090120V Masibt 11.4 30.6 1616 -1.68 -8.84 n.m. n.m. n.m. 0.05 24.6 7.13 2.93 

140111F Qafifah 11.6 23.8 1470 -0.61 1.07 8.59 b.d.l. 6.78 0.04 2.58 4.66 2.98 
120112E Qafifah 11.3 30.1 1762 -0.56 1.06 150 n.m. 1.69 0.07 0.02 3.38 0.93 

120112F Qafifah 11.4 27.4 1781 -0.70 0.82 37.8 n.m. 4.96 0.11 0.03 4.32 1.29 
120112H Qafifah 11.3 31.9 1893 -0.56 1.41 n.m. n.m. n.m. 0.07 0.25 4.79 1.69 

100109S Qafifah 11.8 22.4 1685 -0.37 1.30 81.3 n.m. 1.94 0.10 1.26 5.32 b.d.l. 
100109U Qafifah 11.7 24.9 1778 -0.80 0.90 12.5 n.m. 6.56 0.12 b.d.l. 5.06 b.d.l. 

100109V Qafifah 11.2 23.7 904 0.41 6.03 n.m. n.m. 3.66 0.66 0.63 4.25 b.d.l. 
090117K Qafifah 11.7 18.5 1074 -0.32 4.18 n.m. n.m. n.m. 0.24 9.74 5.30 2.49 

090117M Qafifah 11.7 22.6 1649 -0.62 2.41 n.m. n.m. n.m. n.m. 5.63 5.22 2.68 

090119Q Qafifah 11.7 23.2 1797 -0.52 -0.82 40.63 n.m. n.m. 0.13 16.7 5.29 2.42 
090119R Qafifah 11.6 16.6 911 n.m. n.m. 253 n.m. n.m. 0.24 37.1 5.27 2.78 

140117F Shumayt 11.5 26.2 1868 -2.04 -6.01 25.0 12.0 4.72 0.03 b.d.l. 5.35 3.12 
140117G Shumayt 11.4 30.5 2015 -2.20 -6.28 9.88 11.5 3.75 0.02 b.d.l. 5.33 3.13 
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140117H Shumayt 11.5 29.6 2067 -2.06 -4.91 21.9 13.1 5.47 0.03 b.d.l. 5.77 3.70 

140117I Shumayt 11.3 32.3 2000 -2.22 -5.23 12.5 13.8 3.25 0.05 b.d.l. 5.32 3.13 
140117J Shumayt 11.3 31.6 1387 -1.79 -4.14 31.3 6.98 2.31 0.07 b.d.l. 4.71 2.82 

140117K Shumayt 11.5 27.4 1980 -2.13 -4.51 37.5 10.9 3.16 0.03 b.d.l. 5.76 3.77 

140117L Shumayt 11.6 27.3 2087 -2.15 -4.33 21.9 8.95 3.59 0.02 b.d.l. 5.81 4.17 
120116P Shumayt 11.2 34.3 1745 -2.10 -4.28 46.6 n.m. 2.81 0.06 0.02 4.49 1.06 

120116S Shumayt 11.4 29.5 1729 -1.87 -3.95 25.0 n.m. 3.84 0.08 0.03 4.58 0.65 
120117T Shumayt 11.3 32.6 1721 -2.12 -4.06 22.5 n.m. 2.87 0.04 b.d.l. 3.28 0.49 

120117U Shumayt 11.3 32 1720 -2.05 -4.19 8.56 n.m. 3.51 0.04 0.01 5.15 1.41 
120117V Shumayt 11.7 23.6 1951 -1.67 -2.21 37.5 n.m. 2.18 0.08 0.02 5.40 1.52 

120117X Shumayt 11.3 32.8 1681 -2.18 -5.07 25.9 n.m. 2.18 0.01 0.01 5.10 1.51 
100112AJ Shumayt 11.5 33.4 1782 -2.22 -5.33 n.m. n.m. 3.05 0.05 0.58 5.58 1.46 

100112AK Shumayt 11.5 33.3 1793 -2.63 -5.79 n.m. n.m. n.m. 0.04 0.80 5.57 1.78 
100112AL Shumayt 11.5 32.6 1772 -2.45 -5.20 n.m. n.m. n.m. 0.04 1.35 5.54 b.d.l. 

100112AM Shumayt 11.5 31.5 1772 -1.97 -4.66 13.1 n.m. 3.17 0.04 0.59 5.51 2.74 
090123D Shumayt 11.5 34 1778 -1.93 -4.70 n.m. n.m. n.m. 0.09 7.68 5.35 2.44 

090123F Shumayt 11.6 28.1 1770 -1.57 -3.96 n.m. n.m. n.m. 0.14 11.1 5.61 2.40 

100114AS Sudari 11.3 18.2 1013 0.91 0.48 256 n.m. 0.91 0.47 0.28 6.12 b.d.l. 
100114AT Sudari 11.6 30.4 1893 -1.88 -7.27 106 n.m. 2.00 0.04 b.d.l. 6.33 b.d.l. 

100114AU Sudari 11.6 20.08 1258 -0.91 -3.64 244 n.m. 1.00 0.07 b.d.l. 6.24 b.d.l. 
090122Z Sudari 11.6 29.5 1897 -2.20 -7.87 87.5 n.m. n.m. 0.11 63.4 6.02 1725 

100115AV Uqaybah 11.6 21.4 1442 -1.19 -8.79 n.m. n.m. n.m. n.m. b.d.l. 6.99 b.d.l. 
              

Well Fluids 
120119B NSHQ-14 10.1 24 855 -0.21 -1.71 93.8 n.m. 0.45 0.07 0.22 4.27 2.50 

120119A NSHQ-14 11.1 29.1 1920 0.64 0.89 45.8 n.m. b.d.l. 0.09 0.13 7.68 7.61 
120119C NSHQ-14 11.0 33.7 2296 0.31 -0.05 42.1 n.m. 1.69 0.08 0.11 8.12 8.33 

120123E NSHQ-04 10.7 28.3 3327 -1.38 -3.65 n.m. n.m. n.m. 0.39 0.36 7.58 4.47 
120126F WDA-16 8.0 31.8 492 -0.48 0.11 n.m. n.m. n.m. 0.28 0.97 0.80 0.79 

120127G WDA-17 9.2 31 532 -0.56 0.76 n.m. n.m. n.m. 2.35 0.06 1.16 0.32 
120130I WDA-05 9.3 32.7 595 -0.76 -0.72 n.m. n.m. n.m. 1.90 0.10 2.03 0.52 

120130J WDA-05 9.4 32.1 610 -0.49 0.21 n.m. n.m. n.m. 1.80 0.07 2.00 0.49 

100119AX SJA-04B 7.2 33.8 598 -2.54 -10.09 n.m. n.m. n.m. n.m. 8.22 1.15 b.d.l. 
100119AY SJA-04A 7.6 34 491 -3.11 -9.94 n.m. n.m. n.m. n.m. 4.49 0.76 b.d.l. 

100120AZ SJA-03 9.4 34.1 586 -1.00 -4.91 n.m. n.m. n.m. n.m. b.d.l. 2.24 b.d.l. 

b.d.l. - below detection limit; n.m. - not measured; IS – ionic strength (mmolal); IB – ionic imbalance (% charge) 
aAll samples were analyzed using the ICP-OES except for those with sample number starting with "14" which were 
analyzed using the IC. 
bAll samples were analyzed using the ICP-MS, except for these with sample number starting with "14" which were 
analyzed using the IC. 
cAll samples were analyzed using the ICP-OES except for those with sample number starting with "14" which were 

analyzed using the ICP-MS. 
dField and analytical data for most samples taken in 2020 were reported in Canovas et al. (2017), except for Ca, Mg, Si, 
and isotopic values. 
eAlso sampled by Paukert et al. (2012) during the same fieldwork but all reported field and analytical data except that 
for DIC and Al were determined independently by this work. Name of sample in Paukert et al. (2012) is indicated at the 
last column. 
fAlso sampled by Paukert et al. (2019) during the same fieldwork but all reported field and analytical data except that 
for Al were determined independently by this work. Name of sample in Paukert et al. (2019) is indicated at the last 
column. 
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Table 3.1. (cont’d.)  

Sample Number SO4
-2 NO3

- NO2
- Li+ Na+ NH4

+ K+ Mg+2a Ca+2b Si+4c Al+3 IS IB    

  µmolal µmolal µmolal µmolal mmolal µmolal mmolal µmolal mmolal µmolal µmolal       
                

Fluids with pH between 7 to 9 

100112AI 464 154 b.d.l. 7.64 0.81 b.d.l. 0.03 1602 0.37 200 0.07 7 -2 e 10_06AI 

140110B 346 62.5 0.30 0.17 1.31 b.d.l. 0.04 1840 0.49 183 0.22 8 -1   

090118P 345 b.d.l. b.d.l. 0.50 4.35 b.d.l. 0.10 2148 0.42 169 2.71 12 -3 e 09_W06P 

140114S 443 116 0.22 0.56 3.20 0.31 0.11 2010 0.60 200 0.15 11 1   

100107C 734 211 4.26 0.81 3.81 b.d.l. 0.09 1445 0.33 289 2.19 9 -3 de 10_01C 

100107D 822 323 348 10.10 3.24 b.d.l. 0.07 1522 0.84 347 0.12 11 -3 de 10_01D 

090120W 820 261 n.m. 1.09 3.36 b.d.l. 0.09 1691 0.72 397 1.67 11 0   

140111G 326 49.0 0.31 0.53 1.53 0.57 0.04 2140 0.36 276 0.13 9 -2   

120114O 311 78.3 b.d.l. 0.65 1.19 b.d.l. 0.04 1451 0.30 138 0.42 7 -3   

100109X 381 79.5 0.40 7.20 1.76 b.d.l. 0.03 2290 0.40 283 0.07 10 -3 de 10_04X 

090119S 300 56.3 n.m. 0.50 2.03 b.d.l. 0.06 1227 0.17 116 1.04 6 -1 e 09_W08S 

090119T 343 161 n.m. 0.50 1.84 b.d.l. 0.05 1541 0.26 239 1.15 7 -2   

140116B 696 170 0.45 0.43 1.06 0.23 0.10 2810 0.56 303 0.15 11 0   

140116C 680 160 b.d.l. 0.55 1.37 1 0.10 2680 0.63 279 0.12 11 -1   

120116Q 646 99 0.14 0.86 1.00 1 0.08 2908 0.51 309 0.12 11 2   

100113AP 727 122 0.77 6.92 1.16 b.d.l. 0.08 2680 0.58 288 0.32 11 -2 de 10_08AP 

090123E 748 247 n.m. 0.97 1.08 b.d.l. 0.09 2664 0.51 305 2.48 11 -4   

100114AR 519 14.4 b.d.l. 7.92 5.43 b.d.l. 0.10 1485 0.45 78.5 0.08 11 0 de 10_09AR 

090122B 678 6.52 n.m. 3.03 8.90 b.d.l. 0.17 1777 0.12 97.2 2.19 16 -5 e 09_W12B 

100115AW 138 b.d.l. b.d.l. 4.61 4.51 b.d.l. 0.14 314 1.65 33.9 0.15 10 6 e 10_10AW 
                

Fluids with pH between 9 and 11 

140110D 180 27 b.d.l. 0.23 4.92 6.61 0.14 782 0.48 91.4 0.24 8 5   

140112L 243 37 b.d.l. 0.21 3.72 3.38 0.11 1150 0.31 111 0.25 8 -2   

090118N 196 b.d.l. n.m. 0.56 6.22 b.d.l. 0.17 1115 0.26 74.6 2.41 11 -5 e 09_W06N 

100107E 498 180 b.d.l. 10.70 4.89 b.d.l. 0.10 885 0.14 214 6.67 8 -3 de 10_01E 

090120X 431 133 n.m. 0.75 5.05 b.d.l. 0.12 810 0.95 186 4.04 10 8   

140111H 182 13 0.16 1.29 3.59 3.80 0.08 1170 0.21 145 0.13 8 -1   

140111I 154 8 0.30 1.50 4.36 5.97 0.10 807 0.37 100 0.13 7 5   

120114N 207 9 0.68 1.74 3.78 1.13 0.08 1082 0.28 133 0.09 8 -1   

100109T 334 52 b.d.l. 7.42 2.83 b.d.l. 0.05 1924 0.04 226 0.09 9 -8 d  

100109W 208 24 0.67 8.15 4.15 b.d.l. 0.07 1192 0.27 119 0.07 8 0 e 10_04W 

090117J 207 8 n.m. 2.29 5.16 b.d.l. 0.11 994 0.04 104 1.67 9 -7   

140116D 612 142 0.07 0.75 1.86 2.54 0.10 2430 0.72 260 0.12 10 2   

120116R 266 34 0.48 2.36 4.26 8.03 0.12 807 0.19 83.4 0.24 7 3   

100113AN 399 45 b.d.l. 8.11 3.83 b.d.l. 0.11 1433 2.17 157 0.40 11 25 de 10_08AN 

100113AO 362 49 b.d.l. 8.17 4.18 b.d.l. 0.11 1298 0.52 138 0.05 9 5 de 10_08AO 

090123G 356 65 n.m. 1.77 3.94 b.d.l. 0.12 1535 0.60 176 4.56 9 17   

090122A 347 11 n.m. 3.03 8.22 b.d.l. 0.17 860 0.49 36.3 5.86 12 5   

090122C 296 13 n.m. 3.17 8.79 b.d.l. 0.19 305 1.35 17.8 4.48 12 12   
                

Hyperalkaline Spring Fluids (pH > 11) 

140115X 4.75 0.35 b.d.l. 2.68 13.9 58.7 0.32 0.45 1.89 2.22 0.92 18 7   

140115Y 9.99 1.61 1.83 2.73 14.3 50.5 0.33 1.26 1.79 2.16 0.30 19 6   

140115Z 2.63 0.12 b.d.l. 5.24 17.1 87.6 0.33 0.41 2.37 1.38 0.15 22 13   

120118Y 2.18 0.39 0.35 5.60 9.24 12.2 0.19 1.02 1.88 2.36 0.41 14 2   

120118Z 6.37 0.63 0.63 3.16 12.1 19.4 0.27 0.70 1.50 2.96 0.49 16 5   

120129G 1.32 0.62 0.44 3.34 5.19 6.25 0.15 0.63 1.48 2.82 0.32 9 2   

120129H 1.00 0.28 b.d.l. 3.61 3.79 2.72 0.10 0.51 1.41 2.89 0.45 10 -22   

100111AA 4.10 b.d.l. 2.01 26.4 15.1 b.d.l. 0.26 0.28 1.66 1.79 0.15 20 0 de 10_05AA 
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100111AB 9.54 b.d.l. b.d.l. 21.8 15.7 b.d.l. 0.28 0.79 1.61 2.45 0.52 20 0 de 10_05AB 

100111AC 123 1.95 b.d.l. 15.3 14.6 b.d.l. 0.29 181 0.33 38.1 0.05 16 2 de 10_05AC 

100111AD 2.08 b.d.l. b.d.l. 34.6 18.1 b.d.l. 0.27 0.28 2.18 0.55 0.10 24 3 de 10_05AD 

100111AE 12.8 3.27 b.d.l. 30.1 18.3 b.d.l. 0.29 1.46 0.73 7.84 0.34 20 2 de 10_05AE 

100111AF 5.72 b.d.l. b.d.l. 21.90 15.4 b.d.l. 0.22 1.74 1.64 2.49 0.28 21 -2 e 10_05AF 

100112AG 1.13 4.28 b.d.l. 9.94 6.14 b.d.l. 0.15 0.65 1.73 1.37 0.07 11 0 de 10_06AG 

100112AH 0.93 b.d.l. b.d.l. 16.6 6.75 b.d.l. 0.14 0.34 1.58 1.43 0.13 11 0 de 10_06AH 

090116F 40.8 434 n.m. 2.22 11.4 43.5 0.31 0.81 1.22 4.28 5.41 17 -10 e 09_W04F 

090116G 28.4 21.4 n.m. 2.18 11.1 b.d.l. 0.27 0.79 1.12 3.35 5.41 19 -27 e 09_W04G 

090116H 46.5 3.13 n.m. 2.45 13.0 b.d.l. 0.28 0.87 0.30 27.8 4.67 15 -5   

090116I 48.1 55.6 n.m. 2.31 11.4 b.d.l. 0.27 0.42 0.85 14.7 6.67 16 -10 e 09_W04I 

100121BB 807 b.d.l. b.d.l. 13.7 17.8 b.d.l. 0.14 0.02 2.22 23.1 11.5 24 3   

140110C 10.8 0.47 b.d.l. 0.36 7.91 19.8 0.22 1.30 1.96 4.26 0.82 13 5   

140112K 18.4 0.11 0.11 0.38 7.59 22.7 0.21 2.24 1.89 3.88 0.97 13 5   

140112M 10.7 0.06 b.d.l. 0.35 7.89 21.1 0.22 0.67 1.98 5.60 1.33 13 5   

090118O 8.31 b.d.l. n.m. 0.95 8.09 b.d.l. 0.22 1.82 1.07 11.3 4.41 13 -13 e 09_W06O 

140113O 3.84 0.18 b.d.l. 2.01 9.40 33.6 0.25 1.07 2.09 3.68 0.54 15 7   

140113P 7.82 3.47 0.77 1.79 9.53 29.2 0.25 1.28 2.03 1.94 0.23 15 8   

140114R 21.1 11.2 0.76 1.53 8.10 19.8 0.23 1.46 1.85 2.44 0.44 13 7   

140114T 13.5 0.62 1.16 1.56 7.97 30.6 0.22 1.83 1.91 1.84 0.17 13 7   

140114U 176 26.2 0.14 1.62 8.09 11.9 0.22 16.1 1.17 7.43 0.07 10 19   

140114V 17.7 1.28 0.86 1.63 8.43 20.3 0.22 5.60 1.71 2.75 0.15 12 9   

120111A 13.1 10.7 1.67 2.29 5.33 3.30 0.14 2.04 1.31 7.88 0.47 9 -1   

120111B 12.9 2.21 1.35 2.25 7.38 6.47 0.20 1.32 1.71 4.46 0.40 12 4   

120111C 9.52 0.77 1.47 2.23 5.41 5.40 0.15 1.07 1.72 6.40 0.49 11 -1   

120113I 7.19 0.91 0.62 2.54 8.85 6.61 0.22 2.42 1.71 3.29 0.23 13 5   

120113J 4.76 2.21 2.79 2.38 4.20 3.71 0.10 0.59 1.72 3.82 0.69 9 -3   

120113K 10.8 2.18 10.7 2.61 7.53 1.74 0.19 0.45 1.60 20.4 3.04 12 -1   

120113L 8.84 14.2 1.96 3.30 12.79 1.53 0.33 0.96 0.73 26.4 2.82 15 3   

100108J 6.51 b.d.l. 0.14 31.4 10.4 b.d.l. 0.22 1.97 1.89 1.73 0.13 16 1 de 10_02J 

100108K 4.77 b.d.l. b.d.l. 30.5 10.4 b.d.l. 0.22 1.78 1.87 1.60 0.07 16 1 de 10_02K 

100108L 5.05 b.d.l. b.d.l. 27.9 10.6 b.d.l. 0.22 0.70 1.94 0.89 0.09 16 0 de 10_02L 

100108M 13.3 18.80 b.d.l. 33.7 12.7 b.d.l. 0.30 0.46 1.95 7.02 1.67 18 1   

100108N 5.80 b.d.l. b.d.l. 29.5 10.4 b.d.l. 0.21 0.89 1.75 0.43 0.12 16 0   

100108O 7.18 b.d.l. b.d.l. 31.1 10.8 b.d.l. 0.23 1.12 1.92 0.98 0.15 16 2   

100108P 34.2 b.d.l. b.d.l. 15.4 9.61 b.d.l. 0.21 15.3 0.56 7.48 0.37 12 -1 e 10_03P 

100108Q 25.3 b.d.l. b.d.l. 15.1 9.19 b.d.l. 0.20 6.36 1.19 2.47 0.10 13 1 e 10_03Q 

100108R 15.9 b.d.l. b.d.l. 14.8 8.89 b.d.l. 0.18 1.27 1.70 0.78 0.10 14 -4 e 10_03R 

090115A 11.9 16.4 n.m. 4.61 9.66 b.d.l. 0.25 34.7 2.07 21.9 63.4 16 1   

090115B 3.37 47.6 n.m. 2.10 9.81 b.d.l. 0.27 1.23 1.69 3.68 5.30 15 0   

090115C 13.6 134 n.m. 8.64 9.61 b.d.l. 0.25 41.0 2.21 10.6 36.7 16 0   

090115D 23.7 6.89 n.m. 2.31 9.90 b.d.l. 0.26 4.44 1.55 5.13 5.63 15 -2   

090115E 19.1 827 n.m. 2.12 10.0 48.5 0.27 1.86 1.70 3.49 5.26 15 -1   

100107A 69.9 b.d.l. b.d.l. 21.3 7.18 b.d.l. 0.12 0.21 2.06 37.2 22.6 13 -1 de 10_01A 

100107B 63.7 b.d.l. b.d.l. 21.5 7.16 b.d.l. 0.14 6.31 1.91 39.3 23.3 13 0 de 10_01B 

090120U 67.2 3.03 n.m. 1.77 6.58 b.d.l. 0.14 102 1.95 50.5 36.7 13 -5   

090120V 81.7 41.3 n.m. 1.35 6.62 21.1 0.16 22.3 1.67 45.0 23.0 13 -8 e 09_W10V 

140111F 11.3 1.49 b.d.l. 2.05 5.86 15.5 0.14 3.82 1.69 10.5 0.25 11 2   

120112E 1.87 0.19 0.45 3.16 4.20 1.64 0.10 0.68 1.74 5.56 0.54 9 8   

120112F 4.14 0.31 0.28 3.07 5.45 3.09 0.13 1.93 1.72 4.62 0.27 10 7   

120112H 9.52 0.42 0.22 2.87 6.33 1.60 0.14 0.74 1.80 31.5 0.79 11 6   

100109S 3.71 3.60 b.d.l. 15.8 7.03 b.d.l. 0.13 0.54 1.59 3.77 0.63 12 -2 de 10_04S 

100109U 4.57 b.d.l. b.d.l. 15.4 6.90 b.d.l. 0.11 1.23 1.51 0.47 0.35 12 -5 de 10_04U 

100109V 121 14.1 b.d.l. 8.37 5.60 b.d.l. 0.10 347 0.47 51.7 0.26 8 0 e 10_04V 
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090117K 58.9 135 b.d.l. 1.87 6.60 b.d.l. 0.14 74.5 0.25 25.3 1.85 9 -11   

090117M 3.54 b.d.l. b.d.l. 2.58 6.41 b.d.l. 0.15 6.65 1.52 3.82 5.63 11 0   

090119Q 14.5 47.1 n.m. 2.23 6.76 b.d.l. 0.15 56.5 1.82 24.0 15.6 12 0   

090119R 74.0 132 n.m. 0.69 6.89 b.d.l. 0.15 10.5 0.20 20.2 2.37 8 -6   

140117F 3.64 0.44 0.06 2.70 6.41 18.3 0.15 1.94 1.85 2.65 0.25 11 6   

140117G 1.38 0.02 b.d.l. 2.62 6.27 19.5 0.15 0.79 1.90 1.50 0.13 12 4   

140117H 1.58 0.11 b.d.l. 2.59 7.14 23.5 0.16 1.04 2.08 1.66 0.13 13 3   

140117I 6.46 0.10 b.d.l. 2.61 6.28 19.4 0.15 8.09 1.86 1.96 0.12 11 4   

140117J 111 0.08 b.d.l. 2.33 5.83 16.9 0.14 19.5 0.83 48.9 0.06 9 -7   

140117K 1.58 0.09 b.d.l. 2.58 7.16 21.3 0.16 1.48 2.08 2.26 0.23 13 7   

140117L 1.60 0.10 b.d.l. 2.79 7.33 22.7 0.16 1.47 2.14 1.87 0.19 13 5   

120116P 1.78 0.87 0.38 3.28 5.45 5.31 0.13 2.49 1.67 1.70 0.38 10 4   

120116S 4.38 0.22 0.39 3.37 5.61 5.45 0.13 4.54 1.70 2.23 0.13 10 5   

120117T 1.13 0.59 0.67 3.49 4.01 3.69 0.09 1.48 1.65 2.08 0.43 9 2   

120117U 1.78 0.80 0.35 3.63 6.25 6.86 0.15 0.87 1.65 1.77 0.39 11 2   

120117V 2.21 3.76 0.70 3.26 6.81 5.64 0.14 0.68 1.75 3.63 0.61 12 1   

120117X 1.26 2.38 1.74 3.54 6.04 3.14 0.15 0.56 1.67 2.37 0.42 11 3   

100112AJ 1.30 b.d.l. b.d.l. 15.1 7.13 b.d.l. 0.12 1.33 1.90 0.59 0.33 13 -3 de 10_07AJ 

100112AK 0.61 b.d.l. b.d.l. 16.0 7.06 b.d.l. 0.12 0.45 1.86 0.73 0.13 13 -6   

100112AL 0.97 b.d.l. b.d.l. 16.9 7.12 b.d.l. 0.12 0.44 1.82 0.57 0.07 13 -7   

100112AM 1.04 b.d.l. b.d.l. 16.7 7.13 b.d.l. 0.12 0.62 1.92 0.53 0.06 13 -3 de 10_08AM 

090123D 2.60 b.d.l. n.m. 0.97 6.48 b.d.l. 0.15 1.80 1.46 1.91 3.41 12 -10   

090123F 4.51 2.77 n.m. 1.77 6.80 b.d.l. 0.16 1.86 1.50 1.55 5.97 12 -6 e 09_W13F 

100114AS 221 12.3 b.d.l. 9.31 7.42 b.d.l. 0.14 291 0.30 22.7 0.04 9 0 de 10_09AS 

100114AT 12.10 b.d.l. b.d.l. 16.4 8.40 b.d.l. 0.14 0.70 1.72 3.53 0.58 14 -5 de 10_09AT 

100114AU 155 7.29 b.d.l. 9.70 7.80 b.d.l. 0.14 157 0.29 16.1 0.10 10 -3 de 10_09AU 

090122Z 33.90 b.d.l. n.m. 2.45 7.68 28.5 0.22 0.54 0.21 4.66 1.96 12 -28   

100115AV 62.5 5.59 b.d.l. 4.55 4.75 b.d.l. 0.12 4.15 2.48 0.39 0.09 13 -4 e 10_10AV 
                

Well Fluids 

120119B 117 17.8 0.43 0.64 2.31 11.6 0.08 32.6 1.14 5.95 0.52 6 0 f 12_03M 

120119A 9.20 1.48 0.24 0.65 5.40 14.9 0.12 5.68 3.42 2.78 0.46 14 12 f 12_03N 

120119C 9.30 0.98 0.31 0.57 5.29 17.0 0.12 4.19 3.47 2.72 0.37 15 8 f 12_03O 

120123E 420 0.27 0.22 3.00 4.05 75.1 0.11 10.2 7.73 8.29 0.75 22 35 f 12_04P 

120126F 327 187 12.5 0.60 1.17 b.d.l. 0.05 1420 0.38 456 0.34 5 44 f 12_05S 

120127G 674 84 b.d.l. 1.28 0.85 1.58 0.04 2218 0.05 1.48 0.29 7 0 f 12_06T 

120130I 724 129 b.d.l. 0.88 1.32 0.51 0.07 2458 0.05 4.53 0.12 8 4 f 12_08Z 

120130J 746 119 b.d.l. 0.92 1.31 0.34 0.06 2419 0.05 4.42 0.10 8 4 f 12_07Y 

100119AX 371 219 b.d.l. 4.18 1.26 b.d.l. 0.04 1273 1.06 375 0.09 7 49 f 10_11AX 

100119AY 255 204 3.89 4.32 0.78 b.d.l. 0.04 1123 0.96 366 0.09 5 55 f 10_11AY 

100120AZ 994 107 b.d.l. 3.96 1.58 b.d.l. 0.05 2100 0.03 4.38 0.07 8 16 ef 10_12AZ 
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CHAPTER 4 

PREDICTION OF ENERGY AND POWER SUPPLIES FOR SUBSURFACE 

MICROORGANISMS IN LOW-TEMPERATURE CONTINENTAL 

SERPENTINIZATION ENVIRONMENTS 

4.1. Introduction 

The continental subsurface hosts a significant portion of Earth’s microbial 

biomass (Gold, 1992; Whitman et al., 1998; McMahon and Parnell, 2014; Bar-on et al., 

2018; Magnabosco et al., 2018) that is estimated to be on par or even greater than those 

living in sub-seafloor environments (Whitman et al., 1998; Lipp et al., 2008; Kallmeyer 

et al., 2012; Parkes et al., 2014; Bar-on et al., 2018) and other continental environments 

such as those in soils (Whitman et al., 1998; Bar-on et al., 2018). The significance of 

microbial ecosystems hosted beneath Earth’s landmasses raises questions on the limits of 

life deep in the subsurface where carbon and energy sources can be limited. Unlike most 

organisms on the surface, subsurface communities acquire their energy independently 

from photosynthesis through chemotrophic reactions supported by water-rock 

interactions (Stevens and McKinley, 1995; Kotelnikova, 2002; Moser et al., 2005; Lin et 

al., 2006; Osburn et al., 2014; Magnabosco et al., 2016; Lau et al., 2016). A pertinent 

example is when serpentinization of ultramafic rocks generates fluids rich in reduced 

gases, such as H2 and CH4, that can support subsurface lithoautotrophic microbial 

ecosystems (SLiMEs, e.g., Nealson et al., 2005). In the process of serpentinization, 

ferrous iron in the rocks is oxidized to ferric iron in secondary minerals and in turn, H2O 

is reduced into H2, generating some of the most reduced fluids on Earth (McCollom and 

Bach, 2009; Klein et al., 2013; Leong and Shock, 2020). Consequently, at H2-rich 
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conditions, methane is favored to form from inorganic and other organic carbon sources. 

Serpentinization is a pertinent process as it can proceed even at the ambient low-

temperature conditions characteristic of most continental aquifers on Earth, without the 

added input of heat from magmatic bodies that characterize more well-known 

hydrothermal systems. Overall, serpentinization is an attractive process that can facilitate 

transfer of energy from the lithosphere to the biosphere as it can proceed spontaneously 

with only two requirements – liquid water and ultramafic rocks, and can enable habitable 

environments in the deep subsurface and perhaps even in rocky bodies beyond our planet. 

While the environment generated by serpentinization is enriched in electron 

donors, microbial communities encounter limitations in electron acceptors and inorganic 

carbon sources due to the reduced and hyperalkaline nature of serpentinization-generated 

fluids. Infiltrating fluids from the surface or shallow aquifers in communication with the 

atmosphere as well as through dissolution of minerals (e.g., carbonates, sulfates) can 

ultimately supply electron acceptors and support microbial ecosystems in the deep 

serpentinizing aquifers. In addition, surfacing reduced deep-seated fluids can potentially 

encounter oxic shallow aquifer fluids in discharge zones of fluid pathways. The 

enormous redox disequilibria generated when these fluids mix at these subsurface 

settings can support many chemotrophic strategies similar to those observed in mixing 

systems at the surface and seafloor like those surrounding hydrothermal vents. So far, 

chemotrophic energy supplies in serpentinizing environments have been quantified from 

a number of surface expressions of deep-seated serpentinization processes in submarine 

(e.g., hydrothermal vents; McCollom, 2007; Amend et al., 2011; Nakamura and Takai., 

2014) and continental (e.g., hyperalkaline spring and well fluids, Cardace et al., 2015; 
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Canovas et al., 2017; Crespo-Medina et al., 2017; Sabuda et al., 2020; Boyd et al., 2020) 

settings. In continental settings, hyperalkaline fluids normally occur along fault zones and 

lithological boundaries that tap into deep aquifers and facilitate the transport of these 

deep-seated fluids onto the surface where they usually seep out from outcropping rocks 

as springs (Dewandel et al., 2005). In this work we quantified energy available to 

chemolithotrophs in hyperalkaline seeps in Oman and expand findings from the above 

previous work. In addition, we provide the first estimations of energy supplies in gabbro-

hosted fluids and discuss how these energy supplies compare to those available in 

ultramafic-hosted fluids.  

While hyperalkaline spring fluids provide a glimpse of the energetic supplies that 

can be available in deep serpentinizing aquifers, subsurface geochemical energies can be 

best quantified through analysis of deep-seated fluids. However, data on pristine deep-

seated fluids obtained through wells are currently limited. Recent efforts to sample 

subsurface fluids through deep wells in serpentinizing environments (e.g., CROMO in 

California and the Oman Drilling Project in Oman, Cardace et al., 2013; Crespo-Medina 

et al., 2014; Seyler et al., 2020; Sabuda et al., 2020; Oman, Miller et al., 2016; Rempfert 

et al., 2017; Fones et al., 2019) are starting to populate datasets concerning fluid and 

microbial compositions of the deep serpentinizing subsurface. Uncertainties in surficial 

or shallow surficial inputs on deep-seated signatures are also currently unknown. 

Analyses of several deep well samples in the Oman ophiolite by Miller et al. (2016) and 

Rempfert et al. (2017) reveal the presence of oxidized aqueous species (dissolved sulfate, 

nitrate, oxygen, inorganic carbon) that could be introduced by atmospheric and/or 

shallow groundwater infiltration. Meanwhile, an extensive dataset that includes both 
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surficial and well fluids sampled from serpentinizing and surrounding environments can 

be used to predict compositions of end-member subsurface fluids. In this work, we used a 

large compositional dataset of fluids sampled from the Oman ophiolite in combination 

with calculations of fluid-mineral-gas equilibria to derive end-member compositions of 

fluids representative of the shallow and deep serpentinizing aquifers. Predicted 

composition of shallow-seated fluids that occur in the highly fractured shallow aquifers 

(<50 m, Dewandel et al., 2005) are in equilibrium with the atmosphere while estimated 

deep-seated fluids occurring in deeper aquifers (>500 m, Dewandel et al., 2005) result 

from advanced stages of the serpentinization process and are devoid of atmospheric and 

shallow aquifer inputs. Available energy supplies through various redox reactions are 

quantified using these predicted end-member compositions, as well as when these end-

member fluids mix at discharge zones of the subsurface fluid pathway, permitting 

estimates on maximum energy available when these two fluids of extremely different 

redox potentials encounter each other. These models were also used to assess where 

certain metabolic strategies are favored over others along the mixing gradient. Lastly, we 

quantified the rate at which energy is supplied to autotrophic and hydrogenotrophic 

methanogens living in the deep subsurface and estimate the amount of biomass such 

power supply can support given constraints in the supply of inorganic carbon available 

through the dissolution of various carbonate minerals. 

4.2. Methods 

4.2.1. Quantification of Energy Supplies 

Chemotrophic microorganisms obtain their energy sources through chemical 

reactions. In conditions where the forward direction of a reaction is favored due to 



  141 

disequilibrium between the reactants and products, energy can be supplied to 

chemotrophic microorganisms such as in the case for the aerobic oxidation of hydrogen 

or the Knall-gas reaction,  

 2H2 + O2  → H2O. (4.1) 

H2 produced through serpentinization is out of equilibrium with the amount of O2 

expected in the surface, driving reaction (1) forward and yielding energy that can be used 

by hydrogen oxidizers such as those belonging to the genus Hydrogenophaga that are 

ubiquitous in many serpentinizing environments (Schrenk et al., 2013). Serpentinization 

provides a pertinent case to study how chemical disequilibrium translates to microbial 

energy supplies as it generates some of the most reduced fluids on Earth even at the low 

temperature conditions that characterize most of Earth’s continental aquifers. Substantial 

amounts of energy can be supplied to microorganisms when these reduced fluids, 

enriched in H2 and other reduced species (methane, sulfide, ammonia), encounter oxic 

fluids common in the surface and shallow aquifers and are enriched in electron acceptors 

such as dissolved O2, inorganic carbon, sulfate, and nitrate. Aside from the aerobic 

oxidation of hydrogen (reaction 4.1), we quantified disequilibria and resulting energy 

yields per mass of fluid (calories/kg fluid) via 16 other chemolithotrophic reactions 

(reactions 4.2 – 4.17) that are detected or inferred to be present in serpentinizing 

environments, as summarized in Table 4.1 and described in detail in Appendix C of this 

work. While these 17 reactions are not exhaustive of metabolic strategies known in 

serpentinizing environments (see Appendix C), available geochemical data used in this 

work limit evaluation of energy supplies via other strategies such as those involving 
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organic compounds. Nevertheless, applying future constraints on these species into our 

models, described below, will permit a more complete understanding on the various  

energy sources available to microbial communities in subsurface serpentinizing 

environments. 

Table 4.1 

List of Chemolithotrophic Reactions used in This Work and Supporting Evidence For The 

Presence of a Given Chemolithotrophic Process in Serpentinizing Environments. 

Name Reaction Sites and References 

Aerobic Reactions 

Hydrogen 

Oxidation 

4.1 2H2 + O2 → 2H2O The Cedars, CA, USA (Suzuki et al., 2013V; 2014I; 2017IV); 

Lost City, Mid-Atlantic Ridge (Brazelton et al., 2011IV); 

Tablelands ophiolite, Canada (Brazelton et al., 2012IV; 

2013IV,V); CROMO, CA, USA (Twing et al., 2017IV); Voltri 

Massif, Italy (Brazelton et al., 2017IV); Cabeco de Vide, 

Portugal (Tiago and Veríssimo, 2013V); Leka ophiolite, 

Norway (Daae et al., 2013V); Santa Elena ophiolite, Costa 

Rica (Sanchez-Murillo et al., 2014V); Prony Bay, New 

Caledonia (Quéméneur et al., 2014V); Voltri Massif, Italy 

(Quéméneur et al., 2015V); Samail ophiolite, Oman (Miller 

et al., 2016V; Rempfert et al., 2017V); Zambales ophiolite, 

Philippines (Woycheese et al., 2015V); Rizoulis et al., 

(2016V); Outokumpu deep borehole, Finland (Itavaara et al., 

2011V); Tekirova ophiolite (Neubeck et al., 2017V); Lake 

Calumet, IL, USA (Ohlsson et al., 2019IV,V)* 

Methane Oxidation 4.2 CH4 + 2O2 → CO2 + 

2H2O 

Voltri Massif, Italy (Brazelton et al., 2017IV); CROMO, CA, 

USA (Seyler et al., 2020IV); Santa Elena ophiolite, Costa 

Rica (Sanchez-Murillo et al., 2014V; Crespo-Medina et al., 

2017V); Prony Bay, New Caledonia (Quéméneur et al., 

2014V); Voltri Massif, Italy (Quéméneur et al., 2015V); 

Samail ophiolite, Oman (Miller et al., 2016V; Rempfert et al., 

2017V); Tekirova ophiolite (Neubeck et al., 2017V); 

Zambales ophiolite (Woycheese et al., 2015V) 

Carbon Monoxide 

Oxidation 

4.3 2CO + O2 → 2CO2 Tablelands ophiolite, Canada (Brazelton et al., 2012IV, 

2013V, Morril et al., 2014II); Lost City, Mid-Atlantic Ridge 

(Brazelton et al; 2012IV); CROMO, CA, USA (Twing et al., 

2017IV); Samail ophiolite, Oman (Fones et al., 2019II,IV) 

Sulfide Oxidation 4.4 H2S + 2O2 → SO4
-2 + 

2H+ 

Lost City, Mid-Atlantic Ridge (Brazelton and Baross, 

2010IV); Cabeco de Vide, Portugal (Tiago and Veríssimo, 

2013IV); CROMO, CA, USA (Sabuda et al., 2020IV,V); Prony 

Bay, New Caledonia (Quéméneur et al., 2014V) 

Ammonia 

Oxidation 

4.5 NH3 + 2O2 → NO3
- + 

H+ + H2O 

Lost City, Mid-Atlantic Ridge (Lincoln et al., 2013III); Leka 

ophiolite, Norway (Daae et al., 2013V); Prony Bay, New 

Caledonia (Quéméneur et al., 2014V);  Voltri Massif, Italy 

(Quéméneur et al., 2015V); Zambales ophiolite, Philippines 

(Baculi et al., 2015V); Tekirova ophiolite (Neubeck et al., 

2017V) 

Nitrite Oxidation 4.6 2NO2
- + O2 → 2NO3

- Cabeco de Vide, Portugal (Tiago and Veríssimo, 2013V); 

Leka ophiolite, Norway (Daae et al., 2013V); Samail 

ophiolite, Oman (Rempfert et al., 2017V) 
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Iron Oxidation 4.7 4Fe+2 + O2 + 6H2O → 

4FeOOH + 8H+ 

Leka ophiolite, Norway (Daae et al., 2013V); Zambales 

ophiolite, Philippines (Woycheese et al., 2015V); Lake 

Calumet, IL, USA (Roadcap et al., 2006V)* 

Anaerobic Reactions 

Hydrogenothrophic 

and Autotrophic 

Methanogenesis 

4.8 CO2 + 4H2 → CH4 + 

2H2O 

Lost City, Mid-Atlantic Ridge (Brazelton et al., 2006V; 

2011II); The Cedars, CA, USA (Kohl et al., 2016II); Lost 

City, Mid-Atlantic Ridge (Bradley et al., 2009aIII; 2009bIII); 

Prony Bay, New Caledonia (Postec et al., 2015III,IV; 

Quéméneur et al., 2014IV); Voltri Massif, Italy (Brazelton et 

al., 2017IV); Del Puerto ophiolite, CA, USA (Blank et al., 

2009V); Santa Elena ophiolite, Costa Rica (Sanchez-Murillo 

et al., 2014V; Crespo-Medina et al., 2017IV); Prony Bay, New 

Caledonia (Quéméneur et al., 2014V; 2015V); Samail 

ophiolite, Oman (Miller et al., 2016V; Rempfert et al., 2017V; 

Fones et al., 2019II,IV); Zambales ophiolite, Philippines 

(Baculi et al., 2015V, Woycheese et al., 2015V); Voltri 

Massif, Italy (Quéméneur et al., 2015V); Outokumpu deep 

borehole, Finland (Nyyssonen et al., 2014V) 

Sulfate Reduction 4.9 SO4
-2 + 4H2 + 2H+ → 
H2S + 4H2O 

South Chamorro Seamount, Mariana Forearc (Mottl et al., 

2003III, Curtis et al., 2013V); Lost City, Mid-Atlantic Ridge 

(Bradley et al., 2009bIII, Brazelton et al., 2006V); Iberian 

Margin (fossil site, Klein et al., 2015III); Prony Bay, New 

Caledonia (Quéméneur et al., 2014IV,V; Postec et al., 2015V); 

Del Puerto ophiolite, CA, USA (Blank et al., 2009IV,V); The 

Cedars, CA, USA (Suzuki et al., 2017IV); CROMO, CA, 

USA (Sabuda et al., 2020IV,V); Cabeco de Vide, Portugal 

(Tiago and Veríssimo, 2013IV,V); Voltri Massif, Italy 

(Brazelton et al., 2017IV); Samail ophiolite, Oman (Miller et 

al., 2016V; Rempfert et al., 2017V) 

Anaerobic 

Oxidation of 

Methane 

4.10 CH4 + SO4
-2 + 2H+ → 

H2S + CO2 + 2H2O 

Lost City, Mid-Atlantic Ridge (Brazelton et al., 2011II); Lost 

City, Mid-Atlantic Ridge (Bradley et al., 2009aIII; Lincoln et 

al., 2013III); Prony Bay, New Caledonia (Quéméneur et al., 

2014IV; Postec et al., 2015IV); Mariana Forearc (Curtis et al., 

2013V); Santa Elena Ophiolite (Crespo-Medina et al., 2017V)  

Prony Bay, New Caledonia (Quéméneur et al., 2014V; 

2015V); (?)Samail ophiolite, Oman (Miller et al., 2016V; 

Rempfert et al., 2017V); Voltri Massif, Italy (Quéméneur et 

al., 2015V) 

4.11 5CH4 + 8NO3
- + 8H+ 

→ 4N2 + 5CO2 + 

14H2O 

4.12 3CH4 + 8NO3
- + 8H+ 

→ 4N2 + 3CO2 + 

10H2O 

Nitrate Reduction 4.13 NO3
- + H+ + 4H2 → 

NH3 + 3H2O 

Tekirova ophiolite, Turkey (Meyer-Dombard et al., 2015IV); 

The Cedars, CA, USA (Suzuki et al., 2017IV) 

Nitrogen 

Reduction 

4.14 N2 + 3H2 → 2NH3 Lost City, Mid-Atlantic Ridge (Brazelton et al., 2011IV; Lang 

et al. 2013G); Voltri Massif, Italy (Quéméneur et al., 2015V); 

Zambales ophiolite, Philippines (Woycheese et al., 2015V); 

Tekirova ophiolite, Turkey (Neubeck et al., 2017V) 

Water-Gas Shift 4.15 CO + H2O → CO2 + H2 Samail ophiolite, Oman (Canovas et al., 2017G) 

Annamox 4.16 NO2
- + NH3 + H+ → N2 

+ 2H2O 

Samail ophiolite, Oman (Canovas et al., 2017G) 

Carbon Monoxide 

Reduction 

4.17 CO + 3H2 → CH4 + 

H2O 

Samail ophiolite, Oman (Canovas et al., 2017G) 

Note: We used classification scheme developed by Canovas et al. (2017) to distinguish evidences for a 

given chemolithotrophic metabolism in serpentizing environments: (I) physiological studies of isolates 

from natural systems; (II) experimental work probing enhanced redox rate of chemotrophic reactions 
relative to abiotic controls; (III) transcriptomic, proteomic, or biomarker studies that yield evidence of 

expression of genes attributed to a metabolic process; (IV) genomic work that identifies presence of 

genes attributed to a metabolic process; (V) community analysis through molecular techniques (e.g., 16s 

rRNA) that identifies presence of microorganisms that could be capable of a given metabolic process; 

and (G) inferences using geochemical data (e.g., affinity for a given metabolic reaction, geochemical or 

isotopic trends). * denotes study sites that are not produced through serpentinization but emulate the 

hyperalkaline nature of serpentinizing systems (also see Pedersen et al., 2004). 
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 Chemical disequilibria yielding energy that can be harvested by catalyzing a 

given reaction is quantified by the chemical affinity (Ar) of that particular reaction. Ar is 

defined as the change in the overall Gibbs free energy (ΔrG) over the change in the 

overall progress of reaction r (ξr), 

 
𝐴𝑟 = − (

𝛿𝛥𝑟𝐺

𝛿𝜉𝑟
) (4.18) 

(de Donder, 1927; de Donder and Van Rysselberghe, 1936; Helgeson, 1979). The Gibbs 

free energy of reaction (ΔrG) is comprised of two components: (1) the standard state 

thermodynamic properties of the reactants and products in the reaction (ΔrG°), and the (2) 

ratio of activities of those reactants and products in a given environment (Qr), yielding 

 𝛥𝑟𝐺 = 𝛥𝑟𝐺° + 𝑅𝑇𝑙𝑛𝑄𝑟. (4.19) 

The standard Gibbs free energy of a reaction (ΔrG°), the first component of 𝛥𝑟𝐺, is 

related to the equilibrium constant, Kr, as expressed in the equation 

 𝛥𝑟𝐺° = 𝑅𝑇𝑙𝑛𝐾𝑟  . (4.20) 

In equations (4.19) and (4.20), R and T stand for the gas constant and temperature (in K), 

respectively. The activity ratio (Qr) of the reactants and products of a reaction r, the 

second component of 𝛥𝑟𝐺,  is as follows, 

 𝑄𝑟 = 𝛱𝑖(𝑎𝑖)𝑣𝑖,𝑟  (4.21) 

where ai represents the activity of the ith compound in the reaction raised to its 

stoichiometric coefficient in the rth reaction, vi,r, which is positive for products and 

negative for reactants. The activity (ai) can be calculated from the molality of a given 

species i (mi) and the activity coefficient (γi), as depicted by the equation 

 𝑎𝑖 = 𝑚𝑖𝛾𝑖 . (4.22) 
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In this work, activity coefficients were derived using the extended Debye-Hückel 

equation (Helgeson, 1969).  

Combining equations (4.18), (4.19), and (4.20) will yield the following expression 

 
𝐴𝑟 = 𝑅𝑇𝑙𝑛 (

𝐾𝑟

𝑄𝑟
) . (4.23) 

A positive value for Ar means that Kr > Qr or a negative value for 𝛥𝑟𝐺, and the forward 

direction of the reaction is favorable. Overall, the amount of energy that can be provided 

for by a reaction depends on how different the ratio of products and reactants determined 

from a study site (represented by Qr) are from what it should be if it is in equilibrium 

(represented by Kr). The overall affinity yielded by various reactions can be normalized by 

the number of electrons transferred to compare different chemotrophic reactions in similar 

units (i.e., calories per mole e-, e.g., see Shock et al., 2010; Canovas et al., 2017). If the 

limiting reactant in a given reaction is known, the amount of energy yielded per mass of 

fluid (Er) can be derived by multiplying the concentration of the limiting reactant l, ml (in 

moles per kg of fluid), with the affinity of a reaction (𝐴𝑟), taking into account the 

stoichiometry of the limiting reactant l in the reaction (vl), 

 
𝐸𝑟 =  𝑚𝑙 (

𝐴𝑟

𝑣𝑙
) , (4.24) 

as demonstrated by McCollom and Shock (1998), McCollom (1999, 2007), and Amend 

et al. (2011). 

It would follow that deriving 𝐴𝑟 and 𝐸𝑟 available through various chemotrophic 

reactions for a given study site would require the following steps. (1) Firstly, we need to 

calculate the standard Gibbs free energy (𝛥𝑟𝐺°) for a reaction given the temperature and 

pressure conditions of an investigated system. (2) Secondly, the concentration (mi) of 
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reactants and products i involved in the reactions need to be determined. (3) We also need 

to calculate the activities (ai) of each reactant and product. This involves obtaining the 

activity coefficient (γi) for each reactant and product at the appropriate temperature, 

pressure, and ionic strength. The ionic strength can be determined if the concentration of 

each ion is known and thus a comprehensive measurement of solutes, not just those 

involved in each redox reaction, is required. Part (1) can be conducted using available 

calculators of standard Gibbs free energy such as SUPCRT (Johnson et al., 1992) and in 

the case for the present work, CHNOSZ (Dick, 2008; 2019). Both codes use standard 

state thermodynamic data for aqueous species taken from Shock and Helgeson (1988), 

Shock and others (1989, 1992, 1997), Sverjensky and others (1997), together with the 

revised Helgeson-Kirkham-Flowers equations of state (Shock and others, 1992) and data 

for minerals from Helgeson et al. (1978) and the mineral goethite (reaction 4.7) from 

Shock (2008). Parts (2) and (3) use analytical data from field samples as described in the 

next section. 

4.2.2. Aqueous Geochemistry 

Compositions of fluids from the Oman ophiolite used in quantification of energy 

supplies are taken from companion studies (Canovas et al., 2017; Howells, in prep; 

Chapter 3 of this document) of the present work. These studies provide a comprehensive 

set of chemical data needed to support calculations of energy yield for chemotrophic 

reactions listed in Table 4.1. This set of measurements includes pH, temperature, and 

concentrations of major and trace species as well as dissolved gaseous species (O2, H2, 

CO, CH4). The pH, temperature, and concentrations of several redox-sensitive species 

(dissolved O2, Fe+2, sulfide) were measured in the field with portable meters and 
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colorimeters. Major and trace species (Na+, K+, Ca+2, Mg+2, Al+3, Si+4, NH4
+, Cl-, SO4

-2, 

NO3
-, NO2

-) were measured using ion chromatography (IC), inductively coupled plasma-

mass spectroscopy, and inductively coupled plasma-optical emission spectroscopy (ICP-

OES). Dissolved inorganic carbon (DIC) concentrations was measured using a wet 

oxidation total carbon analyzer. Dissolved H2 and CO levels were determined through 

gas chromatography coupled with a reducing compound photometer (GC-RCP), while 

dissolved CH4 concentrations were measured through a gas chromatograph with a flame 

ion detector (GC-FID). Results of measurements reported by the above companion 

studies are summarized in Table C1 in Appendix C while additional information on the 

study sites, sampling and analytical protocols, and instrumentation can be found in the 

above studies. Dissolved N2 warranted for some chemotrophic reactions in Table 4.1 was 

not measured. Following findings of Boulart et al. (2013) where dissolved N2 levels of 

stream and hyperalkaline fluids hosted in the Oman ophiolite are close to or above 

saturation with respect to atmospheric levels of N2, 100% atmospheric saturation was 

assumed for all samples as a minimum constraint. Results from instrumental analysis 

were further processed, using the EQ3 speciation-solubility code (Wolery and Jarek, 

2003) with the same thermodynamic data mentioned above, to derive ionic strengths, the 

activity of water, and the activity coefficients and activities of each of the dissolved 

species. All of these calculated values were used as inputs for calculations of available 

energy supplies via chemotrophic reactions listed in Table 4.1. 

4.3. Compositions and Redox State of Oman Ophiolite-hosted Fluids 

The pH of fluids investigated in this work and previously reported by companion 

works (Canovas et al., 2017; Howells, in prep; Chapter 3 of this work) ranges from 7 to 
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11.7 and includes a variety of fluid types hosted in either ultramafic or gabbroic rocks. 

Trends in the overall compositions of various fluid types – circumneutral Type 1 and 

hyperalkaline Type 2 fluids, as well as those with pH intermediate to these end-member 

fluids – are detailly discussed in Chapter 3 of this work and summarized in Appendix C, 

where similarities and differences in geochemical trends observed in ultramafic- and 

gabbro-hosted fluids sampled from the Oman ophiolite are also discussed .   

While concentrations of redox-sensitive aqueous species (dissolved O2, H2, 

inorganic carbon, CH4, CO, ferrous iron, sulfate, sulfide, nitrite, nitrate, ammonia) were 

reported in accompanying studies (Canovas et al., 2017; Howells, in prep; Chapter 3 of 

this document), processes that can account for their compositional trends have never been 

assessed. In the following discussions, we incorporate these analytical results with 

outcomes of calculations of fluid-mineral-gas equilibria to evaluate whether observed 

trends can be accounted for by processes such as fluid-mineral reactions and/or 

solubilities of gaseous species. Such assessments allow predictions on the compositions 

of end-member subsurface fluids that have not been modified by surficial processes.  

4.3.1. Dissolved Oxygen and Hydrogen 

Trends in the pH and the dissolved O2 (DO) concentrations of fluids investigated 

in this work are shown in Figure 4.1a. The DO concentrations of most fluids with pH 

values below 11 (circumneutral Type 1 and intermediate pH fluids) are close to saturation 

with the atmosphere (275 μmolal, dashed red line in Figure 4.1a) and are consistent with 

that of a fluid open to atmospheric exchange. On the other hand, dissolved oxygen 

concentrations of hyperalkaline Type 2 fluids vary from saturation with the atmosphere to 

very depleted levels. The depleted levels of DO in some hyperalkaline fluids are 
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consistent with deep-seated sources for these fluids where conditions are closed to 

atmospheric influence and fluids are driven to reduced conditions through water-rock 

interactions. Variations in the DO levels measured from hyperalkaline fluids reflect 

variable atmospheric input during sampling and analysis with the field 

spectrophotometer. There are no clear differences in the DO levels of gabbro- and 

ultramafic-hosted fluids as depicted by the orange and grey symbols, respectively in 

Figure 4.1a. 

The dissolved hydrogen (H2) concentration of fluids generally increases with pH, 

as shown in Figure 4.1b. Serpentinization leads to H2 generation where the oxidation of 

ferrous iron from the primary minerals to ferric iron in secondary minerals during rock 

alteration is accompanied by the reduction of H2O to H2. However, not all hyperalkaline 

fluids that result from serpentinization are enriched in H2. Dissolved H2 concentrations of 

hyperalkaline Type 2 fluids vary by almost six orders of magnitude from 10 nanomolal to 

3 millimolal, as shown in Figure 4.1b. These variabilities could either be a result of 

modifications from microbes consuming or generating H2 or subsurface flowpaths where 

input of reduced gases is decoupled from the overall aqueous pathway. In addition, 

ultramafic rocks comprising the Oman ophiolite are variable from dunitic (olivine-rich) 

to harzburgitic (olivine-rich with significant presence of orthopyroxene) in composition 

(Hanghoj et al., 2010) and these variabilities can also lead to variable amounts of H2 

generated during the serpentinization process (Klein et al., 2013; Leong and Shock, 

2020). In contrast to ultramafic-hosted fluids where many are known to contain >100 

μmolal H2, dissolved H2 levels of hyperalkaline fluids hosted in gabbroic rocks are low 

(maximum at 1 μmolal), as shown in Figure 4.1b. It is likely that water-rock interactions 
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in gabbroic bodies lead to fluids that are less reduced (less H2-rich) than those generated 

through the hydrous alteration of ultramafic rocks. This is consistent with findings from 

hydrothermal systems hosted in basalts, which are chemically similar to gabbroic rocks, 

that are usually less H2-rich than their counterparts hosted in ultramafic rocks (McCollom 

and Bach, 2009; Nakamura and Takai, 2014).  

Both dissolved O2 and H2 concentrations of circumneutral Type 1 and 

hyperalkaline Type 2 fluids can be used to assess the redox state of the shallow and deep 

subsurface, respectively, and ultimately the extent of the redox contrast that can be 

potentially harvested by microbes when these two end-member fluids mix. To assess 

their redox state, we calculated the Eh, pe, and oxygen fugacity (fO2) of these fluids as 

dictated by their dissolved O2 and H2 concentrations. Calculated values are compiled in 

Table S2 and are plotted in an Eh/pe-pH diagram shown in Figure 4.1c. Eh and pe 

calculated from the dissolved O2 and H2 values are depicted as red and blue squares, 

respectively, in Figure 4.1c. Eh and pe values calculated from the DO levels of fluids 

with pH values lower than 11 plot close to saturation with the atmosphere (upper black 

line in Figure 4.1c). Calculated Eh and pe values of hyperalkaline fluids are more 

variable with some plotting slightly lower than that dictated by atmospheric saturation. In 

contrast, Eh and pe values calculated using dissolved H2 concentrations (blue squares in 

Figure 4.1c) lead to a redox state close to that dictated by the reduction of H2O to H2 (at 

25 °C and 1 bar H2) as depicted by the lower black line in Figure 4.1c. The Eh and pe of  

fluids approach this equilibrium line as pH increases, suggesting upper limits in the H2 

concentration of deep-seated fluids close to those constrained by the H2O-H2 reduction 

process. 
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Figure 4.1. Dissolved O2 (a) and H2 (b) concentrations of Oman fluids. (c) Eh and pe of 

fluids calculated using the dissolved O2 (red squares) and H2 (blue squares) values of 

fluids. Upper and lower solid black lines depict Eh and pe values in equilibrium at 25°C 
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with the current atmosphere and with 1 bar of H2(g), respectively. (d – f) show 

concentrations of dissolved carbon species: inorganic carbon (d), methane (e), and carbon 

monoxide (f). Dashed red lines in (a), (d), and (e) depict dissolved concentrations at 

saturation with current atmospheric levels of O2(g), CO2(g), and CH4(g), respectively. 

Dissolved concentrations in equilibrium with atmospheric levels of H2(g) and CO(g) lie 

below the lower limits of plots shown in (b) and (f), respectively. Dashed black lines in 

(d) denote concentrations of DIC in equilibrium with calcite or magnesite. Grey field 

depicts results of mixing calculations of end-member fluids as shown in Chapter 3 of this 

work. Grey and orange symbols depict fluids sampled from ultramafic and gabbroic 

bodies, respectively. Square symbols are taken from data produced by accompanying 

work (Canovas et al., 2017; Howells, in prep; Chapter 3 of this work). Other symbols 

denote other work concerning fluids from the Oman ophiolite. 

 

H2(g) levels in the atmosphere (0.6 ppmv, Glueckauf and Kitt, 1957) correspond to 

dissolved concentrations of 0.5 nanomolal at 100% atmospheric saturation at 25°C. H2 

concentrations (7-60 nanomolal) of circumneutral Type 1 fluids (pH 7 to 8) are 14-120 

times oversaturated suggesting that deep-seated and serpentinization-generated H2 could 

have dissolved into shallow groundwater or stream fluids. On the other hand, maximum 

H2 levels measured from hyperalkaline Type 2 spring (0.3 millimolal, Canovas et al., 

2017; Howells, in prep) and well (3 millimolal; Rempfert et al., 2017) fluids are 

oversaturated by 60,000 and 6,000,000 times, respectively, relative to that constrained by 

current atmospheric levels. The latter value is close to that of a fluid saturated with a 1 

bar atmosphere composed entirely of H2 gas. This is consistent with thermodynamic 

simulations (McCollom and Bach, 2009; Klein et al., 2009; 2013; Leong and Shock, 

2020) that predict a transition to reduced conditions dominated by H2, approaching that 

constrained by reduction of H2O to H2, as serpentinization progresses. As fluids ascend to 

discharge in the surface, dissolved levels of H2 will be highly oversaturated with respect 

to the atmosphere leading to degassing and bubble formation observed in many 

continental serpentinizing environments. 
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Figure 4.1c ultimately points to a massive redox disequilibrium in the O2-H2-H2O 

system given the dissolved H2 and O2 concentrations of serpentinizing fluids. This 

difference in redox states, one dictated by the atmosphere and another by the reduction 

limit of H2O to H2, is perhaps one of the greatest contrasts observed in nature. This can 

lead to enormous disequilibrium that can be taken advantage of by aerobic hydrogen 

oxidizers, as quantified below. Such upper limit constraints on dissolved H2 also allow 

quantification of the maximum energy supply available to other hydrogenotrophs, 

expounded upon below. 

4.3.2. Dissolved Inorganic Carbon, Carbon Monoxide and Methane 

The concentration of dissolved inorganic carbon generally decreases with pH, as 

shown in Figure 4.1d. This decrease is attributed to incorporation of carbon into 

precipitating carbonate minerals during subsurface water-rock interactions. As fluids 

infiltrate into the subsurface during the initial stages of the rock alteration process, Mg-

bearing minerals (olivine, pyroxene, serpentine, brucite) in aquifer host rocks dissolve 

and Mg is released into the fluid and combines with DIC to precipitate magnesite 

(MgCO3). Water-rock interaction also mobilizes Ca from Ca-bearing minerals (e.g., 

pyroxene) into the fluid that can be incorporated into dolomite (CaMg(CO3)2). These 

mineral carbonation reactions compounded by the transition to a system closed to 

atmospheric input when fluids infiltrate deeper into the aquifer, will lead to decreasing 

concentration of DIC while pH increases as the rock alteration process progresses. Along 

with an increase in pH is an increase in Ca concentration that can eventually saturate 

calcite (CaCO3). As shown in Figure 4.1d, the lowest DIC concentrations measured in 

circumneutral Type 1 and hyperalkaline Type 2 fluids are consistent with those dictated 
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by the solubilities of magnesite and calcite (dashed red lines), respectively. In contrast, 

trends in the DIC concentrations of fluids with pH values intermediate between Type1 

and 2 fluids can be accounted for by the mixing of these end-member fluids, as shown by 

the grey field in Figure 4.1d from mixing calculations discussed in Chapter 3 of this 

work. Overall, the low concentrations of DIC in hyperalkaline fluids raises questions 

about the consequences of the limited amounts of inorganic carbon that can be available 

to microorganisms living in deep aquifers. Nevertheless, DIC can still be replenished 

through dissolution of carbonate minerals despite the low solubilities of carbonate 

minerals and their slow dissolution rates at hyperalkaline conditions. At the latter part of 

this work, we quantify the amount of energy and power supplied through this process and 

predict how much microbial biomass this energy supply can support in deep 

serpentinizing environments. Speciation of DIC in investigated fluids is shown in Figure 

C2a. Most of DIC at circumneutral pH exists as HCO3
- while those at hyperalkaline pH 

are mostly CO3
-2 and the neutral complex CaCO3(aq). 

Another process that can lead to a decrease in DIC concentration is the increasing 

potential to transform inorganic carbon into CH4 as fluids become more reduced (H2-

rich). This is consistent with increasing levels of CH4 with pH, as shown in Figure 4.1e. 

Abiotic formation of methane during serpentinization is believed to be the main source of 

the elevated amounts of CH4 observed in hyperalkaline springs and well fluids (Etiope 

and Whiticar, 2019). Whether this forms actively along the present low-temperature 

subsurface flowpath or during previous water-rock interactions at higher temperatures 

remains a subject of a debate. Measurement of CH4 isotopologues from both low- and 

high-temperature seafloor hydrothermal fluids support the high-temperature origins of 
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methane in water-rock systems (Wang et al., 2018). CH4 generated during high 

temperature water-rock interactions can be trapped in fluid inclusions hosted in mineral 

phases that are then released during modern groundwater circulation (McDermott et al., 

2015; Klein et al., 2019; Grozeva et al., 2020). Dissolved CH4 concentrations observed 

from gabbro- and ultramafic-hosted fluids are overlapping, though CH4 values of gabbro-

hosted fluids tend to plot closely with the most CH4-rich ultramafic-hosted fluids. This 

contrasts with their H2 trend where gabbro-hosted fluids tend to be H2-poor (see Figure 

4.1b). Klein et al. (2019) and Grozeva et al. (2020) observed that a mass of gabbro tends 

to host more CH4 in fluid inclusions than an equivalent mass of ultramafic rock and this 

could account for the elevated amounts of dissolved CH4 observed in gabbro-hosted 

hyperalkaline fluids relative to most of those hosted in ultramafic rocks. Overall, the 

above discussions suggest kinetic inhibitions to generate abiotic methane at low 

temperatures despite the favorable conditions (i.e., high H2 levels) and opens the 

possibility for microbial methanogenesis. In addition, CH4 that is recently mobilized from 

mineral fluid inclusions and that is in the presence of electron acceptors (O2, sulfate, 

nitrate, nitrite) allows potentials for methanotrophic reactions. Potentials for both 

methanogenic and methanotrophic reactions in surface and subsurface environments 

hosting serpentinizing fluids are quantified below. 

Like those observed for CH4, dissolved CO values measured in gabbro-hosted 

fluids plot close to the highest values measured from ultramafic-hosted fluids, as shown 

in Figure 4.1f. There is a weak pH trend in the dissolved carbon monoxide (CO) levels of 

fluids from the Oman ophiolite. At pH > 9, CO levels vary from 100 to 250 nanomolal. 

In contrast, fluids with pH < 9 usually have less than 100 nanomolal of CO. All measured 
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CO levels are much higher than a fluid in equilibrium with atmospheric levels of CO. 

Saturation at atmospheric levels of ~ 200 ppbv CO(g) will lead to dissolved CO 

concentrations of ~0.2 nanomolal. The elevated levels of dissolved CO relative to 

atmospheric constraints, as shown in Figure 4.1f, could arise from biological sources or 

input from the reducing subsurface. Nonetheless, supply of CO together with the 

presence of DO from surficial sources and dissolved H2 from deeper sources can lead to 

potentials for carbon monoxide oxidation and reduction, respectively, as expounded upon 

below. 

4.3.3. Dissolved Ferrous Iron 

Iron is a major component in ultramafic rocks and is mostly hosted as ferrous iron 

in primary phases such as olivine and pyroxene. Simulations by Leong and Shock (2020) 

show that early in the rock alteration progress ferrous iron released from the dissolution 

of primary minerals oxidizes and precipitates into goethite, buffering the total Fe 

concentration to very low values. As serpentinization progresses, the reacting fluid 

becomes increasingly reduced and Fe dissolved from primary phases is either precipitated 

into minerals such as magnetite, Fe-bearing brucite and/or Fe-bearing serpentine or 

remains dissolved as ferrous iron species in the fluid at concentrations in equilibrium 

with these mineral phases. Total dissolved Fe in equilibrium with these minerals is 

approximately 10 - 100 μmolal at hyperalkaline pH (Leong and Shock, 2020), consistent 

with values measured from hyperalkaline fluids in the Oman ophiolite as shown in Figure 

4.2a, which compares dissolved ferrous iron measured from field samples (grey symbols) 

with that dictated by mineral assemblages (dashed lines: ferrous hydroxide – magnetite, 

magnetite – goethite, and for end-member Fe-bearing serpentine with different valence 
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states for iron) that are common in partially and completely serpentinized ultramafic 

rocks (e.g., Andreani et al., 2013; Mayhew et al., 2018; Mayhew and Ellison, 2020; 

Templeton and Ellison, 2020). Hyperalkaline fluids sampled from seeps (square symbols 

in Figure 4.2a) plot close or above values dictated by the ferrous-hydroxide and 

magnetite assemblage. Well fluids (grey diamond symbols from Rempfert et al., 2017) 

are more enriched in dissolved iron and plot entirely in the ferrous hydroxide field, or 

close to values dictated by the transition from Fe end-member serpentine bearing both 

Fe+2 and Fe+3 (cronstedtite, Fe(II)2Fe(III)2SiO5(OH)4) to that only bearing Fe+2 

(greenalite, Fe(II)3Si2O5(OH)4). Circumneutral fluids plot closer to values dictated by 

equilibrium with more oxidized counterparts of the above minerals such as goethite or 

ferric iron-bearing serpentine (hisingerite, Fe(III)2Si2O5(OH)4), as shown in the left 

portion of Figure 4.2a. 

Ferrous iron concentrations measured from hyperalkaline Type 2 fluids are 

generally an order of magnitude more elevated than those measured from circumneutral 

Type 1 fluids, despite the fast rates of ferrous iron oxidation observed at alkaline pH 

(Stumm and Lee, 1961; Millero, 1985; Trapp and Millero, 2007; Morgan and Lahav, 

2007; St. Clair et al., 2019). It has been shown that oxidation of dissolved ferrous iron 

becomes more rapid as more dissolved ferrous iron is associated into hydroxide 

complexes with increasing pH (Millero, 1985; Morgan and Lahav, 2007). As shown in 

Figure C2b, hydroxide complexes become the predominant dissolved ferrous iron species  
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Figure 4.2. Concentrations of dissolved iron and sulfur species measured from fluids 

from the Oman ophiolite. (a) dissolved concentrations of ferrous iron. Upper and lower 

dashed red curves depict concentrations in equilibrium with the ferrous hydroxide-

magnetite and magnetite-goethite assemblages, respectively. Upper dashed green curve 

represents dissolved concentrations in equilibrium with Fe end-member of serpentine 

bearing only Fe+2 (greenalite) and both Fe+2 and Fe+3 (cronstedtite). Lower dashed green 

curve depicts concentrations in equilibrium with end-member serpentine bearing both 

Fe+2 and Fe+3 (cronstedtite) and only Fe+3 (hisingerite). Concentrations of dissolved 

sulfate and sulfide are shown in (b) and (c), respectively. (d) activity diagram showing 

calculated αH2S and αH2 of samples. Solid lines in (d) depict stability boundaries of 

various sulfide and oxide minerals while dashed grey lines depict solubilities of 

pyrrhotite and pyrite. Upper and lower solubility lines for these minerals are calculated 

considering the range in iron concentrations in equilibrium with these minerals. Lower 

(10 μmolal) and upper (30 μmolal) limits on the dissolved iron concentrations are taken 

from observations in hyperalkaline fluids (see Figure 4.2a) and result in the upper and 

lower solubility lines, respectively, for both sulfide minerals. Symbols are similar to 

those shown in Figure 4.1. 
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in investigated fluids as the pH becomes more basic. Thus, the reason for the persistence 

of ferrous iron at hyperalkaline pH conditions is unknown. Much of existing studies (e.g., 

Millero, 1985; Trapp and Millero, 2007; Morgan and Lahav, 2007) examined pH 

conditions where the first (FeOH+) and second (Fe(OH)2(aq)) hydroxide complexes are the 

major dissolved ferrous iron species and none so far has investigated oxidation rates at 

hyperalkaline conditions (pH >11) where the third hydroxide complex (Fe(OH)3
-) is 

dominant (see Figure C2b). The presence of this anion could likely inhibit oxidation and 

allow dissolved ferrous iron to remain in solution. Alternatively, instead of the speciation 

of dissolved ferrous iron, it is also likely that the DO-limited and H2-rich nature of Type 

2 fluids allows dissolved ferrous iron species to continue to exist in these reduced fluids. 

In addition, supply from the dissolution of Fe+2-bearing minerals can also be faster than 

their oxidation. One source for dissolved ferrous iron is through the dissolution of ferroan 

brucite, which is common in subsurface serpentinites (Templeton and Ellison, 2020) and 

relatively soluble (Pokrovsky and Schott, 2004). Overall, the persistence of dissolved 

ferrous iron in these fluids provides opportunities for iron oxidizers that are otherwise 

inaccessible due to rapid rates of abiotic iron oxidation at other alkaline but less reduced 

environments (St. Clair et al., 2019). In order to assess this energetic yield, potentials for 

microbial oxidation of dissolved ferrous iron to a ferric oxyhydroxide mineral (goethite) 

are quantified below. 

4.3.4. Dissolved Sulfate and Sulfide 

Trends in the dissolved sulfate levels of investigated fluids are plotted in Figure 

4.2b. Typically, fluids hosted in gabbroic rocks (orange symbols in Figure 4.2b) are more 

enriched in dissolved sulfate than those hosted in ultramafic rocks (grey symbols). 
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Sources for dissolved sulfate in these fluids are currently unknown. A possible source for 

sulfate in fluids is through dissolution of sulfate minerals such as those inferred for 

sulfate-rich fluids sampled from the Troodos ophiolite in Cyprus (Neal and Shand, 2002; 

Rizoulis et al., 2014). Calculations for mineral saturations reveal that hyperalkaline fluids 

in Oman are highly undersaturated with respect to anhydrite (see Table B2 in Appendix 

B) and are likely soluble in the presence of these fluids. However, unlike those observed 

in Cyprus where dissolved sulfate levels generally increase with pH (Rizoulis et al., 

2014), dissolved sulfate concentrations of fluids in Oman trend in the opposite direction, 

as shown in Figure 4.2c. Rather than sulfate leaching, this trend is more consistent with a 

fluid that is concomitantly becoming more reduced and alkaline as the rock alteration 

process progresses. Thus, the decreasing trend of dissolved sulfate with pH can be a 

result of increasing potentials to transform dissolved sulfate into sulfide as fluids become 

more reduced and alkaline. Conversely, oxidation of sulfide minerals in the presence of 

more oxic Type 1fluids can mobilized sulfate and account for the elevated sulfate 

concentrations in circumneutral fluids. As depicted in Figure 4.2c, all the above processes 

are consistent with a trend of increasing dissolved sulfide levels with pH. To further 

evaluate controls by various relevant minerals, results from calculations of mineral 

solubilities and stabilities are depicted in Figure 4.2d in an αH2S(aq)-αH2(aq) activity 

diagram calculated for the FeO-Fe2O3-H2O-H2S system at 25°C. The activities of 

dissolved H2S (αH2S) and H2 (αH2) of hyperalkaline fluids hosted in ultramafic rocks 

(grey symbols in Figure 4.2d) are calculated from environmental values and plot within 

the magnetite field, below the stability fields of the common sulfides, pyrite and 

pyrrhotite. However, without considering solid-solid phase transitions between minerals 
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and only accounting for the solubilities of pyrite and pyrrhotite, depicted as dashed grey 

lines in Figure 4.2d, dissolved sulfide levels of most ultramafic-hosted hyperalkaline 

fluids are close to saturation with these minerals, most especially with respect to 

pyrrhotite. Solubilities for these sulfide minerals where calculated given dissolved Fe+2 

concentrations ranging from 10 to 30 μmolal constrained from the solubilities of Fe-

bearing minerals discussed above at hyperalkaline pH (see Figure 4.2a) where the upper 

and lower dashed grey lines in Figure 4.2d correspond to the minimum and maximum 

range in dissolved Fe+2, respectively. In contrast, dissolved sulfide concentration that are 

an order of magnitude elevated (>100 µmolal), and comparable to the Lost City 

Hydrothermal Vents (Seyfried and others, 2015), were measured from hyperalkaline 

fluids hosted in gabbroic rocks (orange symbols in Figure 4.2d). As shown in Figure 

4.2d, dissolved sulfide and H2 levels of these fluids plot close to the phase boundary 

between pyrite and magnetite. This suggests that the dissolved sulfide levels of gabbro-

hosted fluids are dictated by a process of pyrite oxidation to magnetite, or conversely 

magnetite reduction to pyrite. It is also possible for these fluids to be within the stability 

fields of pyrite or pyrrhotite as dissolved sulfide and H2 concentrations are likely higher 

in the deep subsurface. Similarly high dissolved sulfide concentrations (>1000 ppb or 

>30 µmolal) were also measured by Cardace and others (2015) from the Manleleuag site 

in the Zambales Ophiolite, which is likewise hosted within a gabbroic body. These 

observations are consistent with bulk rock measurements showing that sulfide and total 

sulfur are most abundant in gabbros among the various rock types that make up the Oman 

ophiolite (Oeser and others, 2012). Fluid interactions with gabbroic rocks can thus 

contribute to elevated dissolved sulfide levels of fluids compared to those interacting with 
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ultramafic rocks. Sulfur isotopes can further trace possible sources of sulfur species and 

track their fates during serpentinization. Focusing on fluids associated with gabbroic 

bodies can reveal the processes behind some of the most sulfidic fluids occurring in low 

temperature environments. 

4.3.5. Dissolved Nitrate, Nitrite, and Ammonia 

Trends in the concentrations of dissolved nitrogen species (nitrate, nitrite, and 

ammonia) are shown in Figure 4.3. Dissolved nitrate concentrations decrease with pH, as 

shown in Figure 4.3a. The trend in the concentrations of dissolved nitrite does not have a  

 

Figure 4.3. Trends in the concentrations of dissolved nitrogen species with pH: nitrate 

(a), nitrite (b), and ammonia (c). (d) trend in the dissolved ammonia concentration with 

the dissolved chloride concentration. Symbols are similar to those shown in Figure 4.1. 
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strong pH dependence, as shown in Figure 4.3b. In contrast, as depicted in Figure 4.3c, 

dissolved ammonia concentrations of fluids increase with pH. Ammonia values correlate 

with dissolved chloride levels as shown in Figure 4.3d. Chloride and other salt-forming 

elements (Na, K) in hyperalkaline fluids are likely to result from leaching from minerals 

present in aquifer host rocks, as argued by Neal and Stanger (1985) and in Chapter 3 of 

this work. Dissolution of ammonium-bearing salts could likewise supply ammonia to the 

fluid and concomitantly account for elevated concentrations in the most saline 

serpentinizing fluids in Oman which typically occur near the basal thrust of the ophiolite 

(Chavagnac et al., 2013b; see Chapter 3 of this work). A comprehensive sampling of 

fluids across different geological settings in Oman would reveal insights on the variable 

lithological sources for nitrogen in subsurface environments. In the discussions below, 

we quantify energy sources for reactions involving various nitrogen species (NO3
-, NO2

-, 

N2, and NH3). 

4.4. Energy Supplies Available in Surficial Hyperalkaline Seeps  

The co-existence of several aqueous species that are out of equilibrium with each 

other can lead to energy supplies that can be harvested by several chemotrophic 

microorganisms. To evaluate how this disequilibrium translates to geochemical energy 

supplies, the potentials of 17 different chemolithotrophic processes are quantified in 

hyperalkaline seeps, which are surficial expressions of the deep-seated serpentinization 

process. The affinities of 16 of these reactions in surficial fluids in Oman were previously 

quantified by Canovas et al. (2017). We added one more reaction (iron oxidation), and 

also constrain the maximum energy available per kg of fluid. Energy supplies calculated 

via reactions 4.1 through 4.17 using data from Oman expand upon previous calculations 
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for other serpentinizing sites hosted in continental (Cardace et al., 2015; Crespo-Medina 

et al., 2017) and submarine (McCollom, 2007; Amend et al., 2011; Nakamura and Takai, 

2014) settings. Energy supplies available in fluids hosted in ultramafic bodies are also 

compared to those available in gabbro-hosted fluids in the following discussion. A 

summary and ranking of the energy supply available in hyperalkaline fluids through these 

17 chemolithotrophic reactions is depicted in Figure 4.4. The grey circles and bars depict 

the average and the range of the 25th and 75th percentile, respectively, of calculated 

energy supplies available in ultramafic-hosted fluids. The orange circles represent 

available energy in individual gabbro-hosted samples. Energy available in all fluids 

investigated in this work, including those that are non-hyperalkaline (pH<11), are 

discussed in Appendix C and are depicted in Figures C3 and C4. 

 In hyperalkaline fluids seeping from outcropping ultramafic rocks, aerobic 

reactions provide the highest energy yield, as shown in Figure 4.4 The aerobic oxidation 

of dissolved methane, ammonia, sulfide, hydrogen, and ferrous iron can supply >0.1 

calories per kg of fluid to microbial communities in hyperalkaline pools. The highest 

amount of energy available for an anaerobic community, albeit highly variable, can be 

provided by nitrogen reduction or fixation followed by the anaerobic oxidation of 

ammonia and methane (with nitrate, nitrite and sulfate as electron acceptors). On average, 

the amount of energy available for methanogens is close to the other anaerobic reactions 

but is highly variable ranging from 0.01 to 1 calories per kg of fluid. Sulfate and nitrate 

reduction offer 0.01 to 0.1 calories per kg of fluid. Of all of the aerobic reactions 

investigated by this work, the least amount of energy can be derived from the oxidation 

of nitrite and carbon monoxide. Despite the low energy yield, Canovas et al. (2017) show 
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that carbon monoxide oxidation provides the highest thermodynamic drive (𝐴𝑟) among 

all studied reactions. However, low amounts of dissolved CO present in the fluid (see 

Figure 4.1f) leads to minimal available energy (𝐸𝑟). Despite the limited energy supply, 

carbon monoxide oxidizers have been detected in various serpentinizing sites through 

experimental and molecular techniques (Morrill et al., 2014; Fones et al., 2019) and 

strategies that can efficiently tap into limited amounts of CO or alternative energy 

sources can likely help CO oxidizers to survive in these low-energy environments. Lastly, 

as shown in Figure 4.4, the least amount of energy can be supplied through the carbon 

monoxide reduction and water-gas shift reactions. Consistent with our calculations, 

microorganisms using such metabolic strategies have yet to be detected in serpentinizing 

environments. 

In contrast to the extensive data available for ultramafic-hosted fluids (grey 

symbols and bars in Figure 4), only two hyperalkaline gabbro-hosted samples (orange 

symbols) have complete compositional datasets required to calculate energy supplies for 

some reactions listed in Table 4.1. Despite limited data on gabbroic-hosted fluids, we 

compare energy supplies predicted for these fluids to trends observed from ultramafic-

hosted fluids for preliminary discussions on their metabolic potentials, which can vary 

significantly from those hosted in ultramafic rocks. Comparisons of the geochemical 

energy supplies at submarine hydrothermal systems hosted in various lithologies 

(ultramafic, basaltic, intermediate, and felsic rocks) have been conducted by Amend et al. 

(2011) and Nakamura and Takai (2014) but none so far have been conducted for 

continental-hosted systems. High dissolved methane and sulfide values observed in 

gabbro-hosted fluids (see Figures 1e and 2c, respectively) imply that these environments 
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predominantly host a methanotrophic and sulfide-based community. However, energy 

supplies for the aerobic oxidation of methane and sulfide are highly variable in the two 

investigated gabbro-hosted fluids, as shown in Figure 4.4 This is mainly attributed to the 

variations in the amount of dissolved O2, which in this case can be the limiting reactant. 

However, note that the maximum energy available for methane and sulfide oxidizers can 

be an order of magnitude higher in one of the gabbro-hosted sites compared to most of 

those hosted in ultramafic rocks. In addition, anaerobic methanotrophs using sulfate as 

the electron acceptor are highly favored in gabbro-hosted systems, as shown in Figure 

4.4. Moreover, there is also slightly higher energy available for CO oxidizers in gabbro-

hosted sites relative to most of those hosted in ultramafic rocks. In contrast, as H2 is 

depleted in gabbro-hosted fluids relative to most of those hosted in ultramafic rocks (see 

Figure 4.1b), energy supplies available for hydrogenotrophs like hydrogen oxidizers, 

methanogens and sulfate reducers are lower in gabbro-hosted systems. Rempfert et al. 

(2017) characterized the microbial community compositions of circumneutral to slightly 

alkaline gabbro-hosted fluids in the subsurface of the Oman ophiolite and found it to be 

diverse but lacking the presence of microorganisms capable of these metabolic strategies, 

which are more common in fluids sampled from ultramafic-hosted aquifers. Work 

probing the compositions of fluids and microorganisms (Mason et al., 2010; Li et al., 

2020) hosted in deep gabbroic rock are still scarce. Future work that will populate 

aqueous compositional datasets on gabbro-hosted environments, especially those with 

hyperalkaline pH, will allow more comprehensive insights into their bioenergetic 

potentials. Like ultramafic rocks, gabbroic rocks are pervasive in the seafloor (Cannat et 

al. 2010) and can potentially store extensive amounts of geochemical energy that can 
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support deep subsurface life. Studies improving our datasets on gabbro-hosted 

environments, in parallel to our growing understanding of ultramafic-hosted systems, 

would better capture the potential diversity of rock alteration and fluid compositions 

expected in various subsurficial settings, which in turn may vary significantly in their 

potential to support life. 

 

Figure 4.4. Summary and ranking of calculated energy supplies in hyperalkaline fluids 

via 17 different chemolithotrophic reactions. Energy supplies from these reactions are 

ranked from the most (top) to least (bottom) energy yielding. Grey circles depict average 

energy yield calculated from fluids hosted in ultramafic rocks. Bars denote the 25th and 

75th percentile of energy yield calculated from these samples. At most, only two of the 

investigated gabbro-hosted fluids have complete datasets of aqueous compositions 

needed for calculating energy yields for some reactions and are plotted accordingly. 
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4.5. Prediction of Subsurface Energy Supplies 

In the preceding discussions, we quantified energy supplies available for 

chemolithotrophic microorganisms by using data from natural samples collected in 

surficial settings (i.e., springs). Hyperalkaline fluids seeping from outcropping rocks are 

surface manifestations of deep-seated serpentinization processes, and predictions of 

geochemical energy supplies for deep subsurficial environments using these samples are 

limited by uncertainties brought about by surficial modifications of deep-seated 

signatures. Prediction of energy supplies available in deep subsurface settings is best 

quantified using subsurface samples. Quantifications of geochemical energy supplies 

from the few hyperalkaline subsurface samples obtained from wells in the Oman 

ophiolite, using geochemical data from Rempfert et al. (2017), show elevated energy 

supply for methanogens in well fluids, as shown by the diamond symbols in Figure C4a, 

which can be attributed to elevated levels of H2 observed in well fluids relative to those 

measured in springs (see diamond symbols Figure 4.1a). The dramatic effect of elevated 

levels of H2 in subsurface settings on this single example of the energy supply for 

subsurface methanogens raises questions about the potentials for other redox reactions. In 

light of the limited data on subsurface samples and uncertainties in surficial inputs to 

these deep-seated samples, compositions of end-member subsurface fluids were 

estimated through calculations of fluid-mineral-gas controls on subsurface fluid 

compositions enhanced by an extensive dataset for fluids sampled from ultramafic 

environments. Specifically, compositions of end-member fluids representative of both the 

deep and shallow serpentinizing aquifers were derived. Deep-seated fluids are in 

equilibrium with minerals forming actively during advanced stages of serpentinization, 
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and shallow-seated fluids are in equilibrium with minerals comprising the highly altered 

shallow aquifer host rocks. These estimated end-member fluids were then used to 

evaluate energy supplies available in the shallow and deep serpentinizing aquifers. In 

addition, mixing between the two end-member fluids, each buffered to extremely 

different redox potentials, can yield massive redox disequilibria that can be potentially 

harvested by microorganisms. Energy supplies across the mixing gradient can then be 

quantified to evaluate maximum energy yield along the mixing gradient. Mixing between 

the end-member fluids represents subsurface environments such as discharge zones 

where surfacing deep-seated hyperalkaline fluids encounter shallow groundwater. This 

zone could serve as a hotspot where subsurface life may bloom when these two end-

member fluids mix. The above model was previously described in Leong and Shock 

(2020) to predict subsurface energy supplies for methanogens and hydrogen oxidizers in 

low-temperature ultramafic aquifers in continents. In this work, we extend this model to 

the rest of the reactions compiled in Table 4.1. Similar models can also be applied to 

gabbroic aquifers once more data are available to warrant predictions on subsurface fluid 

compositions. 

4.5.1. Estimated Composition of Subsurface Fluids in Continental Ultramafic Aquifers 

Calculated compositions of deep-seated fluids forming at advanced stages of 

serpentinization are dictated by the chrysotile-brucite-diopside equilibrium, along with 

calcite (Leong and Shock, 2020). As calculated by Leong and Shock (2020), this 

assemblage of minerals yields a hyperalkaline fluid (pH ~ 12) elevated in Ca (>10 

millimolal) and depleted in dissolved Si (< 1 μmolal), Mg (<0.1 μmolal), and inorganic 

carbon (<10 μmolal) at 25°C. This predicted composition approximates those that are 
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observed in Ca+2-OH- (Type 2) fluids characteristic of advance stages of serpentinization 

(see Chapter 3 of this work). In contrast, we fixed the pH value of the shallow end-

member to 8 following observed trends in shallow wells and stream water hosted in 

ultramafic rocks in Oman (pH 7 – 9, e.g., see Paukert et al., 2012; Chavagnac et al., 

2013b; Rempfert et al., 2017; Chapter 3 of this work).  

The host rocks in the shallow aquifer are mostly composed of highly 

serpentinized ultramafic rocks that are comprised mainly of the minerals: serpentine, 

carbonates (magnesite, calcite, dolomite), and iron oxides and oxyhydroxides (Miller et 

al., 2016). The calculated composition for a fluid in equilibrium with these minerals is 

akin to the Mg+2-HCO3
- (Type 1) fluids typical in the surface and shallow aquifers in 

ultramafic-hosted environments. Specifically, calculations by Leong and Shock (2020) 

yield fluids with high dissolved Mg (>1 millimolal), inorganic carbon (>1 millimolal) and 

Si (>100 μmolal) and depleted Ca (<1 millimolal) concentrations relative to Type 2 

fluids. We set the salinities of shallow- and deep-seated end-member fluids to 1 and 10 

millimolal NaCl, respectively, following environmental trends.  

Dissolved oxygen of shallow- and deep-seated end-member fluids is set to 100% 

(0.3 millimolal) and 0% saturation with the atmosphere, respectively. In contrast, we set 

the dissolved H2 level of deep-seated fluids to be in equilibrium with 1 bar H2 (0.75 

millimolal) following limits by the H2O-H2 reduction reaction shown in Figure 4.1c. We 

set the dissolved sulfide concentration of deep-seated fluids to be in equilibrium with 

pyrrhotite (0.1 millimolal), following Figure 4.2d. Additionally, the dissolved ammonia 

of deep-seated fluids was set to 0.1 millimolal based on that shown in Figure 4.3d for the 

most saline sample, which could be a result of extensive water-rock reaction. In contrast, 
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we assume the dissolved H2, sulfide and ammonia concentrations of end-member 

shallow-seated fluids are very low following constraints on atmospheric levels of H2(g), 

H2S(g), and NH3(g) and are set to zero in our models. We assume values of 0.5 millimolal 

for nitrate and 1 μmolal for nitrite in the shallow-seated end-member fluid using averages 

of observed values in circumneutral fluids as depicted in Figures C4a and C4b, 

respectively. We also assume that these oxic species are not present in end-member deep-

seated fluids. For carbon monoxide, we assume a zero value for the shallow subsurface 

end-member following 100% atmospheric saturation. As we found no further evidence of 

constraints on deep-seated levels of CO, we assume a value of 0.3 μmolal following 

observations from hyperalkaline fluids.  

Dissolved N2 concentrations of both shallow and deep end-member fluids are set 

to atmospheric saturation (0.5 millimolal). Interestingly, unlike other gaseous species 

common in the atmosphere (O2, CO2) where dissolved components can be very low in 

hyperalkaline fluids, Boulart et al. (2013) found that dissolved N2 levels of hyperalkaline 

fluids are even higher, mostly between 1 – 2 times, than that constrained by atmospheric 

saturation (~500 μmolal at 25°C). N2 present from the starting reacting fluid could have 

become concentrated along the subsurface flowpath as liquid water is sequestered into 

minerals through mineral hydration reactions. Calculations in Chapter 3 of this work 

show that accounting for 50% of water loss to mineral hydration would require extreme 

extents of water-rock reaction involving water-to-rock ratio of <0.33 (e.g., reaction of >3 

kg of rock in 1 kg of water). As we lack information on the extents of subsurface water-

rock reactions, as a minimum, we assume similar constraints on N2 for end-member deep-
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seated fluids (0.5 millimolal) as that for the shallow end-member fluid set by atmospheric 

saturation.  

Dissolved Fe levels of deep-seated fluids are assumed to be in equilibrium with 

the magnetite-ferrous hydroxide assemblage (0.1 millimolal) at the pH set for deep-seated 

fluids (pH ~12), while dissolved Fe values for shallow-seated fluids are constrained by 

equilibrium with a ferric oxyhydroxide (goethite, close to zero concentration) at modern 

atmospheric conditions.  

We set methane levels of the shallow-seated end-member fluid to be close to zero, 

following atmospheric constraints. Assumed CH4 values for the deep-seated fluids vary 

in our model as abiotic methane generation during water-rock interactions at low 

temperatures is still uncertain. Recent evidence shows that methane detected in many 

low-temperature serpentinizing environments is not formed actively in the subsurface but 

is introduced from leaching of gas-rich fluid inclusions. Methane in these inclusions was 

formed during previous water-rock interactions at high temperatures (>270 °C) that are 

eventually trapped in fluid inclusions and released during active groundwater circulation 

(McDermott et al., 2015; Wang et al., 2018; Klein et al., 2019). To accommodate 

variations in the input of methane to deep-seated sources, we used two extreme values of 

methane for the deep-seated end-member fluids. We first set methane concentration to a 

very low value (1 picomolal or close to zero) to indicate no input from fluid inclusions 

and then set it to high values typically observed in fluids sampled from wells (~1 

millimolal, Rempfert et al., 2017; Etiope et al., 2017). The former and latter scenarios 

maximize potentials for methanogens and methanotrophs, respectively, and can be 

considered robust estimates of subsurface energy supplies involving methane. All the 
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above constraints and assumptions on the composition of end-member shallow and deep-

seated fluids are summarized in Table S5. 

4.5.2. Energy Supplies in the Serpentinizing Subsurface 

Calculated energy supplies available for various chemolithotrophs living in end-

member fluids characteristic of the shallow and deep serpentinizing aquifers and in zones 

where these two different fluids mix are shown in Figure 4.5. The trend in the evolution 

of pH during the mixing process is shown as a dashed grey curve. Curves shown in 

Figure 4.5a are results of calculations assuming minimal background methane levels (1 

picomolal) which lead to low values of energy supplies for methanotrophic reactions that 

are below the range shown in the diagram. In shallow-seated fluids (100% shallow fluid 

in the top of Figure 4.5a), energy for all investigated chemotrophic reactions are less than 

0.1 calories/kg fluid due to limitations in the supply of electron donors. For deep-seated 

end-member fluids (0% shallow at the bottom of Figure 4.5a), most reactions also yield 

less than 0.1 calories/kg fluid due to limitations in electron acceptors. Only 

methanogenesis (~0.2 calories/kg fluid) and nitrogen reduction (~6 calories/kg fluid) 

reactions yield energy supplies exceeding 0.1 calories/kg fluid. 

Unlike reactions where the electron acceptor supply (O2, sulfate, nitrate, nitrite) in 

the deep-seated end-member is close to zero, dissolved inorganic carbon can be supplied 

by subsurface carbonate minerals, as shown in Figure 4.1d where the lowest DIC 

concentrations measured in hyperalkaline fluids approach values constrained by the 

solubilities of carbonate minerals (calcite and magnesite). Thus, the distribution of 

carbonate minerals in the deep subsurface could help sustain conditions favorable for 

methanogens in deep aquifers by suppling the necessary electron acceptors.  
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Figure 4.5. Calculated energy supplies via various reactions during mixing between 

fluids that equilibrated with deep-seated rocks (bottom of figure) and those that 

equilibrated with the atmosphere and highly altered rocks composing the upper aquifers 

(top of figure). Dashed grey curve depicts pH during mixing with values represented at 

the top of the chart. (a) results of mixing calculations assuming minimal background 

methane (1 picomolal), which maximizes energy supply for methanogens and yields no 

energy for methanotrophs. (b) results of models assuming elevated background methane 

(1 millmolal) depicting energy supplies via various methanotrophic reactions. At these 

high levels of methane, the drive for methanogenesis is lower and yields less energy than 

that depicted in (a), which is represented as the dashed brown curve in (b). Energy 

supplies from other reactions in this scenario are similar to those shown in (a) and are 

thus not plotted in (b). From bottom to top, a change in the direction in the curves 

depicting energy supplies in (a) and (b) marks the transition to a system limited by 

electron donors from that a system limited by electron acceptors. Energy via all reactions 

listed in Table 4.1 were calculated but some are not shown as energy yield is <0.1 

calories/kg fluid. 

 

In addition to methanogenesis, energy is also available via the nitrogen reduction 

or fixation reaction as N2 is believed to be available in deep-seated fluids. However, 

unlike methanogenesis which has been detected in many serpentinizing sites, there is less 

evidence for the presence of nitrogen fixers capable of reducing N2 in the serpentinizing 
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subsurface despite the relatively higher available energy. Brazelton et al. (2011) 

identified the nifH genes in biofilms from the submarine Lost City vents that strongly 

suggests the presence of N2 fixers. Whether they are active in deep-seated continental 

serpentinizing environments remains to be seen. 

Additional energy through a more diverse variety of redox reactions can be 

available when the two end-member fluids mix, as shown in Figure 4.5a. Overall, nitrate 

reduction and hydrogen oxidation provide the most energy during the mixing process. 

Their high energy yield (Er) can be attributed to extensive disequilibria that results in 

high 𝐴𝑟 values (Canovas et al., 2017, also see Table C3). This high disequilibria and/or 

energy yield could contribute to the dominance of H2 and sulfur-oxidizing denitrifiers in 

deep aquifers in the Witwatersrand Basin, South Africa (Lau et al., 2016) compared with 

those that are capable of methanogenesis, sulfate reduction, and the anaerobic oxidation 

of methane that are typical of most subsurface lithoautotrophic microbial ecosystems 

(SLiMEs) supported by H2 (Moser et al., 2005; Lever et al., 2013; Magnabosco et al., 

2016; Fones et al., 2019). 

The changes in the direction of the slopes of curves depicting various energy 

supplies in Figure 4.5a indicate a transition in the limiting reactants (e.g., DIC or H2 for 

methanogenesis, O2 or H2 for hydrogen oxidation, etc.) at a given mixing extent, with the 

oxidant usually being limiting at low degrees of mixing of shallow end-member fluid into 

deep-seated fluids (lower part of Figure 4.5a). The highest energy for a given reaction is 

attained at this point of the mixing progress. Anaerobic reactions tend to shift from being 

oxidant-limiting to reductant-limiting and thus maximize their energy yield at no to low 

extents of shallow fluid mixing into deep-seated fluids. In contrast, except for iron 
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oxidation, energy through aerobic reactions usually maximizes at greater extents of 

mixing. Energy is maximized for hydrogen oxidizers late in the mixing process (~60% 

mixing), while those for ammonia and sulfide oxidizers occurs at 42% and 33% mixing, 

respectively. Energy for methanogens is maximized at minimal mixing extents (~10%) 

while sulfate and nitrate reducers can get the most energy at a little higher mixing extent, 

that is at ~25% and ~30%, respectively. Energy via nitrogen reduction decreases as the 

mixing process progresses. These predicted trends suggest that methanogens and other 

anaerobes could be favored in fluids characterized by no to low extents of mixing at 

deeper portions of the discharge zone of the aquifer, while aerobes would prefer systems 

characterized by higher extents of mixing close to the surface.  

In the scenario where elevated levels of methane (~1 millimolal) are available in 

the deep-seated fluid end-member, such as those measured from some subsurface fluids 

in serpentinizing environments (Rempfert et al., 2017; Etiope and others, 2017), 

conditions for both aerobic and anaerobic methanotrophs become favorable. Results of 

energetic calculations for methanotrophic reactions along the mixing process are shown 

in Figure 4.5b as blue curves of different shades. Similar to trends for other aerobic 

reactions shown in Figure 4.5a, energy yielded by the aerobic methanotrophic reaction is 

maximized at high extents of mixing (~87%) while anaerobic methane oxidation 

reactions are maximized at lower extents of mixing. Among the various electron 

acceptors available to methanotrophs, high energy is available for those capable of 

reducing nitrate followed by those capable of reducing sulfate. Methanotrophy using 

nitrite as an electron acceptor yields energy <0.1 calories/kg and hence is not shown in 

Figure 4.5b. If the modeled methane level is less than that of 1 millimolal, energy values 
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will shift to the left and the change in direction of the slope of the curves will occur at 

lower extents of mixing as lower concentrations of methane will be limiting earlier in the 

mixing progress. In addition, the high levels of methane assumed for the scenario 

depicted in Figure 4.5b would result in lower potentials for methanogenesis and hence 

will yield less energy. Despite the 12 orders of magnitude difference in the methane 

levels assumed in this scenario (1 millimolal) vs. that depicted in Figure 4.5a (1 

picomolal), the reduction in the amount of energy supplies is reduced by only ~50% as 

shown by the two brown curves in Figure 4.5b with the dashed curve representing values 

from the methane-poor scenario depicted in Figure 4.5a.  

Energetic returns inferred for the continental serpentinizing subsurface are less 

than those predicted for analogous mixing process accompanying fluid venting in 

submarine hydrothermal environments (e.g., >100 calories/kg for methanogenesis alone, 

McCollom, 2007; Amend et al., 2011; Nakamura and Takai, 2014). Although limited, 

these energy supplies could still support microbial communities in the continental 

subsurface. Results from calculations for the mixing of end-member fluids shows that 

energy inferred for the subsurface, which can be >10 calories/kg for some reactions 

(Figure 4.5), are on par or even greater than those calculated from surficial samples (<10 

calories/kg, see Figure 4). Howells (in prep) shows that chemotrophs such as 

methanogens and other hydrogenotrophs are present in serpentinizing fluids at the surface 

despite the limited energy. Therefore, similar or even higher amounts of energy predicted 

for the subsurface seem likely to sustain subsurface communities. Furthermore, discharge 

zones along fluid pathways can enhance energy availability through fluid mixing and 

could be hotspots for subsurface life. Mixing calculations can also predict where certain 
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microbial communities are favored in the subsurface and can help future work that targets 

certain microbial strategies during subsurface sampling. Further work can also test the 

predictions made here through detailed sampling of the subsurface and experiments 

simulating the mixing processes.  

4.5.3. Power Supplies for Methanogens and Microbial Biomass in Deep Serpentinizing 

Aquifers  

Energy supplies will eventually decrease as reactants are consumed. The forward 

direction of a redox reaction can be still be favorable and sustained if the rate at which 

reactants are delivered is equal to or faster than that at which they are consumed. Overall, 

habitable systems are attained when the rate to which energy is supplied exceeds 

biological demand (Shock and Holland, 2007; Hoehler, 2007). Thus, quantification of 

how fast can energy be supplied to a subsurface community in combination with 

estimates of microbial energy demand would provide powerful tools for mapping and 

targeting hotspots in the deep subsurface where life may proliferate. 

In habitable subsurface environments, groundwater flow must be fast enough to 

supply reactants that favor the forward direction of chemolithotrophic reactions. While 

there are constraints in the magnitude of groundwater flow in the shallow aquifers in the 

Oman ophiolite (Dewandel et al., 2005), flow rates in the deep subsurface are not yet 

quantified. In the deep aquifers, supplies of electron acceptors or inorganic carbon from 

the surface is limited. However, alternative sources of inorganic species such as carbon 

and sulfate can be readily available in the deep subsurface through the dissolution of 

minerals. It would follow that the rate at which minerals dissolve can provide constraints 

on the rate to which energy can be supplied to subsurface microbial communities. As an 
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example, we discussed above that conditions favorable for methanogens in carbon-poor 

systems are possible so long as inorganic carbon is supplied from the dissolution of 

carbonate minerals. This is likely to be the case in deep subsurface environments as the 

supply of inorganic carbon (electron acceptors) will be limiting instead of the supply of 

H2 (electron donor), which is enriched in serpentinization-generated fluids. However, at 

the hyperalkaline conditions characteristic of serpentinization-derived fluids, carbonate 

minerals are highly insoluble and are very slow to dissolve. These constraints raise 

questions about whether the presence of deep carbonate minerals is enough to support 

deep-seated methanogens. To answer these questions, power supplies for methanogens 

were calculated using energy yields derived above for methanogenesis in combination 

with experimental constraints on the rate of dissolution of carbonate minerals common in 

the Oman subsurface: calcite, magnesite, and dolomite (Mervine et al., 2014).  

The rate of calcite dissolution decreases with decreasing pH but becomes constant 

when pH exceeds values between 6 and 7 (Plummer et al., 1978; Chou et al., 1979). At 

circumneutral to basic pH (~12) and ambient temperatures (~25°C) assumed for 

serpentinization-generated fluids flowing in continental serpentinizing aquifers, the rate 

of dissolution of calcite varies from 10-6-10-5 mole C m2 sec-1 (Plummer et al., 1978; 

Chou et al., 1979; Shiraki et al., 2000; Arvidsson et al., 2003).  Dissolution of magnesite 

at 25°C and circumneutral to alkaline conditions is much slower than that shown for 

calcite and varies from 10-10-10-9.5 mole C m2 sec-1 (Pokrovsky and Schott, 1999). The 

dissolution rate of dolomite is intermediate between those of calcite and magnesite and 

more variable, from 10-10-10-8 mole C m2 sec-1, following results of experiments by 

Pokrovsky and Schott (2001).  
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At minimal background methane (1 picomolal) and at H2 concentrations dictated 

by the H2O-H2 redcution process, the methanogenesis reaction will yield 𝐴𝑟 values of 

~3250 calories/mole e- transferred or a total of 26,000 calories/mole C (3250  8 e- 

transferred from one mole of DIC to one mole of CH4). This is equivalent to ~110,000 

Joules/mole C. If background methane is high (1 millimolal) such as that depicted in 

Figure 4.5b, energy yield will decrease by approximately half yielding 60,000 

Joules/mole C. Multiplying 𝐴𝑟 (Joules/mole C) with the dissolution rates (mole C/cm2 

sec) will result in a power yield per m2 of carbonate (watts/cm2). The total power supply 

per mass of fluid (watts/kg fluid) is obtained assuming variations in the specific surface 

area that is possible in the subsurface from a highly fluid-dominated system (10-5 m2 

carbonate in contact with 1 kg of fluid) to one that is rock-dominated (101 m2 carbonate 

per kg of fluid).  

Results of calculations, depicted in Figure 4.6a, show increasing power yield with 

increasing specific surface area. The colored area for each carbonate mineral depicts 

variations in the dissolution rate and energy yield discussed above, with the upper bound 

representing the scenario with the fastest dissolution rate and highest energy yield (i.e., at 

low background methane). Calcite, which has the fastest rate of dissolution among the 

three carbonate minerals, will yield the fastest rate at which energy can be supplied for 

methanogens. A lower power supply is available through dissolution of dolomite 

followed by dissolution of magnesite. Incorporating constraints on the energetic demands 

of methanogens (watt/cell) allows estimates on how much methanogenic biomass 

(cells/kg fluid) these power supplies (watt/kg fluid) can support in the deep subsurface. 

For methanogens, we used the power requirement of 1400-1600 fW/cell needed for cell  
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Figure 4.6. (a) Power supplies (log watts/kg fluid) available for deep-seated methanogens 

as functions of the availability of carbonate minerals (log m2 calcite, dolomite, or 

magnesite per kg of fluid) supplying inorganic carbon. (b) Amount of methanogenic 

biomass that can be supported by this power supply. Lower and upper dashed horizontal 

lines depict 10% and 100%, respectively, of biomass (~108 cells/kg fluid) measured from 

hyperalkaline fluids obtained from deep wells in Oman (Fones et al., 2019). Ranges in 

the availability of carbonate minerals necessary to support this amount of biomass, 

assuming it is all methanogenic, are shown by the arrow lines. 
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maintenance (Tijhuis et al., 1993; Larowe and Amend, 2015). Calculated biomass as 

functions of the availability of carbonate minerals is depicted in Figure 4.6b. By 

comparison, biomass observed from hyperalkaline fluids obtained from wells in the 

Oman ophiolite was quantified to ~108 cells/kg fluid (Fones et al., 2019). If l00% and 

10% of these cells are methanogens, respectively depicted by the upper and lower 

horizontal dashed line in Figure 4.6b, this would entail that ~10-4.4 to 10-1.9 m2 (<1 – ~100 

cm2) of calcite would be required to be in contact with a kg of fluid to support this 

amount of methanogens living in deep H2-rich, serpentinizing aquifers. In contrast, the 

same amount of dolomite and magnesite can support far less biomass (<106 cells/kg 

fluid) and the presence of much more of these minerals is required to support the same 

magnitude of biomass detected by Fones et al. (2019) for the Oman serpentinizing 

subsurface, as depicted by the green and orange arrows in Figure 4.6b. 

A survey of the extent of mineral carbonation through detailed fieldwork or 

investigation of recovered cores from the deep subsurface would reveal if 

methanogenesis from carbonates is a realistic scenario. The above calculations only 

simulate advection of inorganic carbon sources through mineral carbonate dissolution 

that can potentially be harvested by subsurface microbial communities. Alternative 

modes of harvesting substrates like those of autotrophs capable of directly assimilating 

carbon from minerals (e.g., Guida et al., 2017) can overcome limitations from constraints 

on mineral dissolution rates. Nevertheless, the model proposed here presents 

opportunities to combine constraints from mineral dissolution experiments with 

calculations of microbial energy supply and demand to predict not only the rate to which 

geochemical energy is supplied to subsurface communities but also to infer how much 
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biomass this energy supply can support. Ultimately, these calculations can provide 

information on where to target deep-seated communities with the aid of field 

observations and estimations on the distribution of minerals that can supply electron 

acceptors (e.g., carbonates, sulfates, iron oxide/oxyhydroxides) or donors (e.g., reduced 

iron and sulfur minerals) in the deep subsurface. 

4.6. Conclusions 

Chemical energy stored in rocks and released during water-rock reactions can 

potentially support a rich deep biosphere. A pertinent example is when the 

serpentinization of ultramafic rocks yields some of the most reduced fluids on Earth that 

can ultimately sustain deep subsurface microbial communities. This work presents a 

comprehensive quantification of geochemical energy supplies available in both the 

serpentinizing surface and subsurface. We evaluate energy supplies in hyperalkaline 

fluids seeping from both ultramafic and gabbroic outcrops and find that these fluids can 

have a variety of energy sources for chemotrophic reactions. In surficial samples, the 

highest energy available to microorganisms is supplied through aerobic reactions. 

Gabbro-hosted fluids generally can yield greater potentials for sulfide, methane, and CO 

oxidation reactions than most fluids sampled in ultramafic bodies. Specifically, methane 

oxidation tied to sulfate reduction is highly favorable in gabbro-hosted fluids. In contrast, 

energy supplies for hydrogenotrophs like hydrogen oxidizers, methanogens and sulfate 

reducers are lower in gabbro-hosted systems. Studies focused on low-temperature 

gabbro-hosted environments are lacking and improving our datasets on gabbro-hosted 

environments, in parallel with the more well-known basalt- and ultramafic-hosted 

systems, would better capture the potential diversity of fluid compositions expected in 
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rock-hosted systems deep in the Earth’s subsurface, which in turn may vary significantly 

in their potential to support life. 

In addition, we predict energy available in subsurface environments by estimating 

the compositions of end-member fluids representative of shallow and deep ultramafic 

aquifers. The compositions of these end-member fluids were derived using constraints 

from fluid-mineral-gas equilibria in combination with trends observed from a 

comprehensive dataset of fluid compositions from surface and well fluids in Oman. 

Through these inferred subsurface compositions, we quantify energy that can be available 

through several chemotrophic reactions. Our calculations reveal hotspots where certain 

microbial communities may bloom – one in the deeply serpentinizing subsurface and the 

other in discharge zones of fluid pathways where these reduced deep-seated fluids 

encounter oxidized shallow-aquifer fluids. In the deep subsurface, available energy can 

be exploited by methanogens (~0.2 calories/kg fluid) and nitrogen reducers (~6 

calories/kg fluid), permitting the possibility of deep communities in serpentinizing 

aquifers. Energy supplied by other chemolithotrophic processes is minor due to limited 

supplies of electron acceptors (e.g., O2, sulfate, nitrate, nitrite).  

Dissolved inorganic carbon available to deep subsurface communities can be 

supplied from carbonate minerals. By incorporating constraints from mineral dissolution 

experiments, we quantified the rate to which energy is supplied, in watts/kg fluid, to 

subsurface methanogens through the mobilization of DIC from carbonates. Despite the 

low solubility and slow rate of dissolution of carbonates at alkaline pH, energy is 

available to methanogens as long as carbonate minerals are sufficiently present to supply 

inorganic carbon through mineral dissolution. A reasonable extent of calcite-fluid 
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interactions (at most ~100 cm2 calcite per kg of water) can support the amount of 

biomass estimated for the deep serpentinizing environments (~108 cells/kg fluid, Fones et 

al., 2019). Similar amounts of magnesite and dolomite can sustain far less biomass (<106 

cells/kg fluid).  

More energy is available for methanogens and other chemolithotrophs when 

upwelling deep-seated fluids mix with shallow groundwater. Mixing calculations show 

where in the mixing pathway certain chemotrophic reactions are favored more than 

others. Methanogenesis and other anaerobic reactions are favored in fluids characterized 

by no to low extents of mixing, while the Knallgas and other aerobic reactions are 

favored in systems characterized by higher extent of mixing. This framework presents 

opportunities for exploring and ultimately developing strategies that target 

microorganisms or communities in the deep serpentinizing subsurface. It is anticipated 

that future work can test predictions set forth by this study through detailed sampling of 

subsurface samples and experimental work simulating the mixing process. 
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CHAPTER 5 

DECREASING EXTENTS OF KOMATIITE SERPENTINIZATION TOWARDS THE 

END OF THE ARCHEAN CONTRIBUTED TO THE RISE OF AN OXYGENIC 

ATMOSPHERE 

5.1. Introduction: Serpentinization as a sink for O2 

The Great Oxidation Event (GOE) after the end of the Archean is a remarkable 

period in Earth’s history. This period marks the initial oxygenation of the Earth’s surface 

through a dramatic increase in the atmospheric O2 levels from minor amounts (<10-5 of 

present atmospheric levels or PAL) to much higher values (10-4 – 10-2 PAL, Farquhar et 

al., 2000; Lyons et al., 2004) around 2.5 to 2.3 billion years (Ga) ago (Bekker et al., 

2014; Philippot et al., 2018). While the production of O2 through oxygenic 

photosynthesis evolved much earlier (e.g., Brocks et al., 1999) and contributed to 

localized accumulation of O2 well before the GOE (e.g., Anbar et al., 2007; Kendall et 

al., 2010; Crowe et al., 2013; Planavsky et al., 2014; Ostrander et al., 2019), it was only 

after the end of the Archean when O2 began to accumulate to significant levels in the 

atmosphere. It is proposed that the period preceding the GOE was characterized by the 

dominance of geochemical and biological processes that consume O2 (sink) over its 

production (source). Ultimately, the decreasing magnitude of O2 sinks in the form of 

reduced chemical species as volatiles (e.g., H2, CH4) and as solids (e.g., Fe+2-bearing 

minerals) permitted the accumulation of O2 in the atmosphere towards the end of the 

Archean.  

These decreases could have been brought about by the escape of H2 from the 

atmosphere (Kasting et al., 1993; Catling et al., 2001; Catling and Claire, 2005; Claire et 
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al., 2006) and a transition to outgassing of more oxidized volatiles from magmas (Kasting 

et al., 1993; Holland 2002; 2009; Kump et al., 2001; Kump and Barley, 2007; Gaillard et 

al., 2011). In addition, the rise of O2 has been tied to secular changes in the composition 

of the Earth’s continental crust (e.g., Lee et al., 2016; Smit and Mezger, 2017). The 

Earth’s crust has vast potentials to consume O2 via the oxidation of ferrous iron in rocks 

into ferric iron in minerals that formed during rock alteration and weathering, as depicted 

by the reaction 

 4Fe+2O(primary minerals) +  O2  →  2Fe+3
2O3(secondary minerals). (5.1) 

The transition from a continental crust composed dominantly of Fe-rich mafic rocks to 

one that is composed mostly of Fe-poor felsic rocks during the Archean resulted in a 

decrease in the reductive efficiency of the Earth’s crust that could have facilitated the 

initial oxygenation of Earth’s surface (Lee et al., 2016). 

 The absence of O2 does not impede the oxidation of rocks. At great extents of 

water-rock interactions such as those occurring in deeper aquifers when O2 and other 

dissolved oxidants are exhausted, ferrous iron in the protolith is oxidized to ferric iron in 

the alteration assemblages and in turn, water is reduced into H2 as depicted by the 

reaction 

 2Fe+2O(primary minerals) +  H2O →  Fe+3
2O3(secondary minerals) + H2, (5.2) 

supplying an additional sink for O2 through  

 O2 + 2H2  →  2H2O (5.3) 

The amount of H2 that can be generated through reaction (5.2) is independent of the iron 

content of the reacting rocks and is instead dependent on their bulk compositions 
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(McCollom and Bach, 2009). An extreme example is when the hydrous alteration of 

ultramafic rocks, known as serpentinization because serpentine replaces the original 

minerals, produces some of the most H2-rich fluids on Earth that contribute to much of 

the modern supply of abiotic H2 (Klein et al., 2020). However, locations where 

substantial amounts of abiotic H2 are actively generated are limited in modern Earth 

settings to those found near slow-spreading ridges where ultramafic rocks are exposed in 

the seafloor (e.g., Lost City Hydrothermal Field, Kelley et al., 2001) and in uplifted 

ultramafic bodies on continents (e.g., ophiolites) where H2-rich, hyperalkaline (pH > 11) 

fluids actively seep from outcropping ultramafic rocks (e.g., Barnes et al., 1967; Etiope 

and Whiticar, 2019; Leong and Shock, 2020). In contrast to the modern Earth, ultramafic 

rocks such as komatiites were much more widespread early in Earth’s history (e.g., Tang 

et al. 2016; Greber et al., 2016; Smit and Mezger, 2017), which implies that H2 

production through continental serpentinization could have been more prevalent.  

Several authors have proposed that the decreasing flux of serpentinization-

generated volatiles via the progressive loss of ultramafic rocks exposed at the surface as 

the mantle cooled through the Archean could have helped facilitate the GOE (Kasting, 

2005; 2013; Kasting and Canfield, 2012; Smit and Mezger, 2017). However, it is unclear 

if this trend is sufficient to permit significant accumulation of O2 in the atmosphere as the 

magnitude of the decrease in the flux of serpentinization-generated volatiles has never 

been quantified for the period leading to the GOE. The purpose of this communication is 

to report results of such computations. This work combines numerous thermodynamic 

simulations of water-rock interaction with mass-transport calculations to estimate the flux 

of H2 generated through the serpentinization of komatiites, which were common in the 
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Archean continents, and assess quantitively whether the decreasing extent of komatiite 

volcanism towards the end of the Archean set the stage for the Great Oxidation Event. 

5.2. Methods: Estimating global H2 production and associated O2 sink 

The annual global outgassing of H2 (mole H2 yr-1) derived from the 

serpentinization of komatiites at a given point of Earth’s history, (
δH2

δt
)

K
, can be 

described by the equation 

 
(

δH2

δt
)

K
= aKrKxK (5.4) 

where 

aK = extent of komatiite distribution in the continents (km2), 

rK = rate of komatiite serpentinization (km yr-1), and 

xK = the H2 generation potential of a given volume of komatiite (mole H2 km-3). 

As shown in reaction (5.3) consuming a mole of O2 would require two moles of degassed 

H2, which means that the global O2 consumption can be estimated via  

 (
δO2

δt
)

K
= 0.5 (

δH2

δt
)

K
. (5.5) 

The amount of H2 that can be generated through the serpentinization of a given 

volume of komatiite, depicted by xK in equation (5.4), can be variable and will depend on 

the compositions of the reacting rock and fluid, as well as the extent of the rock alteration 

process. Simulations of hydrous alteration of komatiites of various compositions was 

conducted using the reaction-path code EQ36 (Wolery and Jarek, 2003) together with a 

customized thermodynamic database (see below) to calculate xK values. These 

calculations simulate the hydrous alteration of a rock by a fluid and determine the 

compositions of coexisting solid phases and fluid constituents attained at thermodynamic 
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equilibrium at each step of overall progress in rock alteration. An increase in reaction 

progress is analogous to a decrease in the water-to-rock ratio, as the reacting water 

encounters more rock while infiltrating deeper into the subsurface. Our models account 

for H2 generated at various extents of water-rock reaction, quantified as the water-to-rock 

ratio.  

Although idealized, these calculations allow us to adequately track changes in 

fluid chemistry during rock alteration as demonstrated by a number of studies on various 

sites of serpentinization actively occurring today (e.g., Bruni et al., 2002; Paukert et al., 

2012; Leong and Shock, 2020). Simulated temperature is set to 25°C to model 

continental aquifers at depths ≥ 500m where serpentinization is thought to be actively 

occurring (Dewandel et al., 2005). Compositions of reacting rocks were taken from Sossi 

et al. (2016), which includes 34 different komatiites from various locations on Earth. The 

hydrous alterations of other Fe-bearing igneous rock types (peridotite, picrite, and basalt) 

were also modelled to compare their H2 generation potentials with those calculated via 

komatiite alteration. Compositions of picrites and basalts used in this work are from 

Starkey et al. (2009) and Gale et al. (2014), respectively. Compositions of peridotites 

used in the model were taken from the compilations of Niu (2001) and Hanhoj et al. 

(2010) on abyssal and ophiolitic peridotites, respectively. The latter work focuses on 

rocks from the Oman ophiolite, which our simulations use in a worked example for 

evaluating modern global H2 generated through serpentinization of continental 

peridotites. Compositions of all rocks used in simulations are compiled in Table D1. 

While the rock record can constrain compositions of reacting rocks, the 

composition of reacting fluids representative of the Archean Earth is highly uncertain. 
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Therefore, our idealized model used neutral fluids with dilute concentrations (<1 nmolal) 

of solutes as starting reactants. The dissolved oxygen content of reacting fluids used in 

the model was made to be varied, ranging from that being in equilibrium with an 

atmosphere with partial pressures of O2 of 10-5 bars to that with 10-0.7 bars, to account for 

all scenarios possible for the starting redox state of reacting fluids during the past 3.5 Ga. 

The lower bound of this range approximates the maximum predicted levels of dissolved 

O2 for most of the Archean while the upper bound is close to modern levels. We did not 

include dissolved CO2 in our idealized fluids due to scarcity of information on mineral 

carbonation reactions in the deep past. However, note that pCO2 could have been much 

higher in the Archean. Consequently, pH of meteoric-derived fluids infiltrating the 

continental subsurface could be lower (e.g., Hao et al., 2016) and affect reaction rates. 

Moreover, while the inclusion of CO2 in the reacting fluid can permit prediction on the 

amount of CH4 generated, which is another sink for O2, generation of abiotic CH4 during 

low-temperature serpentinization has been questioned (McCollom 2016; Wang et al., 

2018). Future work constraining the concentrations of dissolved CO2 as well as other 

solutes in the reacting fluid can refine model results. Thermodynamic data used in the 

simulations are calculated with the SUPCRT code (Johnson et al., 1992) using standard 

state thermodynamic data for aqueous species taken from Shock and Helgeson (1988), 

Shock et al. (1989, 1992, 1997), and Sverjensky et al. (1997), together with the revised 

Helgeson-Kirkham-Flowers equations of state (Shock et al., 1992). Data for minerals 

were mostly taken from Helgeson et al. (1978) and Wolery and Jove-Colon (2004) with 

the addition of estimated thermodynamic data for clay minerals, consistent with these 

databases, from Catalano (2013). 



  192 

The rate of komatiite serpentinization, rK, can be informed by experimental work. 

However, experimental data on komatiite serpentinization are focused on hydrothermal 

conditions (≥300 °C, Lazar et al., 2012; Shibuya et al., 2015). Existing low-temperature 

experiments (Neubeck et al., 2011; Mayhew et al., 2013; Okland et al., 2014) examined 

serpentinization of other ultramafic rocks (e.g., harzburgites) or minerals (e.g., olivine). 

Moreover, recent experiments of McCollom and Donaldsson (2016) show that H2 

generation rates during low-temperature serpentinization are much slower than rates 

determined by the above studies to the point that H2 is undetectable on the timescales of 

laboratory experiments. Alternatively, alteration rates can be derived from field-based 

investigations at the watershed scale. Using reported weathering rate data from various 

field-based studies (e.g., Dessert et al., 2003), Navarre-Sitchler and Brantley (2007) 

derived weathering advance rates in basaltic terranes that ranges from 10-8 to 10-6.5 km yr-

1. Denudation rates estimated for rocks comprising the Oman ophiolite, which are mostly 

ultramafic, are in the order of 10-6.5 km yr-1 (Poupeau et al., 1998) similar to the 

maximum values measured in basaltic environments. However, estimated denudation 

rates for komatiitic bodies are unknown. In addition, it is uncertain if deep subsurface 

processes characteristic of serpentinization occur at rates similar to those derived through 

surficial or shallow sub-surficial weathering processes. Nevertheless, to account for these 

uncertainties, rates ranging from 10-8 to 10-6 km yr-1 for komatiite serpentinization are 

used in our models, following the range of rates observed in modern mafic and ultramafic 

terranes. 

The extent to which komatiites are present in continents, aK, throughout Earth’s 

history is informed by two types of data: (1) the mass of exposed continents, and (2) how 
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much of the continents are komatiitic in composition. Estimates on the extent of 

continental exposures during the Archean are highly variable ranging from that close to 

modern levels (Armstong, 1981) to a much-reduced presence (e.g., <50% of present 

level, Allegre and Rousseau, 1983; Condie and Aster, 2010). Taylor and McLennan 

(1985) predict less exposures of continents throughout most of the early Archean 

followed by a rapid growth at ~3.2 Ga ago until finally attaining around ~70% of present 

levels by the end of the Archean. Recent reports (Belousova et al., 2010; Dhuime et al., 

2012) argue for a more gradual growth throughout the Archean, attaining ~60% – 70% of 

present levels ~2.5 Ga ago. Our simulations account for all the above variations in the 

estimated mass of continents exposed during the past 3.5 Ga. In addition, recent estimates 

of the compositions of the continents during the past 3.5 Ga reveal that the crust evolved 

from being dominantly mafic in composition to one that is predominantly composed of 

felsic rocks sometime during the Archean (Tang et al., 2016; Lee et al., 2016; Greber et 

al., 2017). While Greber et al. (2017) disagrees with Tang et al. (2016) on the timing of 

this transition, both studies are consistent with their estimates of past komatiite 

distribution, and both estimate significant presence of komatiites in continents during the 

early Archean (10 – 20% of continents) and a greatly diminished distribution towards the 

end of the Archean. Although these estimates of past komatiite distribution are based on 

assumptions given a single bulk rock composition (Tang et al., 2016; Greber et al., 2017), 

natural komatiites are compositionally variable and can consequently yield varying 

potentials to generate H2. Our calculations account for these variabilities by including 

komatiites of variable compositions ranging from those enriched in Mg to those that are 

Mg-depleted, using bulk data from Sossi et al. (2016).  
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Our calculations of the global H2 flux during the past 3.5 Ga are focused on those 

derived from komatiite serpentinization and do not account for H2 generation from other 

sources. In the modern Earth, much of the H2 is sourced from water-rock interactions, 

particularly from the serpentinization of peridotite rocks (Klein et al., 2020). However, 

unlike that for komatiites where their past distribution can be constrained, past flux of H2 

generated through peridotite serpentinization is difficult to quantify as the distribution of 

peridotites during the past 3.5 Ga is largely unknown. Mafic and felsic rocks have much 

lower potential to be serpentinized and generate H2 at low temperatures and are thus not 

included in this work. In addition to the quantities produced in continents, significant 

amounts of H2 can be sourced from hydrothermal reactions in the subseafloor. However, 

the distribution of ultramafic rocks in the oceanic crust during the past 3.5 Ga remains 

unknown. Elevated temperatures for the upper mantle in the Archean could have led to 

the formation of more Mg-rich rocks in the upper oceanic crust. Whether the composition 

of these rocks permits extensive serpentinization and consequently H2 generation remains 

to be tested in future work. Aside from water-rock interactions, other sources for abiotic 

H2 are through degassing of magmas, radiolysis of water, and comminution of rocks 

(Klein et al., 2020) which are all difficult to constrain for the past 3.5 Ga. 

5.4. Results and Discussions 

5.4.1. Serpentinization is the key to significant H2 production 

The hydrous alteration of igneous rocks with similar ferrous iron content does not 

always yield similar amounts of H2. As an example, basaltic and ultramafic rocks have 

similar ferrous iron content (~10% FeO) and, seemingly, the hydrous alteration of both 

types of rocks should generate the same amounts of H2 via reaction (5.2). However, 
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fluids that are most enriched in H2, such as those venting at the Lost City and Rainbow 

hydrothermal fields (Seyfried et al., 2015; Charlou et al., 2002), are commonly associated 

with ultramafic-hosted environments. Ultramafic-hosted fluids can attain >10 mmolal H2 

which is at least 10x more concentrated than those measured from most basalt-hosted 

hydrothermal fluids (see Humphris and Klein, 2018). This contrast is much more distinct 

in lower temperature environments such as those occurring in continents. Ultramafic-

hosted hyperalkaline seeps can attain >1 mmolal H2 (e.g., Oman ophiolite, Rempfert et 

al., 2017) while most basalt-hosted fluids rarely exceed >0.01 mmolal H2 (e.g., Columbia 

river basalt, Stevens and McKinley, 1995). The greater potential for ultramafic rocks to 

generate H2 during alteration is attributed to their composition (McCollom and Bach, 

2009). However, only a few studies have related the starting compositions of the reacting 

rocks with the redox potentials of the resulting hydrothermal fluid (e.g., Wetzel and 

Shock, 2000; Klein et al., 2013) and none has so far conducted an extensive assessment 

of the H2-generation potentials of rocks with compositions ranging from ultramafic to 

mafic.  

The diversity in redox conditions generated during water-rock interactions can be 

predicted through thermodynamic simulations. Results of simulations are depicted in 

Figure 5.1a which shows the calculated amount of H2 generated during low-temperature 

(25 °C) alteration of several rock types at water-to-rock ratio of 100 (i.e., alteration of 1 

kg of rock in 100 kg of water). Predictions are summarized in Figures 5.1a and 5.1b for 

hydrous alteration of  >300 igneous rocks with compositions ranging from those that are 

ultramafic, i.e. rocks that have high Mg content such as peridotites and komatiites (right 

side of Figures 5.1a and 5.1b), to those relatively depleted in Mg (left side of Figures 5.1a 
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and 5.1b) such as basalts and picrites. Komatiites, picrites, and basalts solidified from 

melts that formed during partial melting of the mantle. Specifically, these three classes of 

rocks are formed from decreasing degrees of mantle melting and are respectively 

characterized by decreasing Mg content, as shown in Figures 5.1a and 5.1b, as well as 

increasing Si and Al content (Herzberg et al., 2006). Most of the peridotites exposed in 

the seafloor and in the continents are harzburgites and dunites, which are the residual 

rocks that remained after melting of the mantle and hence are characterized by high Mg 

content and low Si and Al values. As shown in Figure 5.1b at around 20 – 40% MgO, 

model results depict decreasing H2 generation potentials as the reacting compositions 

become less magnesium-rich, corroborating natural observations that ultramafic-hosted 

fluids are more enriched in H2 than those hosted in basalts. In addition, most peridotites 

and a few komatiites have higher potentials to form H2 than the other investigated rocks 

as revealed through Figure 5.1a.  

The key to the transitions in the H2-generation potentials during rock alteration 

documented in Figures 5.1a and 5.1b is the formation of serpentine. All peridotites, most 

komatiites and some picrites, favor the formation of serpentine during rock alteration, as 

shown in Figure 5.1c, which depicts the overall abundances of secondary minerals (in 

mole fraction) calculated to form. Serpentine typically excludes ferrous iron from its 

crystal structure leading to its oxidation to ferric iron that can eventually be incorporated 

into later generations of serpentine, garnet, and at higher temperatures, magnetite (Klein 

et al., 2014). In contrast, rocks that are poorer in Mg (MgO <20%), such as some picrites 

and all basalts simulated in this work, do not favor serpentine formation during rock 

alteration. Instead, alteration of these Mg-poor but more Si- and Al-rich rocks stabilizes 
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minerals such as chlorite, talc and clay minerals. Most of the iron mobilized from the 

protolith is incorporated into chlorite, talc, and clay minerals without much oxidation 

because these minerals tend to allow ferrous iron into their crystal structure. 

Consequently, less H2 is generated as the iron oxidation process depicted by reaction 

(5.2) occurs at lower extents compared to those when serpentine is precipitating 

extensively. Ultimately, H2 flux (moles H2 km-2 yr-1) can be derived by incorporating rock 

alteration rates (km rock yr-1) with calculated H2 generation potentials (moles H2 (km3 

rock)-1). Calculations show that the serpentinization of peridotites will yield the highest 

flux rates, followed by secondary mineralization processes of komatiitic, picritic, and 

basaltic bodies, as shown in Figure 5.1d. Flux values were derived from H2 generation 

potentials calculated at water-rock ratios ranging from 100 to 0.2 and assuming alteration 

rates of 0.3 and 1 mm yr-1 as a minimum and maximum, respectively. Ranges and 

percentiles in calculated H2 generation potentials and fluxes are compiled in Table D2.  

Overall, results show that non-redox-sensitive components of rocks (e.g., Mg, Si, 

Al) determine the distribution and the fate of Fe during secondary mineralization, and 

therefore the redox processes that generate reduced volatiles during fluid-rock 

interactions. Key to the production of significant levels of H2 is the formation of 

serpentine which is favored in Mg-rich ultramafic rocks such as peridotites and 

komatiites. Other forms of mineralization, such as the chloritization, clay mineralization, 

and talcization of mafic rocks, yield considerably less H2. Further discussions on how 

various types of mineralization, as well as how various non-redox sensitive elements, 

control H2 production (Figure D1) can be found in Appendix D. 
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Figure 5.1. (a) The H2 generation potential during hydrous alteration of various rock 

types with compositions ranging from peridotitic (right, high MgO%) to basaltic (left, 

low MgO%). H2 generation values are from simulations depicting low-temperature 

(25°C) conditions at a water-to-rock ratio = 1. Green symbols surrounded by grey outline 

represent results for peridotites sampled from the Oman ophiolite in contrast to those 

sampled from the seafloor (green symbols with black outline). (b) is a close-up of the H2 

generation potentials of rocks within the red box in (a). (c) shows minerals (in mole 

fraction) that formed in simulations. (d) depicts 5th-95th percentile of H2 flux derived from 

the H2 generation potentials yielded by simulations at various water-rock ratios (100, 10, 

1, and 0.2) and assuming alteration rates of 0.3 mm yr-1. The dominant modes of 

secondary mineralization (e.g., serpentinization, chloritization) for each reacting rock 

type are also indicated. 

5.4.2. Estimating modern H2 flux from the serpentinization of continental peridotites 

A significant component of the modern supply of abiotic H2 is generated through 

the serpentinization of peridotites in the seafloor and continents, among various other 

geological sources (Klein et al., 2020). Following our example in Figure 5.1 of the H2 

generation potentials of various rocks types including peridotites (xP, in moles H2 (km3 

rock)-1), the modern global flux from continental serpentinization can be calculated if 

extents of peridotite in continents (aP, km2) and the rate to which it can be serpentinized 

(rP, km yr-1) are known. The xP of continental peridotites can be calculated using bulk 

rock compositions of peridotites from the Oman ophiolite (data from Hanhoj et al., 2010) 

reacting with fluids in equilibrium with the modern atmospheric composition. Computed 

values of xP at various extents of water-rock reactions can be multiplied by a rP of 10-6.5 

km yr-1 (or 0.3 mm yr-1) determined for the Oman mountains by Poppeau et al. (1998) to 

yield flux rates (mole H2 km-2 yr-1). Results of such calculations are shown in Figure 5.2a 

as green symbols. Results show H2 flux, at water-to-rock ratios ranging from 100 to 0.2, 

are on the order of 25,000 – 150,000 moles H2 km-2 yr-1, which, at the very most, is two 

orders of magnitude lower than fluxes determined by Zgonnik et al. (2019) using H2-

degassing rates from hyperalkaline seeps in the Oman ophiolite (1,200,000 – 2,400,000 
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moles H2 km-2 yr-1, green field in Figure 5.2a). These hyperalkaline seeps are associated 

with geological structures that tap into the deep aquifer through deep-seated faults and 

fracture zones and that channelize flow from surrounding interconnected aquifers of an 

unknown volume into the discharge zone. Relating field measurements by Zgonnik et al. 

(2019) with our calculations, we infer that subsurface fluid pathways likely focus flows to 

discharge zones that encompass ~1 – 10% of the total ultramafic area. 

 Numerous possible global outgassing rates of H2 produced through continental 

serpentinization can be estimated by incorporating the above flux estimates with the 

amounts of peridotites exposed in continents (~0.3 million km2 or ~0.2% of continents, 

Durr et al., 2005). Results are depicted in Figure 5.2b. Predicted global H2 production 

rates from the serpentinization of various continental peridotites range from 0.005 – 0.05 

Tmole H2 yr-1. Many of the predicted values are within the range, albeit closer to the 

lower bounds, of estimates by Sherwood Lollar et al. (2014) on the global H2 generated  

from serpentinization of cratonic rocks (0.02 – 0.18 Tmole H2 yr-1, grey field in Figure 

5.2b). Estimates of the amounts H2 generated from continental serpentinization are lower 

than those estimated to form via subseafloor serpentinization (0.1 – 10 Tmole H2 yr-1, 

Canfield et al., 2006; Sleep and Bird, 2007; Cannat et al., 2010; Kasting and Canfield, 

2012; Worman et al., 2016). The resulting variations in our flux estimates result from 

accounting for the composition of various ultramafic rocks and the extents in the rock 

alteration progress, as well as allowing for precipitation of various Fe+3-bearing 

assemblages in the alteration phases that are mostly not considered in previous studies 

where estimates of H2 production are based on one or a few iron oxidation reactions. 

Estimates on the global H2 production, shown by the green symbols in Figure 5.2b, can 
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vary even more if variable serpentinization rates and extents of ultramafic exposures in 

continents are considered as discussed next for estimates of global H2 generation and O2 

consumption via komatiite serpentinization during the past 3.5 Ga. 

 

Figure 5.2. Calculated (a) flux and (b) global production rate of H2 generated through the 

serpentinization of continental peridotites (green symbols) and komatiites (black 

symbols). Green field in (a) indicates range in H2 flux determined by Zgonnik et al. 

(2019) from outgassing springs in Oman. Grey field in (b) depicts range in the global H2 

production calculated by Sherwood Lollar et al. (2014) for the serpentinization of 

continental cratonic rocks. Vertical dashed grey lines in (a) and (b) depict lowest water-

to-rock ratio (0.2) modelled in the study. Calculations were terminated once a water-to-

rock ratio = 0.2 is attained as any lower values result in simulations with no water left due 

to the extensive mineral hydration process. 
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5.4.3. Predicting the potentials for significant O2 sink via komatiite serpentinization 

during the past 3.5 Ga 

As shown in Figures 5.1a and 5.1b, the serpentinization of a few Mg-rich 

komatiites can yield as much H2 as that estimated during the serpentinization of 

peridotites. The example of some komatiites yielding similar potentials for H2 generation 

observed today in peridotite bodies raises questions about the consequences of komatiite 

serpentinization on the global production of H2 when these rocks were more common 

during the Archean. In the modern Earth, ultramafic rocks comprise only ~0.2% of the 

continental surface (Durr et al., 2005), mostly as harzburgites and other peridotitic rocks 

in ophiolite complexes. In the Archean, komatiites are estimated to have comprised a 

significant component of the continental crust (~10 – 20% during the early Archean, 

Tang et al., 2016; Greber et al., 2017). This elicits scenarios of substantial fluxes of 

serpentinization-derived H2 to the atmosphere that could have consumed O2 generated 

from photosynthesis and prevent its accumulation until the end of the Archean when the 

presence of komatiites in the continents significantly diminished. Like the case shown for 

peridotites above, the H2-generation potentials of various komatiitic rocks (xK) depend on 

various factors such as the compositions of the starting fluids and rocks, as well as the 

extent of the rock alteration process (quantified as the water-to-rock ratio in this work). 

Details in the calculations of the H2 generation potentials of komatiites investigated in 

this work are described further in Appendix D. Calculated xK are used in predictions in 

the global H2 production and O2 consumption potentials through equations (5.4) and 

(5.5), respectively, throughout the past 3.5 Ga.  
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To evaluate how the magnitude of H2 generated through komatiite 

serpentinization compares with those from peridotites, H2 fluxes through serpentinization 

of komatiites were calculated using the alteration rate (10-6.5 km yr-1) assumed for 

peridotites in Oman. Calculated H2 flux rates for komatiites are depicted as black 

symbols in Figure 5.2a and show higher variability than those calculated via peridotite 

serpentinization, with some komatiites yielding H2 fluxes that are an order of magnitude 

higher while most yield lower flux values. As a result of this variable flux, estimated 

global outgassing rates of H2 generated through komatiite serpentinization are highly 

variable, as shown in Figure 5.2b, assuming similar magnitudes in the continental 

exposures of komatiites with peridotites. However, komatiite distribution in modern 

continents is less well known and mappable units are often associated with complex 

greenstone belts that consist of other volcanic rocks such as basalts and picrites. Using 

the Ni/Co ratios and titanium isotopes informed from the terrigenous rock record, Greber 

et al. (2017) estimated that komatiites have composed <0.2 % of the continents for the 

past 1.0 Ga, though other ultramafic rocks could have contributed to this estimated value 

as well. The same study also estimated the extent of komatiite presence in continents 

beyond 1.0 Ga up until 3.5 Ga ago. Through equation (5.4), these constraints permit 

robust estimates on past H2 fluxes generated through komatiite serpentinization, and 

through equation (5.5) their O2 consumption potentials throughout the past 3.5 Ga. 

Specifically, the global O2 consumption potentials were estimated assuming 

serpentinization rates ranging from 10-6.5 to 10-6 km yr-1 (i.e., 0.3 to 1.0 mm yr-1), and 

average komatiite distribution and continental presence calculated by Greber et al. (2017) 

and Dhuime et al., (2012), respectively. Serpentinization rates lower than 10-6.5 km yr-1 
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result in insignificant amounts of O2 consumption and are not further described. 

Additional calculations incorporating estimates of continent and komatiite exposures 

other than those assumed above are described below. 

 
Figure 5.3. (a) Global consumption rate for O2 calculated for the past 3.5 Ga assuming a 

komatiite alteration rate of 0.3 mm yr-1 (or 10-6.5 km yr-1). Grey symbols represent 

individual calculations and the dotted grey line depict upper bounds in calculated O2 

consumption rate. Grey, black, and brown dashed lines depict O2 consumption rates of 5, 

1, and 0.5 Tmole yr-1, respectively. (b) Percentage (%) of all simulated scenarios, for a 

given time period, in which O2 consumption rate exceeds 0.5 (solid brown curve) and 1 

Tmole O2 yr-1 (solid black curve). Dashed brown and black curves depict results of 

simulations concerning Mg-rich komatiites (MgO >30%). The potential for consuming 

the same amounts of O2 by Mg-poor komatiites (MgO <30%) is zero. (c) Calculated O2 

consumption rate assuming alteration rate of 1.0 mm yr-1 (or 10-6 km yr-1). (d) Percentage 

of all modelled scenarios shown in (c) that results in consumption of greater than 0.5 

(solid brown curve), 1 (solid black curve), and 5 (solid grey curve) Tmole O2 yr-1. Dashed 

brown, black, and grey lines depict results of models concerning komatiites with a given 

range of MgO composition shown above these lines. 
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O2 consumption potentials yielded by simulations of komatiite serpentinization at 

an alteration rate of 10-6.5 km yr-1 (0.3 mm yr-1) are shown as grey symbols in Figure 5.3a. 

There are 680 different grey symbols for each time period that depict results of 

simulations accounting for variable factors in the starting rock (34 komatiites) and fluid 

compositions (5 different compositions in equilibrium with pO2 = 10-5, 10-4, 10-3, 10-2, 

and 10-0.7) as well as variable extents of reaction (4 water-to-rock ratios: 100, 10, 1, and 

0.2). As shown in Figure 5.3a, the global O2 consumption arising from komatiite 

serpentinization is variable but is generally decreasing for the past 3.5 Ga, and this 

decrease is directly attributed to the decrease in the extent of komatiite exposures in 

continents. A marked decrease in komatiite distribution from ~7% to ~1% of continents 

from 3.0 to 2.5 Ga (Greber et al., 2017) caused a decrease in the O2 consumption 

potentials during this time interval. Also shown in Figure 5.3a is a minor decrease in the 

O2 consumption potentials that occurred between 1.5 and 1.0 Ga years ago when 

komatiite exposures in continents decreased from a maximum estimated value of at most 

0.6% to at most 0.2% of continents. Note that results shown in Figure 5.3a are solely 

dependent on past komatiite estimates (aK component of equation 5.3) as the rate (rK), 

and H2 generation potential (xK) are assumed to be constant at all given time periods for 

each investigated komatiite. The alteration rate (rK), H2 generation potentials (xK), and 

therefore the O2 consumption potentials could have larger values for the Archean due to 

the warmer conditions and more acidic starting fluids derived from an atmosphere with 

higher pCO2. Thus, results of our calculation should be considered conservative and 

decreases in the O2 consumption values during the past 3.5 Ga could be even more 

dramatic than those depicted in Figure 5.3a. 
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To evaluate if the predicted amounts of H2 flux from serpentinization during the 

past 3.5 Ga are sufficient sinks for O2 to prevent its accumulation in the atmosphere, the 

proportion of the 680 different H2 generation rates calculated for each time period that 

can result in offsetting net O2 production rates of 0.5, 1, and 5 Tmole yr-1 were calculated. 

These assumed net O2 production rates are ~2.5%, 5%, and 25%, respectively, of modern 

values (~20 Tmole O2 yr-1, Holland 2002) and can be representative for the Archean 

where smaller net production of O2 is expected due to lower extents of organic 

sedimentation (Husson and Peters, 2017). Results of our calculations are shown in Figure 

5.3b (solid brown curve), where ~6% of all simulations depicting 3.5 Ga ago result in 

scenarios where >0.5 Tmole of O2 can be potentially consumed annually. The potential to 

consume >0.5 Tmole of O2 decreases for the next billion years until it attains zero values 

at periods following the end of the Archean 2.5 Ga ago. Furthermore, ~3% of modelled 

scenarios between 3.5 – 3.0 Ga ago yield consumption of more than 1 Tmole O2 yr-1 

(solid black curve in Figure 5.3b). This potential also decreases to zero values by the end 

of Archean 2.5 Ga ago. All model results depicting all time periods yield zero potentials 

to consume greater than 5 Tmole O2 yr-1 and hence are not shown in Figure 5.3b. The 

composition of the reacting komatiite can dictate the amount of H2 generated through 

serpentinization. If only considering simulations depicting Mg-rich komatiites (i.e., those 

with MgO >30%), there are higher potentials, close to 20% and 10%, in generating 

significant amounts of H2 that can consume greater than 0.5 and 1 Tmole O2 yr-1, 

respectively, as shown by the dashed lines in Figure 5.3b. Nevertheless, like the examples 

above, this potential will be absent by the end of the Archean around 2.5 Ga ago. The 

amounts of H2 generated through the serpentinization of komatiites that are relatively 
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depleted in Mg (i.e., MgO <30%) are not likely to counter net O2 production of between 

0.5 and 1 Tmole yr-1 at all time periods. 

 Increasing the alteration rate (rK) three-fold from 10-6.5 to 10-6 km yr-1 (0.3 to 1.0 

mm yr-1) results in larger amounts of H2 generated and hence O2 consumed, as shown in 

Figure 5.3c. This high rate is not observed in modern environments but could be likely in 

the warmer Archean if more acidic meteoric fluids and more reactive rocks (komatiites) 

predominated. The higher serpentinization rate would lead to greater potentials for 

consuming more than 0.5 Tmole O2 yr-1, as shown by the solid brown curve in Figure 

5.3d, than those shown in Figure 5.3b. The potential is also much higher if only 

considering serpentinization of Mg-rich komatiites (MgO >30%), as shown by the upper 

dashed brown curve in Figure 5.3d. There is a small potential for consuming >0.5 Tmole 

O2 yr-1 during the billion years following the end of Archean but it is a much lower 

compared to that estimated at 3.5 and 3.0 Ga. Serpentinization of less Mg-rich komatiites 

(MgO < 30%) results in lower potentials to consume O2 where the potential for 

consuming >0.5 Tmole O2 yr-1 at post-Archean periods is zero. Model results in which 

consumption of even larger amounts of O2 such as >1 Tmole O2 yr-1 (solid black curve in 

Figure 5.3d) are non-existent in post-Archean periods even considering only high H2-

yielding Mg-rich komatiites (upper dashed black curve). Overall, almost all simulations 

depicting time periods after the end of the Archean yield zero potentials for consuming 

O2, assuming net O2 production between 0.5 and 1 Tmole O2 yr-1, which can result in the 

progressive accumulation of O2 in the atmosphere after 2.5 Ga ago. This is in contrast 

with the billion years preceding the end of the Archean where there are varying potentials 

for H2 production from komatiite serpentinization in offsetting this range in net O2 
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production. At a higher net O2 production of 5 Tmole O2 yr-1, the amount of H2 produced 

through serpentinization that can offset this production rate is only possible earlier than 

3.0 Ga ago, as shown by the solid and dashed grey curves in Figure 5.3d. This suggests 

that if the net O2 production is around or greater than 5 Tmole yr-1 during the Archean, 

accumulation of O2 in the atmosphere was likely to have begun by 3.0 Ga. 

 The calculations summarized above use estimates of past continental mass from 

Dhuime et al. (2012), which predicts that the amounts of continents throughout the 

Archean is intermediate to more extreme estimates in earlier studies (e.g., Armstrong 

1991; Allegre and Rousseau, 1984; Taylor and McLennan, 1985; Condie and Aster, 

2010). To further explore consequences of these variations, we calculated the potential 

for consuming significant levels of O2 via komatiite serpentinization given variable 

extents in the exposures of continents and extents of continental komatiites. Results of 

these calculations are shown in Figure 5.4 which depicts the proportion of simulations 

where >0.5 Tmole O2 yr-1 is consumed at alteration rates of 0.3 (Figure 5.4a) and 1.0 

(Figure 5.4b) mm yr-1 at various extents of continental exposures ranging from 0 to 100% 

of modern levels and komatiite exposures ranging from 0 to 25% of continents. Potentials 

for consuming >1 Tmole O2 yr-1 at rates of 0.3 and 1.0 mm yr-1 are shown in Figures 5.4c 

and 5.4d, respectively. The potentials for offsetting net global O2 production rates >0.5 

Tmole O2 yr-1 increases when greater mass of continents and komatiites are exposed at 

the surface, as shown in Figures 5.4a – 5.4d. The dark grey fields shown in Figure 5.4 

depict ranges in the potentials for preventing O2 accumulation given the inferred amount 

of komatiite exposed in continents 3.5 Ga ago (15±5%, Greber et al., 2017). In contrast, 

the light grey and yellow fields depict range in of the potentials for preventing O2  
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Figure 5.4. Potential for consuming greater than 0.5, 1, or 5 Tmole O2 yr-1 as function of 

the extents in the exposures of the continents (x-axis) and continental komatiites (red 

numbers indicating % distribution in continents). % of komatiite exposed is given at 

intervals of 5% unless otherwise shown (2% and 9%). (a) and (b) show potentials for 

consuming >0.5 Tmole O2 yr-1 at alteration rates of 0.3 and 1.0 mm yr-1, respectively. (c) 

and (d) show potentials for consuming >1 Tmole O2 yr-1 at alteration rates of 0.3 and 1.0 

mm yr-1, respectively. (e) and (f) show potentials for consuming >5 Tmole O2 yr-1 at 

alteration rates of 0.3 and 1.0 mm yr-1, respectively. Dark grey, light grey, and yellow 

fields indicate range in the potentials for consuming given amounts of O2 at 3.5, 3.0, and 

2.5 Ga ago, respectively, incorporating ranges in the estimated exposures of komatiites 

during these time periods. 
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accumulation following komatiite exposure inferred for 3.0 (7±2%) and 2.5 (1±1%) Ga 

ago, respectively, by Greber et al. (2017). Note that by the end of the Archean 2.5 Ga 

ago, the potentials for offsetting a net annual production of 0.5 Tmole O2 is only possible 

at a serpentinization rate of 0.3 mm yr-1 when the mass of continents present during that 

time is similar or close to modern levels, as shown by the yellow field in Figure 5.4a.  

If net O2 production is at most 1 Tmole yr-1, serpentinization of komatiites 

inferred to be present by the end of the Archean 2.5 Ga ago is not enough to consume all 

O2 at all simulated extents in the exposures of continents, as shown in Figure 5.4c. If the 

serpentinization rate is higher (1.0 mm yr-1), there is a small potential (<5%) for H2 

generated through serpentinization of komatiites to counter O2 production rates of 0.5 and 

1 Tmole yr-1 at the end of the Archean, as shown respectively by the yellow fields in 

Figures 5.4b and 5.4d. For the billion years preceding the end of the Archean, the 

potential for consuming 0.5 – 1 Tmole O2 yr-1 is higher and variable, as respectively 

depicted by the dark and light grey fields for the Paleoarchean (3.5 Ga ago) and 

Mesoarchean (3.0 Ga ago) eras in Figures 5.4a – 5.4d. Consumption of >5 Tmoles O2 yr-1 

would require greater extents of continents exposed that are composed of substantial 

amounts of komatiites, as shown in Figures 5.4e and 5.4f. Given the range in the amounts 

of komatiite present during the Archean and serpentinization rates of 0.3 mm yr-1, 

preventing O2 accumulation is only possible, albeit at small chances and requiring 

modern levels of continental exposures, during the Paleoarchean as shown by the dark 

grey field in Figure 5.4e. At higher serpentinization rates of 1.0 mm yr-1, annual 

consumption of >5 Tmoles of O2 may have been possible during the Mesoarchean, as 

shown by the light grey field in Figure 5.4f, but not by the end of the Archean. Overall, 
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results of numerous simulations of komatiite serpentinization show that the potential to 

consume significant amounts of O2 decreases towards the end of the Archean. By 2.5 Ga 

ago, almost all of our simulations show that the reduced presence of komatiites in 

continents leads to scenarios where the H2 flux through serpentinization is significantly 

diminished and cannot counter even a net O2 production rate of 0.5 Tmole yr-1, insuring 

accumulation of O2 into the atmosphere and setting the stage for the Great Oxidation 

Event. 

5.5. Conclusions: Decreasing extents of komatiite serpentinization as a driver for the 

GOE 

Critical to the generation of significant fluxes of H2 during hydrous alteration of 

ultramafic rocks is the formation of serpentine that promotes the reduction of H2O to H2 

via the oxidation of ferrous iron in the protoliths to ferric iron in alteration minerals that 

are otherwise not favored to form extensively in Mg-depleted and Si- and Al-enriched 

rocks such as basalts and picrites. Whereas ultramafic rocks are rare in modern 

continents, they were more common during the Archean when komatiite volcanism was 

more widespread. Consequently, the extensive distribution of komatiites and their 

consequential serpentinization contribute to substantial flux of H2 into the atmosphere, 

which ultimately provided a sink for O2 throughout most of the Archean. However, as 

consistently shown in all our simulations, this potential decreases towards the end of 

Archean eventually yielding close-to-zero potentials to consume significant amounts of 

O2 at 2.5 Ga ago, permitting its accumulation and eventually setting the stage for Great 

Oxidation Event. 
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Our simulations explore a suite of factors (e.g., compositions of reacting rocks 

and fluids, extents of water-rock interactions, alteration rate, extent of continental and 

komatiite distribution) and comprehensively quantify the magnitude of the O2 sink 

arising from komatiite serpentinization during the past 3.5 Ga. The extent of this sink is 

notably sensitive to composition of the reacting rocks, the rate of alteration, the extent of 

continents and the presence of continental komatiites in the past. As an example, Mg-

enriched komatiites (>30% MgO) are more likely to generate significant fluxes of H2 that 

result in larger sinks for O2. In addition, our models show that serpentinization rates 

exceeding 0.3 mm yr-1 would be required to yield H2 fluxes that can offset net O2 

production greater than 0.5 Tmole yr-1. Higher serpentinization rates, close to 1 mm yr-1, 

would be needed to counter higher net O2 production rates of 5 Tmole yr-1. Future 

investigations that can constrain these values applicable to periods leading to the GOE 

will considerably refine models shown in this work. Experiments that aim to simulate 

komatiite alteration at Archean conditions can also help identify reaction mechanisms 

and constrain rates that can inform future models. Efforts to characterize the speciation 

and distribution of Fe in secondary minerals in komatiites and other Fe-bearing rocks can 

also supply further constraints on the H2 generation potential of a given composition of 

rock.  

The serpentinization of komatiites is only one of the many sources of reductants 

to the Earth’s surface (e.g., volatiles that are volcanically and microbially derived). Our 

models of komatiite serpentinization, however, yield diminished H2 fluxes that can 

permit significant O2 accumulation by the end of the Archean independent of other 

proposed mechanisms for the GOE. We hope that our simulations will ultimately 
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contribute to an integrated model that incorporates evolution of various redox sources and 

sinks, many of which can be facilitated by the secular change in the extents and 

compositions of Earth’s continents, and that can yield forward models predictive of 

surface redox environments. 

5.6. Acknowledgements 

I would like to thank the ASU Frontiers in Earth System Dynamics (FESD) team - 

Ariel Anbar, Hilairy Hartnett, Christy Till, Dan Shim, Mingming Li, Aleisha Johnson, 

Donny Glaser, Chad Ostrander, Meghan Guild, Kayla Iacovino, and many others - for the 

numerous weekly discussions concerning the Great Oxidation Event. Special thanks to 

Tom Sharp for all the help in making me proficient in mineralogy. Many years of 

discussions on rock alteration simulations with various members of GEOPIG especially 

Tucker Ely and Vincent Milesi have also been helpful. Support from the NSF FESD 

project on Earth System Oxygenation, NASA NExSS Exoplanetary Ecosystems project 

as well as the NASA NAI Rock-Powered Life project is acknowledged. 

 

 

 

 

 

 

 

 

 



  214 

CHAPTER 6 

FUTURE DIRECTIONS 

Through thermodynamic simulations, the fluxes and compositions of fluids and 

volatiles generated through low-temperature serpentinization, including their bioenergetic 

potentials, were explored in this work. The robustness of thermodynamic models can be 

improved upon by refining the thermodynamic properties of solid, aqueous, and gaseous 

species involved in the serpentinization process. For example, refinement of the 

thermodynamic properties of Fe endmembers and solid solution models of 

serpentinization-relevant secondary minerals such as serpentine and brucite can help 

improve models, especially for calculations on the amount of H2 generated during low-

temperature serpentinization. Specifically, experiments and detailed mineral analyses that 

can reveal solid solution behavior of Fe into mineral structures can inform future models 

and improve upon the calculations presented in this work where ideal site mixing was 

assumed for most solid solutions. In addition, incorporation of ferric iron into chlorite, 

which has been observed in natural samples (Dyar et al., 1992; Munoz et al., 2006; Vidal 

et al., 2006), albeit at lesser extents than those measured in serpentine (e.g., Andreani et 

al., 2013), can refine estimates on H2 production during mafic rock alteration where 

chlorite formation can be significant. 

 In Chapter 3, the compositions of serpentinization-generated fluids were shown to 

be partly accounted for by predictions of fluid-mineral equilibria while processes such as 

mineral leaching and fluid mixing can account for compositions that deviate from 

equilibrium expectations.  Further work incorporating the kinetics of low-temperature 

serpentinization and the hydrogeology of ultramafic aquifers will inform reactive-
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transport simulations that could improve upon the calculations described here, constrain 

timescales of reactions leading to different fluid types, and reveal how various transport 

processes contribute to the overall compositions of serpentinization-generated fluids. 

 Energy supplies from 17 chemolithotrophic reactions were estimated for surface 

and subsurface peridotite-hosted fluids in Chapter 4. These 17 reactions are not 

exhaustive of chemotrophic processes present in serpentinzing systems. Several other 

chemolithotropic and chemoorganotrophic reactions are suggested to be present in 

serpentinizing environments but are otherwise not quantified in this work due to lack of 

data (e.g., dissolved organic species for organotrophic strategies). Additional constraints 

would permit future quantification of available energy supplies through a wider array of 

reactions. A worked example that estimates the power supply available to methanogens, 

as well as the maximum biomass such a power supply can support given limitations on 

the dissolved inorganic carbon supply from carbonate minerals, was shown in Chapter 4. 

Ultimately, simulations in combination with field observations and estimations of the 

distribution of minerals that can supply electron acceptors (e.g., carbonates, sulfates, iron 

oxide/oxyhydroxides) or donors (e.g., reduced iron and sulfur minerals) can inform future 

strategies that target specific deep-seated communities in the subsurface. 

 Although data are limited, various chemotrophic energy supplies available in 

gabbro-hosted environments were quantified and compared to those calculated from more 

well-studied ultramafic-hosted environments. Preliminary calculations show that gabbro-

hosted environments can support ecosystems that are distinct from those hosted in 

ultramafic rocks. Gabbroic rocks are pervasive in the seafloor and in continental 

ophiolites and can potentially store extensive amounts of geochemical energy that can 
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support deep subsurface life. It is thus imperative that we start to investigate gabbro-

hosted systems to complement our growing understanding on ultramafic-hosted 

environments. Such parallel studies would better capture the potential diversity of rock 

alteration and fluid compositions expected in various subsurface environments, as well as 

in other terrestrial bodies our solar system, which in turn may vary significantly in their 

potential to support life. 

 It would follow that a more comprehensive alteration model encompassing all 

types of rocks, such as gabbros, picrites, and basalts and not just peridotites and 

komatiites modelled in Chapter 5 of this work, will refine estimates on the overall flux of 

reduced volatiles produced through rock alteration. Ultimately, estimates on the global 

fluxes of alteration-generated volatiles that integrate all rock types in combination with 

models depicting volatile fluxes from other sources (e.g., volcanos, biosphere) can yield 

forward models predictive of surface redox environments in the Earth’s past, as well as in 

other rocky bodies in our solar system and beyond where crustal compositions can vary. 
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Table A1 

Composition of Fluids Used in Reaction Path and Mixing Calculations 

  Rainwater1 
Shallow 

Groundwater2 

Deep 

Subsurface 
Fluid A3 

Deep 

Subsurface 
Fluid B4 

Deep 

Subsurface 
Fluid C5 

Deep 

Subsurface 
Fluid D6 

pH 5.6 8 12.3 11.7 11.1 10.6 

ΣNa (mmole/kg)7 0.15 1 10 10 10 10 

ΣCa (mmole/kg) 0.008 0.6 14.4 3.2 0.7 0.3 

ΣMg (µmole/kg) 21 1700 0.03 0.2 2.6 20 

ΣCl (mmole/kg)7 0.17 1 10 10 10 10 

ΣSi (µmole/kg) 0.7 100 1.3 0.3 0.07 0.02 

DIC (µmole/kg) 13 2070 8 10 20 50 

DO (mmole/kg)8 0.3 0.3 0 0 0 0 

H2(aq) (mmole/kg)9 0 0 0.75 0.75 0.75 0.75 

1modified from Hao and others (2017) 

2calculated for a fluid in equilibrium with chrysotile, calcite, magnesite, and the 

atmosphere at 25°C and 1 bar. pH given as 8 (see text). 

3fluid in equilibrium with the Ctl-Brc-Di and calcite assemblage at 25°C and 1 bar. 

4fluid in equilibrium with the Ctl-Brc-Cal assemblage, given 10 µmole/kg DIC, at 

25°C and 1 bar. 
5fluid in equilibrium with the Ctl-Brc-Cal assemblage, given 20 µmole/kg DIC, at 

25°C and 1 bar. 
6fluid in equilibrium with the Ctl-Brc-Cal assemblage, given 50 µmole/kg DIC, at 

25°C and 1 bar. 
7shallow and deep fluids were given ionic strengths equivalent to a 1 and 10 

millimole/kg NaCl solution, respectively, following environmental observations 

(Paukert and others, 2012; 2019). 
8dissolved O2 (DO) value for rain and shallow groundwater in equilibrium with the 

atmosphere at 25°C and 1 bar. 
9value for deep subsurface fluids in equilibrium with one bar of H2(g) at 25°C. 
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Table A2 

Summary of Experimental and Estimated Thermodynamic Data for End-member Fe-

bearing Serpentinization-relevant Minerals Used in this Study 

Mineral Formula ΔfG°a,f ΔfH°a,g S°b,h 

Ferrous Hydroxide Fe+2(OH)2  -117730i -137340 21.0j 

Ferrotremolite Ca2Fe+2
5Si8O22(OH)2  -2349100m -2511300 163.5 

Greenalite Fe+2
3Si2O5(OH)4 -716530 -787810 72.6 

Minnesotaite Fe+2
3Si4O10(OH)2 -1070060 -1153380 83.5 

Mg-Cronstedtite (Mg2Fe+3)(Fe+3Si)O5(OH)4  -789000n -865180 60.8o 

Hisingerite Fe+3
2Si2O5(OH)4  -703430n -777330 57.3o 

a. cal mol-1. b. cal mol-1 K-1. c. cm3 mol-1.  d. cal mol-1 K-2. e. cal K mol-1. f. unless 

otherwise noted, data taken from Wolery and Jove-Colon (2004). g. calculated 

using the ΔfG° and S° data in the table along with the entropy of the elements from 

Wagman and others (1982). h. unless otherwise noted, data taken from Helgeson 

and others (1978). i. Sverjensky and Molling (1992) using data from Baes and 

Mesmer (1976). j. Wagman and others (1982). k. Wolery and Jove-Colon (2004) 

using data from Weast and Lide (1989). l. McCollom and Bach (2009). m. 

Sverjensky (1985). n. Calculated using methods consistent with Wolery and Jove-

Colon (2004). o. Calculated using methods consistent with Helgeson and others 

(1978) using reactions (Mg2Fe+3)(Fe+3Si)O5(OH)4(Mg-Cronstedtite) + Al2O3 ↔ 

(Mg2Al)(AlSi)O5(OH)4(Amesite) + Fe2O3 and Fe+3
2Si2O5(OH)4(Hisingerite) + Al2O3 ↔ 

Al2Si2O5(OH)4(Kaolinite) + Fe2O3 to calculate properties for Mg-Cronstedtite and 

Hisingerite, respectively. 

 

Table A2. (cont’d) 

   Maier-Kelley Coefficients 

Mineral V°c,h Cp°
b,h ab,h b ´ 103d,h c ´ 10-5e,h 

Ferrous Hydroxide 26k 21.3l 26.06l 4.35l  -5.38l 

Ferrotremolite 283 169.2 197.93 58.95 -41.17 

Greenalite 115 74.1 81.65 32.60 -15.39 

Minnesotaite 148 88.5 88.31 42.61 -11.15 

Mg-Cronstedtite 108o 71.8o 77.03o 40.52o  -15.40o 

Hisingerite 105o 63.4o 68.77o 44.98o  -16.69o 

 



  255 

APPENDIX B 

SUPPLEMENTARY FILES TO CHAPTER 3 



  256 

B.1. Computational Model 

B.1.1. Model Setup 

Reactions that drive the transformation of rainwater to fluids that are reduced and 

hyperalkaline occur as it progressively reactswith ultramafic rocks, which can be tracked 

using reaction path calculations. These calculations simulate reactions of minerals with a 

fluid and determine the compositions of coexisting solid phases and fluid constituents 

attained at thermodynamic equilibrium at various extents of the overall reaction progress. 

Progress of the alteration process is related to an increase in the rock-to-water ratio, 

simulating a given mass of fluid reacting with more rock as it infiltrates deeper into the 

subsurface. Following Cipolli et al. (2003) and Paukert et al. (2012), the model starts as a 

system open to atmospheric exchange and then transitions into a system closed to input 

from the atmosphere, simulating fluid pathways infiltrating deeper into the aquifer. 

Simulations were run with a fluid-centered, flow-through physical system that tracks 

compositions as fluid reacts with rock. For the composition of the starting fluid, a global 

average rainwater composition compiled by Hao et al. (2017) from Berner and Berner 

(2012) was used. Reacting rocks have starting compositions typical of harzburgites 

common in the Oman ophiolite (Hanhoj et al., 2010) and are composed mostly of olivine 

(>60 mol%) with some orthopyroxene (< 40 mol%) and minor amounts of clinopyroxene 

(< 5 mol%). In the initial models, inputs from primary minerals are controlled by relative 

dissolution rates. Calculations were then performed where experimentally-derived 

dissolution rates of the primary minerals are used to assess timescales needed to reach 

various stages of the overall serpentinization progress. 
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Aside from reaction paths, dissolved concentration of solutes at a given pH in 

equilibrium with various serpentinization-relevant minerals (brucite, magnesite, calcite, 

serpentine, etc.) was calculated. Dissolved Mg concentrations in equilibrium with brucite 

at a given pH was determined. Predicted Mg concentrations constrained by the solubility 

of magnesite were also calculated. DIC levels in equilibrium with magnesite at given pH 

and calculated Mg values were determined using charge balance. Similar calculations 

were performed to determine the dissolved Ca and DIC concentrations of a fluid in 

equilibrium with calcite. Dissolved Si concentrations in equilibrium with serpentine 

(chrysotile) was determined using calculated Mg values in equilibrium with magnesite at 

pH <10 and brucite at pH >10. 

The solubility-reaction path program EQ3/6 (Wolery and Jarek, 2003) with a 

customized thermodynamic database was used for these calculations. Thermodynamic 

data used in the calculations were calculated with the SUPCRT code (Johnson et al., 

1992) using standard state thermodynamic data for aqueous species taken from Shock 

and Helgeson (1988), Shock et al. (1989, 1992, 1997), and Sverjensky et al. (1997), 

together with the revised Helgeson-Kirkham-Flowers equations of state (Shock et al., 

1992). Data for minerals were mostly taken from Helgeson et al. (1978) and Wolery and 

Jove-Colon (2004) with the addition of estimated standard Gibbs energies of formation of 

Fe end-members of several serpentinization-relevant Mg- and Fe-bearing minerals. Data 

for these minerals were added, while maintaining internal thermodynamic consistency, to 

explore solid solution behavior during serpentinization. These data, including discussion 

of data sources, can be found in Leong and Shock (2020), which includes a wider range 

of model results that encompass the effects of variable temperatures (0-100°C), 
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compositions of reacting ultramafic rocks, fluid salinity, and buffering capacities of 

serpentinization-relevant minerals.  

B.1.2. Model Results: Stages of the Serpentinization Reaction Progress 

Results of calculations simulating the serpentinization of an ultramafic rock of the 

composition 85% olivine (Forsterite90, Mg1.8Fe0.2SiO4), 14% orthopyroxene (Enstatite90, 

Mg0.9Fe0.1SiO3), and 1% clinopyroxene (Diopside95, CaMg0.95Fe0.05Si2O6) at ambient 

conditions (25°C, 1 bar) are shown in Figure B3. Results of simulations with other 

olivine-rich compositions yield similar trends as demonstrated by Leong and Shock 

(2020). Consequences of variable temperatures (0-100°C) and increasing pyroxene 

abundance on the compositions of the coexisting fluid and solid precipitates are also 

described in detail in the same study. The calculated increase in pH with reaction 

progress is shown in Figure B3a, and changes with increasing pH in the total 

concentrations of Ca, Mg, Si, Fe, and dissolved inorganic carbon (DIC), as well as the 

number of moles of secondary minerals produced or consumed, are depicted in Figures 

B3b and B3c, respectively. Calculated reaction paths are depicted in activity diagrams 

that show the stabilities of minerals relative to the activities of aqueous solutes in the 

MgO-SiO2-H2O (Figure B3d) and CaO-MgO-SiO2-H2O (Figure B3e) systems. 

The predicted reaction path shown in Figure B3 can be divided into six general 

stages as indicated by the circled numbers that depict the starting points of these various 

stages. These stages are discussed in detail by Leong and Shock (2020) and summarized 

below where the phrases in italics encapsulate each stage. 

(1) The dissolution of primary minerals into rainwater begins when rainwater reacts with 

ultramafic rocks that are formed in the Earth’s mantle. When transported to the surface through 
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tectonic events, ultramafic rocks are unstable and are readily altered in the presence of aqueous 

fluids. Rain is slightly acidic and contains protons derived from atmospheric CO2(g) via 

 CO2(g) + H2O ⇔ HCO3
− + H+ (B1) 

which drive the dissolution of primary minerals present in ultramafic rocks through hydrolysis 

reactions. Consumption of protons during mineral hydrolysis increases pH as illustrated in Figure 

B3a. Dissolution of minerals yields solutes to the fluid, driving an increase in the total Mg, Si, 

and Ca concentrations, as depicted in Figure B3b. The fluid pathway is open to atmospheric 

exchange and consequently, reaction B1 dictates that the DIC must increase with pH to maintain 

equilibrium with a constant atmospheric fCO2(g) of ~10-3.5. The increase in DIC during this stage 

is depicted in Figure B3b. As shown in Figure B3c, no minerals except for an oxyhydroxide 

(goethite) precipitate at this stage. Also shown in the activity diagrams depicted in Figures B3d 

and B3e, the increase in pH and total Mg, Si, and Ca will drive the reaction path towards higher 

aMg+2/(aH+)2 and aCa+2/(aH+)2 (activity ratios) as well as higher aSiO2(aq) (silica activity). This 

stage marks the transition from a slightly acidic and dilute rainwater to a circumneutral (pH 7-8) 

fluid enriched in Mg+2 and HCO3
-. 

(2) The onset of serpentinization occurs as the solution is concentrated enough to 

precipitate serpentine, as represented by the mineral chrysotile. Quartz and talc can also be 

saturated at this stage, but the formation of these minerals was suppressed in the model to 

evaluate the maximum silica activity and total Si concentration attained when serpentine 

saturation is achieved, which occurs when the reaction path reaches the chrysotile saturation line 

as shown in Figure B3d. The precipitation of chrysotile from solutes, as depicted by the reaction 

 3Mg+2 + 2SiO2(aq) + 5H2O → Mg3Si2O5(OH)4(chrysotile) + 6H+, (B2) 

consumes Si and causes a decrease in its concentration as depicted in Figure B3b. Precipitation of 

chrysotile also causes the reaction path depicted in Figure B3d to shift to lower silica activity 

along the chrysotile saturation line. Despite the consumption of Mg through reaction (B2), 
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continuing dissolution of olivine-dominated rocks results in a surplus of Mg with respect to Si 

consumed during serpentinization as depicted by 

 2Mg2SiO4(forsterite) + 2H+ + H2O → Mg3Si2O5(OH)4(chrysotile) +

Mg+2, 

(B3) 

leading to further increases in aqueous Mg at this stage. The pH continues to increase despite the 

release of protons during serpentine formation (reaction 2), as it is not enough to counter their 

consumption during the dissolution of primary minerals as exemplified by reaction (B3). 

Nevertheless, in addition to reaction (B1), the release of protons through precipitation reactions 

(e.g., reaction 2) can further drive dissolution and thus overall reaction progress. 

(3) As fluids infiltrate deeper into the subsurface, a transition from an open to a closed 

system occurs. As shown in Figure B3a, a sharp increase in pH occurs without the atmosphere 

supplying protons via reaction (B1). The increase in pH, as well as the increasing concentrations 

of Mg and Ca, will result in the precipitation of carbonates. As shown in Figure B3c, the first 

carbonate to precipitate is dolomite followed by magnesite, the latter forming more abundantly 

than the former. As shown in Figure B3b, the precipitation of these Mg- and Ca-bearing 

carbonates drives a decrease in the DIC and the total Ca and Mg concentrations. 

(4) Brucite saturation is attained once the pH is high enough (pH ~ 10). As shown in 

Figure B3d, brucite precipitation occurs at extremely low aSiO2(aq) where the trend of decreasing 

aSiO2(aq), observed since the onset of serpentinization at Stage 2, stops at the intersection of the 

brucite and chrysotile saturation lines. In Figure B3e, this corresponds to where the reaction path 

encounters the boundary between the chrysotile and brucite stability fields. From this point 

onward in overall reaction progress, the aSiO2(aq) of the solution will be fixed by an equilibrium 

assemblage of chrysotile and brucite (Ctl-Brc) depicted by the reaction 

 3Mg(OH)2(brucite) + 2SiO2(aq) ⇔ Mg3Si2O5(OH)4(chrysotile) + H2O. (B4) 
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Despite the aSiO2(aq) being fixed by reaction (B4), the speciation of Si allows for an increase in 

total dissolved Si, as depicted in Figure B3b, because the abundance of HSiO3
-, and consequently 

the total Si concentration, increases with increasing pH to maintain equilibrium with the reaction 

 SiO2(aq) + H2O ⇔ HSiO3
− + H+. (B5) 

The precipitation of brucite causes an abrupt decrease in the total Mg concentration, as 

depicted in Figure B3b. Together with deceasing DIC, decrease in Mg causes magnesite and 

eventually, dolomite to stop precipitating as shown in Figure B3c. On the other hand, the total Ca 

concentration increases as more Ca is released into the fluid from the dissolution of 

clinopyroxene relative to its uptake through the precipitation of dolomite. This stage marks the 

transition from a fluid enriched in Mg and DIC to an increasingly alkaline and Ca-rich solution. 

(5) In addition to becoming more alkaline, fluids become more reduced as H2 is generated 

from the oxidation of ferrous iron from the primary minerals to ferric iron in secondary minerals 

coupled with the reduction of water to H2 as depicted by the generalized reaction 

 2Fe(II)O(primary minerals) + H2O → Fe(III)2O3(secondary minerals) +

H2(aq). 

(B6) 

At these reduced conditions, the main iron-hosting secondary mineral transitions from goethite to 

magnetite (Figure B3c). The results shown in Figure B3 are from a calculation without 

considering the incorporation of Fe into solid solutions of serpentine and brucite. If allowed, 

formation of magnetite is less favored, and most of the iron is incorporated into ferrous and ferric 

iron-bearing serpentine and ferrous iron-bearing brucite (see McCollom and Bach, 2009; Klein et 

al., 2009; 2013; 2014; Leong and Shock, 2020). Formation of methane is also favored at these 

reduced conditions. When not kinetically inhibited, the formation of methane will drive DIC to 

extremely low concentrations (< 10-12 molal). If abiogenic methane formation is kinetically 

inhibited, as it is likely to be at low-temperature conditions (Shock, 1992; McCollom, 2016; 
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Wang et al., 2018) or in gas-poor systems (McCollom, 2016; Etiope and Whiticar, 2019), DIC 

can persist in solution at low but detectable concentrations (~10 μmolal) as depicted in Figure 

B3b. Increasing pH and Ca concentration will saturate calcite (Figure B3c). As the DIC 

concentration is minimal at this stage of the reaction progress, the amount of precipitating calcite 

will not be enough to counter the increasing Ca concentration brought about by the increasing 

amount of clinopyroxene dissolved. With increasing pH and total Ca concentration, the reaction 

path depicted in Figure B3e follows an increasing trajectory in aCa+2/(aH+)2 along the boundary 

between the chrysotile and brucite stability fields until it reaches equilibrium with diopside. 

(6) Chrysotile-Brucite-Diopside (Ctl-Brc-Di) equilibrium is attained when the reaction 

path depicted in Figure B3e reaches the point where the stability fields of chrysotile, brucite and 

diopside meet. So far, since the beginning of Stage 1, release of protons through precipitation 

reactions is not enough to counter its consumption through dissolution reactions, hence pH 

continues to increase. Throughout the overall reaction progress, releases of Mg and Si through the 

dissolution of primary minerals are mostly incorporated into precipitating serpentine, brucite, 

magnesite, and dolomite. On the other hand, especially during the latter stages of overall reaction 

progress, dissolved Ca will continue to accumulate in the fluid despite its incorporation into 

dolomite and calcite owing to the very low amount of DIC remaining in solution. The release of 

Ca+2 into the solution from the dissolution of diopside is accommodated by the loss of H+ (or 

depending on how the precipitation and dissolution reactions are written, release of OH-) and 

causes the continuous increase in pH. The increasing pH trend stops when the fluid reaches 

equilibrium with diopside, as shown by point 6 in the activity diagram depicted in Figure B3e. At 

this point, diopside dissolution is no longer favorable. Moreover, the equilibrium assemblage of 

chrysotile, brucite and diopside (Ctl-Brc-Di), depicted by the reaction 
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 CaMgSi2O6(diopside) + 2Mg(OH)2(brucite) + 2H+ ⇔ Ca+2 +

Mg3Si2O5(OH)4(chrysotile) + H2O, 

(B7) 

corresponds to an invariant point in the CaO-MgO-SiO2-H2O system. Thus, not only the 

pH (Figure B3a) but also the Ca, Mg, and Si concentrations (Figure B3b) will remain 

unchanged despite continuing reaction progress, until diopside is completely reacted. As 

Ctl-Brc equilibrium (Stage 4, Figure B3d) ensures that the fluids stay undersaturated or 

out of equilibrium with forsterite (olivine) and enstatite (orthopyroxene) at low 

temperatures, fluids attaining equilibrium with diopside (clinopyroxene) are as close as 

possible to being in equilibrium with ultramafic rocks, and thus define the final stage, 

Stage 6, of overall serpentinization progress. Reaction (B7) also constrains the maximum 

pH allowed in serpentinizing environments (~12.2 at 25°C and 1 bar), explaining why 

extremely alkaline environments (pH >13) are rare in ultramafic environments (Leong & 

Shock, 2020).  

 Trends depicted in Figure B3 apply for reaction with olivine-rich lithologies. 

Greater contributions from orthopyroxene will generate fluids that first equilibrate with 

chrysotile and diopside before attaining brucite saturation. In the activity diagram 

depicted in Figure B3e, these reaction paths will track along the chrysotile-diopside 

boundary before reaching the Ctl-Brc-Di invariant point. Eventually, significant 

contributions from orthopyroxene (50-60 mole %) will yield fluids that end up at the 

chrysotile-tremolite-diopside (Ctl-Tr-Di) invariant point. Even greater (>60% mole %) 

orthopyroxene contribution will yield fluids in equilibrium with chrysotile-talc-tremolite 

(Ctl-Tlc-Tr). The latter two equilibrium assemblages imply higher aSiO2(aq) and lower 

aCa+2/(aH+)2 activity ratios compared to Ctl-Brc-Di equilibrium, as depicted in Figure 
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B3e, generating more Si-rich and less alkaline fluids. Dissolution of secondary minerals 

such as serpentine and brucite and relict clinopyroxene in partially serpentinized 

ultramafic rocks can also lead to Ctl-Brc-Di equilibrium, especially if brucite is still 

abundant. Lower amounts of reacting brucite can lead to reaction paths ending at the Ctl-

Tr-Di or the Ctl-Tlc-Tr equilibrium points as in orthopyroxene-rich settings. Further 

details on the consequences of variable compositions of the reacting rocks on the 

compositions of fluids generated during low temperature and high temperature alteration 

of ultramafic rocks can be found in Leong and Shock (2020) and Klein et al. (2013), 

respectively. 

B.2. Differences in the Compositions of Ultramafic- and Gabbro-hosted Fluids 

Most simulations of gabbro alteration are focused at high temperature and pressure 

conditions such as those occurring in submarine hydrothermal systems (McCollom and 

Shock, 1998; Palandri and Reed, 2004; Bach and Klein, 2009; Bach and others, 2013, 

Seyfried and others, 2015). Predictions of fluid compositions arising during interactions 

between meteoric water and gabbroic rocks in the continental subsurface are far more 

scarce. Gabbroic rocks comprise approximately a third of the surface exposures of the 

Samail ophiolite (Nicolas et al., 2000) and are also common in many other ophiolites. 

Gabbro-hosted hyperalkaline fluids are also documented in several studies (Neal and 

Stanger, 1985; Dewandel et al., 2005; Paukert et al., 2012; Chavagnac et al., 2013b; 

Cardace et al., 2013; Rempfert et al., 2017), and many of these springs occur near the 

gabbro-ultramafic contact. The influence of ultramafic rocks underlying the gabbroic 

rocks on the compositions of hyperalkaline fluids seeping out from gabbroic outcrops is 

largely unknown. 
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Reported compositions of gabbro-hosted fluids in the Samail ophiolite, together 

with those from this work, are plotted as orange symbols in Figure B4, where they can be 

compared with fluids documented in ultramafic environments (grey symbols). 

Compositions of most gabbro-hosted fluids overlap those hosted in ultramafic rocks. 

However, there are some notable differences that could be attributed to fluid-mineral 

reactions enabled when fluids encounter gabbroic rocks. Mineral solubility calculations 

were conducted to provide preliminary insights into how various minerals or mineral 

assemblages can account for these aqueous trends. Solubility calculations for 25°C and 1 

bar were conducted using the same software package and thermodynamic data 

expounded upon in the method section of this paper. Results of calculations are plotted as 

red curves in Figure B4. 

Gabbro- and ultramafic-hosted Type 1 fluids (circumneutral, pH 7-9) have 

overlapping total dissolved Si values as shown in Fig B1a. In contrast, some of the 

highest dissolved Si values measured in Type 2 fluids (hyperalkaline, pH >11) are from 

gabbro-hosted fluids. This could be attributed to the higher silica content of gabbros, 

which can lead to the precipitation of secondary minerals with higher silica contents than 

serpentine and brucite such as talc, quartz, chlorite, zeolites and clay minerals. As shown 

in Figure B4a, all fluids hosted in either gabbroic or ultramafic rocks are below 

amorphous silica saturation. Type 1 fluids hosted in both lithologies are typically above 

quartz saturation while Type 2 fluids are usually well below saturation with respect to 

quartz and the chrysotile-talc equilibrium assemblage. Type 2 fluids hosted in ultramafic 

rocks approach equilibrium with serpentine and brucite. In contrast, despite overlapping 

with fluids hosted in ultramafic rocks as shown in Figure B4a, the Si concentrations of 
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gabbro-hosted fluids do not approach the low values dictated by chrysotile-brucite 

equilibrium. This trend is likely to be attributed to the geological setting of gabbro-hosted 

hyperalkaline springs, many of which occur near the gabbro-ultramafic lithological 

contact. As gabbros are stratigraphically above peridotites in the Samail ophiolite, it is 

likely that deep-seated fluids would have first reacted with ultramafic rocks before 

encountering gabbroic rocks on their way to discharge at the surface. Such a scenario is 

analogous to ultramafic to gabbro mass transfer processes at high temperatures that have 

been proposed to facilitate the formation of rodingites (Bach and Klein, 2009; Bach et al., 

2013). 

As shown in Figure B4b, there are no noticeable differences in the Mg 

concentrations of Type 1 fluids hosted in either ultramafic or gabbroic rocks. As in the 

case of ultramafic-hosted fluids, Mg concentrations of Type 1 gabbro-hosted fluids rarely 

fall below values dictated by magnesite solubility. On the other hand, there are some 

noticeable differences between the Mg concentrations of Type 2 hyperalkaline fluids in 

these two lithological environments. Some of the most Mg-depleted Type 2 fluids were 

sampled from gabbroic-hosted springs. Unlike most ultramafic-hosted samples, some 

gabbro-hosted samples have Mg values below those set by brucite solubility. These lower 

Mg concentrations could be attributed to the precipitation of relatively Si-rich Mg-silicate 

minerals (e.g., talc, saponite, chlorite) that commonly occur in altered mafic rocks. As an 

example, as depicted in Figure B4b, lower Mg concentrations can be attained if fluids are 

in equilibrium with chrysotile and talc. As with Si, more constraints can be provided on 

the Mg concentrations of fluids dictated by the solubility of aluminum-bearing silicates 
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such as chlorite, zeolite and clay minerals that are commonly observed in gabbroic rocks 

altered at low temperatures (Bach et al., 2001). 

Dissolved Ca concentrations of Type 2 fluids from both gabbro and ultramafic 

bodies have similar trends that follow the solubility of calcite as shown in Figures 3.5c 

and C4c. However, total calcium concentrations in Type 1 fluids are somewhat more 

enriched in gabbro-hosted fluids than ultramafic-hosted fluids. Type 1 fluids, as 

discussed in the main text of this work, are products of early stages of reaction progress 

dictated by the dissolution of protolith minerals. Gabbroic rocks are more enriched in Ca 

compared to ultramafic rocks due to the more abundant presence of Ca-plagioclase 

(anorthite) and Ca-clinopyroxene (diopside). 

Like Ca, dissolved Na concentrations of Type 1 fluids hosted in gabbros are 

elevated compared to those hosted in ultramafic rocks as shown in Figure B4d. This 

could be attributed to the relatively elevated Na content of gabbroic rocks. However, 

similar observations can also be made for the dissolved Cl values of gabbro-hosted fluids 

plotted in Figure B4e, suggesting that leaching from salt minerals could be an alternative 

source for both Na and Cl. Figure B4f, however, shows no apparent differences between 

K trends of both gabbro- and ultramafic-hosted fluids, suggesting that leaching could be 

attributed only to halite (NaCl).  In addition, leaching from other Na-bearing phases (e.g., 

plagioclase and pyroxenes) can also occur concomitantly, as gabbro-hosted Type 1 fluids 

are typically more enriched in Na relative to Cl compared to Type 1 fluids hosted in 

ultramafic rocks as shown in Figure B4g. 

As shown in Figure B4h, the total dissolved aluminum concentrations of Type 1 

gabbro-hosted fluids overlap with those hosted in ultramafic rocks, but gabbro-hosted 
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Type 2 fluids have elevated total dissolved Al values, closely following those dictated by 

the solubility of gibbsite, as shown in Figure B4h. In contrast, all ultramafic-hosted Type 

2 fluids remain highly undersaturated with respect to gibbsite, which is not surprising as 

ultramafic rocks are typically depleted in Al. Chavagnac and others (2013b) documented 

Al-bearing layered doubled hydroxides such as hydrotalcite and indigirite in gabbro-

hosted hyperalkaline pools marked by elevated dissolved Al content. 

Further insight into the underlying mineral controls on the compositions of gabbro-

hosted fluids, in comparison to those hosted in ultramafic rocks, can be revealed through 

mineral activity diagrams. Activities of several aqueous species (SiO2(aq), Ca+2, H+) were 

evaluated from the measured values using the same thermodynamic database as all other 

calculations in this study and are plotted in an activity diagram for the CaO-Al2O3-SiO2-

H2O (phase boundaries as orange lines, balanced on Al2O3) and CaO-MgO-SiO2-H2O 

system (black lines, balanced on MgO) systems shown in Figure B5. Calculated activities 

(aCa+2/(aH+)2, aSiO2) of gabbro- (orange symbols) and ultramafic-hosted (grey symbols, 

values similar to Figure 3.5f) fluids are overlain in the activity diagram. Gabbro-hosted 

hyperalkaline fluids typically have similar calcium to hydrogen activity ratios 

(aCa+2/(aH+)2) as those hosted in ultramafic bodies but are characterized by having 

somewhat higher silica activities (aSiO2). As shown in Figure B5, these gabbro-hosted 

fluids seem to be drawn to equilibrium with gibbsite, grossular (garnet), prehnite, and 

gismondine (zeolite), unlike ultramafic-hosted fluids that approach equilibrium with 

chrysotile and brucite resulting in lower aSiO2. Similarly, Type 1 fluids hosted in 

gabbroic rocks mostly have overlapping aCa+2/(aH+)2 with those hosted in ultramafic 

rocks but tend to have higher aSiO2. These gabbro-hosted fluids are within the stability 
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field of scolecite and beidellite, which are minerals that belong to the zeolite and smectite 

groups, respectively. In addition to ultramafic rocks, the Oman Drilling Project (Kelemen 

et al., 2013) has recovered gabbroic rocks. Examination of low-temperature secondary 

phases from recovered cores would provide constraints on which minerals dictate the 

evolution of fluids during fluid-gabbro interactions. Thermodynamic simulations of low-

temperature fluid-gabbro interactions and eventually testing these models with more 

comprehensive and in-depth investigations of gabbro-hosted fluids will bridge our current 

knowledge gap in this poorly explored fluid-rock system. Gabbros are the most common 

rocks that comprise the oceanic crust and are also common in ophiolites. Results of this 

future work can potentially inform future biogeochemical studies on the likelihood of 

these vast lithological systems to host habitable environments. 
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B.3. Supplementary Tables 

Table B1 

Saturation States of Various Relevant Minerals 

Sample 

Number 
Site pH T (°C) Fo En Di Brc Ctl Tlc Am Qz Cal Arg Dol Mgs Anh 

                 
Fluids with pH between 7 to 9 

100112AI Al Bana 8.5 29 -3.0 -0.8 -0.6 -2.0 4.1 6.5 -1.1 0.2 0.5 0.3 2.8 0.7 -2.8 

140110B Dima 8.4 23.5 -3.9 -1.2 -1.3 -2.5 3.0 5.5 -1.0 0.3 0.5 0.4 2.8 0.7 -2.9 
090118P Dima 8.8 20.2 -2.7 -0.6 -0.2 -1.8 5.0 7.5 -1.1 0.3 0.8 0.6 3.4 1.0 -3.1 
140114S Falaij 7.7 21 -7.2 -2.8 -4.4 -4.2 -1.8 1.0 -0.9 0.4 -0.1 -0.3 1.5 -0.1 -2.8 

100107C Masibt 9.3 25.4 -0.5 0.5 2.0 -0.7 8.0 10.5 -1.0 0.2 0.9 0.7 3.6 1.1 -2.8 
100107D Masibt 8.6 25.6 -3.1 -0.7 0.0 -2.2 4.3 7.2 -0.8 0.5 0.8 0.7 3.1 0.7 -2.3 
090120W Masibt 8.7 24.2 -2.7 -0.5 0.4 -2.0 4.9 8.0 -0.7 0.6 0.8 0.7 3.2 0.7 -2.4 

140111G Qafifah 8.9 22.6 -1.8 -0.1 0.7 -1.5 6.3 9.1 -0.9 0.4 0.9 0.7 3.8 1.2 -3.1 
120114O Qafifah 8.7 23 -3.3 -1.0 -0.9 -2.1 3.9 6.2 -1.2 0.2 0.5 0.3 2.8 0.7 -3.1 
100109X Qafifah 8.9 23.3 -1.7 0.0 0.9 -1.4 6.4 9.3 -0.9 0.4 1.0 0.8 3.9 1.3 -3.0 

090119S Qafifah 9.0 21.6 -2.5 -0.6 -0.4 -1.6 5.1 7.2 -1.3 0.0 0.4 0.2 2.8 0.8 -3.4 
090119T Qafifah 8.6 24.8 -3.2 -0.8 -0.7 -2.1 4.1 6.8 -0.9 0.4 0.3 0.2 2.7 0.7 -3.1 
140116B Shumayt 7.9 26.5 -5.1 -1.7 -2.5 -3.2 1.2 4.1 -0.8 0.5 0.3 0.1 2.4 0.5 -2.6 

140116C Shumayt 8.7 27.3 -1.9 -0.2 0.6 -1.5 5.8 8.5 -0.9 0.4 1.0 0.9 3.9 1.3 -2.6 
120116Q Shumayt 7.7 25 -6.2 -2.3 -3.6 -3.7 -0.4 2.6 -0.8 0.5 -0.1 -0.2 1.8 0.3 -2.6 
100113AP Shumayt 7.9 27 -5.1 -1.7 -2.5 -3.2 1.1 4.0 -0.8 0.4 0.3 0.1 2.4 0.5 -2.5 

090123E Shumayt 8.2 23.9 -4.2 -1.3 -1.5 -2.7 2.6 5.6 -0.8 0.5 0.5 0.3 2.8 0.7 -2.6 
100114AR Sudari 8.8 21.5 -3.5 -1.2 -1.2 -2.1 3.5 5.4 -1.4 -0.1 0.7 0.5 3.1 0.7 -2.8 
090122B Sudari 8.8 17.1 -3.9 -1.3 -1.9 -2.3 3.2 5.4 -1.3 0.1 0.0 -0.1 2.4 0.7 -3.4 

100115AW Uqaybah 8.5 17.5 -6.7 -2.9 -3.2 -3.5 -1.1 0.2 -1.7 -0.3 n.c. n.c. n.c. n.c. -2.8                  
Fluids with pH between 9 and 11 

140110D Dima 10.4 21.8 1.6 0.9 3.4 0.9 10.8 10.9 -2.3 -0.9 1.2 1.1 3.9 1.0 -3.3 
140112L Dima 9.8 21.3 0.0 0.5 2.0 -0.2 8.7 10.0 -1.6 -0.3 1.1 1.0 4.0 1.3 -3.3 
090118N Dima 9.7 17.5 -1.1 -0.1 0.9 -0.7 7.2 8.4 -1.7 -0.4 1.0 0.8 3.8 1.2 -3.6 

100107E Masibt 10.1 26.9 1.9 1.3 3.4 0.8 11.2 12.2 -1.8 -0.5 0.6 0.5 3.3 1.1 -3.3 
090120X Masibt 10.6 27.7 3.3 1.8 5.3 1.8 13.1 13.0 -2.3 -1.0 0.9 0.7 2.8 0.4 -2.5 
140111H Qafifah 10.2 20.2 1.4 1.1 3.1 0.6 10.8 11.7 -1.9 -0.5 1.1 1.0 4.2 1.4 -3.7 

140111I Qafifah 10.9 18.8 2.8 1.4 4.1 1.7 12.5 11.9 -2.6 -1.3 1.2 1.1 4.0 1.1 -3.5 
120114N Qafifah 9.8 21.8 0.0 0.5 2.1 -0.2 8.7 10.2 -1.6 -0.3 1.1 1.0 4.1 1.3 -3.5 
100109T Qafifah 9.6 23.7 0.5 0.8 1.6 -0.1 9.4 11.5 -1.3 0.0 0.3 0.2 3.6 1.7 -4.2 

100109W Qafifah 10.3 20.8 1.5 1.0 3.1 0.7 10.8 11.4 -2.0 -0.7 1.2 1.1 4.4 1.5 -3.6 
090117J Qafifah 10.6 18.8 1.9 1.1 2.4 1.1 11.3 11.3 -2.3 -1.0 0.5 0.3 3.6 1.4 -4.4 
140116D Shumayt 9.1 27.1 -0.6 0.4 1.9 -0.8 7.7 10.2 -1.0 0.2 1.3 1.2 4.4 1.5 -2.6 

120116R Shumayt 10.6 25.8 2.7 1.3 3.6 1.6 12.1 11.5 -2.6 -1.3 0.9 0.8 3.7 1.2 -3.5 
100113AN Shumayt 10.2 28.6 2.4 1.5 4.7 1.2 11.8 12.4 -2.0 -0.7 1.9 1.8 5.0 1.4 -2.3 
100113AO Shumayt 10.4 27.4 2.9 1.6 4.3 1.5 12.4 12.5 -2.2 -0.9 1.4 1.3 4.6 1.5 -3.0 

090123G Shumayt 10.6 27.6 3.6 1.9 5.1 1.9 13.5 13.6 -2.2 -0.9 1.2 1.1 4.1 1.2 -2.8 
090122A Sudari 10.9 17.4 2.3 0.9 3.4 1.7 11.6 10.0 -3.2 -1.8 1.1 1.0 3.6 0.8 -3.0 
090122C Sudari 10.8 18.5 0.9 0.0 2.5 1.1 9.3 7.2 -3.4 -2.0 1.3 1.2 3.2 0.2 -2.6                  

Hyperalkaline Spring Fluids (pH > 11) 
140115X Al Bana 11.4 29.5 -3.0 -2.8 -0.3 0.0 2.0 -3.7 -5.1 -3.9 0.4 0.3 -1.7 -3.8 -4.2 

140115Y Al Bana 11.6 24.5 -2.2 -2.5 0.1 0.5 3.5 -2.4 -5.2 -3.9 0.9 0.8 -0.2 -2.8 -4.0 
140115Z Al Bana 11.3 32.2 -3.3 -3.1 -0.7 0.0 1.4 -4.9 -5.3 -4.1 0.5 0.3 -1.8 -3.8 -4.4 
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120118Y Al Bana 11.5 32.5 -1.8 -2.3 0.5 0.6 3.7 -2.2 -5.1 -3.9 1.0 0.9 -0.2 -2.8 -4.5 

120118Z Al Bana 11.4 30.6 -2.5 -2.5 0.1 0.2 2.9 -2.6 -4.9 -3.7 1.0 0.8 -0.4 -2.9 -4.2 
120129G Al Bana 11.0 37.3 -2.7 -2.5 0.0 0.0 2.4 -2.5 -4.6 -3.4 0.6 0.5 -1.0 -3.2 -4.7 
120129H Al Bana 11.4 38.2 -2.0 -2.3 0.6 0.5 3.3 -2.4 -5.0 -3.8 0.6 0.4 -1.4 -3.5 -4.8 

100111AA Al Bana 11.7 28.5 -3.1 -3.0 -0.5 0.2 1.8 -4.6 -5.5 -4.2 0.5 0.4 -1.8 -3.9 -4.4 
100111AB Al Bana 11.7 25.4 -2.1 -2.5 0.2 0.6 3.4 -2.7 -5.4 -4.1 1.0 0.8 -0.4 -3.0 -4.1 
100111AC Al Bana 11.6 16.5 2.4 0.6 3.3 2.1 11.4 8.5 -3.8 -2.5 1.1 1.0 3.2 0.3 -3.8 

100111AD Al Bana 11.6 32.4 -3.4 -3.5 -1.3 0.3 0.8 -6.8 -6.0 -4.8 0.6 0.4 -1.7 -3.9 -4.5 
100111AE Al Bana 11.9 18.9 -1.3 -1.9 1.0 0.8 5.1 -0.1 -4.9 -3.6 0.5 0.4 -0.7 -2.9 -4.3 
100111AF Al Bana 11.9 24.2 -1.2 -2.1 0.8 1.1 4.8 -1.6 -5.5 -4.2 0.9 0.7 -0.3 -2.8 -4.3 

100112AG Al Bana 11.1 37.7 -2.7 -2.7 -0.4 0.2 2.2 -3.7 -5.1 -3.9 0.6 0.4 -1.2 -3.3 -4.7 
100112AH Al Bana 11.2 38.4 -3.1 -3.0 -0.6 0.0 1.4 -4.5 -5.1 -3.9 0.6 0.5 -1.3 -3.5 -4.8 
090116F Al Hilayw 11.8 26.3 -1.7 -2.1 0.8 0.7 4.2 -1.5 -5.1 -3.8 0.9 0.7 -0.5 -3.0 -3.5 

090116G Al Hilayw 11.8 27.1 -2.0 -2.4 0.1 0.6 3.6 -2.3 -5.2 -4.0 2.0 1.8 2.0 -1.6 -4.1 
090116H Al Hilayw 11.5 24.5 -1.6 -1.6 1.2 0.2 4.9 1.4 -4.0 -2.7 1.1 0.9 0.7 -2.0 -4.1 
090116I Al Hilayw 11.9 20.7 -1.9 -2.0 1.4 0.4 4.4 -0.2 -4.6 -3.3 1.0 0.8 -0.4 -3.0 -3.6 

100121BB Al Khoud 10.9 39 -5.0 -3.2 0.0 -1.6 -0.7 -4.0 -3.8 -2.6 n.c. n.c. n.c. n.c. -1.9 
140110C Dima 11.4 27 -1.9 -2.1 0.8 0.4 4.0 -0.9 -4.7 -3.4 0.7 0.5 -0.8 -3.1 -3.8 
140112K Dima 11.4 26.9 -1.5 -1.9 0.9 0.6 4.6 -0.3 -4.7 -3.5 0.5 0.4 -0.9 -3.0 -3.6 

140112M Dima 11.4 28.2 -2.3 -2.2 0.8 0.1 3.4 -1.3 -4.6 -3.3 0.7 0.5 -1.1 -3.4 -3.8 
090118O Dima 11.5 30.3 -0.6 -1.3 1.9 0.9 5.9 1.4 -4.5 -3.2 0.9 0.8 0.1 -2.4 -4.2 
140113O Falaij 11.4 28.4 -2.0 -2.2 0.7 0.4 3.8 -1.4 -4.9 -3.6 0.7 0.6 -0.8 -3.1 -4.2 

140113P Falaij 11.5 25.9 -2.2 -2.4 0.2 0.5 3.4 -2.3 -5.2 -3.9 0.6 0.5 -0.9 -3.2 -4.0 
140114R Falaij 11.6 21.1 -2.2 -2.3 0.4 0.4 3.8 -1.7 -5.0 -3.7 0.6 0.4 -0.9 -3.2 -3.6 
140114T Falaij 11.4 27.2 -1.9 -2.3 0.3 0.6 3.8 -1.9 -5.1 -3.8 0.6 0.4 -0.8 -3.0 -3.7 

140114U Falaij 11.4 21.7 -0.1 -0.9 1.8 1.1 7.2 3.1 -4.3 -3.0 1.1 0.9 1.4 -1.3 -2.8 
140114V Falaij 11.4 24.4 -1.1 -1.7 0.8 0.9 5.3 0.1 -4.9 -3.6 1.3 1.1 1.2 -1.8 -3.7 
120111A Falaij 11.6 22.3 -1.2 -1.6 1.6 0.6 5.5 1.1 -4.5 -3.2 0.8 0.7 -0.1 -2.6 -3.9 

120111B Falaij 11.4 29.4 -1.8 -2.0 0.9 0.4 4.1 -0.7 -4.7 -3.4 0.9 0.7 -0.3 -2.8 -3.7 
120111C Falaij 11.3 31.9 -1.6 -1.8 1.3 0.5 4.4 -0.2 -4.5 -3.3 0.8 0.6 -0.6 -3.0 -3.8 

120113I Falaij 11.4 30 -1.3 -1.9 0.9 0.8 4.7 -0.6 -4.9 -3.6 1.1 0.9 0.3 -2.3 -4.0 

120113J Falaij 11.6 25.8 -2.2 -2.3 0.7 0.3 3.5 -1.6 -4.8 -3.6 0.9 0.8 -0.6 -3.2 -4.2 
120113K Falaij 11.4 30.9 -1.7 -1.7 1.9 0.2 4.4 0.6 -4.1 -2.9 1.0 0.9 -0.5 -3.1 -3.9 
120113L Falaij 11.3 28.4 -1.6 -1.5 1.6 0.2 4.8 1.5 -3.9 -2.7 0.9 0.8 0.0 -2.5 -4.3 

100108J Falaij 11.7 23.9 -1.6 -2.2 0.4 0.9 4.3 -1.9 -5.4 -4.1 0.7 0.5 -0.7 -3.0 -4.1 
100108K Falaij 11.7 24.7 -1.6 -2.3 0.4 0.9 4.2 -2.1 -5.4 -4.2 0.8 0.6 -0.5 -2.9 -4.2 
100108L Falaij 11.6 29.2 -2.6 -2.9 -0.5 0.5 2.4 -4.4 -5.7 -4.4 0.8 0.6 -0.9 -3.3 -4.2 

100108M Falaij 11.7 26 -2.1 -2.2 1.0 0.4 3.7 -1.5 -4.9 -3.6 0.8 0.7 -1.0 -3.5 -3.8 
100108N Falaij 11.6 27.6 -2.7 -3.1 -1.1 0.6 2.1 -5.3 -6.0 -4.7 0.5 0.4 -1.3 -3.4 -4.1 
100108O Falaij 11.8 22 -2.3 -2.7 -0.3 0.7 3.2 -3.6 -5.7 -4.4 0.8 0.6 -0.7 -3.1 -4.1 

100108P Falaij 11.5 23.3 0.3 -0.8 1.7 1.4 7.6 3.2 -4.5 -3.2 0.5 0.3 0.4 -1.7 -3.8 
100108Q Falaij 11.6 22.9 -0.7 -1.6 0.9 1.2 5.8 0.3 -5.1 -3.8 0.8 0.6 0.3 -2.1 -3.7 
100108R Falaij 11.6 27.9 -2.1 -2.7 -0.4 0.8 3.2 -3.7 -5.7 -4.4 0.7 0.5 -0.8 -3.1 -3.7 

090115A Falaij 11.5 29.1 2.1 0.2 3.9 2.1 10.1 6.2 -4.2 -2.9 1.0 0.8 1.1 -1.4 -3.8 
090115B Falaij 11.7 24.1 -1.7 -2.1 0.8 0.6 4.2 -1.2 -5.0 -3.7 1.0 0.8 -0.2 -2.8 -4.4 
090115C Falaij 11.7 25.1 1.9 -0.1 3.4 2.2 9.9 5.3 -4.6 -3.3 0.7 0.6 0.8 -1.6 -3.7 
090115D Falaij 11.8 20.7 -0.5 -1.4 1.6 1.2 6.4 1.1 -4.9 -3.6 1.1 0.9 0.6 -2.1 -3.7 

090115E Falaij 11.8 18 -1.6 -2.0 0.9 0.7 4.7 -0.7 -5.1 -3.7 1.0 0.9 0.0 -2.6 -3.7 
100107A Masibt 11.3 32.4 -2.3 -1.8 2.0 -0.3 3.6 0.6 -3.8 -2.5 1.0 0.9 -0.9 -3.5 -2.9 
100107B Masibt 11.3 30.3 0.5 -0.4 3.4 1.1 8.0 5.0 -3.7 -2.5 1.0 0.8 0.5 -2.0 -3.0 

090120U Masibt 11.4 31.4 3.3 1.0 5.1 2.5 12.1 9.2 -3.7 -2.4 1.0 0.8 1.7 -0.9 -3.0 
090120V Masibt 11.4 30.6 2.0 0.3 4.3 1.8 10.1 7.1 -3.8 -2.5 0.7 0.5 0.5 -1.8 -2.9 
140111F Qafifah 11.6 23.8 -0.3 -1.1 2.3 1.1 6.7 2.4 -4.4 -3.1 0.5 0.4 -0.5 -2.7 -3.8 

120112E Qafifah 11.3 30.1 -2.2 -2.1 0.9 0.1 3.5 -1.0 -4.5 -3.2 0.8 0.6 -0.8 -3.2 -4.5 
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120112F Qafifah 11.4 27.4 -1.5 -1.8 1.1 0.6 4.7 0.0 -4.6 -3.4 1.0 0.8 0.0 -2.5 -4.2 

120112H Qafifah 11.3 31.9 -1.2 -1.3 2.5 0.3 5.2 2.0 -3.8 -2.6 0.8 0.7 -0.7 -3.1 -3.8 
100109S Qafifah 11.8 22.4 -2.3 -2.4 0.6 0.4 3.5 -1.9 -5.0 -3.7 0.9 0.8 -0.6 -3.2 -4.4 
100109U Qafifah 11.7 24.9 -2.4 -2.9 -0.8 0.8 2.8 -4.5 -5.9 -4.6 1.0 0.8 -0.2 -2.8 -4.3 

100109V Qafifah 11.2 23.7 3.1 1.2 4.1 2.2 12.3 10.4 -3.3 -2.0 1.3 1.2 3.7 0.7 -3.4 
090117K Qafifah 11.7 18.5 2.3 0.4 3.3 2.2 11.1 7.7 -4.0 -2.7 0.7 0.6 2.0 -0.4 -4.0 
090117M Qafifah 11.7 22.6 -0.2 -1.3 1.6 1.3 6.6 1.4 -4.9 -3.6 n.c. n.c. n.c. n.c. -4.4 

090119Q Qafifah 11.7 23.2 2.5 0.4 4.3 2.3 11.1 7.3 -4.2 -2.9 1.0 0.9 1.6 -1.1 -3.7 
090119R Qafifah 11.6 16.6 0.2 -0.6 1.9 1.1 8.0 4.6 -4.0 -2.7 0.7 0.5 1.1 -1.2 -4.0 
140117F Shumayt 11.5 26.2 -1.6 -2.0 0.7 0.7 4.4 -1.0 -5.0 -3.7 0.4 0.3 -1.1 -3.2 -4.3 

140117G Shumayt 11.4 30.5 -2.5 -2.6 -0.1 0.3 2.8 -3.2 -5.2 -3.9 0.2 0.1 -1.9 -3.7 -4.7 
140117H Shumayt 11.5 29.6 -2.1 -2.4 0.2 0.6 3.4 -2.6 -5.2 -4.0 0.4 0.3 -1.5 -3.5 -4.6 
140117I Shumayt 11.3 32.3 -0.4 -1.5 1.1 1.3 5.9 0.3 -5.0 -3.8 0.6 0.5 -0.1 -2.3 -4.0 

140117J Shumayt 11.3 31.6 1.8 0.3 3.9 1.7 9.8 7.1 -3.6 -2.4 0.6 0.5 0.7 -1.5 -3.1 
140117K Shumayt 11.5 27.4 -1.8 -2.2 0.6 0.6 4.0 -1.7 -5.1 -3.8 0.5 0.3 -1.2 -3.3 -4.6 
140117L Shumayt 11.6 27.3 -1.8 -2.3 0.5 0.7 4.0 -2.0 -5.2 -4.0 0.2 0.0 -1.8 -3.6 -4.6 

120116P Shumayt 11.2 34.3 -1.5 -2.1 0.4 0.8 4.2 -1.5 -5.0 -3.8 0.7 0.6 -0.4 -2.6 -4.5 
120116S Shumayt 11.4 29.5 -0.9 -1.7 0.9 1.0 5.3 -0.2 -5.0 -3.7 0.8 0.7 0.2 -2.3 -4.2 
120117T Shumayt 11.3 32.6 -1.8 -2.2 0.4 0.6 3.8 -1.6 -5.0 -3.7 0.6 0.4 -0.9 -3.0 -4.7 

120117U Shumayt 11.3 32 -2.3 -2.5 0.0 0.4 3.0 -2.8 -5.1 -3.9 0.5 0.4 -1.2 -3.3 -4.6 
120117V Shumayt 11.7 23.6 -2.2 -2.3 0.7 0.4 3.6 -1.7 -5.0 -3.7 0.8 0.7 -0.7 -3.2 -4.6 
120117X Shumayt 11.3 32.8 -2.6 -2.6 0.0 0.1 2.5 -2.9 -4.9 -3.7 0.1 0.0 -2.2 -3.9 -4.7 

100112AJ Shumayt 11.5 33.4 -2.1 -2.7 -0.5 0.8 2.9 -4.1 -5.7 -4.5 0.6 0.5 -0.9 -3.1 -4.7 
100112AK Shumayt 11.5 33.3 -2.9 -3.1 -0.7 0.4 1.8 -5.1 -5.7 -4.5 0.5 0.3 -1.7 -3.7 -5.0 
100112AL Shumayt 11.5 32.6 -3.0 -3.2 -0.9 0.4 1.6 -5.6 -5.8 -4.6 0.5 0.4 -1.6 -3.7 -4.8 

100112AM Shumayt 11.5 31.5 -2.8 -3.1 -0.9 0.5 1.9 -5.2 -5.8 -4.6 0.5 0.4 -1.4 -3.6 -4.8 
090123D Shumayt 11.5 34 -1.3 -2.0 0.6 1.0 4.4 -1.6 -5.2 -4.0 0.8 0.7 -0.2 -2.7 -4.5 
090123F Shumayt 11.6 28.1 -1.5 -2.2 0.3 0.9 4.2 -1.9 -5.3 -4.1 1.0 0.9 0.2 -2.5 -4.3 

100114AS Sudari 11.3 18.2 2.3 0.6 3.0 2.0 11.2 8.5 -3.7 -2.3 1.0 0.9 3.2 0.5 -3.4 
100114AT Sudari 11.6 30.4 -1.8 -2.2 0.8 0.6 3.8 -1.8 -5.1 -3.8 0.5 0.4 -1.4 -3.5 -3.8 
100114AU Sudari 11.6 20.08 2.6 0.5 3.2 2.4 11.4 7.7 -4.2 -2.8 0.3 0.2 1.4 -0.6 -3.5 

090122Z Sudari 11.6 29.5 -1.9 -2.2 0.0 0.5 3.8 -1.6 -5.0 -3.7 0.4 0.2 -0.9 -2.8 -4.2 
100115AV Uqaybah 11.6 21.4 -1.9 -2.6 -0.5 0.9 3.8 -3.2 -5.8 -4.5 n.c. n.c. n.c. n.c. -3.0                  

Well Fluids 
120119B NSHQ-14 10.1 24 -2.7 -1.7 -0.1 -0.7 3.8 1.9 -3.2 -1.9 0.5 0.4 0.7 -1.5 -2.9 
120119A NSHQ-14 11.1 29.1 -1.4 -1.8 0.9 0.6 4.7 0.1 -4.6 -3.3 1.0 0.8 0.3 -2.3 -3.6 

120119C NSHQ-14 11.0 33.7 -1.5 -1.8 0.9 0.6 4.4 -0.3 -4.6 -3.4 0.9 0.8 0.1 -2.4 -3.6 
120123E NSHQ-04 10.7 28.3 -1.7 -1.5 1.6 0.0 4.8 1.9 -3.7 -2.4 1.7 1.5 1.6 -1.6 -1.8 
120126F WDA-16 8.0 31.8 -4.3 -1.3 -1.6 -2.8 2.2 5.3 -0.7 0.5 -0.9 -1.0 0.0 -0.7 -2.9 

120127G WDA-17 9.2 31 -2.1 -1.5 -3.1 -0.4 4.2 2.0 -3.4 -2.1 0.1 0.0 3.1 1.4 -3.6 
120130I WDA-05 9.3 32.7 -1.0 -0.7 -1.7 0.0 6.1 4.6 -2.9 -1.7 0.1 0.0 3.2 1.5 -3.5 
120130J WDA-05 9.4 32.1 -0.8 -0.7 -1.5 0.1 6.3 4.8 -3.0 -1.7 0.2 0.0 3.3 1.5 -3.5 

100119AX SJA-04B 7.2 33.8 -7.4 -2.9 -4.4 -4.3 -2.6 0.2 -0.8 0.4 n.c. n.c. n.c. n.c. -2.4 
100119AY SJA-04A 7.6 34 -6.1 -2.3 -3.1 -3.7 -0.7 2.1 -0.8 0.4 n.c. n.c. n.c. n.c. -2.5 
100120AZ SJA-03 9.4 34.1 -0.7 -0.7 -1.6 0.1 6.3 4.7 -3.0 -1.8 n.c. n.c. n.c. n.c. -3.5 

n.c. means not calculated due to lack in analytical data (e.g., DIC for carbonate saturation) 
Fo - forsterite; En - enstatite; Di - diopside; Brc - brucite; Ctl - chrysotile; Tlc - talc; Am - Amorphous 

Silica; Qz - quartz; Cal - calcite; Arg - aragonite; Dol - dolomite; Mgs - magnesite; Anh - anhydrite 
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Table B2 

Composition of Fluids Used in Mixing Calculations 

 

  
Surface Fluid 

(s)1 

Deep 

Subsurface 

Fluid 1 (d1)
2 

Deep 

Subsurface 

Fluid 2 (d2)
3 

Deep 

Subsurface 

Fluid 3 (d3)
4 

pH 7.9 12.3 11.7 11.1 

Na (mmolal)5 1.14 10 10 10 

Ca (mmolal) 0.56 14.4 3.2 0.7 

Mg (µmolal) 2810 0.03 0.2 2.6 

Cl (mmolal)5 1.28 10 10 10 

Si (µmolal) 303 1.3 0.3 0.1 

DIC (µmolal) 5120 8 10 20 
1composition taken from sample 140116B. Sample is closest to predicted 

compositions in equilibrium with secondary phases common in the shallow 

subsurface. 

2fluid in equilibrium with the Ctl-Brc-Di and calcite assemblage at 25°C and 1 

bar. 
3fluid in equilibrium with the Ctl-Brc-Cal assemblage, given 10 µmole/kg DIC, 

at 25°C and 1 bar. 

4fluid in equilibrium with the Ctl-Brc-Cal assemblage, given 20 µmole/kg DIC, 

at 25°C and 1 bar. 

5Deep fluids were given Na and Cl concentrations of 10 mmolal as an average of 

the range of concentrations (3-20 mmolal) observed in environmental samples 
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B.4. Supplementary Figures 

 

Figure B1. Comparison of dissolved Ca (a) and Mg (b) values determined using the ICP-

MS and ICP-OES, respectively, with values determined using the IC. 

 

 



  275 

 

Figure B2. (a) Total dissolved solutes (TDS, solid black line) and ionic strength (IS, 

dashed black line) of sampled fluids (values at the right y-axis). Results of speciation 

calculation are depicted as a stacked bar chart where the color represents different 

aqueous species (in mole %, left y-axis). Also shown are the aqueous species that 

comprised total dissolved Si (b), Mg (c), Ca (d), and inorganic carbon (e). 
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Figure B3. Reaction paths simulating serpentinization of an ultramafic rock with the 

composition 85% olivine-14% orthopyroxene-1% clinopyroxene. (a) depicts the increase 

in pH as serpentinization progresses, highlighting six stages discussed in the text. 

Progress of the serpentinization process is depicted in rock-to-water ratio (e.g., log value 

of -3 represents reaction of 1 g of reacted ultramafic rock in 1000 g water). (b) and (c) 

depict changes in the concentrations of aqueous species (in log molality) and amount of 

minerals precipitated (in log moles) with pH, respectively. Reaction paths are plotted on 

activity diagrams for the MgO-SiO2-H2O (d) and CaO-MgO-SiO2-H2O (e) systems. 

Dashed lines in (d) and (e) indicate saturation of indicated minerals, while solid lines in 

(e) represent boundaries for the stability fields of minerals. Dark blue curves show results 

of reaction path calculations. Numbers indicate the starting points of the six stages of 

serpentinization. 
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Figure B4. Comparison between ultramafic-hosted (grey symbols) and gabbroic-hosted 

(orange symbols) fluids in Oman. Symbol shapes and data sources are the same as in 

Figure 3. Trends in the total dissolved Si (a), Mg (b), Ca (c), Na (d), Cl (e), K (f), ratio 

between total dissolved Na and Cl (g), and total dissolved Al (h) with pH are shown. 

Dashed red lines and curves show solubility conditions for various minerals: Am – 

amorphous silica, Qz – quartz, Ctl – chrysotile, Tlc – talc, Brc – brucite, Mgs – 

magnesite, Cal – calcite, Gbs – gibbsite. 
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Figure B5. Log aCa+2/(αH+)2 vs aSiO2 of gabbro-hosted fluids (various symbols in 

orange) plotted on an activity diagram for the CaO-Al2O3-SiO2-H2O system (phase 

boundaries as orange lines) at 25°C, 1 bar. Underlying it is an activity diagram for the 

CaO-MgO-SiO2-H2O system (black lines) and plotted activities of ultramafic-hosted 

fluids (various symbols in grey), similar to those shown in Figure 3.5f. Symbols are the 

same as in Figure S1. Note that the lines represent stability boundaries between the 

indicated minerals: Brc – brucite; Ctl – chrysotile; Tlc – talc; Tr – tremolite; Di – 

diopside; Qz – quartz; Am – amorphous SiO2, Gbs – gibbsite; Kln – kaolinite; Prl – 

pyrophyllite; Bei – beidellite; Sco – scolecite: Lmt – laumontite; Prh – prehnite; Grs – 

grossular; Ka – katoite. Thermodynamic properties of minerals are taken from Helgeson 

et al. (1978) and Wolery and Jove-Colon (2004). 
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APPENDIX C 

SUPPLEMENTARY FILES TO CHAPTER 4 
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C.1. Overview of the Compositions of Ultramafic- and Gabbro-hosted Fluids in the 

Oman Ophiolite 

A subset of compositional data of fluids from the Oman ophiolite reported by the 

above companion studies (Canovas et al., 2017; Howells, in prep; Chapter 3 of this 

document) were used to quantify energy supplies via reactions shown in Table 4.1 as well 

as in estimating end-member fluids representative of the serpentinizing subsurface. These 

estimated compositions for end-member subsurface fluids were further used to quantify 

energy supplies in the serpentinizing subsurface. Compositional data of Oman samples 

are compiled in Table C1 and trends for major solutes are shown in Figure C1 which 

depicts trends in the dissolved concentrations of Si (Figure C1a), Mg (Figure C1b), Ca 

(Figure C1c), Na (Figure C1d), Cl (Figure C1e), and Al (Figure C1f) trends with pH. 

Most of samples were taken from ultramafic bodies while a few where hosted in gabbroic 

rocks. The overall trends in pH, temperature, and concentrations of major dissolved 

solutes measured from ultramafic- and gabbro-hosted fluids in the Oman ophiolite has 

been discussed by the above accompanying studies and are summarized below. 

As shown in Figure C1 in Appendix C of this text, except for some minor 

differences (see below), trends in the concentration of dissolved solutes of fluids hosted 

in either ultramafic or gabbroic rocks are generally overlapping. The pH of fluids 

investigated by this work ranges from 7 to 11.7 and are within range of findings of 

numerous prior works concerning fluids from the Oman ophiolite (Neal and Stanger, 

1985, Dewandel et al., 2005, Paukert et al., 2012; Chavagnac et al., 2013b; Rempfert et 

al., 2017; Giampouras et al., 2020) and other ultramafic bodies around the world (e.g., 

Barnes et al., 1978 (USA); Schwarzenbach et al., 2013 (Italy); Szponar et al., 2013 
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(Canada); Cardace et al., 2015 (Philippines)). Neutral to slightly alkaline fluids (pH 7-9) 

occur as shallow groundwater and surface stream fluids while hyperalkaline fluids (pH 

>11) are observed in spring seeping from outcropping rocks and in wells tapping deep-

seated groundwater. Dissolved concentrations of common rock-forming elements (Si, 

Mg, Ca, Na, Cl, and Al) vary with pH, as shown in Figure C1. Dissolved Si (Figure C1a) 

and Mg (Figure C1b) values are relatively higher in circumneutral fluids (>0.1 

millimolal) and are very dilute in hyperalkaline fluids (<0.01 millimolal). In contrast, 

dissolved Ca (Figure C1c) is elevated in hyperalkaline fluids (> 1 millimolal). 

Circumneutral and hyperalkaline fluids are classified as Type 1 Mg+2-HCO3
- and Type 2 

Ca+2-OH- fluids, respectively, after their most dominant dissolved components. Type 1 

fluids are results of fluid interactions with shallow aquifer host rocks in a system open to 

atmospheric exchange that generate circumneutral to slightly basic (pH 7-9) fluids rich in 

Mg+2 and HCO3
-. Greater degrees of interactions between water and rock as fluids 

infiltrate deeper into the aquifer facilitate the transformation of meteoric and Type 1 

fluids into reduced, hyperalkaline fluids that are enriched in Ca+2 and OH-. As the overall 

serpentinization process progresses, leaching from the rocks and loss of H2O due to 

hydration of the rock lead into an increase in the concentrations of Na and Cl with pH, as 

respectively shown in Figures C1d and C1e, respectively. In addition, as discussed in 

Chapter 3 of this document, fluids with intermediate pH values (9 to 11) that fall between 

the Type 1 and Type 2 end-member fluids are either a result of intermediate stages of the 

serpentinization process or mixing between the end-member fluids. These fluid types can 

be distinguished using coupled trends in pH and the total dissolved silicon concentration. 
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At the same pH, fluids at intermediate stages of serpentinization have considerably lower 

total dissolved silicon than fluids derived from mixing. 

Trends in the overall compositions of gabbro-hosted fluids relative to those hosted 

in ultramafic rocks are discussed in detail in Appendix B and are summarized below. 

Compositions of circumneutral Type 1 fluids hosted in both lithologies have generally 

overlapping trends. Hyperalkaline Type 2 fluids hosted in both lithologies also 

overlapped but with some important differences. As an example, lowest dissolved Si 

concentration measured from gabbro-hosted fluids is ~10 μmolal while many ultramafic-

hosted fluids can attain much lower dissolved Si values (<1 μmolal) approaching that 

dictated by the serpentine and brucite equilibrium (Figure C1b). In contrast and as a 

response to equilibrium with secondary phases with Si content larger, or Mg content 

lower, than serpentine and brucite, gabbro-hosted fluids can attain much lower Mg levels 

(~0.05 μmolal) than those hosted in ultramafic rocks (~0.5 μmolal), as shown in Figure 

C1a. Hyperalkaline fluids hosted in gabbros are much more enriched in dissolved Al 

relative to their ultramafic-hosted counterparts, as shown in Figure C1f. The above trends 

are consistent with the host rock’s composition where gabbroic rocks are more enriched 

in Si and Al, and depleted in Mg relative to ultramafic rocks. 

C.2. Overview of Chemolithotrophic Strategies in Serpentinizing Environments 

This work quantifies geochemical energy available to serpentinizing communities 

via 17 chemolithotrophic reactions compiled in Table 4.1. All of 17 studied reactions are 

detected or plausible in serpentinizing environments by a number of experimental and 

molecular studies (see Table 4.1). Physiological and accompanying genomic studies of 

isolates from serpentinizing environments present the most compelling evidence for a 
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given metabolic strategy. In serpentinizing systems, much of physiological work has been 

focused on heterotrophs (e.g., Tiago et al., 2004; Takai et al., 2005, Aissa et al., 2014; 

Cabria et al., 2014; Cohen et al., 2015) and less has been conducted on chemotrophic 

microorganisms. Chemoautotrophs from the genus Serpentinomonas capable of using H2 

and O2 (hydrogen oxidation, reaction 4.1 in Table 4.1) as energy sources and utilizing 

calcite as its carbon sources where isolated and studied by Suzuki et al. (2014). Other 

strong evidences for the presence of a chemotrophic strategy are provided by experiments 

demonstrating enhanced rates of redox processes relative to abiotic controls as well as 

labeled isotope experiments that track assimilation and transformation of relevant 

compounds. Enrichment cultures targeting Methanobacterium from subsurface fluids 

from the Oman ophiolite were shown to cause large variations in the isotopic 

composition of generated methane in experiments conducted by Miller et al. (2018). 

Experiments were also used to detect the presence of microorganisms capable of aerobic 

oxidation of carbon monoxide (reaction 4.3 in Table 4.1) by Morrill et al. (2014) in 

Canada and Fones et al. (2019) in Oman, methanogenesis (reaction 4.8) by Brazelton et 

al. (2011) in Lost City, Kohl et al. (2016) in California, and Fones et al. (2019) in Oman, 

and the anaerobic oxidation of methane (reactions 4.10 – 4.12) by Brazelton et al. (2011) 

in Lost City. Expression of genes revealed by transcriptomic, proteonomic and biomarker 

analyses also provides compelling evidences for the presence of certain metabolic 

strategies. Lipid biomarker studies (Mottl et al., 2003; Bradley et al., 2009a; 2009b; 

Lincoln et al., 2013; Klein et al., 2015) support the presence of methanogens and 

anaerobic methanotrophs as well as ammonia oxidizers (reaction 4.5) and sulfate reducers 

(reaction 4.9) at several serpentinizing sites in the seafloor (e.g., Lost City hydrothermal 
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field in the Mid-Atlantic Ridge and South Chamorro Seamount in the Mariana Forearc, 

see Table 4.1). Metagenomic studies probing marker genes for a given metabolic process 

further support the presence of aerobic hydrogen oxidizers ([Ni,Fe] and/or [Fe,Fe] 

hydrogenase, Brazelton et al., 2011; 2012; 2013; 2017; Twing et al., 2017; Suzuki et al., 

2017), carbon monoxide oxidizers (carbon monoxide dehydrogenase or CODH, 

Brazelton et al., 2012; Twing et al., 2017; Fones et al., 2019), methanogens or anaerobic 

methanotrophs (mcrA genes, Blank et al., 2009; Quéméneur et al., 2014; Postec et al., 

2015; Brazelton et al., 2017; Crespo-Medina et al., 2009; Fones et al., 2019), and sulfate 

reducers (dsrAB, dsrB, aprA genes, Blank et al., 2009; Tiago and Veríssimo, 2013; 

Brazelton et al., 2017; Suzuki et al., 2017; Sabuda et al., 2020). In addition, marker genes 

for the aerobic oxidation of methane (pmoABC, Brazelton et al., 2017; Seyler et al., 2020) 

and sulfide (sox, sqr, fccAB, Brazelton and Baross, 2010; Tiago and Veríssimo, 2013; 

Sabuda et al., 2020), and the reduction of nitrate or nitrite (narG and/or nirS, Meyer-

Dombard et al., 2015; Suzuki et al., 2017) and molecular nitrogen (nifH, Brazelton et al., 

2011). Aerobic methanotrophy, aerobic oxidation of sulfide, nitrate reduction and 

nitrogen reduction/fixation are represented by reactions (4.2), (4.4), (4.13), and (4.14), 

respectively, in Table 4.1. Molecular data from 16s rRNA analysis of serpentinizing 

fluids and sediments provides additional, albeit at unknown uncertainties, inferences on 

the presence of certain microbial metabolic strategy. In addition to the above metabolism, 

numerous works involving 16s rRNA sequences suggest the presence microbes utilizing 

the aerobic oxidation of nitrite (reaction 4.6) and ferrous iron (reaction 4.7) as energy 

sources. In addition to the above metabolic processes, Canovas et al. (2017) suggests 

potentials for microbes availing the water-gas shift (reaction 4.15), anaerobic oxidation of 
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ammonia or annamox (reaction 4.16), and carbon monoxide reduction (reaction 4.17) 

reactions as sources for energy, despite absence of molecular evidences from 

serpentinizing environments. All the above chemolithotrophic processes are summarized 

in Table 4.1, including a compilation of work supporting the presence of a given 

metabolic strategy. These evidences are classified accordingly based on a scheme (Class 

I to V, and geochemical) developed by Canovas et al. (2017) that accounts for the 

strength of a given evidence. 

Calculations of energy supplies account for the full speciation of inorganic 

species and the reactions listed for a given chemolithotrophic process in Table 4.1 only 

serve as a representative example. For instance, at the hyperalkaline pH characteristic of 

serpentinizing fluids, the dominant dissolved inorganic carbon source are in the form of a 

neutral complex (CaCO3(aq)) and the anion, CO3
-2 (Leong and Shock, 2020, also see 

Figure C2a) and thus reaction (4.8) for methanogenesis would be best represented by 

these species instead of CO2. Moreover, our calculations accounts for all dissolved 

components of a given redox-sensitive species to infer the maximum available energy, 

considering the lack of data especially at alkaline conditions on the available inorganic 

carbon species used specifically by microorganisms such as methanogens.  

The 17 reactions studied in this work are not exhaustive of chemotrophic 

processes present in serpentinzing systems. Several chemolithotropic and 

chemoorganotrophic reactions such as acetogenesis (Suzuki et al., 2017; Twing et al., 

2017; Seyler et al., 2020), fermentation or methanogenesis using organic compounds 

such as acetate and formate (Morrill et al., 2013; Kohl et al., 2016; Brazelton et al., 

2017); sulfate reduction with formate (Lang et al., 2018), thiosulfate oxidation and 
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disproportionation (Sabuda et al., 2020), and ferric iron reduction (Meyer-Dombard et al., 

2018) are suggested to be present in serpentinizing environments but are otherwise not 

quantified in this work due to lack of data (e.g., dissolved organic species, thiosulfate, 

ferric iron). Constraints on the above species would permit future quantification of 

available energy supplies through these reactions. 

C.3. Calculated Energy Supplies Available in Oman Ophiolite Fluids 

Except for iron oxidation, which was not investigated, Canovas et al. (2017) 

showed that all other chemotrophic reactions listed in Table 4.1 are favored to proceed in 

all but a few of fluids they sampled from the Oman ophiolite. Using fluid compositional 

data from Canovas et al. (2017) as well as those reported in Chapter 3 of this work and by 

Howells (in prep) from the same study sites in Oman, this work offers further constraints 

on the maximum energy available to chemolithotrophs by quantifying energy per mass of 

a given fluid in addition to affinity values. Calculations for energy supplies available 

through iron oxidation is also conducted. Results of calculations of affinities (𝐴𝑟) and 

energy yield (𝐸𝑟) for the forward direction of studied reactions are compiled in Tables C3 

and C4, respectively, in Appendix C of this work. 𝐸𝑟 for aerobic and anaerobic reactions 

are depicted in Figures C3 and C4, respectively. 

As shown in Figures C3 and C4, most of study sites provide positive energy 

sources for all 17 chemotrophic reactions listed in Table 4.1. The forward reaction is only 

unfavorable for a few sites and negative energy supplies are not plotted. These were only 

observed for a few CH4-rich, H2-poor hyperalkaline sites (e.g., sample 100110A, see 

Table C3) where methanogenesis is unfavorable. As discussed above, fluids investigated 

by this work exhibit variabilities of compositions ranging from that with circumneutral to 
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hyperalkaline pH, as well as being hosted at different lithological settings (ultramafic vs 

gabbro-hosted). These variabilities in aqueous compositions result in variations in the 

available energy supplies for various reactions ranging from less than 1 μcalories to more 

than 1 calories per kilogram of fluid, as depicted in Figures C3 and C4. We first start 

discussions below on overall bionergetic trends observed from ultramafic-hosted fluids 

(grey symbols in Figures C3 and C4) which we have a more complete dataset. We then 

assess how energy supplies available in gabbro-hosted fluids (orange symbols) compare 

to fluids hosted in ultramafic rocks. 

 Trends for aerobic chemolithotrophic processes are depicted in Figure C3 which 

shows energy yield for the aerobic oxidation of dissolved hydrogen (Figure C3a), 

methane (Figure C3b), carbon monoxide (Figure C3c), sulfide (Figure C3d), ammonia 

(Figure C3e), nitrite (Figure C3f), and iron (Figure C3g). Except for the aerobic oxidation 

of nitrite and carbon monoxide, there is a general increase in the available energy for all 

other reactions as pH increases. These trends suggest that most of aerobic chemotrophic 

strategies listed in Table 4.1 would be favorable in serpentinization-generated fluids 

relative to those lower pH fluids that composed surficial runoffs and upper aquifers. 

However, note that the variation in energy supply also increases with increasing pH (e.g., 

see Figures C3a, C3d, and C3e for hydrogen, sulfide and ammonia oxidation, 

respectively). These variabilities in energy supplies can be attributed to variations on the 

supply of limiting reactants at these conditions. The 𝐴𝑟 (calories/mole e- transferred) for a 

given reaction are not variable across the range of pH observed in this work, as shown in 

Table C3 and by previous work (Canovas et al., 2017). Consequently, total energy 

available per kg of fluid (𝐸𝑟) will be dependent on the supply of limiting reactant (see 
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equation 4.24). This trend is exemplified in Figure C3h which shows energy yield for 

hydrogen oxidation given the ratio dissolved O2 and H2 levels of investigated fluids. The 

ratios are normalized based on their stoichiometric coefficients in Table 4.1 for reaction 

(4.1) and thus values above and below zero represent O2- and H2-limited systems, 

respectively. Energy available for hydrogen oxidation in all fluids with pH < 11 (green 

symbols) are limited by H2. Thus, energy supply trends positively as fluids become more 

H2-rich towards the vertical dashed line in Figure C3h. Not all hyperalkaline (pH > 11, 

blue symbols in Figure C3h), despite results of serpentinization, are enriched in H2. In the 

case for these fluids, H2 is limiting and energy supply also trends positively as fluids 

become more H2-rich. For hyperalkaline fluids enriched in H2, as depicted by the blue 

symbols in the right side of the dashed vertical line in Figure C3h, energy supply is 

limited by O2 levels and are increasing as fluids becomes more O2-rich towards the 

dashed vertical line. As shown in Figures C3a and C3h, the highest energy supply 

available for aerobic hydrogen oxidizers is associated with hyperalkaline fluids. A 

number of hyperalkaline fluids, however, yields low energy via hydrogen oxidation and 

are even lower than those non-hyperalkaline fluids with similar H2/O2 ratio. Energy that 

can be available through the aerobic oxidation of dissolved methane, sulfide and 

ammonia exhibits similar trends as shown above for hydrogen oxidation where 

availability of the limiting reactant results in variabilities in the energy supply. 

Ultimately, predictions of available energy supply in the deep subsurface would entail 

detailed exploration on the availability of both electron donors and acceptors. This would 

require constraints on the extent of atmospheric O2 infiltration into the subsurface as well 

as the variabilities in the dissolved H2 levels of deep-seated serpentinizing fluids. 
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 On the other hand, available energy from the oxidation of dissolved ferrous iron 

(Figure C3g) corresponds closely to trends in the dissolved ferrous iron concentration 

(Figure 4.2a), implying limitations on the energy supply by the availability of dissolved 

ferrous iron instead of dissolved O2. The fast kinetics of ferrous iron oxidation observed 

at fluids with pH > 7 (Stumm and Lee, 1961; Trapp and Millero, 2007; St. Clair et al., 

2019) would raise questions if energy supplies can be harvested by iron oxidizers at all, 

especially at the hyperalkaline conditions characteristic of serpentinizing environments. 

For example, St. Clair et al. (2019) observed limitations for iron oxidizing 

microorganisms at neutral to slightly alkaline fluids in the Alps. In serpentinization-

generated fluids, the reduced nature of fluids can allow dissolved ferrous iron in the fluid 

to persist, despite the high pH, consistent with high levels of dissolved ferrous iron 

detected in the field at hyperalkaline Type 2 fluids (Canovas et al., 2017; Rempfert et al., 

2017; Chapter 3 of this work). The persistence of dissolved ferrous iron permits 

opportunities for iron oxidizing microorganisms to take advantage of. The presence of 

putative iron oxidizers in serpentinizing and other hyperalkaline systems have been 

suggested by a number of 16s rRNA studies (Roadcap et al., 2006; Daae et al., 2013; 

Woycheese et al., 2015). Stronger evidence for the presence of iron oxidizers can be 

provided for by field and laboratory experiments that can probe how fast dissolved 

ferrous iron is oxidized by microbes present in serpentinizing fluids relative to abiotic 

controls. The serpentinizing subsurface stores a massive source of electron donors in the 

form of ferrous iron hosted in minerals like serpentine, brucite, and olivine that can 

potentially supply energy to various subsurface communities. Among the above minerals, 

brucite can readily mobilize electron donors due to its fast rates of dissolution relative to 



  290 

serpentine and olivine (Prokovsky and Schott, 2004) and could be a potential substrate 

for subsurface life (Templeton and Ellison, 2020). 

 Like most aerobic reactions, energy yielded via some anaerobic reactions also 

generally increases in magnitude as well as variation with increasing pH, as shown in 

Figure C4 for hydrogenotrophic methanogenesis (Figure C4a), sulfate reduction (Figure 

C4b), anaerobic oxidation of methane using sulfate (Figure C4c), nitrate (Figure C4d), 

and nitrite (Figure C4e) as electron acceptors. Energy yield through nitrate and nitrogen 

reduction seems to follow similar increasing but more variable trend as fluids becomes 

more alkaline, as shown in Figures C4f and C4g, respectively. Energy yield through the 

water-gas shift, annamox, and carbon monoxide reduction reactions does not show strong 

pH dependence, as depicted in Figures C4h, C4i, and C4j, respectively. As discussed 

above for the case of the aerobic oxidation of hydrogen, the large variation in the energy 

supply especially those calculated from hyperalkaline fluids can be attributed to the 

variabilities in the limiting supply of available electron donors and acceptors. Energy 

supply via methanogenesis given the ratio of the electron donor (H2) and acceptor (DIC), 

corrected according to their stoichiometric coefficients depicted in reaction (4.8), is 

shown in Figure C4k. All non-hyperalkaline (pH <11, green symbols) and most 

hyperalkaline (pH >11, blue symbols) are H2-limited. Energy varies by several order of 

magnitude (106 -100 calories/kg) but increases as fluids becomes more H2-rich towards 

the vertical dashed line in Figure C4k. A few hyperalkaline fluids are DIC-limited, as 

shown in the right side of the vertical dashed line, and available energy generally 

increases as fluids becomes more DIC-rich towards the dashed line. Highest energy 

available for methanogens is generally available in hyperalkaline fluids relative those 
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lower in pH. However, some hyperalkaline fluids yield low energy for methanogens that 

are even lower than non-hyperalkaline fluids with similar H2/O2 ratio. Although the latter 

has more potentials to support methanogens, Howells (in prep) have shown that no 

methanogens are present in these non-hyperalkaline fluids due to their high DO content 

that are toxic to these anaerobes. 

There is less dataset on energy supplies quantified for analogous fluids hosted in 

gabbroic bodies, as shown by the few orange colored symbols in Figures C3 and C4. 

Despite gabbroic bodies comprising a significant component of continental ophiolites 

(e.g., 31% the Oman ophiolite’s surface, Nicolas et al., 2001), aqueous geochemical data 

warranted for estimation of geochemical energy supplies is lacking. Calculations of 

Canovas et al. (2017) and Cardace et al. (2017) include a few fluids hosted in gabbroic 

rocks. Both works, however, have discussed these fluids collectively with other 

ultramafic-hosted fluids and discussions on how gabbro-hosted differs in terms of 

energetic supplies is still warranted. In the discussions above, we showed that the 

compositions of gabbro-hosted fluids mostly overlap with their ultramafic-hosted 

counterparts. Many of these gabbro-hosted fluids are found close to the gabbro-ultramafic 

lithological boundaries and the overlapping compositions are likely results of the 

complex subsurface fluid pathways that allows interactions with both rocks at this 

lithological interface (see Appendix B). Nevertheless, pertinent differences in the 

concentrations of some redox-sensitive species from both geological settings could result 

in varying potentials for supporting different microbial strategies. For instance, while 

both types of fluids can attain hyperalkaline conditions, hyperalkaline gabbro-hosted 

fluids are typically poor in dissolved H2 (Figure 4.1b) but can be enriched in dissolved 
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CH4 (Figure 4.1d) and sulfide (Figure 4.2c). The methane-rich and sulfidic nature of 

gabbro-hosted fluids parallels those measured at submarine basalt-hosted hydrothermal 

vent fluids. Basaltic and gabbroic rocks are chemically similar and differs mainly on their 

mineralogical textures. Gabbros and basalts are both formed from the partial melting of 

ultramafic rocks that composed the Earth’s mantle. Basalts are the eruptive component of 

the melt while the more crystalline gabbros are those that solidified at depth. However, 

despite similarities in the compositions of the host rocks, no low-temperature systems 

(<100 °C) hosted in basalts have been recorded to attain the hyperalkaline pH (>11) 

observed in gabbro-hosted systems in Oman. For instance, in the basaltic aquifer in 

Iceland, maximum pH measured by Arnorsson et al. (2002) is ~10.3 (at 20 °C). The 

hyperalkaline nature of fluids hosted in gabbroic rocks in ophiolites could be a nature of 

their proximity to ultramafic bodies but remains to be investigated further. Overall, 

despite their methane- and sulfide-rich nature, energy supplies for the aerobic oxidation 

of methane and sulfide in gabbro-hosted fluids, as respectively shown in Figures C3b and 

C3d (orange symbols), overlaps with most of those calculated for ultramafic-hosted fluids 

(grey symbols). Similar to that discussed above for ultramafic-hosted fluids, variations in 

energy supplies can be attributed to the variations in the amount of the limiting reactant, 

which can be dissolved O2 in this case instead of dissolved methane or sulfide. 

Nevertheless, the maximum energy available to sulfide oxidizers is associated with a 

gabbro-hosted fluid, as shown in Figure C3d. The anaerobic oxidation of methane via the 

reduction of sulfate is also highly favorable in gabbro-hosted fluids relative to those 

occurring in ultramafic bodies, as shown in Figure C3c. In contrast, H2 is depleted in 

gabbro-hosted fluids relative to most of those hosted in ultramafic rocks (see Figure 4.1b) 
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and energy supplies available for hydrogenotrophs like hydrogen oxidizers (Figure C3a), 

methanogens (Figure C4a) and sulfate reducers (Figure C4b) in gabbro-hosted systems 

are lower than those calculated for most of fluids hosted in ultramafic rocks. 
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C.4. Supplementary Tables 

Table C1 

Fluid and Gas Compositions of Samples Used in Bioenergetic Calculations 

Sample 

Number 
Lithology pH 

T Cond DO Fe+2 S-2 DIC Cl- Br- 

°C μS/cm µmolal µmolal µmolal millimolal Millimolal µmolal 

non-hyperalkaline fluids (pH <11) 

140110B Ultramafic 8.4 23.5 568 243.76 0.36 0.34 3.63 1.58 1.10 

140114S Ultramafic 7.7 21 787 171.88 0.36 b.d.l. 4.39 3.19 1.80 

100107C Gabbro 9.3 25.4 778 250.00 n.m. 6.89 1.93 3.71 b.d.l. 

100107D Gabbro 8.6 25.6 809 n.m. n.m. n.m. 3.08 2.98 b.d.l. 

140111G Ultramafic 8.9 22.6 586 221.88 0.36 0.09 4.11 1.53 1.04 

100109X Ultramafic 8.9 23.3 664 196.88 n.m. 0.39 4.49 1.71 b.d.l. 

140116B Ultramafic 7.9 26.5 760 125.01 0.90 0.25 5.13 1.28 0.82 

140116C Ultramafic 8.7 27.3 777 228.13 0.36 0.63 4.75 1.54 0.93 

120116Q Ultramafic 7.7 25 744 287.52 n.m. 0.33 5.22 1.28 0.24 

100113AP Ultramafic 7.9 27 723 100.00 n.m. b.d.l. 5.17 1.43 b.d.l. 

100114AR Ultramafic 8.8 21.5 923 284.38 n.m. 0.27 3.04 5.19 b.d.l. 

140110D Ultramafic 10.4 21.8 778 203.13 0.18 1.31 0.81 4.79 4.70 

140112L Ultramafic 9.8 21.3 659 253.13 0.72 0.22 1.88 3.75 3.48 

100107E Ultramafic 10.1 26.9 910 n.m. n.m. n.m. 0.68 4.86 b.d.l. 

140111H Ultramafic 10.2 20.2 597 278.14 0.18 1.22 1.80 3.08 1.89 

140111I Ultramafic 10.9 18.8 683 231.26 b.d.l. 2.03 0.85 3.69 2.36 

120114N Ultramafic 9.8 21.8 667 462.53 n.m. 0.64 2.24 3.17 0.89 

100109T Ultramafic 9.6 23.7 685 218.75 n.m. 0.54 3.56 2.38 b.d.l. 

140116D Ultramafic 9.1 27.1 777 215.63 0.18 0.66 3.98 1.92 1.13 

120116R Ultramafic 10.6 25.8 767 350.02 n.m. 0.97 0.76 3.51 0.83 

100113AN Ultramafic 10.2 28.6 720 190.63 n.m. 1.36 1.66 3.32 b.d.l. 

100113AO Ultramafic 10.4 27.4 734 168.75 n.m. 0.76 1.40 3.56 b.d.l. 

Hyperalkaline Spring Fluids (pH > 11) 

140115X Ultramafic 11.4 29.5 2949 43.80 13.30 6.97 0.03 11.40 5.36 

140115Y Ultramafic 11.6 24.5 2778 140.63 20.10 3.59 0.11 11.80 5.49 

140115Z Ultramafic 11.3 32.2 4050 34.40 12.40 6.25 0.03 12.60 9.19 

120118Y Ultramafic 11.5 32.5 3343 35.40 n.m. 5.44 0.12 6.80 1.27 

120118Z Ultramafic 11.4 30.6 2140 81.30 n.m. 7.56 0.12 9.85 1.44 

120129G Ultramafic 11.0 37.3 1455 n.m. n.m. n.m. 0.05 5.11 1.04 

100111AA Ultramafic 11.7 28.5 3400 59.38 n.m. 7.80 0.04 11.99 b.d.l. 

100111AB Ultramafic 11.7 25.4 2770 187.50 n.m. 2.78 0.13 12.34 b.d.l. 

100111AC Ultramafic 11.6 16.5 1873 271.88 n.m. 0.24 0.69 11.63 2.52 

100111AD Ultramafic 11.6 32.4 3235 31.25 n.m. 5.41 0.05 13.05 b.d.l. 

100111AE Ultramafic 11.9 18.9 2468 250.00 n.m. 0.24 0.07 13.44 5.49 

100112AG Ultramafic 11.1 37.7 1421 9.75 n.m. 3.21 0.04 5.73 b.d.l. 
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100112AH Ultramafic 11.2 38.4 1537 50.00 n.m. 3.48 0.05 5.77 1.31 

140110C Ultramafic 11.4 27 2011 17.90 13.10 13.70 0.05 7.45 7.84 

140112K Ultramafic 11.4 26.9 1870 8.63 12.20 16.70 0.04 7.16 7.83 

140112M Ultramafic 11.4 28.2 2058 15.80 8.77 16.10 0.05 7.36 7.91 

140113O Ultramafic 11.4 28.4 2329 59.40 10.60 5.84 0.06 7.92 5.94 

140113P Ultramafic 11.5 25.9 2224 50.00 15.60 1.97 0.05 7.90 5.68 

140114R Ultramafic 11.6 21.1 1844 34.40 11.30 1.87 0.04 7.10 4.55 

140114T Ultramafic 11.4 27.2 2061 16.30 13.10 17.70 0.04 6.89 4.43 

140114U Ultramafic 11.4 21.7 1479 218.76 0.18 3.41 0.17 4.72 4.58 

140114V Ultramafic 11.4 24.4 1803 190.63 15.60 8.31 0.23 6.98 4.65 

120111A Ultramafic 11.6 22.3 1737 462.53 n.m. 0.85 0.09 4.62 1.34 

120111B Ultramafic 11.4 29.4 1912 368.77 n.m. 5.41 0.09 6.39 2.12 

120111C Ultramafic 11.3 31.9 1889 93.80 n.m. 13.70 0.07 4.94 1.67 

120113I Ultramafic 11.4 30 2276 68.80 n.m. 8.07 0.14 7.24 2.46 

120113J Ultramafic 11.6 25.8 2343 275.02 n.m. 0.85 0.09 3.56 0.92 

120113K Ultramafic 11.4 30.9 2364 356.27 n.m. 0.15 0.12 6.10 2.07 

120113L Ultramafic 11.3 28.4 2297 743.80 n.m. b.d.l. 0.16 10.32 4.14 

100108J Ultramafic 11.7 23.9 2214 187.50 n.m. 5.65 0.05 8.58 b.d.l. 

100108K Ultramafic 11.7 24.7 2266 171.88 n.m. 5.02 0.07 8.35 b.d.l. 

100108L Ultramafic 11.6 29.2 2442 10.20 n.m. 5.96 0.07 8.44 b.d.l. 

100107A Gabbro 11.3 32.4 1900 2.78 n.m. 117.47 0.11 7.25 b.d.l. 

100107B Gabbro 11.3 30.3 1848 46.88 n.m. 83.30 0.11 7.31 b.d.l. 

140111F Ultramafic 11.6 23.8 1470 8.59 b.d.l. 6.78 0.04 4.66 2.98 

120112E Ultramafic 11.3 30.1 1762 150.01 n.m. 1.69 0.07 3.38 0.93 

120112F Ultramafic 11.4 27.4 1781 37.80 n.m. 4.96 0.11 4.32 1.29 

100109S Ultramafic 11.8 22.4 1685 81.25 n.m. 1.94 0.10 5.32 b.d.l. 

100109U Ultramafic 11.7 24.9 1778 12.50 n.m. 6.56 0.12 5.06 b.d.l. 

140117F Ultramafic 11.5 26.2 1868 25.00 12.00 4.72 0.03 5.35 3.12 

140117G Ultramafic 11.4 30.5 2015 9.88 11.50 3.75 0.02 5.33 3.13 

140117H Ultramafic 11.5 29.6 2067 21.90 13.10 5.47 0.03 5.77 3.70 

140117I Ultramafic 11.3 32.3 2000 12.50 13.80 3.25 0.05 5.32 3.13 

140117J Ultramafic 11.3 31.6 1387 31.30 6.98 2.31 0.07 4.71 2.82 

140117K Ultramafic 11.5 27.4 1980 37.50 10.90 3.16 0.03 5.76 3.77 

140117L Ultramafic 11.6 27.3 2087 21.90 8.95 3.59 0.02 5.81 4.17 

120116P Ultramafic 11.2 34.3 1745 46.60 n.m. 2.81 0.06 4.49 1.06 

120116S Ultramafic 11.4 29.5 1729 25.00 n.m. 3.84 0.08 4.58 0.65 

120117T Ultramafic 11.3 32.6 1721 22.50 n.m. 2.87 0.04 3.28 0.49 

120117U Ultramafic 11.3 32 1720 8.56 n.m. 3.51 0.04 5.15 1.41 

120117V Ultramafic 11.7 23.6 1951 37.50 n.m. 2.18 0.08 5.40 1.52 

120117X Ultramafic 11.3 32.8 1681 25.90 n.m. 2.18 0.01 5.10 1.51 

100112AJ Ultramafic 11.5 33.4 1782 n.m. n.m. 3.05 0.05 5.58 1.46 

100112AM Ultramafic 11.5 31.5 1772 13.13 n.m. 3.17 0.04 5.51 2.74 

100114AS Ultramafic 11.3 18.2 1013 256.25 n.m. 0.91 0.47 6.12 b.d.l. 

100114AT Ultramafic 11.6 30.4 1893 106.25 n.m. 2.00 0.04 6.33 b.d.l. 
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100114AU Ultramafic 11.6 20.08 1258 243.75 n.m. 1.00 0.07 6.24 b.d.l. 

All data except dissolved H2, CH4, and CO values are reported in Chapter 3 of this work. H2, CH4, and CO values are taken from 

Canovas et al. (2017) and Howells (in prep). 

 

 

Table C1. (cont’d.) 

Sample 

Number 
Lithology pH 

SO4
-2 NO3

- NO2
- Na+ NH4

+ K+ 

µmolal µmolal µmolal millimolal µmolal millimolal 

non-hyperalkaline fluids (pH <11) 

140110B Ultramafic 8.4 346 63 0.30 1.31 b.d.l. 0.04 

140114S Ultramafic 7.7 443 116 0.22 3.20 0.31 0.11 

100107C Gabbro 9.3 734 211 4.26 3.81 b.d.l. 0.09 

100107D Gabbro 8.6 822 323 348 3.24 b.d.l. 0.07 

140111G Ultramafic 8.9 326 49 0.31 1.53 0.57 0.04 

100109X Ultramafic 8.9 381 80 0.40 1.76 b.d.l. 0.03 

140116B Ultramafic 7.9 696 170 0.45 1.06 0.23 0.10 

140116C Ultramafic 8.7 680 160 b.d.l. 1.37 1.16 0.10 

120116Q Ultramafic 7.7 646 99 0.14 1.00 0.53 0.08 

100113AP Ultramafic 7.9 727 122 0.77 1.16 b.d.l. 0.08 

100114AR Ultramafic 8.8 519 14 b.d.l. 5.43 b.d.l. 0.10 

140110D Ultramafic 10.4 180 27 b.d.l. 4.92 6.61 0.14 

140112L Ultramafic 9.8 243 37 b.d.l. 3.72 3.38 0.11 

100107E Ultramafic 10.1 498 180 b.d.l. 4.89 b.d.l. 0.10 

140111H Ultramafic 10.2 182 13 0.16 3.59 3.80 0.08 

140111I Ultramafic 10.9 154 8 0.30 4.36 5.97 0.10 

120114N Ultramafic 9.8 207 9 0.68 3.78 1.13 0.08 

100109T Ultramafic 9.6 334 52 b.d.l. 2.83 b.d.l. 0.05 

140116D Ultramafic 9.1 612 142 0.07 1.86 2.54 0.10 

120116R Ultramafic 10.6 266 34 0.48 4.26 8.03 0.12 

100113AN Ultramafic 10.2 399 45 b.d.l. 3.83 b.d.l. 0.11 

100113AO Ultramafic 10.4 362 49 b.d.l. 4.18 b.d.l. 0.11 

Hyperalkaline Spring Fluids (pH > 11) 

140115X Ultramafic 11.4 4.75 0.35 b.d.l. 13.90 58.70 0.32 

140115Y Ultramafic 11.6 9.99 1.61 1.83 14.30 50.50 0.33 

140115Z Ultramafic 11.3 2.63 0.12 b.d.l. 17.10 87.60 0.33 

120118Y Ultramafic 11.5 2.18 0.39 0.35 9.24 12.20 0.19 

120118Z Ultramafic 11.4 6.37 0.63 0.63 12.11 19.40 0.27 

120129G Ultramafic 11.0 1.32 0.62 0.44 5.19 6.25 0.15 

100111AA Ultramafic 11.7 4.10 b.d.l. 2.01 15.12 b.d.l. 0.26 

100111AB Ultramafic 11.7 9.54 b.d.l. b.d.l. 15.68 b.d.l. 0.28 

100111AC Ultramafic 11.6 123.13 1.95 b.d.l. 14.63 b.d.l. 0.29 

100111AD Ultramafic 11.6 2.08 b.d.l. b.d.l. 18.11 b.d.l. 0.27 

100111AE Ultramafic 11.9 12.80 3.27 b.d.l. 18.28 b.d.l. 0.29 

100112AG Ultramafic 11.1 1.13 4.28 b.d.l. 6.14 b.d.l. 0.15 
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100112AH Ultramafic 11.2 0.93 b.d.l. b.d.l. 6.75 b.d.l. 0.14 

140110C Ultramafic 11.4 10.80 0.47 b.d.l. 7.91 19.80 0.22 

140112K Ultramafic 11.4 18.40 0.11 0.11 7.59 22.70 0.21 

140112M Ultramafic 11.4 10.70 0.06 b.d.l. 7.89 21.10 0.22 

140113O Ultramafic 11.4 3.84 0.18 b.d.l. 9.40 33.60 0.25 

140113P Ultramafic 11.5 7.82 3.47 0.77 9.53 29.20 0.25 

140114R Ultramafic 11.6 21.10 11.20 0.76 8.10 19.80 0.23 

140114T Ultramafic 11.4 13.50 0.62 1.16 7.97 30.60 0.22 

140114U Ultramafic 11.4 176.00 26.20 0.14 8.09 11.90 0.22 

140114V Ultramafic 11.4 17.70 1.28 0.86 8.43 20.30 0.22 

120111A Ultramafic 11.6 13.10 10.70 1.67 5.33 3.30 0.14 

120111B Ultramafic 11.4 12.90 2.21 1.35 7.38 6.47 0.20 

120111C Ultramafic 11.3 9.52 0.77 1.47 5.41 5.40 0.15 

120113I Ultramafic 11.4 7.19 0.91 0.62 8.85 6.61 0.22 

120113J Ultramafic 11.6 4.76 2.21 2.79 4.20 3.71 0.10 

120113K Ultramafic 11.4 10.80 2.18 10.70 7.53 1.74 0.19 

120113L Ultramafic 11.3 8.84 14.20 1.96 12.79 1.53 0.33 

100108J Ultramafic 11.7 6.51 b.d.l. 0.14 10.37 b.d.l. 0.22 

100108K Ultramafic 11.7 4.77 b.d.l. b.d.l. 10.41 b.d.l. 0.22 

100108L Ultramafic 11.6 5.05 b.d.l. b.d.l. 10.61 b.d.l. 0.22 

100107A Gabbro 11.3 69.90 b.d.l. b.d.l. 7.18 b.d.l. 0.12 

100107B Gabbro 11.3 63.70 b.d.l. b.d.l. 7.16 b.d.l. 0.14 

140111F Ultramafic 11.6 11.30 1.49 b.d.l. 5.86 15.50 0.14 

120112E Ultramafic 11.3 1.87 0.19 0.45 4.20 1.64 0.10 

120112F Ultramafic 11.4 4.14 0.31 0.28 5.45 3.09 0.13 

100109S Ultramafic 11.8 3.71 3.60 b.d.l. 7.03 b.d.l. 0.13 

100109U Ultramafic 11.7 4.57 b.d.l. b.d.l. 6.90 b.d.l. 0.11 

140117F Ultramafic 11.5 3.64 0.44 0.06 6.41 18.30 0.15 

140117G Ultramafic 11.4 1.38 0.02 b.d.l. 6.27 19.50 0.15 

140117H Ultramafic 11.5 1.58 0.11 b.d.l. 7.14 23.50 0.16 

140117I Ultramafic 11.3 6.46 0.10 b.d.l. 6.28 19.40 0.15 

140117J Ultramafic 11.3 111.00 0.08 b.d.l. 5.83 16.90 0.14 

140117K Ultramafic 11.5 1.58 0.09 b.d.l. 7.16 21.30 0.16 

140117L Ultramafic 11.6 1.60 0.10 b.d.l. 7.33 22.70 0.16 

120116P Ultramafic 11.2 1.78 0.87 0.38 5.45 5.31 0.13 

120116S Ultramafic 11.4 4.38 0.22 0.39 5.61 5.45 0.13 

120117T Ultramafic 11.3 1.13 0.59 0.67 4.01 3.69 0.09 

120117U Ultramafic 11.3 1.78 0.80 0.35 6.25 6.86 0.15 

120117V Ultramafic 11.7 2.21 3.76 0.70 6.81 5.64 0.14 

120117X Ultramafic 11.3 1.26 2.38 1.74 6.04 3.14 0.15 

100112AJ Ultramafic 11.5 1.30 b.d.l. b.d.l. 7.13 b.d.l. 0.12 

100112AM Ultramafic 11.5 1.04 b.d.l. b.d.l. 7.13 b.d.l. 0.12 

100114AS Ultramafic 11.3 220.83 12.30 b.d.l. 7.42 b.d.l. 0.14 

100114AT Ultramafic 11.6 12.10 b.d.l. b.d.l. 8.40 b.d.l. 0.14 
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100114AU Ultramafic 11.6 154.89 7.29 b.d.l. 7.80 b.d.l. 0.14 

All data except dissolved H2, CH4, and CO values are reported in Chapter 3 of this work. H2, CH4, and CO values are taken from 

Canovas et al. (2017) and Howells (in prep). 

 

 

Table C1. (cont’d.)  

Sample 

Number 
Lithology pH 

Mg+2 Ca+2 Si+4 Al+3 H2 CH4 CO 

µmolal millimolal µmolal µmolal µmolal µmolal nanomolal 

non-hyperalkaline fluids (pH <11) 

140110B Ultramafic 8.4 1840 0.49 183 0.22 0.01 0.00 98 

140114S Ultramafic 7.7 2010 0.60 200 0.15 0.02 0.02 113 

100107C Gabbro 9.3 1445 0.33 289 2.19 0.03 2.10 246 

100107D Gabbro 8.6 1522 0.84 347 0.12 0.02 0.08 155 

140111G Ultramafic 8.9 2140 0.36 276 0.13 0.24 1.62 93 

100109X Ultramafic 8.9 2290 0.40 283 0.07 0.06 1.05 161 

140116B Ultramafic 7.9 2810 0.56 303 0.15 0.06 0.02 98 

140116C Ultramafic 8.7 2680 0.63 279 0.12 2.18 0.92 114 

120116Q Ultramafic 7.7 2908 0.51 309 0.12 n.m. n.m. n.m. 

100113AP Ultramafic 7.9 2680 0.58 288 0.32 0.07 0.03 214 

100114AR Ultramafic 8.8 1485 0.45 79 0.08 0.03 0.01 111 

140110D Ultramafic 10.4 782 0.48 91 0.24 0.06 8.91 63 

140112L Ultramafic 9.8 1150 0.31 111 0.25 0.01 1.32 71 

100107E Ultramafic 10.1 885 0.14 214 6.67 n.m. n.m. n.m. 

140111H Ultramafic 10.2 1170 0.21 145 0.13 1.10 8.00 186 

140111I Ultramafic 10.9 807 0.37 100 0.13 2.07 7.75 97 

120114N Ultramafic 9.8 1082 0.28 133 0.09 n.m. n.m. n.m. 

100109T Ultramafic 9.6 1924 0.04 226 0.09 3.19 14.10 122 

140116D Ultramafic 9.1 2430 0.72 260 0.12 12.50 0.14 231 

120116R Ultramafic 10.6 807 0.19 83 0.24 n.m. n.m. n.m. 

100113AN Ultramafic 10.2 1433 2.17 157 0.40 42.10 3.65 118 

100113AO Ultramafic 10.4 1298 0.52 138 0.05 7.95 4.63 185 

Hyperalkaline Spring Fluids (pH > 11) 

140115X Ultramafic 11.4 0.45 1.89 2.22 0.92 233.00 7.86 140 

140115Y Ultramafic 11.6 1.26 1.79 2.16 0.30 20.80 3.25 80 

140115Z Ultramafic 11.3 0.41 2.37 1.38 0.15 226.00 19.00 107 

120118Y Ultramafic 11.5 1.02 1.88 2.36 0.41 n.m. n.m. n.m. 

120118Z Ultramafic 11.4 0.70 1.50 2.96 0.49 n.m. n.m. n.m. 

120129G Ultramafic 11.0 0.63 1.48 2.82 0.32 n.m. n.m. n.m. 

100111AA Ultramafic 11.7 0.28 1.66 1.79 0.15 106.65 6.19 58 

100111AB Ultramafic 11.7 0.79 1.61 2.45 0.52 7.26 1.46 130 

100111AC Ultramafic 11.6 180.79 0.33 38.10 0.05 0.68 0.42 188 

100111AD Ultramafic 11.6 0.28 2.18 0.55 0.10 104.31 11.00 101 

100111AE Ultramafic 11.9 1.46 0.73 7.84 0.34 0.14 0.09 152 

100112AG Ultramafic 11.1 0.65 1.73 1.37 0.07 273.40 37.70 65 

100112AH Ultramafic 11.2 0.34 1.58 1.43 0.13 157.77 20.10 37 

140110C Ultramafic 11.4 1.30 1.96 4.26 0.82 6.42 204.00 80 

140112K Ultramafic 11.4 2.24 1.89 3.88 0.97 0.49 276.00 139 

140112M Ultramafic 11.4 0.67 1.98 5.60 1.33 30.70 242.00 121 

140113O Ultramafic 11.4 1.07 2.09 3.68 0.54 39.20 4.61 119 

140113P Ultramafic 11.5 1.28 2.03 1.94 0.23 65.60 14.40 88 

140114R Ultramafic 11.6 1.46 1.85 2.44 0.44 0.01 17.20 159 

140114T Ultramafic 11.4 1.83 1.91 1.84 0.17 27.80 40.80 248 

140114U Ultramafic 11.4 16.10 1.17 7.43 0.07 0.02 0.09 163 

140114V Ultramafic 11.4 5.60 1.71 2.75 0.15 0.17 1.52 236 

120111A Ultramafic 11.6 2.04 1.31 7.88 0.47 n.m. n.m. n.m. 

120111B Ultramafic 11.4 1.32 1.71 4.46 0.40 n.m. n.m. n.m. 
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120111C Ultramafic 11.3 1.07 1.72 6.40 0.49 n.m. n.m. n.m. 

120113I Ultramafic 11.4 2.42 1.71 3.29 0.23 n.m. n.m. n.m. 

120113J Ultramafic 11.6 0.59 1.72 3.82 0.69 n.m. n.m. n.m. 

120113K Ultramafic 11.4 0.45 1.60 20.40 3.04 n.m. n.m. n.m. 

120113L Ultramafic 11.3 0.96 0.73 26.40 2.82 n.m. n.m. n.m. 

100108J Ultramafic 11.7 1.97 1.89 1.73 0.13 1.61 0.81 275 

100108K Ultramafic 11.7 1.78 1.87 1.60 0.07 11.00 2.95 266 

100108L Ultramafic 11.6 0.70 1.94 0.89 0.09 159.36 16.20 93 

100107A Gabbro 11.3 0.21 2.06 37.20 22.60 0.73 99.70 145 

100107B Gabbro 11.3 6.31 1.91 39.30 23.30 0.13 38.80 268 

140111F Ultramafic 11.6 3.82 1.69 10.50 0.25 263.00 158.00 93 

120112E Ultramafic 11.3 0.68 1.74 5.56 0.54 n.m. n.m. n.m. 

120112F Ultramafic 11.4 1.93 1.72 4.62 0.27 n.m. n.m. n.m. 

100109S Ultramafic 11.8 0.54 1.59 3.77 0.63 22.70 51.90 141 

100109U Ultramafic 11.7 1.23 1.51 0.47 0.35 111.20 131.62 78 

140117F Ultramafic 11.5 1.94 1.85 2.65 0.25 265.00 13.30 168 

140117G Ultramafic 11.4 0.79 1.90 1.50 0.13 2.75 9.29 44 

140117H Ultramafic 11.5 1.04 2.08 1.66 0.13 225.00 12.70 181 

140117I Ultramafic 11.3 8.09 1.86 1.96 0.12 227.00 13.60 159 

140117J Ultramafic 11.3 19.50 0.83 48.90 0.06 218.00 13.30 187 

140117K Ultramafic 11.5 1.48 2.08 2.26 0.23 n.m. n.m. n.m. 

140117L Ultramafic 11.6 1.47 2.14 1.87 0.19 n.m. n.m. n.m. 

120116P Ultramafic 11.2 2.49 1.67 1.70 0.38 n.m. n.m. n.m. 

120116S Ultramafic 11.4 4.54 1.70 2.23 0.13 n.m. n.m. n.m. 

120117T Ultramafic 11.3 1.48 1.65 2.08 0.43 n.m. n.m. n.m. 

120117U Ultramafic 11.3 0.87 1.65 1.77 0.39 n.m. n.m. n.m. 

120117V Ultramafic 11.7 0.68 1.75 3.63 0.61 n.m. n.m. n.m. 

120117X Ultramafic 11.3 0.56 1.67 2.37 0.42 n.m. n.m. n.m. 

100112AJ Ultramafic 11.5 1.33 1.90 0.59 0.33 321.27 26.20 66 

100112AM Ultramafic 11.5 0.62 1.92 0.53 0.06 258.64 21.00 84 

100114AS Ultramafic 11.3 291.09 0.30 22.70 0.04 0.03 1.31 88 

100114AT Ultramafic 11.6 0.70 1.72 3.53 0.58 10.10 10.80 138 

100114AU Ultramafic 11.6 156.80 0.29 16.10 0.10 0.20 1.01 131 

All data except dissolved H2, CH4, and CO values are reported in Chapter 3 of this work. H2, CH4, and CO values are taken from 

Canovas et al. (2017) and Howells (in prep). 
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Table C2 

Calculated Eh, pe, and log fO2 Values Using Dissolved O2 and H2 Concentrations of 

Investigated Fluids 

Sample 

Number 
pH T (°C) 

  O2   H2 

  Eh (V) pe log fO2   Eh (V) pe log fO2 

Fluids with pH <11 

140110B 8.4 23.5  0.7 12.3 -0.7  -0.3 -5.9 -73.5 

140114S 7.7 21  0.8 13.2 -0.9  -0.3 -5.3 -75.0 

100107C 9.3 25.4  0.7 11.3 -0.7  -0.4 -7.1 -74.1 

100107D 8.6 25.6  n.c. n.c. n.c.  -0.4 -6.3 -73.9 

140111G 8.9 22.6  0.7 11.8 -0.8  -0.4 -7.2 -76.9 

100109X 8.9 23.3  0.7 11.8 -0.8  -0.4 -6.9 -75.5 

140116B 7.9 26.5  0.7 12.5 -1.0  -0.3 -5.8 -74.4 

140116C 8.7 27.3  0.7 11.7 -0.7  -0.4 -7.4 -77.3 

120116Q 7.7 25  0.8 13.0 -0.7  n.c. n.c. n.c. 

100113AP 7.9 27  0.7 12.5 -1.1  -0.3 -5.8 -74.3 

100114AR 8.8 21.5  0.7 12.1 -0.7  -0.4 -6.6 -75.6 

140110D 10.4 21.8  0.6 10.4 -0.8  -0.5 -8.4 -75.9 

140112L 9.8 21.3  0.6 11.1 -0.7  -0.4 -7.3 -74.5 

100107E 10.1 26.9  n.c. n.c. n.c.  -0.5 -7.9 -73.7 

140111H 10.2 20.2  0.6 10.7 -0.7  -0.5 -8.9 -79.1 

140111I 10.9 18.8  0.6 10.2 -0.8  -0.6 -9.6 -80.1 

120114N 9.8 21.8  0.7 11.1 -0.5  n.c. n.c. n.c. 

100109T 9.6 23.7  0.7 11.1 -0.8  -0.5 -8.4 -78.8 

140116D 9.1 27.1  0.7 11.3 -0.8  -0.5 -8.2 -78.9 

120116R 10.6 25.8  0.6 10.0 -0.6  n.c. n.c. n.c. 

100113AN 10.2 28.6  0.6 10.1 -0.8  -0.6 -9.5 -79.4 

100113AO 10.4 27.4  0.6 10.0 -0.9  -0.6 -9.4 -78.4 

Fluids with pH>11 

140115X 11.4 29.5  0.5 8.7 -1.4  -0.7 -11.1 -80.6 

140115Y 11.6 24.5  0.5 9.0 -1.0  -0.6 -10.8 -80.2 

140115Z 11.3 32.2  0.5 8.6 -1.5  -0.7 -11.0 -79.7 

120118Y 11.5 32.5  0.5 8.4 -1.5  n.c. n.c. n.c. 

120118Z 11.4 30.6  0.5 8.7 -1.2  n.c. n.c. n.c. 

120129G 11.0 37.3  n.c. n.c. n.c.  n.c. n.c. n.c. 

100111AA 11.7 28.5  0.5 8.6 -1.3  -0.7 -11.2 -80.3 

100111AB 11.7 25.4  0.5 8.8 -0.8  -0.6 -10.7 -78.9 

100111AC 11.6 16.5  0.6 9.7 -0.7  -0.6 -10.1 -79.9 

100111AD 11.6 32.4  0.5 8.3 -1.6  -0.7 -11.1 -79.0 

100111AE 11.9 18.9  0.5 9.2 -0.8  -0.6 -10.1 -77.7 

100112AG 11.1 37.7  0.5 8.2 -2.0  -0.7 -10.8 -78.2 

100112AH 11.2 38.4  0.5 8.4 -1.3  -0.7 -10.7 -77.5 
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140110C 11.4 27  0.5 8.8 -1.8  -0.6 -10.3 -78.3 

140112K 11.4 26.9  0.5 8.7 -2.2  -0.6 -9.8 -76.1 

140112M 11.4 28.2  0.5 8.7 -1.9  -0.6 -10.6 -79.3 

140113O 11.4 28.4  0.5 8.8 -1.3  -0.6 -10.7 -79.4 

140113P 11.5 25.9  0.5 8.9 -1.4  -0.6 -10.9 -80.7 

140114R 11.6 21.1  0.5 9.1 -1.6  -0.5 -9.2 -74.8 

140114T 11.4 27.2  0.5 8.7 -1.9  -0.6 -10.7 -79.5 

140114U 11.4 21.7  0.6 9.5 -0.8  -0.5 -9.1 -74.9 

140114V 11.4 24.4  0.5 9.2 -0.8  -0.6 -9.6 -76.0 

120111A 11.6 22.3  0.5 9.3 -0.5  n.c. n.c. n.c. 

120111B 11.4 29.4  0.5 9.0 -0.5  n.c. n.c. n.c. 

120111C 11.3 31.9  0.5 8.7 -1.1  n.c. n.c. n.c. 

120113I 11.4 30  0.5 8.7 -1.2  n.c. n.c. n.c. 

120113J 11.6 25.8  0.5 9.0 -0.7  n.c. n.c. n.c. 

120113K 11.4 30.9  0.5 8.8 -0.5  n.c. n.c. n.c. 

120113L 11.3 28.4  0.5 9.2 -0.2  n.c. n.c. n.c. 

100108J 11.7 23.9  0.5 8.9 -0.8  -0.6 -10.4 -78.1 

100108K 11.7 24.7  0.5 8.9 -0.9  -0.6 -10.8 -79.5 

100108L 11.6 29.2  0.5 8.4 -2.1  -0.7 -11.2 -80.4 

100107A 11.3 32.4  0.5 8.3 -2.6  -0.6 -9.7 -74.7 

100107B 11.3 30.3  0.5 8.7 -1.4  -0.6 -9.4 -73.9 

140111F 11.6 23.8  0.5 8.7 -2.2  -0.7 -11.4 -82.6 

120112E 11.3 30.1  0.5 8.9 -0.9  n.c. n.c. n.c. 

120112F 11.4 27.4  0.5 8.8 -1.5  n.c. n.c. n.c. 

100109S 11.8 22.4  0.5 8.9 -1.2  -0.6 -11.0 -80.9 

100109U 11.7 24.9  0.5 8.6 -2.0  -0.7 -11.3 -81.5 

140117F 11.5 26.2  0.5 8.8 -1.7  -0.7 -11.2 -81.8 

140117G 11.4 30.5  0.5 8.5 -2.1  -0.6 -10.1 -76.4 

140117H 11.5 29.6  0.5 8.5 -1.7  -0.7 -11.2 -80.6 

140117I 11.3 32.3  0.5 8.5 -2.0  -0.7 -11.0 -79.7 

140117J 11.3 31.6  0.5 8.6 -1.6  -0.7 -11.0 -79.9 

140117K 11.5 27.4  0.5 8.7 -1.5  n.c. n.c. n.c. 

140117L 11.6 27.3  0.5 8.6 -1.8  n.c. n.c. n.c. 

120116P 11.2 34.3  0.5 8.6 -1.4  n.c. n.c. n.c. 

120116S 11.4 29.5  0.5 8.7 -1.7  n.c. n.c. n.c. 

120117T 11.3 32.6  0.5 8.5 -1.7  n.c. n.c. n.c. 

120117U 11.3 32  0.5 8.4 -2.1  n.c. n.c. n.c. 

120117V 11.7 23.6  0.5 8.8 -1.5  n.c. n.c. n.c. 

120117X 11.3 32.8  0.5 8.5 -1.6  n.c. n.c. n.c. 

100112AJ 11.5 33.4  n.c. n.c. n.c.  -0.7 -11.2 -79.6 

100112AM 11.5 31.5  0.5 8.3 -1.9  -0.7 -11.2 -80.1 

100114AS 11.3 18.2  0.6 9.8 -0.8  -0.5 -9.1 -76.6 

100114AT 11.6 30.4  0.5 8.5 -1.0  -0.6 -10.6 -77.6 

100114AU 11.6 20.08   0.5 9.4 -0.8   -0.6 -9.8 -77.6 

n.c. - not calculated due to lack in compositional data 
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Table C3 

Calculated Affinities (Ar, kcal/mole e- transferred) via Chemolithotrophic Reactions 

Listed in Table 4.1. 

Sample 

Number 
pH 

T 

(°C) 

Hydrogen 

Oxidation 

Aerobic 

Methane 

Oxidation 

CO 

Oxidation 

Sulfide 

Oxidation 

Ammonia 

Oxidation 

Nitrite 

Oxidation 

Fluids with pH <11 

140110B 8.4 23.5 24.7 23.8 29.9 23.3 n.c. 7.6 

140114S 7.7 21 24.9 23.7 29.3 n.c. 9.9 7.3 

100107C 9.3 25.4 25.0 24.5 31.0 23.6 n.c. 8.0 

100107D 8.6 25.6 n.c. n.c. n.c. n.c. n.c. n.c. 

140111G 8.9 22.6 25.7 24.3 30.2 23.3 10.5 7.7 

100109X 8.9 23.3 25.3 24.3 30.3 23.4 n.c. 7.6 

140116B 7.9 26.5 25.2 23.7 29.3 23.0 9.9 7.3 

140116C 8.7 27.3 26.3 24.2 30.0 23.3 10.4 n.c. 

120116Q 7.7 25 n.c. n.c. n.c. 23.2 10.0 7.2 

100113AP 7.9 27 25.1 23.7 29.5 n.c. n.c. 7.5 

100114AR 8.8 21.5 25.2 24.0 30.3 23.4 n.c. n.c. 

140110D 10.4 21.8 25.3 24.9 31.9 23.8 11.0 n.c. 

140112L 9.8 21.3 24.8 24.5 31.0 23.6 10.8 n.c. 

100107E 10.1 26.9 n.c. n.c. n.c. n.c. n.c. n.c. 

140111H 10.2 20.2 26.3 24.8 31.8 23.8 11.0 7.9 

140111I 10.9 18.8 26.5 25.0 32.5 23.9 11.2 8.2 

120114N 9.8 21.8 n.c. n.c. n.c. 23.7 11.0 8.5 

100109T 9.6 23.7 26.5 24.6 30.8 23.5 n.c. n.c. 

140116D 9.1 27.1 26.8 24.1 30.6 23.4 10.5 6.9 

120116R 10.6 25.8 n.c. n.c. n.c. 23.8 11.1 7.9 

100113AN 10.2 28.6 27.1 24.7 31.7 23.6 n.c. n.c. 

100113AO 10.4 27.4 26.6 24.8 32.1 23.6 n.c. n.c. 

Fluids with pH>11 

140115X 11.4 29.5 27.4 25.2 34.3 24.1 11.4 n.c. 

140115Y 11.6 24.5 27.0 25.3 34.1 24.2 11.5 9.1 

140115Z 11.3 32.2 27.3 25.2 34.2 24.1 11.5 n.c. 

120118Y 11.5 32.5 n.c. n.c. n.c. 24.1 11.3 8.8 

120118Z 11.4 30.6 n.c. n.c. n.c. 24.1 11.4 9.0 

120129G 11.0 37.3 n.c. n.c. n.c. n.c. n.c. n.c. 

100111AA 11.7 28.5 27.2 25.3 34.3 24.2 n.c. n.c. 

100111AB 11.7 25.4 26.7 25.3 34.5 24.3 n.c. n.c. 

100111AC 11.6 16.5 26.2 25.1 33.6 24.0 n.c. n.c. 

100111AD 11.6 32.4 27.1 25.3 34.4 24.1 n.c. n.c. 

100111AE 11.9 18.9 25.7 25.2 34.8 24.2 n.c. n.c. 
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100112AG 11.1 37.7 27.1 25.0 33.5 23.8 n.c. n.c. 

100112AH 11.2 38.4 27.1 25.2 33.5 24.1 n.c. n.c. 

140110C 11.4 27 26.2 25.3 33.8 24.0 11.2 n.c. 

140112K 11.4 26.9 25.4 25.2 34.0 23.8 11.2 8.6 

140112M 11.4 28.2 26.7 25.3 33.9 23.9 11.3 n.c. 

140113O 11.4 28.4 26.9 25.2 34.2 24.1 11.5 n.c. 

140113P 11.5 25.9 27.1 25.3 34.2 24.0 11.2 8.5 

140114R 11.6 21.1 24.6 25.3 34.4 23.9 11.1 8.1 

140114T 11.4 27.2 26.7 25.2 34.3 23.9 11.2 8.9 

140114U 11.4 21.7 25.0 25.0 33.9 24.0 11.2 7.6 

140114V 11.4 24.4 25.6 25.2 34.0 24.2 11.5 9.0 

120111A 11.6 22.3 n.c. n.c. n.c. 24.3 11.3 8.7 

120111B 11.4 29.4 n.c. n.c. n.c. 24.3 11.4 9.0 

120111C 11.3 31.9 n.c. n.c. n.c. 24.2 11.3 9.2 

120113I 11.4 30 n.c. n.c. n.c. 24.1 11.3 8.8 

120113J 11.6 25.8 n.c. n.c. n.c. 24.2 11.4 9.2 

120113K 11.4 30.9 n.c. n.c. n.c. 24.0 11.4 9.7 

120113L 11.3 28.4 n.c. n.c. n.c. n.c. 11.3 8.7 

100108J 11.7 23.9 26.3 25.3 34.9 24.3 n.c. n.c. 

100108K 11.7 24.7 26.8 25.4 34.8 24.3 n.c. n.c. 

100108L 11.6 29.2 27.1 25.1 34.0 23.9 n.c. n.c. 

100107A 11.3 32.4 25.2 24.9 33.4 23.6 n.c. n.c. 

100107B 11.3 30.3 25.1 25.2 34.0 24.1 n.c. n.c. 

140111F 11.6 23.8 27.3 25.3 34.1 23.8 11.0 n.c. 

120112E 11.3 30.1 n.c. n.c. n.c. 24.2 11.4 9.3 

120112F 11.4 27.4 n.c. n.c. n.c. 24.1 11.2 8.8 

100109S 11.8 22.4 26.9 25.5 34.4 24.2 n.c. n.c. 

100109U 11.7 24.9 27.1 25.2 33.9 24.0 n.c. n.c. 

140117F 11.5 26.2 27.4 25.2 34.4 24.0 11.3 8.2 

140117G 11.4 30.5 25.8 25.1 33.9 23.9 11.4 n.c. 

140117H 11.5 29.6 27.3 25.2 34.5 24.1 11.4 n.c. 

140117I 11.3 32.3 27.2 25.0 34.0 23.8 11.2 n.c. 

140117J 11.3 31.6 27.3 25.1 33.9 23.7 11.4 n.c. 

140117K 11.5 27.4 n.c. n.c. n.c. 24.1 11.4 n.c. 

140117L 11.6 27.3 n.c. n.c. n.c. 24.1 11.4 n.c. 

120116P 11.2 34.3 n.c. n.c. n.c. 24.0 11.2 8.6 

120116S 11.4 29.5 n.c. n.c. n.c. 23.9 11.2 8.9 

120117T 11.3 32.6 n.c. n.c. n.c. 24.0 11.1 8.8 

120117U 11.3 32 n.c. n.c. n.c. 23.8 10.9 8.3 

120117V 11.7 23.6 n.c. n.c. n.c. 24.1 11.1 8.4 

120117X 11.3 32.8 n.c. n.c. n.c. 24.0 11.0 8.7 

100112AJ 11.5 33.4 n.c. n.c. n.c. n.c. n.c. n.c. 

100112AM 11.5 31.5 27.2 25.2 34.1 24.0 n.c. n.c. 

100114AS 11.3 18.2 25.3 25.1 33.1 23.9 n.c. n.c. 

100114AT 11.6 30.4 26.6 25.4 34.7 24.1 n.c. n.c. 

100114AU 11.6 20.08 25.8 25.3 34.2 24.0 n.c. n.c. 

n.c. - not calculated due to lack in compositional data         
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Table C3 (cont’d.) 

Sample 

Number 
pH T (°C) Methanogenesis 

Sulfate 

Reduction 

Anaerobic 

Methane 

Oxidation 

(sulfate) 

Anaerobic 

Methane 

Oxidation 

(nitrate) 

Anaerobic 

Methane 

Oxidation 

(nitrite) 

Fluids with pH <11 

140110B 8.4 23.5 0.9 1.4 0.5 21.0 14.5 

140114S 7.7 21 1.2 n.c. n.c. 21.2 14.7 

100107C 9.3 25.4 0.6 1.4 0.8 21.5 14.9 

100107D 8.6 25.6 1.0 n.c. n.c. 21.4 15.4 

140111G 8.9 22.6 1.4 2.4 1.0 21.3 14.7 

100109X 8.9 23.3 1.1 1.9 0.9 21.4 14.7 

140116B 7.9 26.5 1.5 2.1 0.6 21.2 14.6 

140116C 8.7 27.3 2.1 3.0 0.9 21.4 n.c. 

120116Q 7.7 25 n.c. n.c. n.c. n.c. n.c. 

100113AP 7.9 27 1.5 n.c. n.c. 21.2 14.7 

100114AR 8.8 21.5 1.2 1.9 0.6 20.9 n.c. 

140110D 10.4 21.8 0.5 1.5 1.1 21.4 n.c. 

140112L 9.8 21.3 0.3 1.3 1.0 21.3 n.c. 

100107E 10.1 26.9 0.3 n.c. n.c. 21.6 n.c. 

140111H 10.2 20.2 1.5 2.5 1.0 21.3 14.6 

140111I 10.9 18.8 1.4 2.5 1.1 21.3 14.6 

120114N 9.8 21.8 n.c. n.c. n.c. n.c. n.c. 

100109T 9.6 23.7 1.9 2.9 1.1 21.5 n.c. 

140116D 9.1 27.1 2.7 3.4 0.7 21.2 14.3 

120116R 10.6 25.8 n.c. n.c. n.c. n.c. n.c. 

100113AN 10.2 28.6 2.4 3.5 1.1 21.4 n.c. 

100113AO 10.4 27.4 1.9 3.0 1.1 21.4 n.c. 

Fluids with pH>11 

140115X 11.4 29.5 2.2 3.3 1.2 21.2 n.c. 

140115Y 11.6 24.5 1.7 2.7 1.1 21.3 14.8 

140115Z 11.3 32.2 2.1 3.3 1.2 21.1 n.c. 

120118Y 11.5 32.5 n.c. n.c. n.c. n.c. n.c. 

120118Z 11.4 30.6 n.c. n.c. n.c. n.c. n.c. 

120129G 11.0 37.3 n.c. n.c. n.c. n.c. n.c. 

100111AA 11.7 28.5 1.9 3.0 1.1 n.c. 14.8 

100111AB 11.7 25.4 1.3 2.4 1.1 n.c. n.c. 

100111AC 11.6 16.5 1.2 2.3 1.1 21.0 n.c. 

100111AD 11.6 32.4 1.8 3.0 1.2 n.c. n.c. 

100111AE 11.9 18.9 0.5 1.5 1.1 21.1 n.c. 

100112AG 11.1 37.7 2.1 3.3 1.2 21.5 n.c. 

100112AH 11.2 38.4 1.9 3.1 1.1 n.c. n.c. 

140110C 11.4 27 0.9 2.3 1.4 21.5 n.c. 

140112K 11.4 26.9 0.1 1.6 1.4 21.3 14.7 
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140112M 11.4 28.2 1.4 2.7 1.4 21.2 n.c. 

140113O 11.4 28.4 1.7 2.8 1.1 21.0 n.c. 

140113P 11.5 25.9 1.8 3.1 1.3 21.5 14.8 

140114R 11.6 21.1 -0.7 0.7 1.4 21.7 14.8 

140114T 11.4 27.2 1.5 2.7 1.3 21.4 14.9 

140114U 11.4 21.7 0.0 1.0 0.9 21.3 14.3 

140114V 11.4 24.4 0.4 1.3 0.9 21.1 14.6 

120111A 11.6 22.3 n.c. n.c. n.c. n.c. n.c. 

120111B 11.4 29.4 n.c. n.c. n.c. n.c. n.c. 

120111C 11.3 31.9 n.c. n.c. n.c. n.c. n.c. 

120113I 11.4 30 n.c. n.c. n.c. n.c. n.c. 

120113J 11.6 25.8 n.c. n.c. n.c. n.c. n.c. 

120113K 11.4 30.9 n.c. n.c. n.c. n.c. n.c. 

120113L 11.3 28.4 n.c. n.c. n.c. n.c. n.c. 

100108J 11.7 23.9 0.9 1.9 1.0 n.c. 14.4 

100108K 11.7 24.7 1.4 2.4 1.1 n.c. n.c. 

100108L 11.6 29.2 2.0 3.2 1.2 n.c. n.c. 

100107A 11.3 32.4 0.3 1.5 1.2 n.c. n.c. 

100107B 11.3 30.3 -0.1 1.1 1.2 n.c. n.c. 

140111F 11.6 23.8 2.0 3.5 1.4 21.6 n.c. 

120112E 11.3 30.1 n.c. n.c. n.c. n.c. n.c. 

120112F 11.4 27.4 n.c. n.c. n.c. n.c. n.c. 

100109S 11.8 22.4 1.5 2.7 1.3 21.6 n.c. 

100109U 11.7 24.9 1.8 3.1 1.3 n.c. n.c. 

140117F 11.5 26.2 2.2 3.4 1.2 21.3 14.5 

140117G 11.4 30.5 0.8 1.9 1.2 20.9 n.c. 

140117H 11.5 29.6 2.1 3.2 1.2 21.1 n.c. 

140117I 11.3 32.3 2.1 3.4 1.3 21.0 n.c. 

140117J 11.3 31.6 2.2 3.6 1.4 20.9 n.c. 

140117K 11.5 27.4 n.c. n.c. n.c. n.c. n.c. 

140117L 11.6 27.3 n.c. n.c. n.c. n.c. n.c. 

120116P 11.2 34.3 n.c. n.c. n.c. n.c. n.c. 

120116S 11.4 29.5 n.c. n.c. n.c. n.c. n.c. 

120117T 11.3 32.6 n.c. n.c. n.c. n.c. n.c. 

120117U 11.3 32 n.c. n.c. n.c. n.c. n.c. 

120117V 11.7 23.6 n.c. n.c. n.c. n.c. n.c. 

120117X 11.3 32.8 n.c. n.c. n.c. n.c. n.c. 

100112AJ 11.5 33.4 2.1 3.3 1.2 n.c. n.c. 

100112AM 11.5 31.5 2.1 3.3 1.2 n.c. n.c. 

100114AS 11.3 18.2 0.2 1.3 1.1 21.3 n.c. 

100114AT 11.6 30.4 1.1 2.5 1.4 n.c. n.c. 

100114AU 11.6 20.08 0.5 1.8 1.3 21.4 n.c. 

n.c. - not calculated due to lack in compositional data       
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Table C3. (cont’d) 

Sample 

Number 
pH T (°C) 

Nitrate 

Reduction 

Nitrogen 

Reduction 

Water-Gas 

Shift 
Annamox 

CO 

Reduction 

Fluids with pH <11 

140110B 8.4 23.5 n.c. n.c. 5.2 n.c. 2.9 

140114S 7.7 21 15.0 2.7 4.4 23.0 3.1 

100107C 9.3 25.4 n.c. n.c. 5.9 n.c. 2.8 

100107D 8.6 25.6 n.c. n.c. 5.2 n.c. 3.0 

140111G 8.9 22.6 15.3 2.8 4.5 23.1 3.4 

100109X 8.9 23.3 n.c. n.c. 5.0 n.c. 3.1 

140116B 7.9 26.5 15.3 2.9 4.1 23.0 3.4 

140116C 8.7 27.3 15.9 3.3 3.7 n.c. 4.0 

120116Q 7.7 25 n.c. n.c. n.c. 22.9 n.c. 

100113AP 7.9 27 n.c. n.c. 4.4 n.c. 3.4 

100114AR 8.8 21.5 n.c. n.c. 5.0 n.c. 3.3 

140110D 10.4 21.8 14.3 1.7 6.5 n.c. 2.8 

140112L 9.8 21.3 14.0 1.3 6.2 n.c. 2.5 

100107E 10.1 26.9 n.c. n.c. 6.9 n.c. 2.7 

140111H 10.2 20.2 15.2 2.7 5.5 23.0 3.8 

140111I 10.9 18.8 15.3 2.8 6.1 23.0 4.0 

120114N 9.8 21.8 n.c. n.c. n.c. 23.2 n.c. 

100109T 9.6 23.7 n.c. n.c. 4.4 n.c. 3.9 

140116D 9.1 27.1 16.3 3.6 3.8 23.0 4.8 

120116R 10.6 25.8 n.c. n.c. n.c. 23.1 n.c. 

100113AN 10.2 28.6 n.c. n.c. 4.6 n.c. 4.8 

100113AO 10.4 27.4 n.c. n.c. 5.4 n.c. 4.3 

Fluids with pH>11 

140115X 11.4 29.5 16.0 3.6 6.9 n.c. 5.2 

140115Y 11.6 24.5 15.4 3.0 7.2 23.3 4.6 

140115Z 11.3 32.2 15.8 3.5 6.9 n.c. 5.0 

120118Y 11.5 32.5 n.c. n.c. n.c. 22.5 n.c. 

120118Z 11.4 30.6 n.c. n.c. n.c. 22.8 n.c. 

120129G 11.0 37.3 n.c. n.c. n.c. 22.5 n.c. 

100111AA 11.7 28.5 n.c. n.c. 7.1 n.c. 4.9 

100111AB 11.7 25.4 n.c. n.c. 7.8 n.c. 4.4 

100111AC 11.6 16.5 n.c. n.c. 7.4 n.c. 4.0 

100111AD 11.6 32.4 n.c. n.c. 7.3 n.c. 4.8 

100111AE 11.9 18.9 n.c. n.c. 9.0 n.c. 3.7 

100112AG 11.1 37.7 n.c. n.c. 6.4 n.c. 4.9 

100112AH 11.2 38.4 n.c. n.c. 6.4 n.c. 4.7 

140110C 11.4 27 15.0 2.8 7.6 n.c. 3.8 

140112K 11.4 26.9 14.2 2.0 8.6 22.6 3.0 

140112M 11.4 28.2 15.3 3.2 7.3 n.c. 4.3 

140113O 11.4 28.4 15.4 3.2 7.3 n.c. 4.7 

140113P 11.5 25.9 15.9 3.4 7.1 23.0 4.8 

140114R 11.6 21.1 13.5 1.0 9.7 23.1 2.4 

140114T 11.4 27.2 15.5 3.1 7.6 23.1 4.5 

140114U 11.4 21.7 13.8 1.2 8.9 22.7 3.0 

140114V 11.4 24.4 14.1 1.7 8.4 23.1 3.4 
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120111A 11.6 22.3 n.c. n.c. n.c. 22.8 n.c. 

120111B 11.4 29.4 n.c. n.c. n.c. 22.8 n.c. 

120111C 11.3 31.9 n.c. n.c. n.c. 22.7 n.c. 

120113I 11.4 30 n.c. n.c. n.c. 22.6 n.c. 

120113J 11.6 25.8 n.c. n.c. n.c. 22.9 n.c. 

120113K 11.4 30.9 n.c. n.c. n.c. 22.9 n.c. 

120113L 11.3 28.4 n.c. n.c. n.c. 22.6 n.c. 

100108J 11.7 23.9 n.c. n.c. 8.7 n.c. 4.1 

100108K 11.7 24.7 n.c. n.c. 8.0 n.c. 4.5 

100108L 11.6 29.2 n.c. n.c. 6.9 n.c. 5.0 

100107A 11.3 32.4 n.c. n.c. 8.2 n.c. 3.2 

100107B 11.3 30.3 n.c. n.c. 8.9 n.c. 2.8 

140111F 11.6 23.8 16.3 4.0 6.8 n.c. 5.0 

120112E 11.3 30.1 n.c. n.c. n.c. 22.3 n.c. 

120112F 11.4 27.4 n.c. n.c. n.c. 22.4 n.c. 

100109S 11.8 22.4 n.c. n.c. 7.5 n.c. 4.4 

100109U 11.7 24.9 n.c. n.c. 6.8 n.c. 4.7 

140117F 11.5 26.2 16.2 3.9 7.0 22.4 5.3 

140117G 11.4 30.5 14.5 2.5 8.1 n.c. 3.7 

140117H 11.5 29.6 15.9 3.8 7.2 n.c. 5.2 

140117I 11.3 32.3 15.9 3.8 6.8 n.c. 5.1 

140117J 11.3 31.6 15.9 3.9 6.6 n.c. 5.1 

140117K 11.5 27.4 n.c. n.c. n.c. n.c. n.c. 

140117L 11.6 27.3 n.c. n.c. n.c. n.c. n.c. 

120116P 11.2 34.3 n.c. n.c. n.c. 22.4 n.c. 

120116S 11.4 29.5 n.c. n.c. n.c. 22.5 n.c. 

120117T 11.3 32.6 n.c. n.c. n.c. 22.5 n.c. 

120117U 11.3 32 n.c. n.c. n.c. 22.5 n.c. 

120117V 11.7 23.6 n.c. n.c. n.c. 22.7 n.c. 

120117X 11.3 32.8 n.c. n.c. n.c. 22.7 n.c. 

100112AJ 11.5 33.4 n.c. n.c. 6.7 n.c. 5.0 

100112AM 11.5 31.5 n.c. n.c. 6.9 n.c. 5.1 

100114AS 11.3 18.2 n.c. n.c. 7.9 n.c. 2.9 

100114AT 11.6 30.4 n.c. n.c. 8.1 n.c. 4.2 

100114AU 11.6 20.08 n.c. n.c. 8.4 n.c. 3.5 

n.c. - not calculated due to lack in compositional data       
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Table C4 

Calculated Energy Yield (Er, log calories/kg fluid) via Chemolithotrophic Reactions 

Listed in Table 4.1. 

Sample 

Number 
pH 

T 

(°C) 

Hydrogen 

Oxidation 

Aerobic 

Methane 

Oxidation 

Carbon 

Monoxide 

Oxidation 

Sulfide 

Oxidation 

Ammonia 

Oxidation 

Nitrite 

Oxidation 

Fluids with pH <11 

140110B 8.4 23.5 -3.5 -3.1 -2.2 -1.2 n.c. -2.3 

140114S 7.7 21 -3.1 -2.5 -2.2 n.c. -1.6 -2.5 

100107C 9.3 25.4 -2.9 -0.4 -1.8 0.1 n.c. -1.2 

100107D 8.6 25.6 n.c. n.c. n.c. n.c. n.c. n.c. 

140111G 8.9 22.6 -1.9 -0.5 -2.3 -1.8 -1.3 -2.3 

100109X 8.9 23.3 -2.5 -0.7 -2.0 -1.1 n.c. -2.2 

140116B 7.9 26.5 -2.5 -2.5 -2.2 -1.3 -1.7 -2.2 

140116C 8.7 27.3 -0.9 -0.7 -2.2 -0.9 -1.0 n.c. 

120116Q 7.7 25 n.c. n.c. n.c. -1.2 -1.4 -2.7 

100113AP 7.9 27 -2.5 -2.3 -1.9 n.c. n.c. -1.9 

100114AR 8.8 21.5 -2.8 -2.6 -2.2 -1.3 n.c. n.c. 

140110D 10.4 21.8 -2.5 0.2 -2.4 -0.6 -0.2 n.c. 

140112L 9.8 21.3 -3.3 -0.6 -2.4 -1.4 -0.5 n.c. 

100107E 10.1 26.9 n.c. n.c. n.c. n.c. n.c. n.c. 

140111H 10.2 20.2 -1.2 0.2 -1.9 -0.6 -0.5 -2.6 

140111I 10.9 18.8 -1.0 0.2 -2.2 -0.4 -0.3 -2.3 

120114N 9.8 21.8 n.c. n.c. n.c. -0.9 -1.0 -1.9 

100109T 9.6 23.7 -0.8 0.4 -2.1 -1.0 n.c. n.c. 

140116D 9.1 27.1 -0.2 -1.6 -1.8 -0.9 -0.7 -3.0 

120116R 10.6 25.8 n.c. n.c. n.c. -0.7 -0.1 -2.1 

100113AN 10.2 28.6 0.4 -0.1 -2.1 -0.6 n.c. n.c. 

100113AO 10.4 27.4 -0.4 0.0 -1.9 -0.8 n.c. n.c. 

Fluids with pH>11 

140115X 11.4 29.5 0.7 0.2 -2.0 0.1 0.3 n.c. 

140115Y 11.6 24.5 0.0 -0.2 -2.3 -0.2 0.7 -1.5 

140115Z 11.3 32.2 0.6 0.5 -2.1 0.1 0.2 n.c. 

120118Y 11.5 32.5 n.c. n.c. n.c. 0.0 0.0 -2.2 

120118Z 11.4 30.6 n.c. n.c. n.c. 0.2 0.2 -2.0 

120129G 11.0 37.3 n.c. n.c. n.c. n.c. n.c. n.c. 

100111AA 11.7 28.5 0.8 0.1 -2.4 0.2 n.c. n.c. 

100111AB 11.7 25.4 -0.4 -0.5 -2.0 -0.3 n.c. n.c. 

100111AC 11.6 16.5 -1.4 -1.1 -1.9 -1.3 n.c. n.c. 

100111AD 11.6 32.4 0.5 0.3 -2.2 0.0 n.c. n.c. 

100111AE 11.9 18.9 -2.1 -1.7 -2.0 -1.3 n.c. n.c. 

100112AG 11.1 37.7 0.0 0.0 -2.4 -0.2 n.c. n.c. 
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100112AH 11.2 38.4 0.7 0.6 -2.6 -0.2 n.c. n.c. 

140110C 11.4 27 -0.5 0.3 -2.3 0.2 -0.1 n.c. 

140112K 11.4 26.9 -1.6 -0.1 -2.0 -0.1 -0.4 -2.7 

140112M 11.4 28.2 0.2 0.2 -2.1 0.2 -0.1 n.c. 

140113O 11.4 28.4 0.3 0.0 -2.1 0.1 0.4 n.c. 

140113P 11.5 25.9 0.6 0.5 -2.2 -0.4 0.4 -1.9 

140114R 11.6 21.1 -3.2 0.5 -2.0 -0.4 0.2 -1.9 

140114T 11.4 27.2 0.2 0.2 -1.8 0.2 -0.1 -1.7 

140114U 11.4 21.7 -3.1 -1.7 -2.0 -0.2 0.0 -2.7 

140114V 11.4 24.4 -2.1 -0.5 -1.8 0.2 0.3 -1.8 

120111A 11.6 22.3 n.c. n.c. n.c. -0.8 -0.5 -1.5 

120111B 11.4 29.4 n.c. n.c. n.c. 0.0 -0.2 -1.6 

120111C 11.3 31.9 n.c. n.c. n.c. 0.4 -0.3 -1.6 

120113I 11.4 30 n.c. n.c. n.c. 0.2 -0.2 -2.0 

120113J 11.6 25.8 n.c. n.c. n.c. -0.8 -0.5 -1.3 

120113K 11.4 30.9 n.c. n.c. n.c. -1.5 -0.8 -0.7 

120113L 11.3 28.4 n.c. n.c. n.c. n.c. -0.9 -1.5 

100108J 11.7 23.9 -1.1 -0.8 -1.7 0.0 n.c. n.c. 

100108K 11.7 24.7 -0.2 -0.2 -1.7 0.0 n.c. n.c. 

100108L 11.6 29.2 0.0 0.0 -2.2 0.0 n.c. n.c. 

100107A 11.3 32.4 -1.4 -0.6 -2.0 -0.6 n.c. n.c. 

100107B 11.3 30.3 -2.2 0.7 -1.7 0.7 n.c. n.c. 

140111F 11.6 23.8 0.0 -0.1 -2.2 -0.1 -0.4 n.c. 

120112E 11.3 30.1 n.c. n.c. n.c. -0.5 -0.8 -2.1 

120112F 11.4 27.4 n.c. n.c. n.c. 0.0 -0.6 -2.3 

100109S 11.8 22.4 0.1 0.9 -2.0 -0.4 n.c. n.c. 

100109U 11.7 24.9 0.1 0.1 -2.3 0.1 n.c. n.c. 

140117F 11.5 26.2 0.4 0.4 -1.9 0.0 0.1 -3.0 

140117G 11.4 30.5 -0.8 0.0 -2.5 -0.1 -0.3 n.c. 

140117H 11.5 29.6 0.4 0.3 -1.9 0.0 0.0 n.c. 

140117I 11.3 32.3 0.1 0.1 -2.0 -0.2 -0.3 n.c. 

140117J 11.3 31.6 0.5 0.4 -1.9 -0.4 0.2 n.c. 

140117K 11.5 27.4 n.c. n.c. n.c. -0.2 0.2 n.c. 

140117L 11.6 27.3 n.c. n.c. n.c. -0.2 0.0 n.c. 

120116P 11.2 34.3 n.c. n.c. n.c. -0.3 -0.3 -2.2 

120116S 11.4 29.5 n.c. n.c. n.c. -0.1 -0.3 -2.2 

120117T 11.3 32.6 n.c. n.c. n.c. -0.3 -0.5 -1.9 

120117U 11.3 32 n.c. n.c. n.c. -0.2 -0.4 -2.2 

120117V 11.7 23.6 n.c. n.c. n.c. -0.4 -0.3 -1.9 

120117X 11.3 32.8 n.c. n.c. n.c. -0.4 -0.6 -1.5 

100112AJ 11.5 33.4 n.c. n.c. n.c. n.c. n.c. n.c. 

100112AM 11.5 31.5 0.2 0.1 -2.2 -0.2 n.c. n.c. 

100114AS 11.3 18.2 -2.8 -0.6 -2.2 -0.8 n.c. n.c. 

100114AT 11.6 30.4 -0.3 0.3 -2.0 -0.4 n.c. n.c. 

100114AU 11.6 20.08 -2.0 -0.7 -2.0 -0.7 n.c. n.c. 

n.c. - not calculated due to lack in compositional data         
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Table C4 (cont’d.) 

Sample 

Number 
pH T (°C) Methanogenesis 

Sulfate 

Reduction 

Anaerobic 

Methane 

Oxidation 

(sulfate) 

Anaerobic 

Methane 

Oxidation 

(nitrate) 

Anaerobic 

Methane 

Oxidation 

(nitrite) 

Fluids with pH <11 

140110B 8.4 23.5 -4.9 -4.7 -4.8 -3.2 -3.1 

140114S 7.7 21 -4.4 n.c. n.c. -2.5 -2.5 

100107C 9.3 25.4 -4.5 -4.1 -1.9 -0.4 -0.5 

100107D 8.6 25.6 -4.3 n.c. n.c. -1.8 -1.8 

140111G 8.9 22.6 -3.2 -2.9 -1.9 -0.6 -1.6 

100109X 8.9 23.3 -3.9 -3.6 -2.1 -0.7 -1.5 

140116B 7.9 26.5 -3.7 -3.6 -4.1 -2.6 -2.5 

140116C 8.7 27.3 -2.0 -1.9 -2.2 -0.8 n.c. 

120116Q 7.7 25 n.c. n.c. n.c. n.c. n.c. 

100113AP 7.9 27 -3.7 n.c. n.c. -2.3 -2.3 

100114AR 8.8 21.5 -4.1 -3.9 -4.2 -2.7 n.c. 

140110D 10.4 21.8 -4.3 -3.8 -1.1 0.2 n.c. 

140112L 9.8 21.3 -5.3 -4.6 -2.0 -0.6 n.c. 

100107E 10.1 26.9 -4.7 n.c. n.c. -0.1 n.c. 

140111H 10.2 20.2 -2.5 -2.3 -1.2 0.1 -1.9 

140111I 10.9 18.8 -2.2 -2.0 -1.2 0.0 -1.7 

120114N 9.8 21.8 n.c. n.c. n.c. n.c. n.c. 

100109T 9.6 23.7 -1.9 -1.7 -0.9 0.4 n.c. 

140116D 9.1 27.1 -1.2 -1.1 -3.1 -1.6 -2.3 

120116R 10.6 25.8 n.c. n.c. n.c. n.c. n.c. 

100113AN 10.2 28.6 -0.7 -0.5 -1.5 -0.2 n.c. 

100113AO 10.4 27.4 -1.5 -1.3 -1.4 -0.1 n.c. 

Fluids with pH>11 

140115X 11.4 29.5 -0.3 -1.0 -1.4 -1.4 n.c. 

140115Y 11.6 24.5 -1.2 -0.9 -1.5 -0.8 -0.9 

140115Z 11.3 32.2 -0.3 -1.2 -1.7 -1.9 n.c. 

120118Y 11.5 32.5 n.c. n.c. n.c. n.c. n.c. 

120118Z 11.4 30.6 n.c. n.c. n.c. n.c. n.c. 

120129G 11.0 37.3 n.c. n.c. n.c. n.c. n.c. 

100111AA 11.7 28.5 -0.4 -1.0 -1.5 n.c. -0.8 

100111AB 11.7 25.4 -1.7 -1.5 -1.9 n.c. n.c. 

100111AC 11.6 16.5 -2.8 -2.5 -2.4 -1.2 n.c. 

100111AD 11.6 32.4 -0.4 -1.4 -1.8 n.c. n.c. 

100111AE 11.9 18.9 -3.9 -3.4 -3.1 -1.8 n.c. 

100112AG 11.1 37.7 -0.1 -1.6 -2.0 -0.3 n.c. 

100112AH 11.2 38.4 -0.2 -1.7 -2.1 n.c. n.c. 

140110C 11.4 27 -1.9 -1.5 -1.0 -1.3 n.c. 

140112K 11.4 26.9 -3.9 -2.8 -0.7 -1.9 -2.1 
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140112M 11.4 28.2 -1.1 -0.8 -1.0 -2.2 n.c. 

140113O 11.4 28.4 -0.9 -1.1 -1.5 -1.7 n.c. 

140113P 11.5 25.9 -0.6 -0.8 -1.1 -0.4 -1.2 

140114R 11.6 21.1 n.c. -4.8 -0.7 0.1 -1.3 

140114T 11.4 27.2 -1.1 -0.8 -0.9 -1.2 -1.1 

140114U 11.4 21.7 -6.4 -4.5 -3.2 -1.8 -2.0 

140114V 11.4 24.4 -3.9 -3.3 -1.9 -0.9 -1.2 

120111A 11.6 22.3 n.c. n.c. n.c. n.c. n.c. 

120111B 11.4 29.4 n.c. n.c. n.c. n.c. n.c. 

120111C 11.3 31.9 n.c. n.c. n.c. n.c. n.c. 

120113I 11.4 30 n.c. n.c. n.c. n.c. n.c. 

120113J 11.6 25.8 n.c. n.c. n.c. n.c. n.c. 

120113K 11.4 30.9 n.c. n.c. n.c. n.c. n.c. 

120113L 11.3 28.4 n.c. n.c. n.c. n.c. n.c. 

100108J 11.7 23.9 -2.5 -2.2 -2.2 n.c. -2.0 

100108K 11.7 24.7 -1.5 -1.3 -1.6 n.c. n.c. 

100108L 11.6 29.2 -0.2 -0.9 -1.4 n.c. n.c. 

100107A 11.3 32.4 -3.4 -2.6 -0.2 n.c. n.c. 

100107B 11.3 30.3 n.c. -3.5 -0.4 n.c. n.c. 

140111F 11.6 23.8 -0.2 -0.6 -0.9 -0.8 n.c. 

120112E 11.3 30.1 n.c. n.c. n.c. n.c. n.c. 

120112F 11.4 27.4 n.c. n.c. n.c. n.c. n.c. 

100109S 11.8 22.4 -1.2 -1.1 -1.5 -0.4 n.c. 

100109U 11.7 24.9 -0.4 -1.0 -1.4 n.c. n.c. 

140117F 11.5 26.2 -0.3 -1.1 -1.5 -1.3 -2.4 

140117G 11.4 30.5 -2.4 -2.0 -1.9 -2.8 n.c. 

140117H 11.5 29.6 -0.3 -1.4 -1.9 -1.9 n.c. 

140117I 11.3 32.3 -0.1 -0.8 -1.2 -2.0 n.c. 

140117J 11.3 31.6 0.0 0.2 -0.8 -2.1 n.c. 

140117K 11.5 27.4 n.c. n.c. n.c. n.c. n.c. 

140117L 11.6 27.3 n.c. n.c. n.c. n.c. n.c. 

120116P 11.2 34.3 n.c. n.c. n.c. n.c. n.c. 

120116S 11.4 29.5 n.c. n.c. n.c. n.c. n.c. 

120117T 11.3 32.6 n.c. n.c. n.c. n.c. n.c. 

120117U 11.3 32 n.c. n.c. n.c. n.c. n.c. 

120117V 11.7 23.6 n.c. n.c. n.c. n.c. n.c. 

120117X 11.3 32.8 n.c. n.c. n.c. n.c. n.c. 

100112AJ 11.5 33.4 -0.1 -1.5 -1.9 n.c. n.c. 

100112AM 11.5 31.5 -0.2 -1.6 -2.1 n.c. n.c. 

100114AS 11.3 18.2 -5.0 -4.1 -1.9 -0.7 n.c. 

100114AT 11.6 30.4 -1.6 -1.3 -0.9 n.c. n.c. 

100114AU 11.6 20.08 -3.7 -3.2 -2.0 -0.8 n.c. 

n.c. - not calculated due to lack in compositional data       
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Table C4. (cont’d) 

Sample 

Number 
pH T (°C) 

Nitrate 

Reduction 

Nitrogen 

Reduction 

Water-Gas 

Shift 
Annamox 

CO 

Reduction 

Fluids with pH <11 

140110B 8.4 23.5 n.c. n.c. -3.0 n.c. -4.4 

140114S 7.7 21 -3.3 -4.1 -3.0 -1.8 -4.0 

100107C 9.3 25.4 n.c. n.c. -2.5 n.c. -3.8 

100107D 8.6 25.6 n.c. n.c. -2.8 n.c. -3.8 

140111G 8.9 22.6 -2.1 -2.9 -3.1 -1.7 -2.8 

100109X 8.9 23.3 n.c. n.c. -2.8 n.c. -3.4 

140116B 7.9 26.5 -2.7 -3.4 -3.1 -1.8 -3.4 

140116C 8.7 27.3 -1.2 -1.8 -3.1 n.c. -2.6 

120116Q 7.7 25 n.c. n.c. n.c. -2.0 n.c. 

100113AP 7.9 27 n.c. n.c. -2.7 n.c. -3.3 

100114AR 8.8 21.5 n.c. n.c. -3.0 n.c. -3.6 

140110D 10.4 21.8 -2.8 -3.7 -3.1 n.c. -3.5 

140112L 9.8 21.3 -3.6 -4.6 -3.1 n.c. -4.4 

100107E 10.1 26.9 n.c. n.c. -2.6 n.c. -3.8 

140111H 10.2 20.2 -1.5 -2.2 -2.7 -2.0 -2.4 

140111I 10.9 18.8 -1.2 -1.9 -2.9 -1.7 -2.6 

120114N 9.8 21.8 n.c. n.c. n.c. -1.3 n.c. 

100109T 9.6 23.7 n.c. n.c. -3.0 n.c. -2.5 

140116D 9.1 27.1 -0.4 -1.0 -2.8 -2.3 -2.2 

120116R 10.6 25.8 n.c. n.c. n.c. -1.5 n.c. 

100113AN 10.2 28.6 n.c. n.c. -3.0 n.c. -2.5 

100113AO 10.4 27.4 n.c. n.c. -2.7 n.c. -2.3 

Fluids with pH>11 

140115X 11.4 29.5 -1.4 0.2 -2.7 n.c. -2.4 

140115Y 11.6 24.5 -0.7 -0.9 -2.9 -0.9 -2.7 

140115Z 11.3 32.2 -1.8 0.2 -2.8 n.c. -2.5 

120118Y 11.5 32.5 n.c. n.c. n.c. -1.6 n.c. 

120118Z 11.4 30.6 n.c. n.c. n.c. -1.4 n.c. 

120129G 11.0 37.3 n.c. n.c. n.c. -1.5 n.c. 

100111AA 11.7 28.5 n.c. n.c. -3.1 n.c. -2.8 

100111AB 11.7 25.4 n.c. n.c. -2.7 n.c. -2.5 

100111AC 11.6 16.5 n.c. n.c. -2.6 n.c. -2.3 

100111AD 11.6 32.4 n.c. n.c. -2.8 n.c. -2.5 

100111AE 11.9 18.9 n.c. n.c. -2.6 n.c. -3.0 

100112AG 11.1 37.7 n.c. n.c. -3.1 n.c. -2.7 

100112AH 11.2 38.4 n.c. n.c. -3.3 n.c. -3.0 

140110C 11.4 27 -1.3 -1.4 -2.9 n.c. -2.7 

140112K 11.4 26.9 -1.9 -2.7 -2.6 -2.1 -2.6 

140112M 11.4 28.2 -2.1 -0.7 -2.8 n.c. -2.5 

140113O 11.4 28.4 -1.6 -0.6 -2.8 n.c. -2.5 

140113P 11.5 25.9 -0.4 -0.3 -2.9 -1.3 -2.6 

140114R 11.6 21.1 -3.5 -4.6 -2.5 -1.3 -4.2 

140114T 11.4 27.2 -1.1 -0.8 -2.4 -1.1 -2.2 

140114U 11.4 21.7 -3.3 -4.4 -2.5 -2.0 -4.0 

140114V 11.4 24.4 -2.3 -3.2 -2.4 -1.2 -2.9 
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120111A 11.6 22.3 n.c. n.c. n.c. -0.9 n.c. 

120111B 11.4 29.4 n.c. n.c. n.c. -1.0 n.c. 

120111C 11.3 31.9 n.c. n.c. n.c. -1.0 n.c. 

120113I 11.4 30 n.c. n.c. n.c. -1.4 n.c. 

120113J 11.6 25.8 n.c. n.c. n.c. -0.7 n.c. 

120113K 11.4 30.9 n.c. n.c. n.c. -0.9 n.c. 

120113L 11.3 28.4 n.c. n.c. n.c. -1.0 n.c. 

100108J 11.7 23.9 n.c. n.c. -2.3 n.c. -2.2 

100108K 11.7 24.7 n.c. n.c. -2.4 n.c. -2.1 

100108L 11.6 29.2 n.c. n.c. -2.9 n.c. -2.6 

100107A 11.3 32.4 n.c. n.c. -2.6 n.c. -2.6 

100107B 11.3 30.3 n.c. n.c. -2.3 n.c. -3.1 

140111F 11.6 23.8 -0.7 0.3 -2.9 n.c. -2.6 

120112E 11.3 30.1 n.c. n.c. n.c. -1.5 n.c. 

120112F 11.4 27.4 n.c. n.c. n.c. -1.7 n.c. 

100109S 11.8 22.4 n.c. n.c. -2.7 n.c. -2.4 

100109U 11.7 24.9 n.c. n.c. -3.0 n.c. -2.7 

140117F 11.5 26.2 -1.2 0.3 -2.6 -2.4 -2.3 

140117G 11.4 30.5 -2.7 -1.9 -3.1 n.c. -3.0 

140117H 11.5 29.6 -1.9 0.2 -2.6 n.c. -2.3 

140117I 11.3 32.3 -1.9 0.2 -2.7 n.c. -2.3 

140117J 11.3 31.6 -2.0 0.2 -2.6 n.c. -2.2 

140117K 11.5 27.4 n.c. n.c. n.c. n.c. n.c. 

140117L 11.6 27.3 n.c. n.c. n.c. n.c. n.c. 

120116P 11.2 34.3 n.c. n.c. n.c. -1.6 n.c. 

120116S 11.4 29.5 n.c. n.c. n.c. -1.6 n.c. 

120117T 11.3 32.6 n.c. n.c. n.c. -1.3 n.c. 

120117U 11.3 32 n.c. n.c. n.c. -1.6 n.c. 

120117V 11.7 23.6 n.c. n.c. n.c. -1.3 n.c. 

120117X 11.3 32.8 n.c. n.c. n.c. -0.9 n.c. 

100112AJ 11.5 33.4 n.c. n.c. -3.1 n.c. -2.7 

100112AM 11.5 31.5 n.c. n.c. -2.9 n.c. -2.6 

100114AS 11.3 18.2 n.c. n.c. -2.9 n.c. -3.8 

100114AT 11.6 30.4 n.c. n.c. -2.7 n.c. -2.5 

100114AU 11.6 20.08 n.c. n.c. -2.7 n.c. -2.9 

n.c. - not calculated due to lack in compositional data       
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Table S5 

Composition of End-member Subsurface Fluids Used in Mixing Calculations 

Fluid pHa Caa Mga Sia Nab Clb O2
c DICa SO4

-2c 

Shallow 8 0.6 1.7 0.1 1 1 0.3 2.1 1 

Deep 12.3 14.4 0 0.001 10 10 0 0.01 0 

all concentrations are in millimolal 
aShallow end-member composition is calculated for a fluid in equilibrium with 

chrysotile, calcite, magnesite, and the atmosphere at 25°C and 1 bar with pH given as 

8. Deep end-member composition is calculated in equilibrium with the chryositle, 

brucite, diopside, and calcite assemblages. 
bshallow and deep fluids were given ionic strengths equivalent to a 1 and 10 

millimole/kg NaCl solution, respectively, following environmental observations 

(Paukert and others, 2012; 2019). 
cConcentration for shallow end-member is in saturation with atmospheric levels. 

Concentrations for deep-seated fluids assumed to be zero. 
dConcentrations for shallow end-member fluid given average compositions observed in 

surface circumneutral fluids. Concentrations for deep-seated fluids assumed to be zero. 
eConcentration for shallow end-member fluid in saturation with atmospheric levels. 

Deep-seated end-member concentration taken from average of environmental samples. 
fConcentrations for both shallow and deep end-member fluids assumed to be in 

saturation with atmospheric levels. 
gConcentration for shallow end-member fluid is assumed to be zero, in equilibrium 

with atmospheric conditions. Concentration for deep end-member fluid calculated at 

saturation with an atmosphere with 1 bar H2 at 25°C. 
hConcentration for shallow end-member fluid is assumed to be zero, in equilibrium 

with amospheric conditions. Concentration for deep end-member fluid calculated 

aussmed at either 1 picomolal and 1 millimolal. 
iConcentration for shallow end-member fluid is assumed to be zero, in equilibrium with 

atmospheric conditions. Concentration for deep end-member fluid follows observation 

from fluid samples in equilibrium with the ferrous-hydroxide and magnetite mineral 

assemblage. 
jConcentration for shallow end-member fluid is assumed to be zero, in equilibrium with 

atmospheric conditions. Concentration for deep end-member fluid follows observation 

from fluid samples in equilibrium with pyrrothite. 
jConcentration for shallow end-member fluid is assumed to be zero, in equilibrium with 

atmospheric conditions. Concentration for deep end-member fluid follows observation 

from fluid samples in equilibrium with pyrrothite. 
kConcentration for shallow end-member fluid is assumed to be zero, in equilibrium 

with atmospheric conditions. Concentration for deep end-member fluid follows 

observation from the most saline fluid samples. 
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Table C5. (cont’d.)     

Fluid pHa NO3
-c NO2

-d COe N2
f H2

g CH4
h Fe+2i H2S

j NH3
k 

Shallow 8 0.5 0.001 0 0.5 0 0 0 0 0 

Deep 12.3 0 0 0.0003 0.5 0.75 0 or 1 0.1 0.07 0.1 
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C.5. Supplementary Figures 

 

Figure C1. Comparison between ultramafic-hosted (grey symbols) and gabbroic-hosted 

(orange symbols) fluids in Oman. Total dissolved Si (a), Mg (b), Ca (c), Na (d), Cl (e), 

and Al (f). Dashed red lines and curves show solubility conditions for various minerals 

Am – amorphous silica, Qz – quartz, Ctl – chrysotile, Tlc – talc, Brc – brucite, Mgs – 

magnesite, Cal – calcite, Gbs – gibbsite. 
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Figure C2. Speciation of dissolved inorganic carbon (a) and ferrous iron (b) in 

investigated fluids. 
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Figure C3. Calculated energy yield (log calories/kg fluid) via the aerobic oxidation of 

hydrogen (a), methane (b), carbon monoxide (c), sulfide (d), ammonia (e), nitrite (f), and 

iron (g). Square symbols depict energy yields from fluids sampled by accompanying 

works of this study while diamond symbols denote those obtained from wells by 

Rempfert et al. (2017). Symbols colored in grey and orange depict ultramafic- and 

gabbro-hosted fluids, respectively. (h) Energy yield for the aerobic oxidation of hydrogen 

as a function of the ratio of the electron donor (H2) and acceptor (O2), corrected by their 

stoichiometric coefficients. Vertical dashed line depicts boundary between an H2 or O2-

limited systems. Blue and green symbols depict hyperalkaline (pH >11) and non-

hyperalkaline (pH <11) samples, respectively. 
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Figure C4. Calculated energy yield (log calories/kg fluid) via anaerobic reactions: 

autotrophic methanogenesis (a), sulfate reduction (b), anaerobic oxidation of methane 

with sulfate (c), nitrate (d), and nitrite (e)  as electron acceptors, nitrate reduction (f), N2 

reduction or fixation (g), water-gas shift reaction (h), anaerobic ammonia oxidation or 

annamox (i), and carbon monoxide reduction (j). (k) Energy yield through 

methanogenesis as a function of the ratio of the electron donor (H2) and acceptor (DIC), 

corrected by their stoichiometric coefficients. Vertical dashed line depicts boundary 

between an H2 or DIC-limited systems. Symbols similar to those shown in Figure C3. 
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APPENDIX D 

SUPPLEMENTARY FILES TO CHAPTER 5 
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D.1. H2 generation potentials of various Fe-bearing igneous rocks 

 The amounts of H2 predicted to form during the low-temperature alteration (25 

°C) of various Fe-bearing igneous rocks are summarized in Figures 5.1a and 5.1b. As 

shown in Figure D1a, the FeO contents of rocks used in the simulations, except for the 

most enriched basalts (MgO content < 10 wt. %), are closely similar (8-10 wt. %). 

Despite having similar amounts of starting materials (ferrous iron) that can potentially be 

oxidized and yield H2 from the coupled reduction of H2O, the potentials to generate H2 

during alteration of these rocks vary. Instead of the FeO content of the rock, the potential 

to produce H2 is tied to the overall bulk composition of the rock which in turn dictates 

how Fe is distributed and speciated in the secondary assemblages during rock alteration.  

Generally, alteration of MgO-rich rocks (>35 wt. % MgO), except for those that are the 

most enriched in MgO (>45 wt. % MgO), results in the highest potential to generate H2 

(Figures 5.1a and 5.1b). MgO-rich rocks tend to be depleted in SiO2, CaO, Al2O3, Na2O 

and K2O. Hence, as shown in Figures D1b to D1f, the potentials to generate H2 during 

rock alteration tend to decrease, depicted by the transition to cooler colors in Figure D1, 

as the reacting rock becomes more enriched in these chemical components.  

Overall, the potentials to generate H2 closely trend with the amounts of serpentine 

that form in the models, as shown in Figure 5.1c. Precipitation of brucite, chlorite, talc, 

and clay minerals can sequester large proportions of ferrous iron into their crystal 

structures unoxidized and inhibit H2 production through reaction (5.2). In contrast, 

serpentine minerals typically exclude ferrous iron into their crystal structure and 

accommodate ferric iron instead. Several studies have shown Fe+3/ΣFe in serpentine can 

attain values above 0.5, with some observations indicating values up to 1 (Andreani et al., 
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2013; Mayhew and Ellison, 2020). The mechanism explaining why serpentine excludes 

ferrous iron from its crystal structure relative to other minerals such as chlorite is 

unknown. While the volumes of the octahedral sites, where ferrous iron can substitute 

with Mg, in serpentine and chlorite are similar (i.e., similar average divalent cation-

oxygen, M+2-O, bond length), octahedral sites in serpentine are much more irregular (i.e., 

M+2-O bond lengths are less uniform) than those of chlorites (Mellini et al., 1982; Mellini 

and Zanazzi, 1987; Smyth et al., 1997). Possibly the distorted octahedral sites in 

serpentine inhibit incorporation of ferrous iron into the mineral.  

As shown in Figures 5.1a and 5.1b, the potential to generate H2 during alteration 

increases as the MgO content of the rock decreases from 50 to 40 wt. % where serpentine 

is increasingly favored to form at the expense of brucite. In contrast, potentials to form 

H2 decrease as the MgO content of the reacting rock decreases from 40 to 20 wt. % as 

serpentine becomes less favored relative to chlorite. Moreover, as the SiO2 contents of 

rocks typically increase with decreasing MgO content (see Figure D1b), the composition 

of the precipitating Fe-bearing serpentine trends toward the more Si-rich Fe(II)-

endmember (greenalite, Fe(II)3Si2O5(OH)4) instead of the Fe(III)-endmember 

(cronstedtite, (Fe(II)2Fe(III))(Fe(III)Si)O5(OH)4), resulting in less H2 formation (Leong 

and Shock, 2020). Serpentine is not favored to form during the alteration of rocks with 

MgO content of less than 20 wt. %, resulting in minimal potentials to generate H2 during 

the alteration of these rocks (left side of Figures 5.1a and 5.1b). This range in rock 

composition encompasses all basaltic and some picritic rocks where the dominant Fe-

bearing secondary assemblages are chlorite, talc, and clay minerals (Figure 5.1c). Other 

minerals (gray symbols in Figure 5.1c) that precipitated in alteration simulations of 
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basaltic and picritic rocks are predominantly zeolites, prehnite, secondary plagioclase, 

and tremolitic amphibole.  

Aside from serpentine, another Fe(III)-bearing silicate mineral that can form 

during low-temperature alteration is garnet (see Figure 5.1c), specifically, those that are 

andraditic (Ca3Fe(III)2Si3O12) in composition. The precipitation of andraditic garnet and 

its hydrated equivalents (hydrogarnets) have been invoked as another source for H2 

during serpentinization of peridotitic bodies (Plümper et al., 2014). Results of 

calculations shown in Figures 5.1a-5.1c show that komatiitic rocks have similar or greater 

potentials to precipitate garnets that can supply additional H2 during alteration. The rock 

that yielded the most H2 in the simulations (see Figure 5.1a), as well as the most garnet 

precipitated in the model (see Figure 5.1c), is a komatiite that is enriched in CaO (see 

sample with high CaO content and MgO content between 30-35 wt. % in Figure D1c).  

Note that the calculations described above simulate low-temperature alteration 

processes in continental aquifers. H2 concentrations measured from basalt-hosted 

submarine vent fluids (which can attain values >1 mmolal) and their ultramafic analogs 

(>10 mmolal) are less divergent than their low-temperature continental counterparts. 

Higher temperature water-rock reactions (>300 °C) occurring in geothermal aquifers and 

submarine hydrothermal systems can lead to the formation of other mineral assemblages. 

At higher temperatures, epidote which is a Fe(III)-bearing Ca hydrous silicate mineral, is 

favored to form during hydrothermal alteration of basalts and results in the formation of 

H2 (e.g., Seyfried et al., 1991). In addition, further simulations that consider incorporation 

of ferric iron into chlorite, which has been observed in natural samples (Dyar et al., 1992; 

Munoz et al., 2006; Vidal et al., 2006), albeit at lesser extents than those measured in 
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serpentine (e.g., Andreani et al., 2013; Mayhew and Ellison, 2020), can refine estimates 

on H2 production during basalt and picritic rock alteration where chlorite formation can 

be significant. 

D.2. Estimating the H2 generation potentials of komatiitic rocks 

  The H2 generation potentials of komatiitic rocks (xK) are quantified at various 

extents of the rock alteration progress, given the compositions of the reacting rocks and 

fluids. Results of calculations are shown in Figure D2. The curves in Figure D2 depict 

predicted amounts of H2 generated at various extents of alteration for a given volume of 

komatiite of varying composition, indicated by the 34 curves of similar color. In these 

simulations, each komatiite is reacted with fluids with varying DO compositions that are 

in equilibrium with an atmosphere composed of 10-5, 10-4, 10-3, 10-2 and 10-0.7 bars O2 as 

represented by the various colors in Figure D2. Results of simulations involving a starting 

fluid in equilibrium with 10-5 and 10-4 bars O2 atmosphere are close to those calculated 

for a fluid in equilibrium with 10-3 bars O2 and are thus not shown. As depicted in Figure 

D2, the H2 generation potentials of various starting komatiites reacted with different 

starting fluids at different stages of overall reaction progress (water-to-rock ratio) are 

variable. That variability maximizes in high water-to-rock ratio conditions (left side of 

Figure D2) where komatiites can generate large amounts of H2 if they react with fluids 

with small starting amounts of O2 (grey curves in Figure D2). In contrast, negligible 

amounts of H2, below the range shown in the figure, are generated if the reacting fluid is 

enriched in O2 (red curves in Figure D2) at high water-to-rock conditions. The latter 

simulation depicts scenarios more familiar to modern Earth settings where an O2-rich 

atmosphere results in the oxidation of ferrous iron in surficial or near-surficial rocks to 
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ferric phases (e.g., goethite, hematite) via reaction (5.1), in a process known as oxidative 

weathering. It is only when fluids infiltrate into the deeper aquifer where fluids react with 

more and more rocks, i.e. becoming more of a rock-dominated system (right side of 

Figure D2), that dissolved O2 is exhausted and H2 can accumulate through the oxidation 

of ferrous iron with water via reaction (5.2). Perhaps this explains why in modern active 

serpentinizing environments, H2-rich and hyperalkaline fluids can only be found in deep 

wells or in outcropping spring seeps that are sourced from the deep aquifer.  

In contrast to modern Earth conditions, if the starting fluid is devoid in dissolved 

oxygen (grey curves in Figure D2) H2O can become the main oxidant and the alteration 

process can generate H2 early in the reaction progress (at high water-to-rock ratios). It is 

thus likely that in the Archean, when the atmosphere was mostly devoid of O2, oxidative 

weathering can still occur but unlike how it occurs in modern settings. In the Archean, 

surficial weathering can generate H2 via reaction (5.2) when ferrous iron in komatiites is 

oxidized to ferric iron that can be incorporated into the serpentine structure, which is 

known to host both ferrous and ferric iron (O’Hanley and Dyar, 1998; Andreani et al., 

2013). It is likely that oxidative weathering of surficial komatiites during the Archean is a 

source for H2 independent of the H2 generated in deeper aquifers at rock-dominated 

conditions (low water-to-rock ratios). However, at water-dominated conditions, the 

compositions of the starting reacting fluids would have greater influence on the 

precipitating phases, as shown by studies on mineral precipitates in surficial and shallow 

subsurficial environments characterized by fluid recharge and high water-to-rock 

conditions (e.g., Bach et al., 2001).  
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Reacting fluids representative of Archean environments are highly unconstrained. 

Our simplistic approach of assuming reacting fluids with dilute concentrations does not 

fully capture the minerals likely to form at fluid-dominated conditions. However, as the 

process progresses towards rock-dominated conditions, the compositions of the rocks 

increasingly dictate the resulting fluid and volatile compositions as shown in the right 

side of Figure D2 where the H2-generation potentials for most komatiites converge with 

decreasing water-to-rock ratio, despite differences in the compositions of the reacting 

fluids. Thus, quantifications of H2 flux in this work are focused on conditions occurring 

in deeper settings that are characterized by water-to-rock ratios lower than 100, as shown 

by the blue field in Figure D2, where the starting fluid is less likely to influence the 

output mineral, fluid, and volatile compositions. While this work is focused on mineral 

alteration reactions occurring in rock-dominated systems in deeper aquifers, oxidative 

weathering of surficial rocks during the Archean can supply additional H2. Work 

incorporating constraints on surficial fluid compositions and weathering environments 

(e.g., Hao et al., 2016; 2019) can refine future models by quantifying those H2 sources 

that are independent from the alteration processes occurring at deeper systems and 

ultimately derive a full flux model comprising both surficial and deep crustal systems. 

As depicted in Figure D2, results of models of komatiite serpentinization at water-

rock ratio <100 show that the amount of H2 generated via komatiite serpentinization is 

variable. Most of these variations can be attributed to the variabilities the water-to-rock 

ratio and to the composition of the komatiite. In general, most komatiites have decreasing 

potentials to generate H2 with decreasing water-to-rock ratios. For these komatiites, 

minerals that host ferrous iron such as chlorite and the Fe+2-bearing serpentine 
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endmember (greenalite) are favored over those that host ferric iron (e.g., Fe+3-bearing 

serpentine endmember or cronstedtite) as the conditions become more and more rock 

dominated. In contrast, the H2 generation potentials of some komatiites, particularly those 

yielding the greatest amounts of H2, are not particularly sensitive to the water-to-rock 

ratios and variations are mostly a result of the composition of the reacting rock. At the 

minimum water-to-rock ratio modelled in our simulations (0.2), the H2 generation 

potentials of most of the 34 komatiites investigated in this work vary from 109 – 1012 

moles H2 per km3 of rock. We terminated our calculations at water-to-rock ratio = 0.2 as 

lower values result in simulations with no water left due to the extensive hydration 

process. 
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D.3. Supplementary Tables 

Table D1 

 

Composition of Various Fe-bearing Igneous Rocks Used as Inputs in Rock Alteration 

Simulations. 

 

No. 
Rock 

Type 

Bulk Rock Composition* 
Sample Name** 

MgO SiO2 FeO CaO Na2O Al2O3 K2O 

1 komatiite 38.0 44.3 10.4 2.8 0.3 4.2 0.04 SD6/290  

2 komatiite 36.9 47.4 9.7 2.2 0.3 3.4 0.01 176/724  

3 komatiite 35.7 45.6 11.1 3.7 0.4 3.5 0.01 176/725  

4 komatiite 33.8 46.8 10.3 3.3 0.0 5.7 0.01 179/757  

5 komatiite 33.4 47.4 8.9 4.9 0.2 5.3 0.01 422/86  

6 komatiite 32.8 46.2 11.2 5.4 0.4 3.7 0.17 49J  

7 komatiite 32.4 45.6 9.8 5.8 0.5 5.9 0.06 SD4/193  

8 komatiite 32.0 46.1 10.1 5.7 0.3 5.7 0.01 331/347  

9 komatiite 31.6 45.0 8.5 11.6 0.3 3.0 0.01 176/723  

10 komatiite 31.2 46.7 9.5 6.0 0.2 6.4 0.01 422/84  

11 komatiite 30.1 46.6 10.7 6.0 0.3 6.1 0.17 331/434  

12 komatiite 29.9 47.3 11.0 5.3 0.2 6.1 0.25 331/488  

13 komatiite 29.7 48.2 10.0 5.8 0.1 6.3 0.01 179/756  

14 komatiite 29.6 46.3 10.9 6.2 0.6 6.4 0.03 331/144/42  

15 komatiite 29.5 49.3 8.0 6.7 0.3 6.1 0.01 422/96  

16 komatiite 28.6 47.5 10.9 5.9 0.2 6.4 0.46 331/487  

17 komatiite 28.5 48.7 11.1 6.9 0.6 4.1 0.12 331/497  

18 komatiite 28.2 47.5 10.8 6.4 0.8 6.3 0.00 B-R1  

19 komatiite 28.1 45.4 10.4 8.7 0.4 7.0 0.01 SD6/400  

20 komatiite 28.0 47.5 10.8 6.4 0.8 6.4 0.00 B-R2  

21 komatiite 27.9 50.8 9.1 8.3 0.1 3.8 0.00 B-B5  

22 komatiite 27.3 47.7 12.6 7.5 0.3 4.5 0.01 331/777a  

23 komatiite 27.2 49.1 10.7 7.6 0.7 4.7 0.04 331/779  

24 komatiite 27.1 48.2 12.3 7.4 0.3 4.6 0.02 331/783  

25 komatiite 26.8 49.4 11.0 7.5 0.7 4.5 0.04 331/81  

26 komatiite 26.0 46.7 11.2 7.9 0.8 7.5 0.03 SD5/354.5  

27 komatiite 24.7 50.3 9.5 8.4 0.2 7.0 0.02 179/755  

28 komatiite 23.8 54.8 9.8 5.3 0.7 5.6 0.10 B-H2  

29 komatiite 23.9 46.6 11.1 8.9 0.8 8.5 0.15 422/95  

30 komatiite 23.8 49.4 10.8 7.4 0.3 8.3 0.02 179/751  

31 komatiite 23.7 48.2 10.9 7.7 1.1 8.2 0.12 331/948  

32 komatiite 23.1 46.5 11.1 9.5 0.4 9.3 0.03 422/94  
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33 komatiite 22.5 46.4 12.0 9.1 0.7 9.2 0.06 422/91  

34 komatiite 19.3 49.6 11.3 9.0 1.3 9.4 0.04 331/531  

35 picrite 9.1 49.7 10.2 13.0 1.7 16.3 0.06 BI/DI/20 

36 picrite 10.1 49.8 10.9 12.7 1.6 14.9 0.09 BI/CS/32 

37 picrite 10.9 49.6 10.1 12.7 1.7 14.9 0.05 DUR1 

38 picrite 12.2 49.3 10.2 11.6 1.7 14.8 0.12 BI/CS/8 

39 picrite 13.2 49.2 10.1 12.1 1.4 14.0 0.05 BI/DI/13 

40 picrite 14.2 47.7 10.8 12.0 1.4 13.8 0.04 BI/CS/13 

41 picrite 15.1 48.7 10.3 10.1 1.4 14.4 0.09 BI/PI/18 

42 picrite 16.1 48.2 10.5 10.7 1.3 13.1 0.04 BI/CS/12 

43 picrite 17.4 48.2 10.2 10.4 1.4 12.4 0.04 BI/CS/11 

44 picrite 18.3 47.7 10.6 10.1 1.4 11.9 0.02 BI/PI/29 

45 picrite 19.1 47.5 10.1 10.2 1.3 11.7 0.02 BI/PI/28 

46 picrite 20.2 47.2 10.5 9.6 1.3 11.2 0.05 BI/CS/19 

47 picrite 21.1 47.2 11.4 8.3 1.3 10.5 0.14 BI/PI/19 

48 picrite 22.1 45.7 11.6 9.1 1.2 10.2 0.08 BI/PI/20 

49 picrite 23.1 45.9 11.3 8.4 1.2 10.0 0.05 BI/CS/27 

50 picrite 24.0 46.1 10.8 8.4 1.1 9.6 0.04 BI/DI/25 

51 picrite 25.3 45.9 10.6 7.7 0.9 9.5 0.02 BI/PI/21 

52 picrite 26.3 45.6 11.0 7.1 0.9 9.1 0.03 BI/DI/22 

53 picrite 27.2 45.4 10.5 7.2 0.9 8.7 0.02 BI/PI/16 

54 picrite 28.5 45.4 9.7 7.4 0.8 8.1 0.03 BI/CS/6 

55 picrite 29.5 45.1 10.5 6.0 0.3 8.5 0.02 BI/CS/17 

56 picrite 9.8 49.8 10.8 12.8 1.8 14.9 0.10 BI/PI/22 

57 picrite 10.7 49.5 10.0 13.1 1.4 15.2 0.05 BI/CS/28 

58 picrite 11.5 49.4 10.0 12.3 1.5 15.3 0.07 BI/CS/1 

59 picrite 12.7 49.3 10.1 11.1 1.5 15.2 0.13 BI/CS/25 

60 picrite 13.8 47.9 10.2 11.6 1.5 14.9 0.05 BI/CS/24 

61 picrite 14.8 47.9 10.4 11.2 1.4 14.3 0.04 BI/CS/14 

62 picrite 15.7 49.5 10.9 8.9 1.1 13.6 0.16 BI/CS/18 

63 picrite 17.8 47.9 10.4 10.4 1.4 12.1 0.05 BI/CS/23 

64 picrite 18.7 47.7 10.0 10.3 1.2 12.0 0.03 BI/CS/16 

65 picrite 20.6 47.0 10.4 9.7 1.2 11.0 0.03 BI/PI/33 

66 picrite 21.7 46.5 10.8 9.0 1.0 11.0 0.02 BI/CS/15 

67 picrite 22.5 46.9 9.9 9.0 1.1 10.6 0.03 BI/CS/21 

68 picrite 23.5 46.6 10.5 8.0 0.9 10.5 0.03 BI/PI/42 

69 picrite 24.6 46.2 11.0 8.0 1.1 9.1 0.03 BI/DI/21 

70 picrite 25.8 45.9 10.7 7.6 0.8 9.2 0.03 BI/CS/10 

71 picrite 27.9 45.3 10.3 7.2 0.8 8.6 0.02 BI/CS/3 

72 picrite 29.1 45.0 10.6 6.6 0.5 8.1 0.05 BI/CS/20 
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73 picrite 20.3 46.3 11.0 10.4 1.2 10.7 0.04 BI/CS/22 

74 picrite 20.8 47.2 10.4 9.2 1.1 11.2 0.03 BI/CS/5 

75 picrite 21.4 46.1 11.6 9.0 1.3 10.3 0.28 BI/DI/26 

76 picrite 21.9 46.5 10.5 9.0 1.2 10.9 0.02 BI/CS/4 

77 picrite 22.2 46.0 10.8 9.1 1.2 10.6 0.02 DUR6 

78 picrite 22.8 46.5 9.8 9.3 1.0 10.6 0.03 BI/CS/26 

79 picrite 23.4 46.3 10.6 8.5 0.9 10.3 0.03 DUR7 

80 picrite 23.8 46.5 10.4 8.0 0.6 10.6 0.09 PAD6 

81 picrite 24.2 46.3 10.8 7.6 1.0 10.0 0.04 BI/PI/30 

82 picrite 24.8 46.2 10.6 7.8 0.7 9.8 0.04 DUR3 

83 picrite 25.0 45.7 12.2 7.4 1.2 8.4 0.17 AP05 

84 picrite 25.7 46.0 10.4 7.9 1.0 9.0 0.03 BI/DI/14 

85 picrite 11.1 49.3 10.0 12.9 1.5 15.1 0.05 PAD5 

86 picrite 9.5 49.7 9.4 13.6 1.7 16.1 0.03 BI/DI/27 

87 picrite 9.8 50.3 10.1 13.1 1.4 15.2 0.07 BI/CS/30 

88 picrite 10.9 49.4 10.8 12.2 1.5 15.2 0.07 PAD7 

89 picrite 11.2 49.6 10.8 12.1 1.7 14.4 0.07 PAD8 

90 picrite 12.4 49.0 10.5 12.1 1.4 14.5 0.12 400492 

91 picrite 12.9 49.0 10.0 11.5 1.5 15.0 0.07 332771 

92 picrite 13.5 48.6 10.2 11.4 1.9 14.2 0.12 BI/CS/7 

93 picrite 14.0 48.6 10.9 11.8 1.0 13.6 0.09 PAD2 

94 picrite 14.4 48.7 10.2 11.2 1.2 14.3 0.05 PAD4 

95 picrite 15.3 49.7 10.3 9.1 0.8 14.7 0.11 354754 

96 picrite 15.9 48.2 10.8 10.7 1.3 13.1 0.05 400444 

97 picrite 16.5 48.6 10.0 10.7 1.4 12.7 0.04 340740 

98 picrite 16.9 48.0 10.2 10.4 1.1 13.1 0.42 410152 

99 picrite 17.6 47.9 10.4 10.3 1.2 12.5 0.03 BI/DI/29 

100 picrite 20.3 46.4 10.9 10.3 1.2 10.9 0.04 400452 

101 picrite 20.3 47.8 9.6 9.7 0.9 11.6 0.05 BI/PI/34 

102 picrite 21.0 46.3 11.4 9.1 1.2 10.9 0.17 BI/DI/28 

103 picrite 21.2 45.8 11.1 10.1 1.3 10.5 0.06 400230 

104 picrite 21.8 46.3 10.8 9.5 1.2 10.4 0.05 264217 

105 picrite 21.9 46.6 10.7 8.7 1.2 10.9 0.02 AP04 

106 picrite 22.9 46.4 10.7 8.7 1.0 10.4 0.02 DUR5 

107 picrite 22.9 45.9 11.2 8.8 1.0 10.1 0.07 BI/PI/31 

108 picrite 23.1 46.5 10.4 8.5 1.0 10.4 0.02 400457 

109 picrite 23.4 46.6 10.7 8.3 0.9 10.0 0.02 DUR8 

110 picrite 23.6 45.7 10.8 8.3 1.0 10.3 0.24 BI/PI/44 

111 picrite 23.5 46.5 10.6 8.4 1.0 10.0 0.03 BI/DI/18 

112 picrite 23.9 46.5 10.9 8.0 0.9 9.8 0.02 BI/PI/27 
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113 picrite 24.4 46.1 11.1 7.5 1.0 9.8 0.07 BI/PI/32 

114 picrite 24.7 46.1 10.7 7.8 0.9 9.8 0.03 138345 

115 picrite 24.7 46.0 10.7 7.9 0.8 9.8 0.02 BI/DI/19 

116 picrite 25.5 44.8 11.1 8.3 1.2 9.1 0.04 BI/PI/35 

117 picrite 15.8 48.6 10.3 10.0 1.2 13.9 0.11 BI/DI/17 

118 picrite 26.4 45.9 10.5 7.7 0.9 8.6 0.02 AP03 

119 picrite 26.4 45.6 10.6 7.4 0.9 9.1 0.04 BI/CS/29 

120 picrite 16.4 50.9 10.7 7.6 0.6 13.6 0.10 BI/DI/23 

121 picrite 16.8 47.7 10.4 10.7 1.0 13.3 0.09 BI/DI/15 

122 picrite 17.7 48.0 9.9 10.5 1.4 12.5 0.02 BI/DI/24 

123 picrite 18.8 48.0 10.1 9.9 1.3 11.9 0.04 BI/PI/23 

124 picrite 18.9 48.0 10.3 9.4 1.1 12.2 0.15 BI/PI/43 

125 picrite 26.8 45.5 10.0 7.5 0.7 9.5 0.04 332901 

126 picrite 27.3 44.7 11.4 7.4 0.7 8.4 0.14 BI/PI/26 

127 picrite 27.9 45.4 10.7 6.9 0.7 8.5 0.02 362077 

128 picrite 28.0 45.4 10.6 6.8 0.5 8.7 0.07 AP07 

129 picrite 28.8 45.5 10.6 6.1 0.3 8.6 0.02 BI/DI/16 

130 picrite 11.5 49.6 10.7 12.3 1.3 14.5 0.06 BI/PI/24 

131 picrite 12.4 49.4 10.2 11.3 1.7 14.9 0.15 PAD3 

132 picrite 12.6 48.4 10.9 12.2 1.4 14.5 0.02 BI/PI/38 

133 picrite 13.9 49.3 10.4 10.7 1.5 14.1 0.15 BI/PI/37 

134 picrite 14.2 48.7 10.3 11.0 1.4 14.4 0.09 BI/PI/36 

135 picrite 14.3 49.0 10.2 10.7 1.3 14.5 0.08 400485 

136 picrite 15.2 48.0 10.4 11.0 1.4 13.9 0.05 AP01 

137 picrite 15.2 48.3 11.0 10.9 1.6 13.0 0.03 BI/PI/25 

138 picrite 15.3 48.8 10.3 10.1 1.4 14.1 0.11 BI/PI/41 

139 picrite 15.3 48.1 8.0 11.6 1.1 15.8 0.05 PAD9 

140 picrite 15.3 47.7 10.7 10.6 1.4 14.2 0.05 BI/PI/39 

141 picrite 15.8 51.0 10.6 7.7 0.9 13.9 0.12 BI/CS/31 

142 picrite 15.8 48.3 10.4 10.4 1.5 13.5 0.12 BI/PI/40 

143 basalt 3.1 59.1 13.2 7.3 2.8 13.8 0.67 WASTUNE-7-053-001XGL 

144 basalt 3.6 55.4 8.1 7.0 5.7 17.6 2.68 TULCUR1-002-010GL 

145 basalt 4.1 55.9 13.6 8.4 3.2 14.6 0.23 KLM0417-R034GL 

146 basalt 4.7 51.9 19.3 9.5 2.7 11.9 0.18 DST0041-001-174GL 

147 basalt 5.2 51.7 18.0 9.9 2.7 12.2 0.18 DST0041-001-121GL 

148 basalt 5.6 52.5 15.0 10.8 2.6 13.3 0.19 SON0012-130-A2GL 

149 basalt 6.1 51.9 14.9 11.0 2.6 13.2 0.22 LYN1971-019-024GL 

150 basalt 6.6 53.0 12.1 10.6 3.2 14.2 0.16 WASTSDY-006-VG1466GL 

151 basalt 7.1 51.7 12.7 11.4 2.6 14.3 0.15 OCNGR68-010-VG104GL 

152 basalt 7.6 50.7 11.4 12.5 2.8 14.8 0.16 WFL2005-874-GS11-4GL 
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153 basalt 8.1 51.7 8.1 11.9 3.2 16.6 0.38 MELWEST-10-083-025GL 

154 basalt 8.6 51.1 9.6 12.3 2.7 15.5 0.11 AII0125-24-R066GL 

155 basalt 9.1 51.4 9.2 12.8 1.8 15.6 0.17 GIL0103-033-007GL 

156 basalt 9.6 50.1 8.8 13.0 2.0 16.4 0.14 ALV0526-001-B-VG3397GL 

157 basalt 10.1 50.5 8.6 12.8 2.1 15.8 0.09 ALV0534-002-001CGL 

158 basalt 10.6 50.4 8.6 12.9 2.2 15.3 0.07 ALV0530-003-001GL 

159 basalt 11.3 48.4 9.1 12.4 2.2 16.5 0.10 ALV0519-004-001GL 

160 basalt 11.9 47.5 11.1 12.2 1.9 15.4 0.06 ENV7025-004-062GGL 

161 basalt 5.4 52.9 14.8 9.6 3.4 13.5 0.38 DSC1983-R002-001GL 

162 basalt 5.9 52.6 13.8 10.6 3.1 13.7 0.12 END0113-012-001GL 

163 basalt 6.4 52.0 13.4 10.6 3.4 14.0 0.20 MELPROT-9-052-054GL 

164 basalt 6.9 52.3 11.1 11.4 3.3 14.8 0.12 GIL0104-001-003GL 

165 basalt 7.4 51.9 10.5 10.8 3.3 15.9 0.12 TRI0138-006-SG07GL 

166 basalt 7.9 51.2 10.4 12.3 3.0 15.0 0.16 NHOCHEP-036-005GL 

167 basalt 8.4 52.0 9.0 12.0 3.0 15.6 0.16 MELWEST-10-084-029-02GL 

168 basalt 8.9 52.1 9.7 11.3 2.6 15.1 0.31 CHRRI88-010-104GL 

169 basalt 9.4 50.8 8.2 12.3 2.7 16.6 0.04 KAK83NP-2-004-008AGL 

170 basalt 9.9 50.6 8.3 13.0 2.1 16.2 0.04 AII0112-24-005-003GL 

171 basalt 10.4 48.5 8.6 12.5 2.5 17.5 0.02 EWI0004-082-003GL 

172 basalt 10.8 49.0 9.2 12.0 2.2 16.6 0.08 ALV0518-002-002GL 

173 basalt 11.7 48.9 8.7 12.2 2.4 16.1 0.10 ALV0525-005-002GL 

174 peridotite 46.6 42.9 9.5 0.1 0.1 0.8 0.02 Prot 31D-38 

175 peridotite 46.3 44.9 8.1 0.0 0.0 0.7 0.00 Prot 34D-1 

176 peridotite 46.2 45.8 7.1 0.1 0.0 0.9 0.00 ANTP 125D-9 

177 peridotite 46.0 44.0 8.6 0.3 0.0 1.0 0.00 ANTP 87D-7 

178 peridotite 45.9 44.4 9.0 0.0 0.0 0.6 0.00 Prot 16D-YN1 

179 peridotite 45.9 44.4 8.1 0.4 0.0 1.2 0.00 ANTP 84D-10 

180 peridotite 45.7 44.8 8.6 0.0 0.0 1.0 0.00 IO11-76-59-51 

181 peridotite 45.4 44.9 7.4 0.8 0.0 1.4 0.01 WW3 12D-1-9 

182 peridotite 45.4 44.5 9.1 0.1 0.0 0.9 0.00 INMD8 15D-7 

183 peridotite 45.4 45.2 8.4 0.0 0.0 1.0 0.00 IO11-76-59-54 

184 peridotite 45.3 46.0 6.5 1.5 0.0 0.7 0.05 CIRCE 82D-2 

185 peridotite 45.3 45.0 8.8 0.0 0.0 0.8 0.03 ANTP 135D-9 

186 peridotite 45.1 44.5 8.5 0.6 0.0 1.3 0.10 CIRCE 97D-6 

187 peridotite 45.0 46.7 7.2 0.0 0.0 0.9 0.04 ANTP 135D-10 

188 peridotite 45.0 44.3 8.5 0.6 0.1 1.4 0.01 AII 93.5 2D-HD1 

189 peridotite 44.9 45.0 9.4 0.0 0.0 0.6 0.08 CIRCE 82D-4 

190 peridotite 44.8 44.9 8.0 0.5 0.1 1.7 0.01 WW3 12D-1-63 

191 peridotite 44.8 44.9 9.0 0.0 0.2 1.0 0.03 Prot 5-40-89 

192 peridotite 44.7 44.9 7.5 1.2 0.1 1.7 0.01 ANTP 125D-11 
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193 peridotite 44.6 45.9 8.0 0.0 0.1 1.3 0.01 Prot 5-39-6 

194 peridotite 44.6 44.7 8.9 0.3 0.0 1.3 0.04 INMD8 15D-5 

195 peridotite 44.5 44.2 8.4 1.0 0.0 1.9 0.00 ANTP 87D-3 

196 peridotite 44.4 45.2 8.1 0.8 0.0 1.4 0.01 WW3 12D-1-47 

197 peridotite 44.3 44.6 8.7 0.3 0.1 2.0 0.00 Prot 15D-35 

198 peridotite 44.1 42.5 9.7 3.2 0.0 0.3 0.08 CIRCE 93D-J 

199 peridotite 44.1 46.3 8.0 0.0 0.0 1.5 0.01 AII107-40-23 

200 peridotite 44.1 45.4 8.7 0.1 0.0 1.8 0.02 RLF ANTP 114D-1 

201 peridotite 44.1 45.3 8.6 0.9 0.0 1.1 0.01 WW3 12D-1-11 

202 peridotite 44.0 45.7 8.7 0.5 0.0 1.1 0.02 Prot 13D-46 

203 peridotite 44.1 45.3 8.3 0.4 0.0 1.9 0.00 IO11-76-59-24 

204 peridotite 44.0 45.2 8.2 1.2 0.0 1.3 0.00 ANTP 126D-5 

205 peridotite 44.0 46.2 8.4 0.1 0.0 1.3 0.01 Prot 5-30--4 

206 peridotite 43.9 45.6 8.2 1.2 0.1 1.0 0.02 Prot 24D-35 

207 peridotite 43.9 45.2 7.9 0.0 0.2 2.8 0.02 Prot 5-29-24 

208 peridotite 43.8 44.7 8.3 1.0 0.1 1.9 0.04 Prot 10D-6 

209 peridotite 43.6 44.1 10.3 1.3 0.0 0.7 0.04 CIRCE 93D-G 

210 peridotite 43.6 45.2 7.7 1.1 0.1 2.4 0.01 WW3 12D-1-62 

211 peridotite 43.5 44.8 8.1 1.9 0.1 1.6 0.02 Prot 38D-1 

212 peridotite 43.5 46.2 8.7 0.4 0.1 1.1 0.05 AII93-5-2D-HD7 

213 peridotite 43.5 46.3 8.1 0.2 0.1 1.8 0.02 RC27-9-34-37 

214 peridotite 43.4 46.0 8.6 0.3 0.2 1.4 0.07 Prot 39D-13 

215 peridotite 43.3 46.8 8.1 0.1 0.1 1.6 0.03 Vulcan 5-41-23 

216 peridotite 43.1 46.5 8.3 0.5 0.1 1.5 0.04 RLF INMD 12D-1 

217 peridotite 43.1 44.9 8.1 1.5 0.0 2.3 0.01 WW3 12D-1-8 

218 peridotite 43.1 45.1 8.1 1.9 0.0 1.9 0.00 Prot 5-38-1 

219 peridotite 43.0 47.0 8.1 0.7 0.2 1.0 0.01 Prot 40D-54 

220 peridotite 43.0 46.7 8.7 0.2 0.1 1.4 0.01 RC27-9-35-49 

221 peridotite 42.9 44.5 7.9 2.1 0.1 2.4 0.00 Prot 5-19--9 

222 peridotite 42.9 45.1 8.3 1.1 0.3 2.2 0.03 WW3 12D-1-64 

223 peridotite 42.9 45.1 8.0 1.6 0.1 2.3 0.00 WW3 12D-1-30 

224 peridotite 42.7 46.1 8.2 0.8 0.1 2.2 0.00 Prot 13D-43 

225 peridotite 42.5 45.5 8.1 1.6 0.0 2.2 0.00 WW3 12D-1-66 

226 peridotite 42.5 46.0 8.0 0.7 0.3 2.6 0.01 Vulcan 5-41-96 

227 peridotite 42.4 48.2 6.7 0.5 0.2 2.0 0.02 Vulcan 5-34-61 

228 peridotite 42.4 45.2 8.9 1.6 0.2 1.8 0.01 Vulcan 5-35-15 

229 peridotite 42.3 45.9 7.9 2.8 0.1 1.0 0.06 Prot 21D-3 

230 peridotite 42.3 46.9 8.0 0.3 0.1 2.3 0.04 Vulcan 5-41-26 

231 peridotite 42.3 46.2 9.0 1.2 0.1 1.2 0.03 AII107-40-8 

232 peridotite 42.2 45.1 9.2 1.2 0.1 2.2 0.03 AII 93.5 3D-HD7 
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233 peridotite 42.1 47.3 8.4 0.5 0.0 1.6 0.00 RC27-9-35-80 

234 peridotite 42.1 47.1 8.1 1.3 0.1 1.3 0.01 Prot 24D-6 

235 peridotite 42.0 47.0 8.1 0.5 0.0 2.3 0.01 IO11-76-56-18 

236 peridotite 41.9 46.9 7.3 1.9 0.1 1.9 0.01 WW3 13D-4-1 

237 peridotite 41.9 46.6 8.5 1.1 0.1 1.7 0.00 RC27-9-34-43 

238 peridotite 41.8 45.5 7.1 2.4 0.2 3.1 0.02 Prot 5-19--1 

239 peridotite 41.7 44.6 12.2 0.1 0.1 1.3 0.01 Vulcan 5-35-3 

240 peridotite 41.7 46.1 9.1 0.9 0.1 2.0 0.01 Vulcan 5-41-97 

241 peridotite 41.7 45.6 8.4 2.3 0.0 1.9 0.00 Vulcan 5-41-28 

242 peridotite 41.7 46.2 9.3 0.9 0.1 1.9 0.01 Vulcan 5-37-3 

243 peridotite 41.7 46.7 8.8 1.3 0.1 1.4 0.06 Prot 5-29-31 

244 peridotite 41.5 45.9 8.6 1.9 0.1 1.9 0.02 Vulcan 5-41-55 

245 peridotite 41.5 47.2 8.5 0.8 0.1 1.8 0.02 RC27-9-44-1 

246 peridotite 41.4 47.0 8.3 0.9 0.1 2.2 0.03 RC27-9-35-63 

247 peridotite 41.3 47.1 8.6 0.4 0.1 2.4 0.03 IO11-76-56--1 

248 peridotite 41.2 45.2 9.1 2.0 0.2 2.2 0.02 RC27-9-6--8 

249 peridotite 41.2 46.2 8.7 1.4 0.1 2.4 0.02 IO11-76-58--3 

250 peridotite 41.1 46.6 7.3 3.0 0.1 1.9 0.00 WW3 13D-4-3 

251 peridotite 41.1 45.5 8.5 2.1 0.2 2.7 0.01 Vulcan 5-41-52 

252 peridotite 41.1 47.1 8.9 0.3 0.2 2.4 0.04 RC27-9-30-42 

253 peridotite 41.1 46.1 9.4 1.0 0.1 2.3 0.01 AII93-5-3-HD7 

254 peridotite 41.0 46.3 8.0 0.7 0.1 4.0 0.01 Vulcan 5-41-25 

255 peridotite 40.9 45.5 8.8 2.6 0.2 2.1 0.02 Vulcan 5-41-29 

256 peridotite 40.9 46.6 9.1 1.5 0.2 1.6 0.05 Vulcan 5-35-30 

257 peridotite 40.9 47.2 8.8 1.0 0.1 2.0 0.01 Vulcan 5-41-14 

258 peridotite 40.8 46.4 9.6 1.0 0.2 2.1 0.02 RC27-9-34-33 

259 peridotite 40.8 47.3 7.3 2.2 0.3 2.1 0.02 Vulcan 5-35-20 

260 peridotite 40.7 47.0 9.0 1.2 0.2 2.0 0.02 RC27-9-34-66 

261 peridotite 40.7 47.5 7.3 2.4 0.1 2.0 0.00 WW3 13D-5-1 

262 peridotite 40.6 46.7 8.6 1.5 0.3 2.3 0.04 Prot 15D-20 

263 peridotite 40.6 47.4 7.9 2.1 0.1 1.8 0.06 WW3 13D-5-2 

264 peridotite 40.5 47.4 8.5 1.3 0.2 2.0 0.05 Vulcan 5-35-25 

265 peridotite 40.4 46.1 7.4 3.1 0.0 2.9 0.01 CIRCE 97D-W 

266 peridotite 40.4 47.7 8.9 1.3 0.1 1.6 0.03 AII107-40-6 

267 peridotite 40.4 46.4 9.9 1.7 0.2 1.4 0.02 AII107-40-27 

268 peridotite 40.5 44.1 11.4 1.8 0.1 2.1 0.05 ANTP 134D-1 

269 peridotite 40.3 46.3 8.6 2.2 0.1 2.4 0.01 IO11-76-58-34 

270 peridotite 40.2 47.5 8.2 1.9 0.1 2.0 0.01 Vulcan 5-35-37 

271 peridotite 40.2 45.6 9.2 2.2 0.2 2.6 0.03 RC27-9-18-37 

272 peridotite 40.1 48.2 7.9 1.4 0.1 2.2 0.06 IO11-76-59-49 
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273 peridotite 40.1 45.7 10.0 1.1 0.4 2.6 0.09 IO11-76-56-23 

274 peridotite 40.1 46.8 8.8 2.0 0.1 2.1 0.07 RLF ANTP 117D-3 

275 peridotite 39.8 46.0 8.7 2.6 0.2 2.6 0.02 RC27-9-18-33 

276 peridotite 39.6 47.1 8.8 1.3 0.2 2.9 0.04 Vulcan 5-37-5 

277 peridotite 39.6 46.7 8.8 1.9 0.3 2.8 0.05 RC27-9-18-45 

278 peridotite 39.5 46.4 9.1 2.1 0.2 2.7 0.01 Vulcan 5-41-13 

279 peridotite 39.4 46.7 9.3 1.6 0.4 2.4 0.05 IO11-76-56-26 

280 peridotite 39.4 46.9 9.0 1.6 0.2 2.8 0.05 IO11-76-56-30 

281 peridotite 39.3 45.1 9.5 3.1 0.2 2.8 0.03 Vulcan 5-41-30 

282 peridotite 39.3 45.3 10.2 2.1 0.2 2.7 0.03 WW3 13D-6-1 

283 peridotite 39.2 45.5 8.8 3.4 0.4 2.6 0.05 RC27-9-6--3 

284 peridotite 39.1 47.5 9.0 2.0 0.2 2.1 0.05 Vulcan 5-35-40 

285 peridotite 39.1 46.9 8.6 1.8 0.1 3.5 0.01 Vulcan 5-41-15 

286 peridotite 39.0 48.8 8.3 1.6 0.3 2.0 0.05 Vulcan 5-35-2 

287 peridotite 38.7 47.2 8.0 2.5 0.5 3.1 0.02 AII107-60-40 

288 peridotite 38.5 46.8 8.3 2.6 0.3 3.3 0.17 RC27-9-25-141 

289 peridotite 38.5 47.1 8.6 2.6 0.3 2.8 0.04 Vulcan 5-35-19 

290 peridotite 38.4 46.7 9.2 2.1 0.3 3.2 0.03 RC27-9-18-31 

291 peridotite 38.4 47.3 8.8 2.5 0.2 2.8 0.01 RC27-9-30-44 

292 peridotite 38.3 46.3 8.0 4.0 0.1 3.2 0.02 RC27-9-30-28 

293 peridotite 38.0 48.5 8.9 1.9 0.4 2.2 0.04 AAII107-60-59 

294 peridotite 37.9 46.8 8.7 3.2 0.2 3.2 0.03 RC27-9-25-138 

295 peridotite 37.8 47.5 8.6 3.2 0.2 2.7 0.03 Prot 5-15-90 

296 peridotite 37.5 48.3 9.0 1.7 0.2 3.2 0.03 AII93-5-9-HD1 

297 peridotite 37.0 48.4 9.2 2.3 0.2 2.8 0.08 IO11-76-56--6 

298 peridotite 36.4 49.0 8.6 2.5 0.3 3.2 0.04 RC27-9-30-31 

299 peridotite 45.1 44.6 8.0 1.1 0.1 1.0 0.00 OM94-52h  

300 peridotite 46.2 44.1 8.0 0.9 0.1 0.7 0.01 OM94-53  

301 peridotite 46.9 42.6 8.7 0.9 0.1 0.8 0.00 OM94-54  

302 peridotite 46.6 44.5 7.6 0.5 0.1 0.8 0.01 OM94-61  

303 peridotite 45.0 44.5 8.1 1.3 0.1 1.1 0.00 OM94-67  

304 peridotite 44.5 45.1 7.9 1.4 0.1 1.0 0.00 OM94-74h  

305 peridotite 44.8 44.5 8.3 1.2 0.1 1.0 0.00 OM94-79  

306 peridotite 46.1 43.7 8.7 0.8 0.1 0.6 0.00 OM94-81  

307 peridotite 45.0 44.9 8.4 0.8 0.1 0.8 0.00 OM94-98  

308 peridotite 46.0 44.2 8.2 0.9 0.1 0.7 0.00 OM94-100  

309 peridotite 44.6 45.1 8.4 1.1 0.1 0.7 0.00 OM94-101  

310 peridotite 44.3 45.2 8.5 1.0 0.1 0.8 0.00 OM94-1031  

311 peridotite 43.9 45.9 8.1 1.0 0.1 0.9 0.00 OM94-104  

312 peridotite 43.4 45.7 7.5 2.5 0.1 0.9 0.00 OM94-106  
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313 peridotite 45.1 43.1 9.1 1.1 0.1 1.5 0.00 OM94-1141  

314 peridotite 46.4 43.7 8.5 0.7 0.1 0.5 0.00 OM94-1151  

315 peridotite 48.8 40.3 9.4 0.1 0.2 1.2 0.00 OM94-52d1  

316 peridotite 49.8 40.9 8.7 0.3 0.1 0.3 0.00 OM94-55  

317 peridotite 49.6 40.9 9.0 0.2 0.1 0.2 0.00 OM94-57  

318 peridotite 50.5 41.0 8.0 0.2 0.1 0.2 0.00 OM94-69  

319 peridotite 49.2 40.8 9.3 0.2 0.1 0.3 0.00 OM94-74d  

320 peridotite 49.4 40.7 9.3 0.2 0.1 0.4 0.00 OM94-78  

321 peridotite 49.3 40.9 9.3 0.1 0.1 0.2 0.00 OM94-80  

322 peridotite 48.8 40.5 10.3 0.1 0.1 0.2 0.00 OM94-99  

323 peridotite 46.7 42.3 10.1 0.6 0.1 0.3 0.00 OM94-1101  

324 peridotite 48.5 40.4 10.2 0.2 0.1 0.5 0.00 OM94-1111  

325 peridotite 46.2 40.8 10.0 0.8 0.1 2.1 0.00 OM94-1121  

*Composition of reacting rocks in alteration simulations includes only the major oxides 

MgO, SiO2, CaO, Na2O, K2O, Al2O3 and FeO, calculated to anhydrous basis. 

**Unique sample name from the literature source: (1-34) Sossi et al. (2016); (35-142) 

Starkey et al. (2009); (143-173) Gale et al. (2013); (174-298) Niu (2004); (299-325) 

Hanghoj et al. (2010). 
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Table D2 

Range and Percentile in the H2 Generation Potential and Flux Predicted During Low-

temperature Alteration of Various Fe-bearing Igneous Rock Types. 

Rock Type 
H2 Generation Potential (log mole H2 (km3 rock)-1) 

Range  Percentile 

min max   5th 25th 75th 95th 

peridotite 10.1 11.9  10.3 11.0 11.6 11.7 

komatiite 3.8 12.1  7.0 10.1 11.0 11.5 

picrite 3.8 11.4  4.3 6.1 10.0 11.1 

basalt 4.3 9.0  4.7 5.6 7.5 7.9 

*Calculated assuming alteration rates of 0.3 mm yr-1. 

**Calculated assuming alteration rates of 1 mm yr-1. 

Table S2. (cont’d) 

Rock Type 
H2 Flux (log mole H2 km-2 yr-1)* 

Range   Percentile 

min max   5th 25th 75th 95th 

peridotite 3.6 5.3  3.7 4.5 5.1 5.2 

komatiite -2.7 5.6  0.4 3.6 4.4 5.1 

picrite -2.7 4.8  -2.3 -0.4 3.5 4.6 

basalt -2.2 2.5  -1.8 -0.9 0.9 1.4 

 

Table S2. (cont’d) 

Rock Type 
H2 Flux (log mole H2 km-2 yr-1)** 

Range   Percentile 

min max   5th 25th 75th 95th 

peridotite 4.1 5.9  4.3 5.0 5.6 5.7 

komatiite -2.2 6.1  1.0 4.1 5.0 5.5 

picrite -2.2 5.4  -1.7 0.1 4.0 5.1 

basalt -1.7 3.0  -1.3 -0.4 1.5 1.9 
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D.4. Supplementary Figures 
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Figure D1. (prev. page) Influences of the major element compositions of rocks on 

calculated amounts of H2 generated during hydrous alteration. The FeO (a), SiO2 (b), 

CaO (c), Al2O3 (d), Na2O (e), and K2O (f) contents of compositions used in the 

simulations are plotted against their MgO content, while symbol color represents amount 

of H2 produced (log mole H2 (km3 rock)-1). 

 

 

 
Figure D2. Calculated H2 generated during hydrous alteration of komatiites at various 

degrees of water-to-rock ratios (x-axis). Left and right sides of the figure depict initial 

(high water-to-rock ratio or water-dominated systems) and advanced (low water-to-rock 

ratio or rock dominated systems) stages in the rock alteration progress, respectively. 

Colors depict results of simulations using various fluids with different starting dissolved 

O2 in equilibrium with atmospheres with 10-0.7 (modern levels, red curves), 10-2 (brown 

curves), and 10-3 (grey curves) bars of O2(g). There are 34 curves of each color 

representing the reacting komatiites of variable compositions. Vertical dashed line 

indicates the lowest water-to-rock ratio (0.2) simulated. Blue field indicates conditions 

where water-to-rock ratio is <100, which are used in calculations of H2 flux and global 

production rate. 
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